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Preface 

The science of climatology began to evolve rapidly in the last third of the twentieth 
century. This rapid development arose from several causes. During this period the 
view of Earth from its moon made people more aware of the exceptional nature of 
their planetary home at about the same time that it became widely understood that 
humans could alter our global environment. Scientific and technological develop- 
ments gave us new and quantitative information on past climate variations, global 
observations of climate parameters from space, and computer models with which we 
could simulate the global climate system. These new tools together with concem 
about global environmental change and its consequences for humanity caused an in- 
crease in the intensity of scientific research about climate. 

Modem study of the Earth’s climate system has become an interdisciplinary sci- 
ence incorporating the atmosphere, the ocean, and the land surface, which interact 
through physical, chemical, and biological processes. A fully general treatment of 
this system is as yet impossible, because the understanding of it is just beginning to 
develop. This textbook provides an introduction to the physical interactions in the 
climate system, viewed from a global perspective. Even this endeavor is a difficult 
one, since many earth science subdisciplines must be incorporated, such as dynamic 
meteorology, physical oceanography, radiative transfer, glaciology, hydrology, 
boundary-layer meteorology, and paleoclimatology. To make a book of manageable 
size about such a complex topic requires many difficult choices. I have endeavored 
to provide a sense of the complexity and interconnectedness of the climate problem 
without going into excessive detail in any one area. Although the modem approach 
to climatology has arisen out of diverse disciplines, a coherent collection of concepts 
is emerging that defines a starting point for a distinct science. This textbook is my at- 
tempt to present the physical elements of that beginning, with occasional references 
to where the chemical and biological elements are connected. 

This book is intended as a text for upper-division undergraduate physical science 
majors and, especially in the later chapters, graduate students. I have used the first 
seven chapters as the basis for a 10-week undergraduate course for atmo- 
spheric sciences majors. A graduate course can be fashioned by supplementing the 
text with readings from the current literature. Most climatology textbooks are de- 
scriptive and written from the perspective of geographers, but this one is written 
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X Preface 

from the perspective of a physicist. I have attempted to convey an intuition for the 
workings of the climate system that is based on physical principles. When faced with 
a choice between providing easy access to an important concept and providing a 
rigorous and comprehensive treatment, I have chosen easy access. This approach 
should allow students to acquire the main ideas without great pain. Instructors may 
choose to elaborate on the presentation where their personal interests and experience 
make it desirable to do so. 

This book could not have been produced without the assistance of many people. 
It evolved from 15 years of teaching undergraduate and graduate students, and I 
thank the ATMS 321 and ATMS 571 students at the University of Washington who 
have endured my experimentation and provided comments on early drafts of this 
book. Professor Steve Esbensen and his AtS 630 class at Oregon State University 
provided commentary on a near final draft of Chapters 1-7 in the spring of 1993. 
Valuable comments and suggestions on specific chapters were also provided by 
David S .  Battisti, Robert J. Charlson, James R. Holton, Conway B. Leovy, Gary A. 
Maykut, Stephen G. Porter, Edward S. Sarachik, J. Michael Wallace, and Stephen G. 
Warren. The encouragement and advice given by James R. Holton were critical to 
the completion of this book. Many people contributed graphics, and I am particularly 
grateful for the special efforts given by Otis Brown, Frank Carsey, Jim Coakley, Joey 
Comiso, Scott Katz, Gary Maykut, Pat McCormick, Robert Pincus, Norbert Unter- 
steiner, and Stephen Warren. 

Grace C. Gudmundson applied her professional editorial skills to this project with 
patience, dedication, and good humor. Her efforts greatly improved the quality of the 
end product. Similarly, Kay M. Dewar’s artistic and computer skills produced some 
of the more appealing figures. Marc L. Michelsen’s genius with the computer ex- 
tracted data from many digital archives and converted them into attractive and infor- 
mative computer graphics. Luanna Huynh and Christine Rice were especially help- 
ful with the appendices and tables. 

My efforts to understand the climate system have been generously supported over 
the years by research grants and contracts from the United States government. I am 
particularly happy to acknowledge support from the Climate Dynamics Program in 
the Atmospheric Sciences Division of the National Science Foundation, and the 
Earth Radiation Budget Experiment and Earth Observing System programs of the 
National Aeronautics and Space Administration. I also thank all of my colleagues 
from whom I have learned, who have shared their ideas with me, and who have 
given me the respect of serious argument. 

This book is dedicated to my family, especially my wife, Lorraine, and my chil- 
dren, Alan and Jennifer, whose love and sacrifice were essential to its completion. I 
hope this book will help to explain why I spend so many evenings and weekends in 
my study. I thank my parents, Alfred and Angeline, for a good start in life and sup- 
port along the way toward happy employment. 

Dennis L. Hartmann 
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Chapter 1 I Introduction to the Climate System 

1.1 Atmosphere, Ocean, and Land Surface 

Climate is the synthesis of the weather in a particular region. It can be defined quan- 
titatively using the expected values of the meteorological elements at a location dur- 
ing a certain month or season. The expected values of the meteorological elements 
can be called the climatic elements and include such variables as the average tem- 
perature, precipitation, wind, pressure, cloudiness, and humidity. In defining the cli- 
mate we usually employ the values of these elements at the surface of Earth. Thus 
one can characterize the climate of Seattle by stating that the average annual mean 
precipitation is 36 in. and the annual mean temperature is 52°F. One might need a 
great deal more information than the annual means, however. For example, a farmer 
would also like to know how the precipitation is distributed through the year and 
how much rain would fall during the critical summer months. A hydroelectric plant 
engineer needs to know how much interannual variability in rainfall and snow accu- 
mulation to expect. A homebuilder should know how much insulation to install and 
the size of the heating or cooling unit needed to provide for the weather in the region. 

The importance of climate is so basic that we sometimes overlook it. If the cli- 
mate were not more or less as it is, life and civilization on this planet would not have 
developed as they have. The distribution of vegetation and soil type over the land 
areas is determined primarily by the local climate. Climate affects human lives in 
many ways; for example, climate influences the type of clothing and housing that 
people have developed. In the modern world, with the great technological advances 
of the last century, one might think that climate no longer constitutes a force capable 
of changing the course of human history. It is apparent, on the contrary, that we are 
as sensitive now as we have ever been to climate fluctuations and climate change. 

Because food, water, and energy supply systems are strained to meet demand and 
are optimized to the current average climatic conditions, fluctuations or trends in cli- 
mate can cause serious difficulties for humanity. Moreover, since the population has 
grown to absorb the maximum agricultural productivity in much of the world, the 
absolute number of human lives at risk of starvation during climatic anomalies has 
never been greater. In addition to natural year-to-year fluctuations in the weather, 
which are an important aspect of climate, we must be concerned with the effects of 
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2 1 Introduction to the Climate System 

human activities in producing long-term trends in the climate. It is now clear that hu- 
mans are affecting local climate and our influence on global climate will increase in 
the future. The actions of humankind that can influence the global climate include al- 
tering the nature of Earth's surface and the composition of Earth's atmosphere. 

The surface climate of Earth is varied, ranging from the heat of the tropics to the 
cold of the polar regions, and from the drought of a desert to the moisture of a rain 
forest. Nonetheless, the climate of Earth is favorable for life, and living creatures 
exist in every climatic extreme. The climate of a region depends on latitude, altitude, 
and orientation in relation to water bodies, mountains, and the prevailing wind direc- 
tion. In this book we are concerned primarily with the global climate and its geo- 
graphic variation on scales of hundreds to thousands of kilometers. In order to focus 
on these global issues, climate variations on horizontal spatial scales smaller than 
several tens of kilometers are given only minimal discussion. 

The climate of Earth is defined in terms of measurable weather elements. The 
weather elements of most interest are temperature and precipitation. These two fac- 
tors together largely determine the species of plants and animals that survive and 
prosper in a particular location. Other variables are also important, of course. The 
humidity, the amount of water vapor in the air, is a critical climate factor that is re- 
lated closely to the temperature and precipitation. Coildensation of water in the at- 
mosphere produces clouds of water droplets or ice particles that greatly change the 
radiative properties of the atmosphere. Cloudiness influences the amount of solar ra- 
diation that reaches the surface and the transmission of terrestrial radiation through 
the atmosphere. The occurrence of clouds is important in itself for aviation and other 
activities, but clouds also play a role in determining both precipitation and surface 
temperature. The mean wind speed and direction are important considerations for 
local climate, air-pollution dispersion, aviation, navigation, wind energy, and many 
other purposes. The climate system of Earth determines the distribution of energy and 
water near the surface and consists primarily of the atmosphere, the oceans, and the 
land surface. The workings of this global system are the topic of this book (Fig. 1.1). 

1.2 Atmospheric Temperature 

Temperature is the most widely recognized climatic variable. The global average 
temperature at the surface of Earth is 288 K, 15OC, or 59°F. The range of tempera- 
tures encountered at the surface is favorable for the life forms that have developed 
on Earth. The extremes of recorded surface temperature range from the coldest tem- 
perature of -89OC (-128.6"F) at Vostok, Antarctica to the warmest temperature of 
58°C (136.4"F) at A1 Aziziyah, Libya. These temperature extremes reflect the well- 
known decrease of temperature from the tropics, where the 'warmest temperatures 
occur, to the polar regions, which are much colder. The cold temperature at Vostok is 
a result of both the high latitude and altitude at this location, which is 3450 m above 
sea level, 
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Fig. 1.1 View of Earth from space (Apollo Saturn, ASlO, NASA, May 18-26, 1969). 

An important feature of the temperature distribution is the decline of temperature 
with height above the surface in the lowest 10-15 km of the atmosphere (Fig. 1.2). 
This rate of decline, called the lapse rate, is defined by 

where T is the temperature and z is altitude. The global mean tropospheric lapse rate 
is about 6.5 K km-', but the lapse rate varies with altitude, season, and latitude. In 
the upper stratosphere the temperature increases with height up to about 50 km. The 
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The main zones of the atmosphere defined according to the temperature profile of the stan- 
dard atmosphere profile at 15'N for annual-mean conditions. [Data from U.S. Standard Atmosphere Sup- 
plements (1966).] 

Fig. 1.2 

increase of temperature with height that characterizes the stratosphere is caused by 
the absorption of solar radiation by ozone. Above the stratopause at about 50 km the 
temperature begins to decrease with height in the mesosphere. The temperature of 
the atmosphere increases rapidly above about 100 km because of heating produced 
by absorption of ultraviolet radiation from the sun, which dissociates oxygen and ni- 
trogen molecules and ionizes atmospheric gases in the thermosphere. 

The decrease of temperature with altitude in the troposphere is crucial to many of 
the mechanisms whereby the warmth of the surface temperature of Earth is main- 
tained. The lapse rate in the troposphere and the mechanisms that maintain it are also 
central to the determination of climate sensitivity, as discussed in Chapter 9. The 
lapse rate and temperature in the troposphere are determined primarily by a balance 
between radiative cooling and convection of heat from the surface. The vertical dis- 
tribution of temperature varies with latitude and season. At the equator the tempera- 
ture decreases with altitude up to about 17 km (Fig. 1.3). The tropical tropopause is 
the coldest part of the lowest 20 km of the atmosphere in the annual mean. In middle 
and high latitudes the temperature of the lower stratosphere is almost independent of 
height. The tropospheric lapse rate in polar latitudes is less than it is nearer the equa- 
tor. In the winter and spring at high latitudes the temperature actually increases with 
altitude in the lower troposphere (Fig. 1.4). A region of negative lapse rate is called 
a temperature inversion. The polar temperature inversion has important implications 
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Fig. 1.3 Annual-mean temperature profiles for the lowest 20 km of the atmosphere in three latitude 
bands. [Data from Oort (1983).] 

for the climate of the polar regions. It arises because the surface cools very effi- 
ciently through emission of infrared radiation in the absence of insolation during the 
winter darkness. The air does not emit radiation as efficiently as the surface, and heat 
transported poleward in the atmosphere keeps the air in the lower troposphere 
warmer than the surface. 

Fig. 
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Seasonal variation of temperature profiles at 75'N. [Data from Oort (1983).1 1.4 



6 1 Introduction to the Climate System 

The surface temperature is greatest near the equator, where it exceeds 26°C 
across a broad band of latitudes (Fig. 1.5). Outside this belt, surface temperature 
decreases steadily toward both poles. In the Northern Hemisphere we see a 
strong seasonal variation of temperature. The coldest temperatures in the polar 
regions occur during February, and are about 26°C colder than the temperatures 
in July. The amplitude of the seasonal cycle in temperature decreases from the 
North Pole to the equator, where the zonal-mean temperature stays within a de- 
gree of 27°C year round. In the Southern Hemisphere the seasonal cycle of tem- 
perature is much smaller than in the north. The largest contrast between the sea- 
sonal cycles of temperature in the two hemispheres occurs in the latitude belt 
between 45 and 60 degrees. The smaller seasonal variation of air temperature in 
midlatitudes of the Southern Hemisphere is associated with the larger fraction of 
ocean-covered surface there. The ocean stores heat very effectively. During the 
summer season it stores the heat provided by the sun. Because a large amount of 
heat is required to raise the surface temperature of the oceans, the summer inso- 
lation raises the surface temperature by only a small amount. During winter a 
large amount of heat is released to the atmosphere with a relatively small change 
in sea surface temperature. Land areas heat up and cool down much more quickly 
than oceans. 

The geographic distributions of January and July surface temperature are 
shown in Fig. 1.6. The interiors of the northern continents become very cold dur- 
ing winter, but during summer they are warmer than ocean areas at the same 
latitude. Seasonal variations of surface temperature in the interiors of North Amer- 
ica and Asia are very large (Fig. 1.7). Seasonal variation in the Southern Hemi- 
sphere is much smaller because of the greater fraction of the surface covered by 
ocean. 

-90-75-60-45-30-15 0 15 30 45 60 75 90 
Latitude 

Fig. 1.5 Near-surface air temperature as a function of latitude for January, July, and annual-average 
conditions. [Data from Oort (1983).] 
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Fig. 1.6 Global map of the (a) January and (b) July surface temperature. [From Shea (1986). Repro- 
duced with permission from the National Center for Atmospheric Research.] 
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Fig. 1.7 Map of the amplitude of the annual cycle of surface temperature. [From Shea (1986). Re- 
produced with permission from the National Center for Atmospheric Research.] 
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1.3 Atmospheric Composition 

The composition of the atmosphere is a key determinant of Earth's climate. The in- 
teraction of atmospheric gases with radiant energy modulates the flow of energy 
through the climate system. The atmosphere has a mass of about 5.14 x 10" kg, 
which is small compared to the mass of the ocean, 1.39 x 1021 kg, and the solid 
Earth, 5.98 x kg. Dry atmospheric air is composed mostly of molecular nitro- 
gen (78%) and molecular oxygen (21%). The next most abundant gas in the atmo- 
sphere is argon (l%), an inert noble gas. The atmospheric gases that are important 
for the absorption and emission of radiant energy comprise less than 1 % of the atmo- 
sphere's mass. These include water vapor (3.3 x of the atmosphere's total 

Table 1.1 
Composition of the Atmosphere 

Molecular Fraction by 
Chemical weight volume in Total mass 

Constituent formula ( W  = 12) dry air (g) 

Total atmosphere 
Dry air 
Nitrogen 
Oxygen 
Argon 
Water vapor 
Carbon dioxide 
Neon 
Krypton 
Helium 
Methane 
Xenon 
Ozone 
Nitrous oxide 
Carbon monoxide 
Hydrogen 
Ammonia 
Nitrogen dioxide 
Sulfur dioxide 
Hydrogen sulfide 
CFC- 12 
CFC- 11 

~~ 

28.97 
28.964 
28.013 
3 1.999 
39.948 
18.015 
44.01 
20.183 
83.80 
4.003 

16.043 

47.998 
44.013 
28.01 
2.016 

17.03 
46.00 
64.06 
34.08 

120.91 
137.37 

131.30 

100.0 % 
78.08 % 
20.95 % 
0.934 % 
Variable 

353 ppmv" 
18.18 ppmv 
1.14 ppmv 
5.24 ppmv 
1.72 ppmva 

87 ppbv 
Variable 

310 ppbv" 
120 ppbv 
500 ppbv 
100 ppbv 

1 PPbV 
200 pptv 
200 pptv 
480 pptv" 
280 pptv" 

~ 

5.136 x lo2' 
5 . 1 1 9 ~  lo2 '  
3.87 x lo2' 

1.185 x lo2' 
6.59 x 10" 

1.7 x 10" 

6.48 x 10l6 
1.69 x 1 O I 6  

-2.76 x 10" 

3.71 x 
-4.9 x 1015 
2.02 x 1015 
-3.3 x 1015 
-2.3 x 1015 
-5.9 x 1014 
-1.8 x 1014 

-8.1 x 1012 

-1.2 x 10'2 
-1.0 x 1013 

-3.0 x 10l3 

-2.3 x 10l2 

-6.8 x 10I2 

[Data excerpted with the permission of the Macmillan Company from Evolution of rhe Atmosphere by 
J. C. G .  Walker, 0 1977 by Macmillan Publishing Company; Verniani, 1966 0 American Geophysical 
Union; and Williamson (1973).] 

uValues of trace constituents valid in 1990 (ppmv = ppbv = pptv = (ppmv, ppbv, 
pptv = parts per million, billion, trillion by volume). 
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mass), carbon dioxide (5.3 x and ozone (6.42 x lop7), in order of importance 
for surface temperature, followed by methane, nitrous oxide, and a host of other 
minor species (Table 1.1). 

1.4 Hydrostatic Balance 

The atmosphere is composed of gases held close to the surface of the planet by 
gravity. The vertical forces acting on the atmosphere at rest are gravity, which pulls 
the air molecules toward the center of the planet, and the pressure force, which 
tries to push the atmosphere out into space. These forces are in balance to a very 
good approximation, and by equating the pressure gradient force and the gravity 
force one obtains the hydrostatic balance. Since force is mass times acceleration, 
we may express the vertical force balance per unit mass as an equation between the 
downward acceleration of gravity, g, and the upward acceleration that would be 
caused by the increase of pressure toward the ground, if gravity were not present to 
oppose it. 

For an ideal gas, pressure ( p ) ,  density ( p ) ,  and temperature ( T )  are related by the 
formula 

p = pRT 

where R is the gas constant. After some rearrangement, (1.2) and (1.3) yield 

where 

RT 
g 

H = - = scale height 

If the atmosphere is isothermal, then the temperature and scale height are con- 
stant and the hydrostatic equation may be integrated from the surface, where p = ps = 
1.01325 x l o5  Pa, to an arbitrary height, 2 ,  yielding an expression for the distribution 
of pressure with height. 

p = p,T e-z’H (1.6) 

The pressure thus decreases exponentially away from the surface, declining by a 
factor of e = 2.71828 every scale height. The scale height for the mean temperature 
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Normalized Pressure Distribution 

0.0 0.2 ‘ 0.4 0.6 0.8 1.0 
Normalized Pressure 

Fig. 1.8 Vertical distributions of air pressure and partial pressure of water vapor as functions of alti- 
tude for globally and annually averaged conditions. Values have been normalized by dividing by the sur- 
face values of 1013.25 and 17.5 mb (millibars), respectively. 

of Earth’s atmosphere is about 7.6 km. Figure 1.8 shows the distribution of atmo- 
spheric pressure with altitude. The pressure is largest at the surface and decreases 
rapidly with altitude in accord with the exponential decline given by (1.6). We can 
rearrange (1.2) to read 

-dP dm=odz=-  (1.7) 

The mass between two altitudes, dm, is related to the pressure change between 
those two levels. Because of hydrostatic balance, the total mass of the atmosphere 
may be related to the global mean surface pressure. 

(1.8) Atmospheric mass = fi = 1.03 x 10 kg m-’ 
g 

The vertical column above every square meter of Earth’s surface contains about 
10,000 kg of air. 

Because the surface climate is of primary interest, and because the mass of the at- 
mosphere is confined to within a few scale heights of the surface, or several tens of 
kilometers, it is the lower atmosphere that is of most importance for climate. For this 
reason most of this book will be devoted to processes taking place in the tropo- 
sphere, at the surface, or in the ocean. The stratosphere has some important effects 
on climate, however, and these will be described where appropriate. 

4 
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1.5 Atmospheric Humidity 

Atmospheric humidity is the amount of water vapor carried in the air. The atmos- 
phere must carry away the water evaporated from the surface and supply water to 
areas of rainfall. Water that flows from the land to the oceans in rivers was brought 
to the land areas by transport in the atmosphere as vapor. Atmospheric water vapor 
is also the most important greenhouse gas in the atmosphere. Water vapor con- 
denses to form clouds, which can release rainfall and are also extremely important 
in both reflecting solar radiation and reducing the infrared radiation emitted by 
Earth. 

The mass mixing ratio of water vapor in the atmosphere decreases very rapidly 
with altitude (Fig. 1.9). When one considers that much of the mass of the atmosphere 
is also within 5 km of the surface it is clear that most of the atmospheric water vapor 
is within a few kilometers of the surface. The partial pressure of water vapor de- 
creases to half of its surface value by 2 km above the surface and to less than 10% of 
its surface value at 5 km (Fig. 1.8). Atmospheric water vapor also decreases rapidly 
with latitude. The amount of water vapor in the atmosphere at the equator is nearly 
10 times that at the poles. The rapid upward and poleward decline in water vapor 
abundance in the atmosphere is associated with the strong temperature dependence 
of the saturation vapor pressure. Warmer air can contain a much larger fraction of 
water vapor. 

Humidity Profiles - Annual 

1 5 1  

0 5 10 15 20 
Specific Humidity (glkg) 

Fig. 1.9 Specific humidity or mass mixing ratio of water vapor for annual-mean conditions at lati- 
tude belts centered on the equator, 45'N and 75"N. [Data from Oort (1983).] 
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1.6 The World Ocean 

The atmosphere contains a minute fraction of the total water of the climate system- 
about one part in lo5. Most of the surface water of Earth is contained in the oceans 
and in ice sheets (Table 1.2). Earth contains about 1.35 x lo9 km3 of water, of which 
about 97% is seawater. Since all the oceans are connected to some degree, we can 
think of them collectively as the world ocean. The world ocean is a key element of 
the physical climate system. Ocean covers about 7 1 % of Earth's surface to an aver- 
age depth of 3729 m. The ocean has tremendous capability to store and release heat 
on time scales of seasons to centuries. About half of the equator-to-pole energy 
transport that works to warm the poles and cool the tropics is provided by the oceans. 
The world ocean is the reservoir of water that supplies atmospheric water vapor for 
rain and snowfall over land. The ocean plays a key role in determining the composi- 
tion of the atmosphere through the exchange of gases and particles across the air-sea 
interface. The ocean removes carbon dioxide from the atmosphere and produces 
molecular oxygen, and participates in other key geochemical cycles that regulate the 
surface environment of Earth. 

Temperature in the ocean generally decreases with depth from a temperature very 
near that of the surface air temperature to a value near the freezing point of water in 
the deep ocean (Fig. 1.10). A thin, mixed surface layer is stirred by winds and waves 
so efficiently that its temperature and salinity are almost independent of depth. Most 
temperature change occurs in the thermocline, the first kilometer or so of the ocean. 
Below the thermocline is a deep layer of almost uniform temperature. 

Salinity of seawater is defined as the number of grams of dissolved salts in a kilo- 
gram of seawater. Salinity in the open ocean ranges from about 33-38 g kg-'. In 

Table 1.2 
Water on Earth 

Depth if spread over the 
Water reservoir entire surface of Earth (m) Percent of total 

Oceans 
Icecaps and glaciers 
Groundwater' 
Lakes and streams' 
Soil moisturea 
Atmosphere 

2650 
60 
20 
0.35 
0.12 
0.025 

97 
2.2 
0.7 
0.013 
0.013 
0.0009 

Total 2730 100 

[Data are a composite of various sources: Nace (1964), used with permission from 
the American Museum of Natural History; Baumgartner and Reichel(1973, and Korzun 
et al. (1978).] 

'Numbers uncertain. 
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Temperature ("C) 

Fig. 1.10 Annual-mean ocean temperature profiles for various latitudes. [Data from Levitus (1982).1 

seawater with a salinity of 35, about 30 g kg-' are composed of sodium and chloride 
(Table 1.3). Salinity is an important contributor to variations in the density of sea- 
water at all latitudes and is the most important factor in high latitudes, where the 
temperature is close to the freezing point of water. Variations in the density of 
seawater drive the deep-ocean circulation, which is critical for heat transport and the 
recirculation of nutrients necessary for sea life. Salinity of the global ocean varies 

Table 1.3 
Concentrations of the Major Components of Seawater 

with a Salinity of 35%0 

Component Grams per kilogram 
Chloride 19.353 
Sodium 10.76 
Sulfate 2.712 
Magnesium 1.294 
Calcium 0.4 13 
Potassium 0.387 
Bicarbonate 0.142 
Bromide 0.067 
Strontium 0.008 
Boron 0.004 
Fluoride 0.00 1 

[From Turekian (1968) 0 by Prentice-Hall, Inc. Engle- 
wood Cliffs, NJ. Used with permission from the publisher.] 
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systematically with latitude in the upper layers of the ocean (Fig. 1.11). In subtropi- 
cal latitudes the surface salinity is large because evaporation exceeds precipitation 
and leaves the seawater enriched in salt. In middle and high latitudes precipitation of 
freshwater exceeds evaporation and surface salinities are quite low. In the deep 
ocean salinity variations are much smaller than near the surface, because the sources 
and sinks of freshwater are at the surface. 

1.7 The Cryosphere 

About 2% of the water on Earth is frozen, and this frozen water constitutes about 
80% of the freshwater. Most of the mass of ice is contained in the great ice sheets of 
Antarctica (89%) and Greenland (8.6%) (Table 1.4). All of the ice near the surface 
of Earth is called the cryosphere. For climate, it is often not the mass of ice that is of 
primary importance, but rather the surface area that is covered by ice of any depth. 
This is because surface ice of any depth generally is a much more effective reflector 
of solar radiation than the underlying surface. Also, sea ice is a good insulator and 
allows air temperature to be very different from that of the seawater under the ice. 
Currently, year-round (perennial) ice covers about 11 % of the land area and 7% of 
the world ocean. During some seasons the amount of land covered by seasonal 
snowcover exceeds the surface area covered by perennial icecover. The surface areas 
covered by ice sheets, seasonal snowcover, and sea ice are comparable. Ice sheets 
cover about 16 x lo6 km2, seasonal snow about 50 x lo6 km2, and sea ice up to 
23 x lo6 km2. 
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Table 1.4 
Estimated Global Inventory of Land and Sea Ice‘ 

Area Volume Percent of 
(km2) (krn3) total ice mass 

Land ice Antarctic ice sheet 
Greenland ice sheet 
Mountain glaciers 

Permafrost 

Seasonal snow 
(average maximum) 

Sea ice 
Southern Ocean 

13.9 x 106 
1.7 x lo6 
0.5 x lo6 

Continuous 8 x 106 

Discontinuous 17 x lo6 

Eurasia 3 0 x  lo6 

America 17 x lo6 
Max 18 x 106 

Min 3 x 106 

Max 15 x 106 
Arctic Ocean 

Min 8 x 106 

30.1 x lo6 89.3 
2.6 x lo6 8.6 
0.3 x lo6 0.76 

(Ice content) 
0.2-0.5 x lo6 0.95 

2-3 x 103 

2~ 104 

6 x  lo3 

4 x  lo4 

2~ lo4 

‘Not included in this table is the volume of water in the ground that annually freezes and thaws at the 
surface of permafrost (“active layer”), and in regions without permafrost but with subfreezing winter 
temperatures. [After Untersteiner (1984). Printed with permission from Cambridge University Press.] 

1.8 The Land Surface 

Although the land surface plays a lesser role in the global climate system than the at- 
mosphere or the ocean, the climate over the land surface is extremely important to us 
because humans are land-dwelling creatures. Cereal grains are the world’s most im- 
portant food source, and supply about half of the world’s calories and much of the 
protein. About 80% of the animal protein consumed by humans comes from meat, 
eggs, and dairy products, and only 20% from seafood. In addition, most of our con- 
struction materials grow on land or are mined from the continents. 

Over the land surface, temperature and soil moisture are key determinants of nat- 
ural vegetation and the agricultural potential of a given area. Vegetation, snowcover, 
and soil conditions also affect the local and global climate, so that local climate and 
land surface conditions participate in a two-way relationship. 

Land covers only about 30% of the surface area of Earth. The arrangement of 
land and ocean areas on Earth plays a role in determining global climate. The 
arrangement of land and ocean varies on time scales of millions of years as the con- 
tinents drift about. At the present time about 70% of Earth’s land area is in the North- 
ern Hemisphere (Fig. 1.12), and this asymmetry causes significant differences in the 
climates of the Northern and Southern Hemispheres. The topography of the land sur- 
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Fig. 1.12 Fraction of surface area covered by land as a function of latitude (solid line) and contribu- 
tion of each latitude belt to the global land surface area (dashed line). 

face and the arrangement and orientation of mountain ranges are key determinants of 
climate in land areas. The Northern Hemisphere has much more dramatic east-west 
variations in continental elevation, especially in middle latitudes where the Hi- 
malaya and Rocky Mountains are prominent features (Fig. 1.13). 

0 250 500 1000 2000 4000 6000 

Fig. 1.13 Gray-scale contour plot of the topography of Earth relative to sea level. Resolution of the 
basic data is one degree of latitude and longitude. Scale is in meters. 
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Table 1.5 
Land Use as a Percentage of Total Land Area 

Land use 
Arable mixed farming and human dreas 
Grazing land 
Extratropical forests (mostly conifer) 
Tropical forests and woodlands 
Deserts 
Tundra, high latitude 
Swamp and marshes, lakes and streams 

Percent 
10-13 
20-25 
10-15 
13-18 
25-30 
6-9 
2-3 

[From Dickinson (1983).] 

Climate places limits on how land may be used. Table 1.5 shows the fraction of 
Earth's land areas that are currently in use for various purposes. About one-third 
is used for growing crops or grazing animals, one-third is forested, and one-third is 
desert or tundra. Historically, humans have converted forested lands to farming and 
living areas and grazing land. Overgrazing combined with drought can convert graz- 
ing land to desert in some climatic conditions. Humans have greatly altered the na- 
ture of the land surface, and continue to do so at an increasing rate. 

Exercises 

1 .  Give several reasons why the amplitude of the annual variation of surface tem- 

2. If you are standing atop Mount Everest at 8848 m, about what fraction of mass 

3. If the atmosphere warmed up by 5"C, would the atmospheric pressure at 5 km 

4. Explain why the North Polar temperature inversion is present in winter but not 

5. Why do you think the salinity at 57.5"N is so much less than the salinity at 

6. What fraction of the land surface area that could be used for farming or graz- 

perature is greatest in Siberia (Fig. 1.7). 

of the atmosphere is below you? 

above sea level increase or decrease, and by approximately how much? 

in summer? 

27.5"N (Fig. 1 . 1  l)? 

ing is currently being used for farming or grazing (Table IS)? 



Chapter 2 

2.1 Warmth and Energy 

The Global Energy Balance 

Temperature, a key climate variable, is a measure of the energy contained in the 
movement of molecules. To understand how the temperature is maintained, one must 
therefore consider the energy balance that is formally stated in the First Law of 
Thermodynamics. The basic global energy balance of Earth is between energy com- 
ing from the sun and energy returned to space by Earth's radiative emission. The 
generation of energy in the interior of Earth has a negligible influence on its energy 
budget. The absorption of solar radiation takes place mostly at the surface of Earth, 
whereas most of the emission to space originates in its atmosphere. Because its at- 
mosphere efficiently absorbs and emits infrared radiation, the surface of Earth is 
much warmer than it would be in the absence of its atmosphere. When averaged over 
a year, more solar energy is absorbed near the equator than near the poles. The at- 
mosphere and the ocean transport energy poleward to reduce the effect of this heat- 
ing gradient on surface temperature. Much of the character of Earth's evolution and 
climate has been determined by its position within the solar system. 

2.2 The Solar System 

The source for the energy to sustain life on Earth comes from the sun. Earth orbits 
the sun once a year while keeping a relatively constant distance from it, so that our 
sun provides a stable, comfortable source of heat and light. Our sun is one of about 
10" stars in our galaxy, the Milky Way (Table 2.1). It is a single star, whereas about 
two-thirds of the stars we can see are in multiple star systems. 

The luminosity is the total rate at which energy is released by the sun. We know 
of stars that are lo4 times less luminous and lo5 times brighter than the sun. Their 
emission temperatures range from 2000 to 30,000 K, whereas the temperature of the 
photosphere of the sun is about 6000 K. The photosphere is the region of the sun 
from which most of its energy emission is released to space. Stellar radii range from 
0.1 to 200 solar radii. Energy is produced in the core of the sun by nuclear fusion, 
whereby lighter elements are made into heavier ones, releasing energy in the 
process. For a smallish star such as the sun, the projected lifetime on the main 

18 
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Table 2.1 
Characteristics of the Sun 

Mass 1.99 x lo3' kg 
Radius 6.96 x lo8 m 
Luminosity 
Mean distance from Earth 

3.9 x loz6 J s-l 
1.496 x 10" m 

sequence is about 11 billion years, of which about half has passed. The sun is thus a 
solitary, middle-aged, medium-bright star. Theories of stellar evolution predict that 
the luminosity of the sun has increased by about 30% during the lifetime of Earth, 
about 5 billion years. 

The solar system includes nine planets. They may be divided into the terrestrial, 
or inner, planets and the Jovian, or outer, planets (Table 2.2). The terrestrial planets 
include Mercury, Venus, Mars, and Earth. The Jovian planets include Jupiter, Saturn, 
Uranus, and Neptune. Pluto doesn't fit neatly into either category (Table 2.3). 

2.2.1 Planetary Motion 

The planets orbit about the sun in ellipses, which have three characteristics: the 
mean planet-sun distance, the eccentricity, and the orientation of the orbital plane. 
The mean distance from the sun controls the amount of solar energyflux density 
(energy delivered per unit time per unit area) arriving at the planet. The mean dis- 
tance from the sun also controls the length of the planetary year, the time it takes the 
planet to complete one orbit. The planetary year increases with increasing distance 
from the sun. 

The eccentricity of an orbit is a measure of how much the orbit deviates from 
being perfectly circular. It controls the amount of variation of the solar flux density 
at the planet as it moves through its orbit during the planetary year. If the eccentric- 
ity is not zero (circular orbit) then the distance of the planet from the sun varies 

Table 2.2 
Characteristics of Inner and Outer Planets 

Characteristic Jovian (outer) Terrestrial (inner) 

Density Small Large 
Mass Large Small 
Sun distance Large Small 
Atmosphere Extensive Thin or none 
Satellites Many Few or none 
Composition H, He, CH4, NH3 Mostly silicates, rocks 



Table 2.3 
Physical Data for the Planets 

Average 
Mean Mean distance Length Period of 

Mass radius density from sun of year Obliquity Orbital rotation 
Planetu €9 (W (g (lo6 km) (days) (degrees) eccentricity (days) Albedo 

~ 

Mercury 
Venus 
Earth 
Mars 
Jupiter 
Saturn 
Uranus 
Neptune 
Pluto 

3.35 
48.7 
59.8 
6.43 

19,100 
5690 
877 

1030 
(0.16) 

2439 
6049 
6371 
3390 

69,500 
58,100 
24,500 
25,100 
(1500) 

5.51 58 
5.26 108 
5.52 150 
3.94 228 
1.35 778 
0.69 1430 
1.44 2870 
1.65 4500 

(1.10) 5900 

88 
225 
365 
687 

4330 
10,800 
30,700 
60,200 
90,700 

(0) 
<3 
23.45 
24.0 

3.1 
26.8 
98.0 
28.8 

(57.5) 

0.206 
0.007 
0.017 
0.093 
0.048 
0.056 
0.047 
0.009 
0.247 

58.7 
-243 

1.00 
1.03 
0.41 
0.43 

4.72' 
0.76 

(6.75)b 

0.058 
0.71 
0.30 
0.16 
0.34 
0.34 
0.34 
0.29 

(0.4) 

[Data from Allen (1973), de Vaucouleurs (1964), Ash et ul. (1967). Shapiro (1967) 0 by the AAAS;  and Dole (1970). Chamberlain and Hunten (1987).] 
uThe first four planets are similar in size, mass, density, and probably chemical composition. They are the innerplunets. The remaining five are very different from 

bData in parentheses are uncertain. 
CVenus and Uranus rotate in the opposite sense to the other planets. 

Earth, but apart from Pluto, are similar to one another. They are the oufer planers. 
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through the year. The orientation of the orbital plane doesn’t have too much direct 
bearing on the climate. Most planets except Pluto are in more or less the same orbital 
plane. 

In addition to the orbit parameters, the parameters of the planets’ rotation and 
their relationship to the orbit are very important. The rotation rate controls the tem- 
poral behavior of the insolation at a point (diurnal cycle) and is also an important 
control on the response of the atmosphere and ocean to solar heating and thereby on 
the patterns of winds and currents that develop. 

The obliquity or tilt is the angle between the axis of rotation and the normal to the 
plane of the orbit. It influences the seasonal variation of insolation, particularly in 
high latitudes. It also strongly affects the annual mean insolation that reaches the 
polar regions. Currently the obliquity of Earth’s axis of rotation is about 23.45’. 

The longitude of perihelion measures the phase of the seasons relative to the 
planet’s position in the orbit. For example, at present Earth passes closest to the sun 
(perihelion) during Southern Hemisphere summer, on about January 5. As a result 
the Southern Hemisphere receives more top-of-atmosphere insolation than the 
Northern Hemisphere. 

The effect of these orbital parameters on climate will be discussed in more detail 
in Chapter 11, where the orbital parameter theory of climate change is described. For 
the time being we consider only the distance from the sun and the obliquity or decli- 
nation angle. 

2.3 Energy Balance of Earth 

2.3.1 First Law of Thermodynamics 

The First Law of Thermodynamics states that energy is conserved. The first law for 
a closed system may be stated as, “The heat added to a system is equal to the change 
in internal energy minus the work extracted.” This law may be expressed symboli- 
cally as 

dQ= dU - dW 
Here dQ is the amount of heat added, dU is the change in the internal energy of 

Heat can be transported to and from a system in three ways. 

1. Radiation: No mass is exchanged, and no medium is required. Pure radiant en- 
ergy moves at the speed of light. 

2. Conduction: No mass is exchanged, but a medium is required to transfer heat 
by collisions between atoms or molecules. 

3. Convection: Mass is exchanged. A net movement of mass may occur, but 
more commonly parcels with different energy amounts change places, so that 
energy is exchanged without a net movement of mass (Fig. 2.1). 

the system, and dW is the work extracted from the system. 
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Fig. 2.1 Cumulonimbus clouds over Zaire photographed from Shuttle 6, NASA, April 1983. Note 
the three-dimensional structure of the clouds, their shadows, and their various shapes and sizes. Clouds 
convect heat and moisture vertically and also influence radiative transfer in the atmosphere. The distance 
across the photo is approximately 80 km. The large convective cloud is approximately 30 km across. 

The transmission of energy from the sun to Earth is almost entirely radiative. 
Some mass flux is associated with the particles of the solar wind, but the amount of 
energy is too small to have a measurable effect on Earth’s surface temperature. 
Moreover, the work done by Earth on its environment is also negligible. To calculate 
the approximate energy balance of Earth, we need only consider radiative energy ex- 
changes. The amount of matter in space that could affect the flow of energy between 
the sun and Earth is small, and we may thus consider the space between the photo- 
sphere of the sun and the top of Earth’s atmosphere to be a vacuum. In a vacuum, 
only radiation can transport energy. 
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2.3.2 Energy Flux, Flux Density, and Solar Constant 

The sun puts out a nearly constant flux of energy that we call the solar luminosity, 
Lo = 3.9 x W. We can calculate the average flux density at the photosphere by 
dividing this energy flux by the area of the photosphere. 

flux - Lo 
Fluxdensityphoto = - 2  area photo 4 n  rDhoto 

2 
4~16.96 x 10*m] 

Since space is effectively a vacuum and energy is conserved, the amount of en- 
ergy passing outward through any sphere with the sun at its center should be equal to 
the luminosity, or total energy flux from the sun. If we assume that the flux density is 
uniform over the sphere, and write the flux density at any distance d from the sun as 
sd, then conservation of energy requires 

From this we deduce that the flux density sd is inversely proportional to the 
square of the distance to the sun. We define the solar constant as the energy flux den- 
sity of the solar emission at a particular distance. 

(2.4) 

The solar constant is only a constant on a sphere with a fixed radius and the sun at 
its center. At the mean distance of Earth from the sun (1.5 x 10" m), the solar con- 
stant is So = 1367 W m-2. 

LO 
4 d 2  

Solar constant = flux density at distance d = Sd = - 

2.3.3 Cavity Radiation 

The radiation field within a closed cavity in thermodynamic equilibrium has a value 
that is uniquely related to the temperature of the cavity walls, regardless of the mate- 
rial of which the cavity is made. This cavity radiant intensity, which is uniquely re- 
lated to the wall temperature, is also called the blackbody radiation, since it corre- 
sponds to the emission from a surface with unit emissivity. Perfect blackbodies may 
not be easily found, but the radiation inside a cavity in equilibrium will always equal 
the blackbody radiation. The dependence of the blackbody emission on temperature 
follows the Stefan-Boltzmann Law. 

EBB = a4; 0 = 5.67 x lo-* W m-2 K4 (2.5) 
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Example: Emission Temperature of the Sun 

We calculated earlier that the solar flux density at the photosphere is about 6.4 x lo7 
W m-2. We can equate this to the Stefan-Boltzmann formula and derive an effective 
emission temperature for the photosphere. 

OT&,, = 6.4 x lo7 w rn-* 

= 5796 K - 6000 K 6.4 x lo7 W mP2 
Tphoto ={ 

2.3.4 Emissivity 

In equilibrium, the radiant intensity inside a cavity at temperature T is E B ~  = d. 
We may define the emissivity, E, as the ratio of the actual emission of a body or vol- 
ume of gas to the blackbody emission at the same temperature. 

2.4 Emission Temperature of a Planet 

The emission temperature of a planet is the blackbody temperature with which it 
needs to emit in order to achieve energy balance. The basic idea is to equate the solar 
energy absorbed by a planet with the energy emitted by a blackbody. This defines the 
emission temperature of the planet. 

Solar radiation absorbed = planetary radiation emitted 

To calculate the solar radiation absorbed we begin with the solar constant, 
which measures the energy flux density of solar radiation arriving at the mean dis- 
tance of the planet from the sun. The flux density is defined relative to a flat sur- 
face perpendicular to the direction of radiation. Solar radiation is essentially a par- 
allel and uniform beam for a planetary body in the solar system, because the 
planets all have diameters that are small compared to their distance from the sun. 
The amount of energy incident on a planet is equal to the solar constant times the 
area that the planet sweeps out of the beam of parallel energy flux. We call this the 
shadow area (Fig. 2.2). Since the atmosphere of Earth is very thin, we can ignore 
its effect on the shadow area and use the radius of the solid planet, r-, to calculate 
the shadow area. 

We must also take account of the fact that not all of the solar energy incident on a 
planet is absorbed. Some fraction is reflected back to space without being absorbed 
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Shadow Area = IC rp 2N 
Fig. 2.2 Diagram showing the shadow area of a spherical planet. 

and so does not enter into the planetary energy balance. We call this planetary reflec- 
tivity the albedo’ and give it the symbol ap. Thus we have 

(2.7) 2 Absorbed solar radiation = So (1 - ap)k rp 

The globally averaged insolation at the top of the atmosphere is about 342 W m-’. 
Since the planetary albedo for Earth is 30%, only 70% of this is absorbed by the 
climate system, about 240 W m-2. This amount of energy must be returned to 
space by terrestrial emission. We assume that the terrestrial emission is like that 
of a blackbody. The area from which the emission occurs is the surface area of 
a sphere, rather than the area of a circle. The terrestrial emission flux is thus 
written 

4 2  Emitted terrestrial radiation = 0 T, 4n rp (2.8) 
If we equate the absorbed solar flux with the emitted terrestrial flux, we obtain the 

planetary energy balance, which will define the emission temperature. 

-( SO 1 - ap)  = 0 T, 4 
4 

or 

(2.9) 

(2.10) 

The factor of 4 dividing the solar constant is the ratio of the global surface area of 
a sphere to its shadow area, which is the area of a circle with the same radius. The 
emission temperature may not be the actual surface or atmospheric temperature of 
the planet; it is merely the blackbody emission temperature a planet requires to bal- 
ance the solar energy it absorbs. 

‘Albedo comes from a Latin word for “whiteness.” 
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Example: Emission Temperature of Earth 

Earth has an albedo of about 0.30. The emission temperature of Earth from (2.10) is 
therefore 

1367 W m-2/4)(1-0.3) 

5 . 6 7 ~  lo-* W m-2 K-4 
= 255 K -18"C, 0°F 

The emission temperature of 255 K is much less than the observed global mean sur- 
face temperature of 288 K z +15"C. To understand the difference we need to con- 
sider the greenhouse effect. 

2.5 Greenhouse Effect 

One may illustrate the greenhouse effect with a very simple elaboration of the energy 
balance model used to define the emission temperature. An atmosphere that is as- 
sumed to be a blackbody for terrestrial radiation, but is transparent to solar radiation, 
is incorporated into the global energy balance (Fig. 2.3). Since solar radiation is 
mostly visible and near-infrared, and Earth emits primarily thermal infrared radia- 
tion, the atmosphere may affect solar and terrestrial radiation very differently. The 
energy balance at the top of the atmosphere in this model is the same as in the basic 
energy balance model that defined the emission temperature (2.9). Since the atmo- 
spheric layer absorbs all of the energy emitted by the surface below it and emits like 
a blackbody, the only radiation emitted to space is from the atmosphere in this 
model. The energy balance at the top of the atmosphere is thus 

-(l-a,)=aT, SO 4 =aT, 4 
4 

(2.11) 

Therefore we see that the temperature of the atmosphere in equilibrium must be 
the emission temperature in order to achieve energy balance. The surface tempera- 

Fig. 2.3 Diagram of the energy fluxes for a planet with an atmosphere that is transparent for solar 
radiation but opaque to terrestrial radiation. 
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ture is much warmer, however, as we can see by deriving the energy balance for the 
atmosphere and the surface. The atmospheric energy balance gives 

oT, 4 = 2 0 T i  oT, 4 =20Te  4 

and the surface energy balance is consistent: 

- (~ -CX, , )+OT~ SO = oT: 
4 

oT, 4 = 20Te 4 

(2.12) 

(2.13) 

We can see from the diagram in Fig. 2.3 and the surface energy balance (2.13), 
that the surface temperature is increased because the atmosphere does not inhibit the 
flow of solar energy to the surface, but augments the solar heating of the surface with 
its own downward emission of longwave radiation, which in this case is equal to the 
solar heating. The atmospheric greenhouse effect warms the surface because the at- 
mosphere is relatively transparent to solar radiation and yet absorbs and emits terres- 
trial radiation very effectively. 

2.6 Global Radiative Flux Energy Balance 

The vertical flux of energy in the atmosphere is one of the most important climate 
processes. The radiative and nonradiative fluxes between the surface, the atmo- 
sphere, and space are key determinants of climate. The ease with which solar radia- 
tion penetrates the atmosphere and the difficulty with which terrestrial radiation is 
transmitted through the atmosphere determine the strength of the greenhouse effect. 

The contributions of radiative processes to the energy balance of the surface, tro- 
posphere, and stratosphere are shown schematically in Fig. 2.4. The values are given 
in percentages of the globally averaged available solar radiation at the top of the at- 
mosphere, which is about 342 W mP2. The planet absorbs about 70% of the incident 
solar radiation and reflects 30%. Fully 50% of the insolation available at the top of 
the atmosphere reaches the surface and is absorbed there. The 3% absorbed in the 
stratosphere is due mostly to ozone and molecular oxygen, while carbon dioxide and 
water vapor contribute about 0.5%. The 17% solar absorption in the troposphere is 
due primarily to water vapor (13%) and clouds (3%), while carbon dioxide, ozone, 
and oxygen together contribute the remaining 1%. 

A striking feature of Fig. 2.4 is that the internal exchanges between the surface and 
the atmosphere by longwave radiative fluxes have the largest magnitudes of all, larger 
even than the insolation at the top of the atmosphere. This indicates the significance of 
the greenhouse effect in the atmosphere of Earth. The main contributors to the trap- 
ping of longwave radiation in the troposphere are water vapor, clouds, carbon dioxide, 
ozone, nitrous oxide, methane, and several other minor constituents. Water vapor and 
clouds provide about 80% of the current greenhouse effect. A good indicator of the ef- 
ficiency of the atmospheric greenhouse effect is the left-hand column in the longwave 
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Fig. 2.4 Radiative and nonradiative energy flow diagram for Earth and its atmosphere. Units are per- 
centages of the global-mean insolation (100 units = 342 W m-*). 

section of the diagram, which shows that only 10 of the 110 units emitted by the 
ground pass directly into space without being absorbed and reemitted by the atmo- 
sphere. The troposphere receives 149 units from radiative and nonradiative sources: 
103 units of longwave energy absorption, 24 of latent heat release, 17 of solar absorp- 
tion, and 5 of sensible heat transfer from the ground. The troposphere re-emits 89 units 
back to the ground and emits 60 units upward to the stratosphere and space. 

The very strong downward emission of terrestrial radiation from the atmosphere 
is essential for maintaining the relatively small diurnal variations in surface temper- 
ature. If the downward longwave were not larger than the solar heating of the sur- 
face, then the land surface temperature would cool very rapidly at night and would 
warm exceedingly rapidly during the day. The greenhouse effect not only maintains 
relatively warm surface temperatures, but also limits the amplitude of the diurnal 
variation in surface temperature over land. 

2.7 Distribution of Insolation 

Seasonal and latitudinal variations in temperature are driven primarily by variations 
of insolation and average solar zenith angle. The amount of solar radiation incident 
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on the top of the atmosphere depends on the latitude, season, and time of day. The 
amount of solar energy that is reflected to space without absorption depends on the 
solar zenith angle and the properties of the local surface and atmosphere. The cli- 
mate depends on the insolation and zenith angle averaged over a 24-hour period, 
over a season, and over a year. In this section the geometric factors that determine in- 
solation and solar zenith angle will be described. 

The 1367 W m-2 mean solar flux per unit area at the mean position of Earth is 
measured for a surface that is perpendicular to the solar beam. Because Earth is ap- 
proximately spherical, most of the planet's surface is inclined at an oblique angle to 
the solar beam. In such cases the solar flux density is spread over a surface area that 
is larger than the perpendicular area, so that the flux per unit surface area is smaller 
than the solar flux density. We define the solar zenith angle, O,, as the angle between 
the local normal to Earth's surface and a line between a point on Earth's surface and 
the sun. Figure 2.5 indicates that the ratio of the shadow area to the surface area is 
equal to the cosine of the solar zenith angle. We may write the solar flux per unit sur- 
face area as 

(2.14) 

where 2 is the mean distance for which the flux density SO is measured, and d is the 
actual distance from the sun. 

The solar zenith angle depends on the latitude, season, and time of day. The sea- 
son can be expressed in terms of the declination angle of the sun, which is the lati- 
tude of the point on the surface of Earth directly under the sun at noon. The declina- 
tion angle (6) currently varies between +23.45" at northern sumher solstice (June 21) 
to -23.45' at northern winter solstice (December 21). The hour angle, h, is defined 
as the longitude of the subsolar point relative to its position at noon. If these defi- 
nitions are made, then the cosine of the solar zenith angle can be derived for any 
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Fig. 2.5 Diagram showing the relationship of solar zenith angle to insolation on a plane parallel to 
the surface of a planet. 
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latitude (@), season, and time of day from spherical trigonometry formulas (see Ap- 
pendix A). 

cos 8, = sin @ sin 6 + cos @ cos 6 cos h (2.15) 

If the cosine of the solar zenith angle is negative, then the sun is below the horizon 
and the surface is in darkness. Sunrise and sunset occur when the solar zenith angle 
is 90", in which case (2.15) gives 

cos ho = -tan @ tan 6 (2.16) 

where ho is the hour angle at sunrise and sunset. 
Near the poles special conditions prevail. When the latitude and the declination 

angle are of the same sign (summer), latitudes poleward of 90 -6are constantly illu- 
minated. At the pole the sun moves around the compass at a constant angle of 6 
above the horizon. In the winter hemisphere, where @ and 6 are of the opposite sign, 
latitudes poleward of 90 - 161 are in polar darkness. At the poles, six months of dark- 
ness alternate with six months of sunlight. At the equator day and night are both 
twelve hours long throughout the year. 

The average daily insolation on a level surface at the top of the atmosphere may 
be obtained by substituting (2.15) into (2.14), integrating the result between sunrise 
and sunset, and then dividing by 24 hours. The result is 

[h sin 4 sin 6 + cos @ cos 6 sin h] (2.17) 

where the hour angle at sunrise and sunset, ho, must be given in radians. The daily 
average insolation is plotted in Fig. 2.6 as a function of latitude and season. Earth's 
orbit is not exactly circular, and currently Earth is somewhat closer to the sun during 
Southern Hemisphere summer than d u h g  Northern Hemisphere summer. As a re- 
sult the maximum insolation in the Southern Hemisphere is about 6.9% higher than 
that in the Northern Hemisphere. Note that at the summer solstice the insolation in 
high latitudes is actually greater than that near the equator. This results from the very 
long days during summer and in spite of the relatively large solar zenith angles at 
high latitudes. 

If the daily insolation is averaged over the entire year, the distribution given in 
Fig. 2.7 is obtained. The annual-average insolation at the top of the atmosphere at 
the poles is less than half its value at the equator, where it reaches a maximum. By 
comparing the annual mean insolation at the equator with the insolation at the sol- 
stices one can see that the insolation at the equator goes through a semiannual varia- 
tion with maxima at the equinoxes and minima at the solstices. 

Because the local albedo of Earth depends on the solar zenith angle, the zenith 
angle enters in determining both the available energy per unit of surface area and the 
albedo. It is therefore of interest to consider the average solar zenith angle during the 
daylight hours as a function of latitude and season. In calculating a daily average 
zenith angle it is appropriate to weight the average with respect to the insolation, 
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Fig. 2.6 Contour graph of the daily average insolation at the top of the atmosphere as a function of 
season and latitude. The contour interval is 50 W m-*. The heavy dashed line indicates the latitude of the 
subsolar point at noon. 

-YO -60 -30 0 30 60 90 
Latitude 

Fig. 2.7 Annual-mean and solstice insolation as functions of latitude. 
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Fig. 2.8 Insolation-weighted daily average solar zenith angle as a function of latitude. 

rather than time. A properly weighted average zenith angle is thus computed with 
the following formula, 

Q cos9, dh 

h0 

h0 

day - J-ho cos e, - 

!-Ao dh 
(2.18) 

where Q is the instantaneous insolation given by (2.14). 
The daily average solar zenith angle calculated according to (2.18) varies from a 

minimum of 38.3" at the subsolar latitude and increases to 90" at the edge of the 
polar darkness (Fig. 2.8). At the pole the minimum value of the daily average solar 
zenith angle is achieved at the summer solstice, when it equals @ - 6 = 66.55'. Be- 
cause of the much higher average solar zenith angles in high latitudes, more solar ra- 
diation is reflected than would be from a similar scene in tropical latitudes. 

2.8 The Energy Balance at the Top of the Atmosphere 

The amount of energy absorbed and emitted by Earth varies geographically and sea- 
sonally, depending on atmospheric and surface conditions as well as the distribution 
of insolation. The energy balance at the top of the atmosphere is purely radiative and 
can be measured accurately from Earth-orbiting satellites. The albedo is estimated 
by measuring the solar radiation reflected from a region of Earth and comparing that 
with the insolation. The albedo shows interesting geographic structure (Fig. 2.9).2 It 

zWe use a Hammer equal-area projection at marry points in this book. In displaying flux density, it is 
especially important that the fraction of the area of the prtrjection occupied by a particular feature be pro- 
portional to the fraction of the area of Earth's surface that the feature occupies. 



Fig. 2.9 Global maps of planetary albedo in a Hammer equal-area projection averaged for (a) annual 
mean, (b) JJA season, and (c) DJF season. Values are given as fractions. Contour interval is 0.05. Values 
greater than 0.4 are heavily shaded; values less than 0.2 are lightly shaded. 
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is highest in the polar regions where cloud and snowcover are plentiful and where 
average solar zenith angles are large. Secondary maxima of albedo occur in tropical 
and subtropical regions where thick clouds are prevalent or over bright surfaces such 
as the Sahara Desert. The smallest albedos occur over those tropical ocean regions 
where clouds are sparsely distributed. The ocean surface has an intrinsically low 
albedo, so that when clouds and sea ice are absent the planetary albedo over ocean 
areas is only 8-10%. 

Outgoing longwave radiation (OLR) is greatest over warm deserts and over trop- 
ical ocean areas where clouds occur infrequently (Fig. 2.10). It is lowest in polar re- 
gions and in regions of persistent high cloudiness in the tropics. The OLR is con- 
trolled by the temperature of the emitting substance, so that the cold poles and the 
cold cloud tops produce the lowest values. The highest values occur when a warm 
surface is overlaid by a relatively dry, cloudless atmosphere. 

The net radiation is negative near the poles and positive in the tropics (Fig. 2.11). 
The highest positive values of about 120 W m-2 occur over the subtropical oceans in 
the summer hemisphere, where large insolation and relatively low albedos both con- 
tribute to large absorbed solar radiation. The greatest losses of energy occur in the 
polar darkness of the winter hemisphere, where the OLR is uncompensated by solar 
absorption. Dry desert areas such as the Sahara in northern Africa are interesting 
because, despite their subtropical latitude, they lose energy in the annual average. 
Their energy loss is related to the relatively high surface albedo of dry deserts, com- 
bined with the large OLR loss associated with a dry atmosphere above a warm surface. 

When averaged around latitude circles, the components of the energy balance at 
the top of the atmosphere clearly show the influence of the latitudinal gradient of in- 
solation (Fig. 2.12). The poleward decrease in absorbed solar energy is even greater 
than that of insolation because the albedo increases with latitude. Thus a smaller 
fraction of the available insolation is absorbed at higher latitudes than at the equator. 
The albedo increases with latitude because solar zenith angle, cloud coverage, and 
snowcover all increase with latitude. The energy emitted to space by the atmosphere 
does not decrease with latitude as rapidly as the absorbed solar radiation, because the 
atmosphere and ocean transport heat poleward and support a net energy loss to space 
in polar regions. The absorbed solar radiation exceeds the OLR in the tropics, so that 
the net radiation is positive there. Poleward of about 40" the absorbed solar radiation 
falls below the OLR and the net radiation balance is negative, so that Rhe climate sys- 
tem loses energy to space. The latitudinal gradient in annual-mean net radiation must 
be balanced by a poleward flux of energy in the climate system of Earth. 

2.9 Poleward Energy Flux 

In the lowest curve of Fig. 2.12 we see that the annual mean net radiation is positive 
equatorward of about 40" of latitude and negative poleward of that latitude. As illus- 
trated in Fig. 2.13, the energy balance for the climate system involves only the ex- 



Fig. 2.10 Global maps of outgoing longwave radiation for (a) annual mean, (b) JJA (June-July- 
August) season, and (c) DJF (December-January-February) season. Contour interval is 10 W m”. Val- 
ues greater than 280 W m-2 are lightly shaded, and values less than 240 W m? are heavily shaded. 



Fig. 2.11 Global maps of net incoming radiation at the top of the atmosphere for (a) annual mean, 
(b) JJA season, and (c) DJF season. Contour interval is 20 W m-2. Values greater than 80 W m-’ are 
lightly shaded, and values less than zero are heavily shaded. 
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Fig. 2.12 
latitude circles. 

Graphs of annual-mean absorbed solar radiation, OLR, and net radiation averaged around 

change at the top of the atmosphere, the transport through the lateral boundaries of 
the region in question by the atmosphere and ocean, and the time rate of change of 
energy within the region. Energy exchange with the solid earth can be neglected. We 
can write the energy balance for the climate system as 

(2.19) 

where aEao/at is the time rate of change of the energy content of the climate system, 
R T ~ A  is the net incoming radiation at the top of the atmosphere, and AFao is the di- 
vergence of the horizontal flux in the atmosphere and ocean. 

If we average over a year, then the storage term becomes small, and we have an 
approximate balance between net flux at the top of the atmosphere and horizontal 
transport. 

RTOA = AKao (2.20) 
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Fig. 2.13 Diagram of the energy balance for the climate system, 
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Fig. 2.14 Meridional transport of energy for annual-mean conditions. Net radiation and atmospheric 
transport are estimated from observations; ocean transport is calculated as a residual in the energy bal- 
ance. [Adapted from Vonder Haar and Oort (1973). Used with permission from the American Meteoro- 
logical Society.] 

We can then use the observation of net radiation in Fig. 2.12 to derive the required 
annual-mean energy transport in the north-south direction. If we integrate the net 
radiation over a polar cap area, we can calculate the total energy flux across each lat- 
itude belt in the following way? 

(2.21) 

The total northward energy flux inferred from the radiation imbalance peaks in 
midlatitudes at about 5 x lOI5 W, or 5 petawatts (PW) (Fig. 2.14). This flux includes 
the contributions from both the atmosphere and the ocean. The flux of energy in the 
atmosphere can be estimated from balloon and satellite observations of wind, tem- 
perature, and humidity. If this flux is subtracted from the total flux, it gives an esti- 
mate of the oceanic energy flux, which is much more difficult to estimate from direct 
measurements. At 30" of latitude, the contributions from the atmospheric and 
oceanic poleward fluxes are each about 2.5 PW. The ocean flux peaks at about 20"N 
in the subtropics, whereas the atmospheric flux has a broad maximum between 30"N 
and 60"N. In Chapters 6 and 7 we investigate in more detail how the atmosphere and 
the oceans accomplish this poleward flux of energy. If the fluid envelope of Earth did 
not transport heat poleward, the tropics would be warmer and the polar regions 
would be much colder. Transport of heat by the atmosphere and the oceans makes 
the climate of Earth much more equable than it would otherwise be. 

Wonder Haar and Oort (1973); Oort and Vonder Haar (1976). 
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If we integrate over the globe, the horizontal transport is zero, since energy can- 
not be removed from spherical Earth through horizontal transport. In the annual 
global average then, the net radiation is very close to zero. Any global mean net ra- 
diative imbalance will lead to a heating or cooling of Earth. 

Exercises 
1. Use the data in Table 2.3 to calculate the emission temperatures for all of 

the planets. The actual emission temperature of Jupiter is about 124 K. How 
must you explain the difference between the number you obtain for Jupiter 
and 124 K? 

2. Calculate the emission temperature of Earth if the solar luminosity is 30% 
less, as it is hypothesized to have been early in Solar System history. Use 
today's albedo and Earth-sun distance. 

3. Calculate the emission temperature of Earth, if the planetary albedo is changed 
to that of ocean areas without clouds, about 10%. 

4. Using the model illustrated in Fig. 2.3, calculate the surface temperature if the 
insolation is absorbed in the atmosphere, rather than at the surface. 

5. Using the data in Fig. 2.4, estimate the blackbody temperature of Earth's sur- 
face and the blackbody temperature of the atmosphere as viewed from Earth's 
surface. How well do these temperatures agree with the temperatures derived 
from the model shown in Fig. 2.3? 

6. Calculate the solar zenith angle at 9AM local sun time at Seattle (47'N, 122"W) 
at summer solstice and at winter solstice. Do the same for your hometown. 

7. A mountain range is oriented east-west and has a slope on its north and south 
faces of 15 degrees. It is located at 45"N. Calculate the insolation per unit sur- 
face area on its south and north faces at noon at the summer and winter sol- 
stices. Compare the difference between the insolation on the north and south 
faces in each season with the seasonal variation on each face. Ignore eccen- 
tricity and atmospheric absorption. 

8. In his science fiction novel, Ringworld, Larry Niven imagines a manufactured 
world consisting of a giant circular ribbon of superstrong material that circles 
a star. The width of the ribbon normal to a radius vector originating at the 
star's center is much greater than the thickness of the ribbon in the radial di- 
rection. The width of the ribbon is much less than the distance of the ribbon 
from the star, however. If the diameter of the ribbon is the same as the diam- 
eter of Earth's orbit about the sun, the luminosity is the same as Earth's sun, 
and the albedo of the ribbon is 0.3, what is the emission temperature of the 
sunlit side of the ribbon? Consider both the case in which heat is conducted 
very efficiently from the sunlit to the dark side of the ribbon, and the case in 
which no heat is conducted from the sunlit to the dark side of the ribbon. Ex- 
plain why your emission temperature is different from Earth's. 



Chapter 3 

3.1 Photons and Minority Constituents 

Atmospheric Radiative Transfer 
and Climate 

The energy that sustains warmth and life at the surface of Earth travels from the sun 
in the form of radiation. The interaction of incoming solar radiation with the atmo- 
sphere and the surface determines the total amount of solar energy absorbed and the 
distribution of solar heating among atmospheric layers and the surface. Because the 
atmosphere is relatively transparent to solar radiation, about half of the incoming 
solar radiation is absorbed at the ocean or land surface (Fig. 2.4). To achieve energy 
balance, heat provided by the absorption of solar radiation must be returned to space 
by emission from Earth. In this process it is the transmission of thermal infrared 
radiation through the atmosphere and the upward transport of heat by atmospheric 
motions that are of importance. The transmission properties of the atmosphere are 
determined by its gaseous composition and the nature of aerosols and water clouds 
present in it. The composition of the atmosphere is such that it efficiently absorbs 
and emits thermal infrared radiation. The efficient absorption and emission of ther- 
mal infrared radiation by the atmosphere, combined with its relative transparency to 
solar radiation, causes the surface to be much warmer than it would be in the absence 
of an atmosphere. 

The absorption of thermal radiation in air is accomplished by molecules that com- 
prise a small fraction of the atmosphere’s mass. The dependence of the climate on 
the abundance of these minority constituents makes the climate sensitive to natural 
and human-induced changes in atmospheric composition. Relatively small changes 
in composition can affect the flow of energy through the climate system and thereby 
produce surprisingly large climate changes. 

To understand how climate depends on atmospheric composition, it is necessary 
to understand the nature of electromagnetic radiation and the physical processes 
through which it interacts with gases and particles. The equation of radiative transfer 
forms the mathematical basis for keeping track of these physical processes in an 
aggregate sense so that radiative energy fluxes can be computed. One-dimensional 
models, in which the vertical fluxes of energy by radiation are calculated from the 
radiative transfer equation, can be used to estimate the effect of trace-gas concentra- 
tions, clouds, and aerosols on the global mean surface temperature. 

40 
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3.2 The Nature of Electromagnetic Radiation 

Electromagnetic radiation can be thought of either as a wave or as a particle that rep- 
resents the movement of energy through space. For scattering of light by particles 
and surfaces, electromagnetic wave theory is most helpful. When considering ab- 
sorption and emission of radiation, it is useful to think of radiant energy as discrete 
parcels of energy that we call photons. 

The speed of electromagnetic radiation in a vacuum is a constant c* = 3 x 
lo8 m s-’. This means that frequency v and wavelength il are inversely related in a 
one-to-one correspondence. 

(3.1) 

High frequencies correspond to short wavelengths and low frequencies, to long 
wavelengths. Most of the time we will describe radiation in terms of its wavelength, 
which we will give in millimeters (mm = m), or 
nanometers (nm = 10-9 m). 

In explaining the photoelectric effect, Einstein postulated that radiant energy ex- 
ists and propagates in quantum bits called photons. If we think of light as photons, 
then a photon has an energy, E,, that is proportional to its frequency 

m), micrometers (pm = 

E, = A v  (3.2) 
where ti = 6.625 x J s is Planck’s constant. Therefore, high-frequency, short- 
wavelength radiation has more energy per photon than low-frequency radiation. 

Most of the sun’s radiant energy output is contained between wavelengths of 
100 nm and 4 pm, and consists of ultraviolet, visible, and near infrared radiation. 
Ninety-nine percent of the sun’s emission comes from the visible (0.4-0.75 pm) and 
near infrared (0.75-5 pm) portions of the spectrum. Ultraviolet radiation makes up 
less than 1 % of the total, but is nonetheless important because of its influence in the 
upper atmosphere, and because it is harmful to life if it reaches the surface. Earth’s 
energy emission is almost all contained between about 4 and 200 pm, and is there- 
fore entirely thermal infrared. 

3.3 Description of Radiative Energy 

The energy of radiation is measured by its intensity or radiance. The monochromatic 
intensity describes the amount of radiant energy (dF,) within a frequency interval 
(v to v + dv) that will flow through a given increment of area (dA) within a solid 
angle (do) of a particular direction in a time interval (dt). 

(3.3) dF, = I, cos 8 dw dA dv dt 
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Fig. 3.1 Diagram showing the angles that define the radiance flowing through a unit area dA in the 
x-y plane, in the direction defined by the zenith angle 0. and the azimuth angle rp, and within the incre- 
ment of solid angle do. 

The direction is defined by the zenith angle, 0, and the azimuth angle, q, as shown 
in Fig. 3.1. The magnitude of the radiant intensity, I , ,  is given in energy per unit 
time, per unit area, per unit of frequency interval, per unit of solid angle, or watts per 
meter squared per hertz per steradian. In this book, we will be mostly concerned with 
the total energy per unit frequency passing across a unit area of a plane surface from 
one side to the other. To obtain this quantity we integrate the radiant intensity over 
all solid angles in a hemisphere. To do this we need to make use of the definition of 
an increment of solid angle. 

(3.4) do = sin 8 d8 dq  

Inserting (3.4) into (3.3) and integrating over the upper hemisphere we obtain 
2 A  A J 2  

F, = I, I, I ,  (e, 4) cos e sin e de d q  (3.5) 

This quantity is called the spectralPux density. If F, is integrated over all frequen- 
cies we obtain the flux density, which has units of watts per meter squared. 

F = SmFv dv (3.6) 
0 

When a beam of radiation encounters an object such as a molecule, an aerosol 
particle, or a solid surface, several possible interactions between the radiation and 
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the object can take place. The radiation can pass the object unchanged, which is 
called perfect transmission. The radiation can change direction without a change in 
energy, which is pure scattering, The radiation can be absorbed, with its energy 
transferred to the object. The probability that a photon will be scattered, absorbed, or 
transmitted depends on the frequency of the radiation and the physical properties of 
the object in question. Pure water droplets in clouds scatter visible radiation very 
effectively with relatively little absorption taking place. Water vapor and carbon di- 
oxide are very effective absorbers of thermal infrared radiation at certain frequen- 
cies. Matter can also add to the intensity of a beam of radiation by emitting radiation 
in the direction of the beam. Emission of radiation by matter depends on the sub- 
stance’s physical properties and temperature. 

3.4 Planck’s Law of Blackbody Emission 

The intensity of radiation in a cavity in thermodynamic equilibrium is given 
uniquely as a function of frequency and temperature by Planck’s law. An object that 
absorbs all radiation incident on it is called a blackbody. A blackbody with tempera- 
ture T emits radiation at frequency v with an intensity given by Planck’s law: 

where A = 6.625 x J K-’ (Boltz- 
mann’s constant), c* = 3 x lo8 m s-’ (speed of light), v is the frequency of radiation 
in s-’, T is the temperature in kelvins. 

The Stefan-Boltzmann law is an integral of Planck’s law over all frequencies and 
over all angles in a hemisphere, and expresses the strong dependence of energy 
emission on temperature. 

J s (Planck’s constant), k = 1.37 x 

(3.8) 

The factor of n arises from the integration over one hemisphere, assuming that 
the emission is independent of angle (isotropic). The Stefan-Boltzmann constant 
defined in (2.5) can be expressed in terms of the more fundamental constants of 
Planck’s law: 

(3.9) 

Planck’s law of blackbody radiation contains within it Wien’s law of displace- 
ment, which states that the wavelength of maximum emission is inversely propor- 
tional to temperature. That is, the hotter the object, the higher the frequency and the 
shorter the wavelength of emitted radiation. Note that for terrestrial temperatures 
(-255 K) the emission peaks around 10 pm, while for the temperature of the sun’s 
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Fig. 3.2 The normalized blackbody emission spectra for the sun (6000 K) and Earth (255 K) as a 
function of wavelength (top). The fraction of radiation absorbed while passing from the surface to the top 
of the atmosphere as a function of wavelength (middle). The fraction of radiation absorbed from the 
tropopause to the top of the atmosphere as a function of wavelength (bottom). The atmospheric molecules 
conhibuting the important absorption features at each frequency are indicated. [Taken from Goody and 
Yung (1989). Reprinted with permission from Oxford University Press.] 

photosphere (-6000 K) the emission peaks around 0.6 pm (Fig. 3.2). The energy 
emission from both the sun and Earth become negligible near 4 pm, so that the fre- 
quencies at which they emit are almost completely distinct for energetic purposes. 
We can thus speak of solar and terrestrial radiation as separate entities. In climatol- 
ogy, solar radiation is often called shortwave radiation and terrestrial radiation is 
called longwave. 

3.5 Selective Absorption and Emission by Atmospheric Gases 

In considering the global energy balance of Earth we found that the effective emis- 
sion temperature is 255 K, which is much less than the observed global mean surface 
temperature of 288 K. The explanation for this disparity is found in the different 
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transmission properties of the atmosphere for terrestrial and solar radiation. The at- 
mosphere is relatively transparent to solar radiation, whereas it is nearly opaque to 
terrestrial radiation. To understand the fundamental reasons behind this “greenhouse 
effect,” we must understand a little about the interaction of radiation with matter. 

In deriving his law of blackbody radiation, Planck found it necessary to postulate 
that the energy levels of an atomic or molecular oscillator are limited to a discrete set 
of values that satisfy 

E, = nhv (n  = 0,1,2, ...) (3.10) 

Equation (3.10) describes a set of discrete energy levels that each differ by an 
amount Av. The oscillator may represent the periodic motions of an atom or mole- 
cule. A transition from one energy level to another, called a quantum jump, corre- 
sponds to the release or capture of an amount of energy equal to Av. One way to ac- 
complish this energy transition is for the molecule to emit or absorb a photon of 
energy Av. This quantization effect only becomes apparent for very small oscillators 
like molecules or atoms. For macroscopic oscillators like a pendulum, or a spring 
and weight apparatus, the amount of energy represented by Av is too small to be no- 
ticed in comparison to the total energy of the system. 

A photon is emitted from a substance in some finite amount of time (<lo-’ s) and 
then travels through space until it is absorbed. If it approaches a mass such as an air 
molecule or a solid particle, the photon can change phase or direction, a process 
called scattering, or it can be absorbed. When a photon is absorbed it ceases to exist 
and its energy is transferred to the substance that absorbed it. This energy can appear 
as increased internal energy of a molecule or atom, or as heat. The energy of a mol- 
ecule can be stored in vibrational, rotational, electronic, or translational forms. 

Etotal = Etranslational Erotational + ‘%brational + Eelectronic (3.11) 

A molecule in the atmosphere can absorb a photon only if the energy of the pho- 
ton corresponds to the difference between the energy of two allowable states of the 
molecule. Each mode of energy storage in a molecule corresponds to a range of en- 
ergies, with electronic transitions corresponding to the largest energy differences and 
rotational transitions corresponding to the smallest. Allowable transitions between 
energy levels of the molecules making up the atmosphere determine the frequencies 
of radiation that will be efficiently absorbed and emitted by the atmosphere. If no 
transitions correspond to the energy of a photon, then it will have a good chance to 
pass through the gaseous atmosphere without absorption. 

3.5.1 

Translational energy corresponds to the gross movement of molecules or atoms 
through space and is not quantized. At terrestrial temperatures the kinetic energy 
of a molecule is generally small compared to the energy required for a vibrational 

Translational or Kinetic Energy (Temperature) 
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transition. Collisions between molecules can carry away or supply energy to interac- 
tions between photons and matter, and this plays an important role in broadening the 
range of frequencies of radiation that can be absorbed by a particular transition be- 
tween molecular energy levels. The Doppler effect associated with the movement of 
molecules can also broaden the range of frequencies absorbed or emitted by a partic- 
ular energy transition of the molecule. 

3.5.2 Rotational Energy 

A macroscopic object like a child’s top can store an amount of energy that, in effect, 
varies continuously with its rotation rate. For tiny objects like molecules in the at- 
mosphere, the energy of rotation is quantized and can take on only discrete values. 
Rotational energy transitions involve energy changes that correspond to the energy 
of photons with wavelengths shorter than about 1 cm. 

3.5.3 Vibrational Energy 

Atoms are bonded together into stable molecules when the forces of attraction and 
repulsion are in balance at the appropriate interatomic distance. Molecular energy 
can be stored in the vibrations about this stable point. The states of the molecule and 
the allowable energy levels are again quantized. Vibrational transitions require a 
photon with a wavelength of less than 20 pm. There are three independent modes of 
vibration for a triatomic molecule like C02 : two stretching modes and one bending 
mode (Fig. 3.3). 

A symmetric, linear molecule like C02 has no permanent dipole moment, since it 
looks the same from both ends. For this reason it has no pure rotational transitions. 
During vibrational transitions the C02 molecule develops temporary dipole mo- 
ments so that rotational transitions can accompany a vibrational transition. The com- 
bination of possible vibrational and rotational transitions allows the molecule to ab- 
sorb and emit photons at a large number of closely spaced frequencies, composing 
an absorption band. 

Water vapor is a good absorber of terrestrial radiation because it is a bent tri- 
atomic molecule. Because it is bent, it has a permanent dipole moment and therefore 
has pure rotation bands in addition to vibration-rotation bands. 

Vibration-rotation bands and pure rotation bands of polyatomic molecules ac- 
count for the longwave absorption of the clear atmosphere that is shown in Fig. 3.2. 
The bending mode of C02 produces a very strong vibration-rotation absorption 
band near 15 pm, which is very important for climate and critical for the stratosphere 
where it accounts for much of the longwave absorption. This absorption feature is 
particularly important because it occurs near the peak of the terrestrial emission 
spectrum. Water vapor has an important vibration-rotation band near 6.3 pm, and a 
densely spaced band of pure rotational lines of water vapor strongly absorbs terres- 
trial emission at wavelengths in excess of about 12 pm. Between these two water 
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Fig. 3.3 Schematic diagrams showing the vibrational modes of diatomic and triatomic molecules. 
[From McCartney (1983). Reprinted with permission from Wiley and Sons, Inc.] 

vapor features there is relatively weak absorption by water vapor, and so this wave- 
length region is called the water vapor window since only in this frequency range 
can longwave radiation pass relatively freely through the atmosphere (see middle 
panel of Fig. 3.2 and Fig. 3.4). In the middle of this atmospheric window sits the 
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Fig. 3.4 Infrared absorption spectra for various atmospheric gases. [From Valley (1965). Used with 
permission from McGraw-Hill, Inc.] 

9.6-pm band of ozone. Together, these absorption features make the troposphere 
nearly opaque to longwave radiation. 

Some significant absorption by vibration-rotation bands of atmospheric gases 
also occurs at near-infrared wavelengths between about 1 and 4 pm, mostly by water 
vapor and carbon dioxide (Figs. 3.2 and 3.4). These absorption features account for 
most of the absorption of solar radiation by air molecules in the troposphere. Visible 
wavelengths (-0.3-0.8 pm) are virtually free of gaseous absorption features, giving 
the atmosphere its transparency in these wavelengths. Because a large fraction of the 
sun's radiant energy is contained in visible wavelengths (Fig. 3.2), solar radiation 
penetrates relatively freely to the surface, where it provides heat and light. 
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3.5.4 Photodissociation 

If a photon is sufficiently energetic, it can break the bond that holds together the 
atoms in a molecule. For this photodissociation to occur for the molecules in the at- 
mosphere, wavelengths shorter than -1 pm are required. Oxygen is dissociated in 
the upper atmosphere by radiation with wavelengths shorter than -200 nm. When a 
photon participates in the dissociation of a molecule it ceases to exist and its energy 
is absorbed by the atmosphere. 

Ozone is a bent molecule made up of three oxygen atoms and is more loosely 
bonded than molecular oxygen. It can be dissociated by radiation between 200 and 
300 nm, and absorbs most of the radiation in this band before it reaches the surface 
(Fig. 3.2), where it would otherwise do considerable damage to life. 

3.5.5 Electronic Excitation 

Photons with energies in excess of that corresponding to a wavelength of 1 pm can 
also excite the electrons in the outer shell of an atom. Sometimes when oxygen or 
ozone is dissociated by solar radiation, one or both of the resulting oxygen atoms are 
in an electronically excited state. 

3.5.6 Photoionization 

If the wavelength of radiation is shorter than about 100 nm, then it can actually re- 
move electrons from the outer shell surrounding the nucleus and produce ionized 
atoms:This process is responsible for the ionosphere. If the photon is even more en- 
ergetic (shorter than -10 nm), it can also photoionize the inner shell of electrons. 

3.5.7 

The atmosphere is a very effective absorber at those discrete frequencies corre- 
sponding to an energy transition of an atmospheric gas. We may call each of these 
discrete absorption features an absorption line. The collection of such absorption 
lines in a particular frequency interval can be called an absorption band. Vibrational 
and rotational transitions are of primary interest for absorption and emission of ter- 
restrial radiation in the atmosphere, since the energy levels associated with these 
transitions correspond to the energies of photons of thermal infrared radiation. Poly- 
atomic molecules, like H 2 0 ,  C 0 2 ,  O,, CH4, N20,  and many others, have vibration- 
rotation bands of importance in the thermal infrared portion of the electromagnetic 
spectrum (Fig. 3.4, Table 3.1). Since lower energies are required for rotational tran- 
sitions, molecules with pure rotational transitions can give a densely packed band of 
rotation lines. This is the case for water vapor, which has many rotational absorption 
lines at closely spaced frequencies, which form a rotation band that absorbs much of 
Earth’s emission at wavelengths between 12 and 200 pm. 

Absorption Lines and Line Broadening 
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Table 3.1 
Wavelengths of Vibrational Modes of Some 

Important Atmospheric Molecules 

Vibrational modes 

Species "1 v2 v3 

co 4.67 
c q  15.0 4.26 

HZO 2.73 6.27 2.65 

NO 5.25 
NO2 7.66 13.25 6.17 
CH4 3.43 6.52 3.31 
CH4 5.25 

N 2 0  7.78 17.0 4.49 

0 3  9.01 14.2 9.59 

Units are in micrometers (pm). [From Herzberg and 
Herzberg (1957). 0 McGraw Hill, Inc. and from Shi- 
manouchi (1967a. 1967b, 1968)J. 

A portion of a line absorption spectrum might look like Fig. 3.5(a). Lines are not 
always evenly spaced or equally strong, since some transitions are more probable 
than others. The line width depends on broadening processes, which include natural, 
pressure, and Doppler broadening. After broadening, the absorption spectrum may 
have substantial absorption between the line centers [Fig. 3.5(b)]. 

Natural broadening is associated with the finite time of photon emission or ab- 
sorption and with the uncertainty principle. If we know the energy exactly, then we 
can only know the frequency to a finite precision. This mechanism is usually less im- 
portant than pressure or Doppler broadening. 

Pressure broadening (also called collision broadening) is brought about by colli- 
sions between molecules or atoms, which can supply or remove small amounts of 
energy during radiative transitions, thereby allowing photons with a broader range of 
frequencies to produce a particular transition of a molecule. This is the primary 
broadening mechanism in the troposphere. 

Doppler broadening results from the movement of molecules relative to a photon, 
which can cause the frequency of radiation to be Doppler-shifted. This again allows 
a broader range of frequencies of radiation to effect a particular transition. Doppler 
broadening becomes the dominant mechanism at high altitudes, where collisions are 
less frequent. 

Pressure broadening is dominant in the troposphere and gives the lines a charac- 
teristic shape and width (Fig. 3.6). The line shape is important. Absorption is most 
probable at the frequency corresponding to the change in the energy of the molecule 
between two states, and this frequency locates the line center. The probability of / 
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Fig. 3.5 Hypothetical line spectrum (a) before broadening, (b) after broadening. 
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Fig. 3.6 Line shapes produced by pressure (Lorentz line shape) and Doppler broadening for the 
same line width (a) and intensity at some central frequency v,. [From Goody and Yung (1989). Reprinted 
with permission from Oxford University Press.] 
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absorption decreases away from the line center but remains significant at some fre- 
quency interval away from it. These weak absorption features away from the line 
center are called the wings of the absorption line. For strong absorption lines, the ra- 
diation at frequencies near the center of the line is completely absorbed after travel- 
ing a relatively small distance through the atmosphere. Under these conditions, most 
of the transmission of energy is carried by frequencies in the wings of the absorption 
lines, where absorption is weaker. Pressure broadening, which produces the Lorentz 
line shape and has broad wings, is particularly effective at producing absorption and 
emission far from the line centers. 

Most of the atmosphere is made up of molecular nitrogen and oxygen. These are 
diatomic molecules, which have no dipole moment even when vibrating. Therefore 
they have no vibration-rotation transitions at the small energies corresponding to 
terrestrial radiation. Thus it is the minor trace concentrations of polyatomic mole- 
cules that determine the infrared transmissivity of the atmosphere. The most impor- 
tant gases are water vapor, carbon dioxide, and ozone (in that order), but many other 
gases contribute significantly (Fig. 3.2). Except for the region between 8 and 12 pm, 
the atmosphere is nearly opaque to terrestrial radiation. The key absorption features 
for terrestrial radiation are a water vapor vibration-rotation band near 6.3 pm, the 
9.6-pm band of ozone, the 15-pm band of carbon dioxide, and the dense rotational 
bands of water vapor that become increasingly important at wavelengths longer 
than 12pm. 

Visible radiation is too energetic to be absorbed by most of the gases in the at- 
mosphere and not energetic enough to photodissociate them, so that the atmosphere 
is almost transparent to it. Solar radiation with wavelengths between about 0.75 and 
5 pm, which we will call near-infrared radiation, is absorbed weakly by water, car- 
bon dioxide, ozone, and oxygen (Fig. 3.2). Most of the ultraviolet radiation from the 
sun with wavelengths shorter than 0.2 pm is absorbed in the upper atmosphere 
through the photodissociation and ionization of nitrogen and oxygen. Radiation at 
frequencies between 0.2 and 0.3 prri is absorbed by ozone in the stratosphere. 

3.6 The Lambert-Bouguet-Beer Law: Formulation of Flux Absorption 

In the preceding section the physical processes whereby molecules absorb and emit 
radiation were discussed. This section and the following one illustrate how knowl- 
edge of the absorption properties of the atmosphere can be incorporated into a for- 
mula to calculate the flux of radiation. To simplify the initial discussion, we will not 
consider emission by the atmosphere. Suppose, for example, that we are interested in 
the absorption of solar radiation in the atmosphere. Solar radiation can be absorbed 
by atmospheric gases, but because the atmosphere is much colder than the sun, the 
energy reemitted from the atmospheric gases is at longer wavelengths. For the mo- 
ment we will ignore scattering and consider that the atmosphere can only transmit or 
absorb solar radiation. 
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v 
Fig. 3.7 Diagram showing the extinction path of a solar beam through a plane-parallel atmosphere. 

For many applications the plane-parallel approximation is accurate and greatly 
simplifies radiative transfer calculations. Under this approximation the sphericity 
of Earth is ignored and atmospheric properties are assumed to be functions only of 
the vertical coordinate. This situation is illustrated in Fig. 3.7. Since unscattered 
solar radiation can be considered to be a parallel beam of radiation, we need con- 
sider only one direction of radiation, which is characterized fully in this case by 
the zenith angle 8. The Lambert-Bouguet-Beer law of extinction states that ab- 
sorption is linear in the intensity of radiation and the absorber amount. The ab- 
sorption by a layer of depth dz is proportional to the radiation flux ( F )  times the 
mass of absorber along the path the radiation follows. The proportionality constant 
derives from the quantum-mechanical considerations outlined in the previous sec- 
tion, which determine the probability that a photon with a particular energy will 
be absorbed by a particular molecule. We call this constant the absorption coeffi- 
cient and give it the symbol kabs. In general, it depends on the pressure and tem- 
perature, since these affect the strength and shape of the absorption lines of the 
absorber in question. 

The change in the radiation flux ( d F )  along a path of length ds,  where the density 
of the absorber is pa and the absorption coefficient is kabsr may be written 

dF = -kabs Pa F ds (3.12) 

In (3.12) F and ds are both measured positive downward. F and kabs depend on fre- 
quency, but we have dropped the frequency subscript for economy. The units of kabs 
in (3.12) must be m2 kg-'. Because its units are area per unit mass, kabs is sometimes 
also called the absorption cross section of the gas in question. From Fig. 3.7, the 
pathlength is related to altitude according to 

dz = - C O S ~  ds  (3.13) 
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Therefore (3.12) becomes 

(3.14) dF 
dz COSO - = k abs Pa 

We can define the optical depth (z) along a vertical path. 

Note that (3.15) implies that dz= -kabspadz, so that we can write (3.14) as 
dF 
d z  

cos8-=-F 

(3.15) 

(3.16) 

This equation has a very simple solution, 
F = F, e-z/cOse (3.17) 

where F, is, in this case, the downward flux density at the top of the atmosphere. The 
incident flux thus decays exponentially along the slant path ds where the optical 
depth is given by zIcosO. 

3.6.1 Absorption Rate 

In an isothermal atmosphere in hydrostatic balance, the density ( p a )  of an ab- 

Pa = Pas e(- z I H )  (3.18) 

Here H = RT/g is the scale height, R = 287 J K-' kg-', g = 9.81 m s - ~ ,  and pas is the 
density of the absorber at the surface. 

If we introduce this into the equation for optical depth (3.13, assume that kabs is 
a constant, and perform the integration, we obtain 

sorber with constant mass mixing ratio is given by (Section 1.4): 

Ps -zlH 
g 

= - M a  kabs [. ] (3.19) 

where Ma = p , / p  is the mass mixing ratio of the absorber. From (3.19) we can see 
that the total optical depth is (ps/g)Makab,, which is the total mass of the absorber 
times the absorption cross section. We can use (3.19) to show that 

d z  z 
dz H 

- _ - -  - (3.20) 

To calculate the energy absorption rate per unit volume, we multiply the flux times 
the density times the absorption coefficient. Using (3.14), (3.17), and (3.20), and 
defining p = cose, we obtain that 

(3.21) -. dF kabsPaF - dz Fm e-T/p - z _ Absorption rate = - = 
dz P dz P CL H 
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The absorption rate per unit volume peaks where the product of flux and absorb- 
ing mass cross section reaches a maximum. We can find this point by differentiating 
the absorption rate in (3.21) with respect to optical depth and setting the derivative to 
zero to find the maximum. 

(3.22) 

Thus we derive that the absorption rate peaks at r /p  = 1. One may show that the 
pressure Ievel where the absorption rate per unit volume is maximum is given by 

Pmaxabs - C O S e  -- 
Ps Hkabs Pas 

(3.23) 

where ps is the surface pressure. The pressure of maximum absorption is propor- 
tional to the cosine of the solar zenith angle, so that as the sun moves toward the 
horizon the absorption occurs higher in the atmosphere. The pressure at the level of 
maximum absorption is inversely proportional to the mass of absorber per unit sur- 
face area, Hpas,  and to the absorption coefficient kabs. 

The heating rate associated with absorption of a downward flux of radiant energy 
is given by 

(3.24) 

where cp is the specific heat at constant pressure and p is the air density. Utilizing 
(3.14), (3.24) can be written as 

(3.25) 

If the mass mixing ratio of the absorber, Ma, is independent of altitude, then the heat- 
ing rate will be proportional to the flux itself, which is maximum at the outer ex- 
tremity of the atmosphere. This is the case for absorption of ultraviolet radiation by 
molecular oxygen and nitrogen in the upper atmosphere, which produces maximum 
heating rates at very high altitudes and accounts for the rapid increase of temperature 
with altitude in the thermosphere shown in Fig. 1.2. For an absorber like ozone, 
whose mixing ratio peaks sharply in the stratosphere, the heating rate will also peak 
in the stratosphere. This local maximum in the ozone heating rate produces the local 
maximum in the climatological temperature at the stratopause near 50 km. 

3.7 Infrared Radiative Transfer Equation: Absorption and Emission 

We will next develop the radiative transfer equation for a plane, parallel atmosphere 
in which both emission and absorption by gases occur. The goal of this section is to 
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provide an intuitive understanding of the transfer of longwave radiation through the 
atmosphere and its importance for climate. Toward this end some simplifications 
will be made that cannot be made in accurate calculations of radiative transfer. Read- 
ers not interested in the details of infrared radiative transfer in the atmosphere may 
skip ahead to Sections 3.8 and 3.9, where simple heuristic models are described. In 
Section 3.10 the results of more accurate calculations will be presented. 

We again make the plane, parallel atmosphere approximation under which Earth 
is considered to be a flat plane, and the properties of the atmosphere depend only on 
altitude. These are good approximations if the properties of the atmosphere vary 
slowly in the horizontal compared to the vertical. This is generally true for tempera- 
ture and humidity because the atmosphere is so thin compared to the radius of Earth. 
It may not be a good approximation when clouds are present whose horizontal di- 
mension is comparable to their vertical dimension. 

3.7.1 Schwarzchild's Equation 

Consider the situation depicted in Fig. 3.8 in which a beam of intensity I, passes 
upward through a layer of depth dz, making an angle of 8 with the vertical direction. 
The change of intensity along the path through this layer will be equal to the emis- 
sion from the gas along the path minus the absorption 

dl, = E, - A, (3.26) 

2 
A 

Fig. 3.8 Diagram showing the path of upward-directed terrestrial radiance through a plane-parallel 
atmosphere. 
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The absorption can be assumed to follow the Lambert-Bouguet-Beer law. 

dIv = Ev - pa dskvIv (3.27) 

The emissivity E, is defined as the ratio of the emission of a substance to the in- 
tensity of radiation in a cavity at equilibrium. The latter is given by Planck's function 
(3.7), so that the emission may be written as follows: 

(3.28) 

When collisions with other molecules are much more frequent than radiative transi- 
tions of a molecule, the assumption of local thermodynamic equilibrium may be 
made. This assumption is warranted for most absorption lines in the relatively high 
pressure environment of the troposphere and lower stratosphere. In thermodynamic 
equilibrium, according to Kirchhoff's law, the emissivity of a substance must be 
equal to its absorptivity. 

With the assumption of local thermodynamic equilibrium, we have E, = pads k, 
so that (3.27) becomes 

dI, =pa dskv(Bv(T)- 1,) (3.29) 

Utilizing (3.13) and taking the limit of small dz, we obtain a radiative transfer 
equation 

(3.30) 

In this equation I ,  is a function of both altitude z and zenith angle 0, and all other de- 
pendent variables are functions of only z. For infrared radiation we may reasonably 
assume that the intensity is independent of azimuth angle, cp (Fig. 3.1), and that the 
blackbody emission, B,(T(z)), is isotropic, being independent of both 0 and cp, but 
still dependent on z. 

To proceed toward a solution of (3.30) we again introduce the optical depth, de- 
fined this time from the surface upward. 

Using the definition (3.31) in (3.30) we obtain 

(3.3 1) 

(3.32) 

Parentheses in (3.32) show the dependence of the radiance on zenith angle and alti- 
tude, the latter being represented parametrically by vertical optical depth. 



58 3 Atmospheric Radiative Transfer and Climate 

Multiply (3.32) by the integrating factor e'v/P, where p = cos 6, to convert it to a 
form that can be integrated directly. 

(3.33) 

We integrate (3.33) from the surface, where the optical depth is zero, to some arbitrary 
altitude where we wish to calculate the upward intensity and where the optical depth 
is zv ( z ) .  The integral is performed using T; as the dummy variable of integration. 

0 

The first term on the right in (3.34) represents the emission from the surface, reduced 
by the extinction along the path from the surface to the altitude z. The second term 
represents the summation of the emission from all of the layers of the atmosphere 
below the level z ,  which reaches the level z without absorption. 

3.7.2 

In Appendix D simplified flux forms of the solution (3.34) are derived that can be 
used to gain a physical understanding of how fluxes of thermal infrared radiation in 
the atmosphere depend on the vertical temperature profile and the infrared opacity 
of the atmosphere. A number of approximations are necessary to derive the follow- 

radiation at some height z in the atmosphere. 

Simple Flux Forms of the Radiative Transfer Equation Solution 

ing simplified equations for the upward F t ( z )  and downward F J ( z )  flux of terrestrial 

1 
F t ( z ) = ~ ' ~ ( z , , z } +  a T ( z ' )  4 0 -  d J { z ' , z }  (3.35) 

S { Z S . Z }  

1 
F' ( z )  = o T ( z ' ) ~  d T { z '  , z }  

T { P }  

(3.36) 

These equations represent the fluxes of terrestrial energy at all frequencies and inte- 
grated over all angles, and would be given in W m-* (watts per square meter). The 
fluxes depend on the temperature and on the flux transmission, T { z ' , z } ,  which is the 
fraction of the total terrestrial energy flux that can pass between altitudes z and z' 
without absorption. The transmission is always between zero, which indicates no 
transmission, and one, which indicates complete transmission. The transmission ap- 
proaches one as the two altitudes get arbitrarily close together. As the two altitudes 
move apart the transmission decreases at a rate that depends on the absorber amount 
between them. 
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The net flux of terrestrial radiation is given by the difference between the upward 

(3.37) 

and downward flux: 
t L F ( z )  = F (z) - F ( z )  

The heating rate associated with the divergence of the terrestrial flux density is then 

1 aF 
(3.38) aT - 

at p C p  az -_--- 

The first term on the right in (3.35) is a boundary term and assumes that the 
ground emits like a blackbody at the temperature of the surface T,. At the level z the 
flux density associated with the surface emission is reduced to the fraction Y{z,,z} 
of its surface value. The integral in (3.35) represents the contribution to the upward 
flux from the atmosphere below the level z ,  and in (3.36) the integral represents the 
contribution to the downward flux at z from the atmosphere above that level. The 
contributions to these integrals are greatest where the transmission function is 
changing most rapidly. This occurs when the difference in optical depth between the 
two locations is close to one. 

Of particular interest for climate is the upward flux of terrestrial radiation at the 
top of the atmosphere and the downward flux at the surface. From (3.35) and (3.36) 
these are 

1 
F'(=)=&: T{z,,=}+ I o T ( z ' ) ~  dY{z ' ,=)  (3.39) 

F 1 (zs)= I o T ( z ' ) ~  dT{z',z,}. 

fT{% 7 4 
1 

(3 -40) 
f T b S  9 - 1  

Figure 3.9 illustrates what the two transmission functions in (3.39) and (3.40) 
might look like, together with a representation of the temperature profile in the at- 
mosphere. The primary contributions to the integrals come from the levels where the 
transmission functions are changing most rapidly. In the case of outgoing longwave 

able to escape to space under average terrestrial conditions. Under typical conditions 
most of the OLR originates in the troposphere at levels where the temperature is sig- 
nificantly less than the surface value. From (3.39) it can be seen that the emission 
temperature defined in Chapter 2 is a weighted mean of the temperature profile from 
the surface to the top of the atmosphere, where the weight is the change in the trans- 
mission function. 

When an absorbing atmosphere is present, the average emission temperature is 
less than the surface value, and the loss of energy by emission to space is much less 
than the infrared emission from the surface. This is one component of the greenhouse 

radiation (OLR), F 7 (m), only a small amount of the emission from the surface is 
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Fig. 3.9 Transmission functions and air temperature (K) as functions of altitude. 

effect. Another aspect is the supply of energy to the surface by downward emission 
of terrestrial radiation from the atmosphere. The downward flux of terrestrial radia- 
tion at the surface originates in the lower troposphere, where most of the water vapor 
resides. The temperatures there are relatively warm. In the global mean, this down- 
ward flux is larger by nearly a factor of two than the input of energy to the surface 
from the sun (Fig. 2.4). 

It is interesting to consider the case of an isothermal atmosphere at temperature 
TA , overlying a surface of temperature T,. In this case the temperature can be taken 
outside the integrals in (3.39) and (3.40). 

F?(,) = m:~{z,,-} + 0 T; [I - T { Z , , ~ ) ]  (3.41) 

F 1 (z,)=oT' [l-T{zs,-}] (3.42) 

From these expressions we obtain the limiting cases for an opaque and a trans- 

(3.43) 

(3.44) 

In the first limit (3.43) the atmosphere is perfectly opaque to longwave radiation 
and emits both upward and downward like a blackbody. In the next section we con- 
sider a model atmosphere made up of layers that are opaque to longwave radiation. 
In the case of unit transmissivity (3.44) the atmosphere has no effect on terrestrial ra- 
diation, so that the downward longwave is zero and the surface emission escapes di- 
rectly to space. 

Clouds strongly affect the transmission of terrestrial radiation through the atmo- 
sphere. If a cloud is reasonably thick and has a sharp top and bottom, then it can be 

parent atmosphere: 

T { ~ , , ~ }  = o 3 F 1 ( z , )  = O T ~ ,  F?(,) = ~ T A  4 

Y{z,,m} = 1 F L (z,) = 0, F?(,) = OT, 4 
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treated accurately as a perfect absorber of longwave radiation. If such a cloud is pre- 
sent with a bottom at Zcb and a top at zCt, then (3.39) and (3.40) are changed. 

1 
(3.45) F t (-)=oT4 T{zct,-}+ 

F 1 ( Z S ) = o T z L b  4 T{z&,z,}+ 

~ T ( z ' ) ~  dT{z',-} 

OT(Z')4 dT{Z',Z,} 

ZCt 

q z c t  4 
1 

(3.46) 

In this case the downward flux at the ground (3.46) also has a boundary term coming 
from the bottom of the cloud. It can be shown using the mean value theorem of calculus 
that if the temperature decreases with altitude, then the outgoing flux at the top of the 
atmosphere will be decreased by a cloud, and the downward flux at the ground will be 
increased. The amount of the change will depend on the lapse rate and the position of 
the cloud top and base relative to the transmission function for the clear atmosphere. 

!q Zcb Js 1 

3.8 Heuristic Model of Radiative Equilibrium 

A layer of atmosphere that is almost opaque for longwave radiation can be crudely 
approximated as a blackbody that absorbs all terrestrial radiation incident on it and 
emits like a blackbody at its temperature. For an atmosphere with a large infrared op- 
tical depth, the radiative transfer process can be represented with a series of black- 
bodies arranged in vertical layers. Two layers centered at 0.5- and 2.0-km altitudes 
provide a simple approximation for Earth's atmosphere.' If we assume that the at- 
mospheric layers are transparent to solar radiation, we have the schematic energy 
flow diagram shown in Fig. 3.10. 

We can solve for all of the unknown temperatures by using the energy balance at 
each of the layers. If no net energy gain or loss occurs at any of the levels, then the 
temperatures obtained are the radiative equilibrium values. At the top of the atmo- 
sphere we must have energy balance, so that 

- ( l -olp)=fle  SO 4 =q 4 
4 

(3.47) 

We thus know immediately that the top layer temperature must equal the emis- 
sion temperature of the planet, since, in this approximation, the only longwave emis- 
sion that escapes to space comes from the upper layer. The energy balance at layer 1 is 

oT; = 2oTp (3.48) 
The balance at layer 2 yields 

oTp+o!r;=2oT; (3.49) 

'Goody and Walker (1972). 
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Fig. 3.10 Diagram of simple two-layer radiative equilibrium model for the atmosphere-Earth sys- 
tem, showing the fluxes of radiant energy. 

And the balance at the surface is 

-(l-a,)+rn2 SO 4 =a, 4 
4 

(3.50) 

The critical effect of an atmosphere that absorbs and emits longwave radiation appears 
in (3.50). The energy supplied to the surface by the sun is augmented by a downward 
flux of longwave radiation from the atmosphere. This allows the surface temperature 
to rise significantly above the value it would have in the absence of an atmosphere. 

We can use (3.47) through (3.50) to solve for the surface temperature. 

(3.51) 

By extension, if such a model atmosphere has an arbitrary number of layers, n, the 
surface temperature in equilibrium will be 

T, = T, (3.52) 

The radiative equilibrium surface temperature for a two-layer atmosphere is 335 K, 
which is much hotter than Earth’s surface temperature. Radiative equilibrium is not 
a good approximation for the surface temperature, since we know that latent and 
sensible heat fluxes remove substantial amounts of energy from the surface. 

If the atmosphere absorbs no solar radiation, the energy balance for a thin layer of 
emissivity E at the top of the atmosphere is between absorption of the flux of terres- 
trial radiation from below and the emission from the layer itself. 

(3.53) 4 4 E r n ,  =2&rns,, 

where T,,, is the temperature at the outer edge of the atmosphere, which we may 
take to be the stratosphere. 
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Plot of temperature profile obtained from the simple two-level atmosphere radiative equi- 

A thin layer of atmosphere near the surface absorbs a fraction E of the emission 
from above and below and emits in both directions. The temperature of the air adja- 
cent to the surface, TSA, may be derived from the energy balance there. 

E M :  + E r n ;  = 2&M& (3.54) 

We can solve for all of the temperatures and obtain the following values. 

Ti = 255 K T2 = 303 K T, = 335 K 

Tstrat = 214 K TsA = 320 K 

These temperatures are plotted in Fig. 3.11. In pure radiative equilibrium the tem- 
peratures of the surface and the air in contact with the surface are different. This dis- 
continuity is caused by the absorption of solar radiation at the surface. Such discon- 
tinuities are usually greatly suppressed in reality because of efficient heat transport 
by conduction and convection. 

3.9 Clouds and Radiation 

Clouds consist of liquid water droplets or ice particles suspended in the atmosphere. 
They are formed by the condensation of atmospheric water vapor when the tempera- 
ture falls below the saturation temperature. Water droplets and ice particles have 
substantial interactions with both solar and terrestrial radiation (Fig. 3.12). The na- 
ture of these interactions depends on the total mass of water, the size and shape of the 
droplets or particles, and their distribution in space. The problem is often simplified 
by assuming that clouds are uniform and infinite in the horizontal, which is called 
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Fig. 3.12 Stratocumulus clouds moving past Guadalupe Island off the west coast of Mexico. Note 
the vortex rings shed downstream of the island. Stratocumulus clouds have a large negative effect on the 
radiative energy budget of Earth because they are good reflectors of solar radiation, but are confined near 
the surface and so do not provide strong trapping of outgoing longwave emission. The vortex centers are 
about 60 km apart. (Skylab 3, NASA, August 1973.) 

the plane-parallel cloud assumption. If the droplet size distribution and the vertical 
distribution of humidity are assumed, then the cloud albedo and absorption depend 
on the total liquid water content of the cloud and the solar zenith angle. Cloud liquid 
water content is defined as the total mass of cloud water in a vertical column of at- 
mosphere per unit of surface area. 

Model calculations of the cloud albedo and absorption for plane-parallel water 
clouds are shown in Fig. 3.13. The albedo increases with the total water content or 
depth of the cloud and also with the solar zenith angle. The albedo increase with liq- 
uid water content is most rapid for smaller amounts of liquid water. As the cloud be- 
comes very thick the cloud albedo slowly approaches a limiting upper value and be- 
comes insensitive to further increases in cloud mass. In very thick clouds most of the 
solar radiation is scattered before it can reach the particles deep in the cloud, and ra- 
diation that is scattered from particles deep in the cloud is unlikely to find its way 
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Fig. 3.13 The dependence of (a) cloud albedo and (b) cloud absorption on cloud liquid water path 
and solar zenith angle. Values are given in percent. [From Stephens (1978). Reprinted with permission 
from the American Meteorological Society.] 

back out to space. For these reasons, increases in the optical thickness of a cloud 
eventually cease to make much difference in the reflectivity of the cloud. The varia- 
tion of albedo with zenith angle is most rapid when the sun is near the horizon and 
least when the sun is overhead. Absorption of solar radiation by plane-parallel 
clouds decreases with increasing zenith angle because radiation that is reflected to 
space at the higher zenith angles penetrates less deeply into the cloud and is there- 
fore less likely to be absorbed. The absorption increases approximately linearly with 
liquid water content for an overhead sun. 

The variations of the albedo of typical clouds in the atmosphere are dominated by 
variations in the column amount of liquid water and ice in the cloud. Nonetheless the 
albedo of clouds is sensitive to the droplet size. Figure 3.14 shows how the calcu- 
lated albedo of clouds changes as the radius of the droplets is varied, while keeping 
the liquid water content fixed. The albedo is greatest for smaller droplets, principally 
because these present a larger surface area for the same mass. 

Clouds absorb terrestrial radiation very effectively. Figure 3.15 shows the emis- 
sivity of water and ice clouds as a function of liquid water content. Clouds become 
opaque to longwave radiation when the liquid water path exceeds about 20 g m-2. If 
this liquid water path is achieved in an altitude range where the temperature is es- 
sentially uniform, then cloud surfaces can be assumed to absorb and emit terrestrial 
radiation essentially like blackbodies. This assumption produces accurate results ex- 
cept for very thin clouds such as cirrus, which may be partially transparent to long- 
wave radiation. Comparison of Figs. 3.13 and 3.15 shows that the albedo of clouds 
continues to increase with additional liquid water content long after the cloud has be- 
come opaque to longwave radiation. 
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Fig. 3.14 The dependence of planetary albedo on the size of cloud droplets. [From Slingo and 
Schrecker (1982). Reprinted with permission from the Royal Meteorological Society.] 

3.10 Radiative-Convective Equilibrium Temperature Profiles 

As a reasonably straightforward method of attempting to understand the effects of 
radiative transfer on climate, one can solve the radiative transfer equation for global- 
mean terrestrial conditions. This involves construction of appropriate models for the 
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Fig. 3.15 The dependence of the longwave emissivity on (a) liquid water content [from Slingo 
ef al. (1982); reprinted with permission from the Royal Meteorological Society] and (b) ice content [from 
Griffith et al. (1980); reprinted with permission from the American Meteorological Society]. 
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transmission of the various band systems of importance in the atmosphere, insertion 
of these into a computational analog of the radiative transfer equation, and iteration 
to obtain a steady balance solution. Such models are a much more sophisticated ver- 
sion of the simple radiative equilibrium model discussed in Section 3.8. 

The variables that determine the fluxes of radiant energy in the atmosphere in- 
clude the atmospheric gaseous composition, the aerosol and cloud characteristics, 
the surface albedo, and the insolation. Since horizontal transport of energy by at- 
mospheric and oceanic motion affects the local climate, it is of most interest to cal- 
culate the radiative equilibrium for conditions averaged over the globe. In a global- 
mean model the temperature and all other variables depend only on altitude, and the 
globally averaged insolation and solar zenith angle are appropriate. To understand 
the basic radiative energy balance of Earth, we need to specify the following: 

1. H20:  Water vapor is the most important gas for the transfer of radiation in the 
atmosphere. Its distribution is highly variable. The sources and sinks (evaporation 
and condensation) are determined by the climate itself, and they are fast compared to 
the rate at which the atmosphere’s motion mixes moist and dry air together. Water 
vapor has a vibration-rotation band near 6.3 pm and a rotation continuum at wave- 
lengths longer than about 12 pm. It is also the principal absorber of solar radiation in 
the troposphere. 

2. COz: The mixing ratio of carbon dioxide is increasing about 0.4% per year 
primarily because of coal and oil combustion. In 1990 the value was about 
350 ppmv. Because sources and sinks of C02 are slow compared to the time it takes 
the atmosphere to mix thoroughly, its mixing ratio can be assumed constant with lat- 
itude and altitude up to about 100 km. The strong vibration-rotation band of C02 at 
15 pm is important for longwave radiative transfer. A significant amount of solar ra- 
diation is absorbed by carbon dioxide. 

3. 0 3 :  Ozone has fast sources and sinks in the stratosphere where most of the at- 
mospheric ozone resides. Near the surface ozone is produced in association with 
photochemical smog. Its concentration in the middle and upper stratosphere is de- 
pendent on temperature, insolation, and a host of photochemically active trace 
species. Ozone has a vibration-rotation band near 9.6 pm that is important for long- 
wave energy transfer, and also has a dissociation continuum that absorbs solar radia- 
tion between 200 and 300 nm. Absorption of solar radiation by ozone heats the mid- 
dle atmosphere and causes the temperature increase with height that defines the 
stratosphere and tropopause. 

4. Aerosols: Atmospheric aerosols of various types affect the transmission of 
both solar and terrestrial radiation. A layer of sulfuric acid aerosols exists near 25 km 
in the midstratosphere. Sulfate aerosols in the troposphere are also radiatively im- 
portant and seem to be increasing as a result of human activity, primarily fossil fuel 
combustion. 

5. Surface albedo: The surface albedo is highly variable from location to loca- 
tion in land areas, depending on the type and condition of the surface material and 
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vegetation. Over open ocean it is mostly a function of solar zenith angle, but it also 
depends on sea state. When the surface is snow covered, its albedo is generally much 
higher than when surface ice is not present. 

6.  Clouds: Clouds vary considerably in amount and type over the globe. They 
have very important effects on longwave and solar energy transfer in the atmos- 
phere. The distribution in time and space and the optical properties of clouds are im- 
portant for climate. For a global-mean radiative equilibrium calculation, cloud radia- 
tive properties must be specified. The simplest approach is to assume plane-parallel 
clouds and specify their distribution in the vertical. The optical properties of the 
clouds must also be specified. For solar radiation one must specify the fractions of a 
beam of radiation that are absorbed and reflected by clouds, which can be called the 
absorptivity and rejectivity, respectively. Normally, water clouds have relatively 
weak solar absorption, but they effectively scatter solar radiation back toward space 
and so have high reflectivities. Thick clouds can be assumed to be black bodies for 
longwave radiation, so that they absorb all incident longwave radiation and emit like 
a blackbody with the temperature of the atmosphere at the same level as the cloud. A 
simple approach is to specify the properties of three types of clouds, as in Table 3.2. 
The albedo values are based on old estimates and are not necessarily the most repre- 
sentative set, but they are the values used in the calculations shown here. 

Figure 3.16 shows a calculated temperature profile that is in radiative equilib- 
rium. Atmospheric temperatures in radiative equilibrium decrease rapidly with alti- 
tude near the surface. In the troposphere, radiative equilibrium temperature profiles 
are hydrostatically unstable in the sense that parcels of air that are elevated slightly 
will become buoyant and continue to rise. In the real atmosphere, atmospheric mo- 
tions move heat away from the surface and mix it through the troposphere. Figure 2.4 
indicates that 60% of the energy removal from the surface is done by the transport of 
heat and water vapor by atmospheric motions and only 40% by net longwave radia- 
tion emission. The global mean temperature profile of Earth's atmosphere is not in 
radiative equilibrium, but rather in radiative-convective equilibrium. To obtain a re- 
alistic global-mean vertical energy balance, the vertical flux of energy by atmo- 
spheric motions must be included. 

Table 3.2 
Values of Cloud Shortwave Reflectivity and Absorptivity and Fractional Area 

Coverage Assumed in Manabe and Strickler (1964) 
~ ~ ~ ~ 

' b e  SW reflectivity SW absorptivity % of area 

High (cirrus) 0.21 0.005 0.228 
Medium (cumulus) 0.48 0.020 0.090 
Low (stratus) 0.69 0.035 0.313 

(Reprinted with permission from the American Meteorological Society.) 
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Fig. 3.16 Calculated temperature profiles for radiative equilibrium, and thermal equilibrium with 
lapse rates of 9.8OC km-' and 6SoC km-'. [From Manabe and Strickler (1964). Reprinted with permis- 
sion from the American Meteorological Society.] 

The simplest artifice by which the effect of vertical energy transports by motions 
can be included in a global-mean radiative transfer model is a procedure called con- 
vective adjustment. Under this constraint the lapse rate is not allowed to exceed a 
critical value, say, 6.5 K h-'. Where radiative processes would make the lapse rate 
greater than the specified maximum value, a nonradiative upward heat transfer is as- 
sumed to occur that maintains the specified lapse rate while conserving energy. This 
artificial vertical redistribution of energy is intended to represent the effect of atmo- 
spheric motions on the vertical temperature profile without explicitly calculating 
nonradiative energy fluxes or atmospheric motions. In a global mean model, this 
"adjusted" layer extends from the surface to the tropopause. 

A temperature profile that is in energy balance when radiative transfer and con- 
vective adjustment are taken into account may be called a radiative-convective 
equilibrium or thermal equilibrium profile. Thermal equilibrium profiles for as- 
sumed maximum lapse rates of 6.5"C h-' and the dry adiabatic lapse rate of 
93°C h-' are shown in Fig. 3.16. The thermal equilibrium profile obtained with 
a lapse rate of 6.5"C h-! is close to the observed global mean temperature pro- 
file. No a priori reason exists for choosing a 6.5"C km-' adjustment lapse rate 
other than that it corresponds to the observed global-mean value. The maintenance 
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of the lapse rate of the atmosphere is complex and involves many processes and 
scales of motion. 

One use of a climate model is to understand what factors are most important 
and how changes in these factors will affect the climate. In particular, the one- 
dimensional radiative-convective equilibrium model is useful for understanding the 
role of trace gases and clouds in determining the temperature profile. Figure 3.17 
shows three equilibrium profiles obtained with different gaseous compositions, but 
without clouds. With only water vapor present a reasonable approximation to the ob- 
served profile is obtained except that the stratosphere is absent. Carbon dioxide with 
a mixing ratio of 300 ppm raises the temperature about 10 K above the equilibrium 
obtained with only water vapor present. A sharp tropopause and the increase of tem- 
perature with height that characterizes the stratosphere appear only when solar ab- 
sorption by ozone is included in the model. 

The contributions of individual gases to the heating rate in radiative-convective 
equilibrium are shown in Fig. 3.18. In the stratosphere the lapse rate for radiative 
equilibrium is never large and positive, so convective adjustment is not required. 
The first-order balance is between heating produced by solar absorption by ozone 
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Fig. 3.17 Thermal equilibrium profiles for three cloudless atmospheres obtained with a critical lapse 
rate of 6.5 K km-’. One atmosphere has water vapor only; one includes water vapor and carbon dioxide; 
and the third contains water vapor, carbon dioxide, and ozone. [From Manabe and Strickler (1964). 
Reprinted with permission from the American Meteorological Society.] 
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Fig. 3.18 Radiative heating rate profiles for a clear atmosphere. LH20, LC02, and LO3 show the 
heating rates associated with longwave cooling by water vapor, carbon dioxide, and ozone, respectively. 
The S prefix indicates the heating rate associated with solar absorption by each of these gases. NET is the 
sum of the solar and longwave radiative heating rates contributed by all gases. [From Manabe and Strick- 
ler (1964). Reprinted with permission from the American Meteorological Society.] 

and cooling produced by longwave emission from carbon dioxide. The troposphere 
is not in radiative equilibrium, and a net radiative cooling rate of about 1.5 K day-' 
is balanced by convective heat transfer from the surface, where a positive net radia- 
tive imbalance exists. In a clear atmosphere this net longwave cooling is closely ap- 
proximated by the cooling from water vapor emission. In the troposphere, longwave 
cooling from carbon dioxide is approximately balanced by solar absorption by water 
vapor. From the results of radiative-convective equilibrium calculations presented 
in Figs. 3.17 and 3.18, we conclude that water vapor is by far the preeminent green- 
house gas in the natural atmosphere. 

Radiative-convective equilibrium models can also be used to examine the effect 
of simple clouds on the temperature profile. Figure 3.19 shows the effect of inserting 
clouds with various characteristics. Low clouds greatly reduce the temperature at 
the surface and in the troposphere, whereas the addition of high clouds can cause the 
surface temperature to exceed the value obtained for cloud-free conditions. The 
albedos assumed for the lower clouds are higher, so that the greater reflection of 
solar radiation from these clouds explains a good part of their stronger cooling effect 
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Fig. 3.19 Thermal equilibrium temperature profiles for atmospheres with various cloud distri- 
butions. The cloud heights corresponding to each type of cloud are shown on the right (L = low, 
M = medium, and H = high cloud). The heavy dashed line shows the equilibrium profile for clear skies. 
[From Manabe and Strickler (1964). Reprinted with permission from the American Meteorological 
Society.] 

(Table 3.2). Lower clouds have a weaker effect on the escaping longwave radiation, 
however, since their top temperatures are warmer, and this also explains part of the 
greater cooling effect of low clouds in these calculations. 

3.11 A Simple Model for the Net Radiative Effect of Cloudiness 

Clouds are potentially very important for the sensitivity of climate, since they can af- 
fect both solar and longwave radiative transfer in the atmosphere. Clouds of suffi- 
cient thickness are typically almost perfect absorbers of terrestrial radiation and are 
at the same time excellent reflectors of solar radiation. These two properties of 
clouds produce opposite effects on the radiation balance. The reflection of solar ra- 
diation tends to cool Earth. Because of the decrease in temperature with altitude in 
the atmosphere, clouds reduce the outgoing terrestrial radiative flux at the top of the 
atmosphere, which tends to warm the climate. 

We can illustrate the relative roles of the reflection of solar radiation and trapping 
of longwave radiation by clouds with a very simple model of their effect on the 
global energy balance at the top of the atmosphere. The energy balance at the top of 
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the atmosphere is the difference between the absorbed solar radiation and the outgo- 
ing longwave radiation (OLR). 

where So is the solar constant and ap is the albedo, so that (S0/4)(1 - ap) = Qabs is 
the absorbed solar radiation. 

We wish to calculate the difference in the net radiation that results from adfling a 
cloud layer with specified properties to a clear atmosphere. 

(3.56) 

Suppose that we can specify the albedo for both clear and cloudy cbnditions, so 

t m~~~ = Rcloudy - Rclear = AQabs - LW (w) 

that the difference in absorbed solar radiation is 

(3.57) 

To calculate the change in OLR we subtract (3.39) from (3.45): 

(3.58) t t 7 
AF (-) =Fcloudy (=)- F ~ l e a r ( ~ )  

If the top of the cloud is above most of the gaseous absorber of longwave radia- 

q z c t  ,-] = 1.0 (3.60) 

tion, which is water vapor, then we may make the approximation 

in which case (3.59) becomes 

1 
AF'(=J)=O$~ - ~ ~ ~ { z , , o o )  - ~ T ( Z ' ) ~  dT{z ' ,=} (3.61) 

5-{% ?} 

zCt - Fclear (-1 
or 

(3.62) 

Inserting (3.57) and (3.62) into (3.56) gives an approximate formula for the change 
in net radiation at the top of the atmosphere that is produced by the addition of 
clouds to a clear atmosphere. 

AFT(,) = m4 t 

(3.63) SO t 
m T O A  = - 7 ~ a p  + Fclear ( ~ 1 -  m2t 



74 3 Atmospheric Radiative Transfer and Climate 

If the cloud top is above most of the longwave absorber, then (3.63) indicates that 
the change in net radiation produced by the cloud depends on the albedo contrast be- 
tween clear and cloudy conditions and on the temperature at the cloud top. Since 
most of the water vapor is in the first few kilometers of the atmosphere, the approxi- 
mation (3.60) is qualitatively correct for cases with cloud tops above 4 or 5 km. 

From (3.63) it is possible that the albedo contrast and the cloud top temperature can 
be such that the cloud produces no change in the net radiation. The condition for this is 
obtained by setting AR,, = 0 in (3.63) and solving for the cloud top temperature. 

r > 114 

(3.64) 

If we assume that the temperature decreases with a lapse rate of r f rom a surface 

T, = T, -rZct (3.65) 

We can use (3.64) and (3.65) to solve for the cloud top altitude for which the reduc- 
tion in OLR will just cancel the reduction in absorbed solar radiation associated with 
the presence of a cloud. For numeric values we can use a solar flux of 1367 W m-2, 
' a clear-sky OLR of 265 W rn-2, a surface temperature of 288 K, and a lapse rate of 
6.5 K krr-'. These are all reasonable global-mean values. The resulting curve of 
cloud top altitude versus albedo contrast is shown as the heavy curve in Fig. 3.20. 
Clouds with albedo contrasts and altitudes that fall along the heavy line have no net 

value of T,, then the temperature of the cloud top can be related to its altitude. 

-Ct 

0 
0 0.1 0.2 0.3 0.4 0.5 0.6 

* a P  

Fig. 3.20 Contours of change in net radiation at the top of the atmosphere caused by the insertion of 
a cloud into a clear atmosphere, plotted against cloud top altitude and the planetary albedo contrast be- 
tween cloudy and clear conditions. The net radiation changes are calculated with the approximate model 
described in Section 3.8 that is invalid for clouds with tops lower than about 4 km. Contours from -100 to 
+150 W m-2 are shown at an interval of 50 W m-2. The zero contour where the cloud has no net effect on 
the radiation budget at the top of the atmosphere is bold and negative contours are dashed. 
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effect on the energy balance at the top of the atmosphere. Those that fall below the 
line will produce a reduction in net radiation, or a cooling, and those above will pro- 
duce warming. One can obtain the approximate cloud albedo for global average con- 
ditions by adding the clear-sky albedo, which is about 15%. As the cloud top rises, 
the albedo contrast between cloudy and clear conditions that will just balance the 
OLR change also increases. Clouds with high cold tops and low albedos can cause a 
significant positive change in net radiation, while low bright clouds can cause a large 
negative change in net radiation at the top of the atmosphere. 

3.12 Observed Role of Clouds in the Energy Balance of Earth 

It is possible to measure the radiative fluxes of energy entering and leaving Earth 
from orbiting satellites. If the spatial resolution of the measurements of the energy 
fluxes provided by the instrument on the satellite is great enough, then cloud-free 
scenes may be identified. These cloud-free scenes can be averaged together to esti- 
mate the clear-sky radiation budget. If these cloud-free scenes are taken to represent 
the atmosphere in the absence of clouds, then the difference between the cloud-free 
radiation budget and the average of all scenes represents the effect of clouds on the 
radiation budget. We can call the effect of clouds on the radiation budget the cloud 
radiative forcing of the energy balance. 

Table 3.3 shows estimates of the globally and annually averaged radiation budget 
components for average conditions, cloud-free conditions, and the difference be- 
tween them, which is called cloud forcing. The uncertainty of these estimates is 
about 5 W mP2, as indicated by the average net radiation of 5 W m-2, which should 
logically be zero. In round numbers the observations indicate that clouds increase 
the albedo from 15 to 30%, which results in a reduction of absorbed solar radiation 
of 50 W mP2. This cooling is offset somewhat by the greenhouse effect of clouds, 
which reduces the OLR by about 30 W m-2. The net cloud forcing of the radiation 
budget is thus a loss of about 20 W mP2. The meaning of this number is that, if 
clouds could suddenly be removed without changing any other climate variable, then 

Table 3.3 
Cloud Radiative Forcing as Estimated from Satellite Measurements 

Average Cloud-free Cloud forcing 

OLR 234 266 +3 1 
Absorbed solar radiation 239 288 -48 
Net radiation +5 +22 -17 
Albedo 30% 15% +15% 

~ ~~ 

Radiative flux densities are given in W m-2 and albedo in percent. [From Har- 
rison ef d. (1990). 0 American Geophysical Union.] 
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Earth would begin to gain 20 W m-2 in net radiation and consequently begin to 
warm up. The size of the temperature increase that might result from such a change 
in the radiation balance is the subject of Chapter 9. 

The observed distribution of clouds has been estimated in two ways. Surface ob- 
servers have recorded the type and fractional distribution of clouds and a long record 
of such observations has been compiled into a cloud climatology.2 In more recent 
years attempts have been made to systematically characterize cloud distributions 
from the observations of visible and infrared radiation taken from meteorological 
 satellite^.^ Each of these data sets has its strengths and weaknesses related to the 
viewing geometry (up versus down) and the instrumentation (the human eye versus 
a radiometer). Surface observations have a much better view of cloud base, whereas 
satellite measurements see the tops of the highest clouds very well and provide a 
more direct means of estimating the visible optical depth of the clouds. 

Figure 3.21 shows global maps of the fractional area coverage of clouds with tops 
at pressures lower than 440 mb (high clouds), clouds with tops at pressures greater 
than 680 mb (low clouds) and clouds with tops at any pressure (total cloud amount). 
High clouds are concentrated in the convection zones of the tropics over equatorial 
South America and Africa, and a major concentration exists over Indonesia and the 
adjacent regions of the eastern Indian and western Pacific Oceans. Low clouds are 
most prevalent in the subtropical eastern ocean margins and in middle latitudes. The 
low cloud concentrations in the eastern subtropical oceans are associated with lower 
than average sea surface temperature (SST) (Fig. 7.11) and consist of stratocumulus 
clouds trapped below an inversion. Low clouds are heavily concentrated over the 
oceanic regions and are less commonly observed over land. The total cloud cover 
also shows a preference for oceanic regions, particularly in midlatitudes where the 
total cloud cover is greatest. Minima in total cloud cover occur in the subtropics in 
desert regions, but regions with low total cloud amounts also occur over the 
Caribbean Sea and over the southern subtropical zones of the Pacific, Atlantic, and 
Indian oceans. 

Estimates of the effect of clouds on the radiative energy budget at the top of the 
atmosphere can be derived from satellite measurements of the broadband energy 
flux.4 The longwave cloud forcing is the reduction of the OLR by the clouds, and so 

ZWarren et al. (1986, 1988). 
3Rossow and Schiffer (1991). 
4Hamson etal. (1990). 

Fig. 3.21 Annual average cloud fractional area coverage in percent estimated from satellite data 
under the International Satellite Cloud Climatology Project [ISCCP, Rossow and Schiffer (1991)J. 
(a) Clouds with tops higher than 440 mb, (b) clouds with tops lower than 680 mb, and (c) all clouds. In (a) 
and (b) the contour interval is 5%, with values greater than 30% lightly shaded, and greater than 50% 
heavily shaded. In (c) the contour interval is also 5%, but light shading is applied for values greater than 
50% and heavy shading for values greater than 80%. 





3.12 Observed Role of Clouds in the Energy Balance of Earth 79 

is a positive contribution to the radiation budget or warming influence on the surface 
climate. The largest contributions are made in the convective regions and the Inter- 
tropical Convergence Zone (ITCZ) in the tropics where high clouds with cold tops 
are abundant [Fig. 3.22(a)]. The reduction of absorbed solar radiation is also rela- 
tively large in these regions, since the deep convective clouds also have high albe- 
dos, but low clouds in high latitudes are also very effective in reducing the absorbed 
solar radiation [Fig. 3.22(b)]. The net effect of clouds on the energy budget at the top 
of the atmosphere is generally smaller than its longwave and shortwave components 
because in most cases they are of opposite sign. The largest net contributions are re- 
ductions in net radiation by low clouds in high latitudes and in the stratus cloud re- 
gions in the eastern subtropical oceans [Fig. 3.22(c)]. 

Exercises 

1. Suppose a gas that absorbs solar radiation has a uniform mixing ratio of 1 g kg-' 
and an absorption cross section of 5 m2 kg-'. At what altitude will the maxi- 
mum rate of energy absorption per unit volume occur? Assume an isothermal 
atmosphere with T = 260 K, and a surface pressure of 1.025 x lo5 Pa, and that 
the sun is directly overhead. 

2. In problem 1 ,  if the frequency range at which the absorption is taking place 
contains 5% of the total solar energy flux, what is the heating rate in degrees 
per day at the level of maximum energy absorption? What is the heating rate 
one scale height above and below the level of maximum energy absorption? 
Use the globally averaged insolation. 

3. Do problem 1 with a solar zenith angle of 45". Discuss the difference the angle 
makes. 

4. Use the model of Fig. 3.10, but distribute the solar heating such that 0.3OT; is 
absorbed in each of the two atmospheric layers and the remaining 0.4OT: is 
absorbed at the surface. Calculate the new radiative equilibrium temperature 
profile. How does it differ from the case where all of the solar heating is ap- 
plied at the surface? 

5. Place the two layers in the model of Fig. 3.10 at 2.5 and 5.0 km. Assume a 
fixed lapse rate of 6.5 K km-I. Derive energy balance equations that include 
an unknown convective energy flux from the surface to the lower layer and 
from the lower layer to the upper layer. Solve for the temperature profile in 

Fig. 3.22 Annual average cloud forcing of the radiation budget at the top of the atmosphere esti- 
mated from satellite data under the Earth Radiation Budget Experiment [ERBE; Harrison el al. (1990)l. 
(a) Reduction of OLR caused by clouds, (b) increase in absorbed solar radiation caused by clouds (note 
values are negative), and (c) increase in net radiation caused by clouds. Contour interval is 10 W m-* in 
each plot. Shading is applied for values greater than +40 in (a), less than -40 (light) and -80 (heavy) in 
(b), and less than -40 (heavy) and greater than zero (light) in (c). 
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thermal equilibrium and find the required convective energy fluxes from the 
surface and the lower layer. (Hint: Start from the top and work down.) How 
do the radiative and convective fluxes compare with the proportions given in 
Fig. 2.4? 

6. For the conditions of problem 5, calculate the pure radiative equilibrium tem- 
perature profile with no convective adjustment. Plot the thermal equilibrium 
and pure radiative equilibrium temperature profiles from this model with the 
levels at 2.5 and 5.0 km and compare them with the profiles shown in Fig. 3.16. 
What happens to this comparison if the top level is moved up or down by 
2 km? Is the dependence on the height of the layer reasonable? How do the 
required convective fluxes change as you move the top level? 

7. Suppose that tropical convective clouds give an average planetary albedo of 
about 0.6 compared to the cloud-free albedo of about 0.1. The insolation is 
about 400 W m-2, and the cloud-free OLR is about 280 W mW2. Use the sim- 
plified model of Section 3.11 to find the cloud top temperature for which the 
net radiative effect of these clouds will be zero. Are such temperatures ob- 
served in the tropical troposphere, and, if so, where? (Refer to Fig. 1.3.) If the 
surface temperature is 300 K and the average lapse rate is 5 K km-', at what 
altitude would the cloud top be to make the longwave and shortwave effects of 
the cloud just equal and opposite? 

8. For the conditions of problem 7, what is the rate of net radiative energy loss if 
the cloud albedos are 0.7 rather than 0.6? By how much would you need to 
lower the cloud tops to produce an equal reduction in net radiation? 



Chapter 4 

4.1 Contact Point 

The Energy Balance of the Surface 

The surface of Earth is the boundary between the atmosphere and the land or ocean. 
Defining the location of this boundary can be difficult over a highly disturbed sea or 
over land surfaces with a variable plant canopy. We will assume that the location of 
the surface can be appropriately defined, and we will treat it as a simple interface be- 
tween two media, but in considering the important energy exchange processes we 
must include the atmosphere and oceanic boundary layers and the first few meters of 
soil. The energy fluxes across the surface are as important to the climate as the fluxes 
at the top of the atmosphere, especially since the climate at the surface is of most 
practical significance. The surface energy balance determines the amount of energy 
flux available to evaporate surface water and to raise or lower the temperature of the 
surface. Surface processes also play an important role in determining the overall en- 
ergy balance of the planet. 

The energy budget at the surface is more complex than the budget at the top of the 
atmosphere, because it requires consideration of fluxes of energy by conduction and 
by convection of heat and moisture through fluid motion, as well as by radiation. The 
local surface energy budget depends on the insolation, the surface characteristics 
such as wetness, vegetative cover, and albedo, and on the characteristics of the over- 
lying atmosphere. The energy budget of the surface is intimately related to the hy- 
drologic cycle, since evaporation from the surface is a key component in the budgets 
of both energy and water. Understanding the energy budget of the surface is a neces- 
sary part of understanding climate and its dependence on external constraints. 

4.2 The Surface Energy Budget 

The energy budget can be written in terms of energy flux per unit area passing verti- 
cally through the air-surface interface and is measured in watts per square meter. The 
processes that determine energy transfer between the surface and atmosphere in- 
clude solar and infrared radiative transfer, and fluxes of energy associated with fluid 
motions of the atmosphere and oceans. The storage and transport of energy below 
the surface are also important. For the purposes of energy budget computations, 

81 



82 4 The Energy Balance of the Surface 

surface storage takes place in that volume between the boundary with the atmo- 
sphere and a depth below the surface where energy fluxes and the storage rate of en- 
ergy are considered negligible. This depth can be as little as a few meters in dry land 
areas or as much as several kilometers in oceanic areas where deep water is formed. 
For water surfaces the horizontal energy fluxes accomplished by the fluid motions 
under the surface can be very important. The surface energy balance can be written 
symbolically as (4.1). 

(4.1) 

where aE,/at = G is the storage of energy in the surface soil and water, R, is the net 
radiative flux of energy into the surface, LE is the latent heat flux from the surface to 
the atmosphere, SH is the sensible heat flux from the surface to the atmosphere, and 
hFeo is the horizontal flux out of the column of land-ocean below the surface. 

Under steady-state conditions in which the storage of energy is small, such as one 
might assume to hold for annual averages or for daily averages over land, the energy 
balance is between radiative heating and the processes that remove energy from the 
surface. 

- - - G = Rs - LE - SH - Meo 
at 

R, =LE+SH+M,, (4.2) 
Under most conditions radiation heats the surface and latent and sensible heat fluxes 
cool it, so that the radiative, latent, and sensible heat flux terms in (4.1) and (4.2) are 
most often positive (Fig. 4.1). 

The physical meaning of (4.1) is that the storage of energy below the surface is 
equal to the net radiative input minus the heat lost from the surface by evaporation, 
sensible heat flux, and horizontal heat transport to other latitudes or longitudes. In 
constructing (4.1) we have left out a multitude of other terms that can be important 
locally or for brief periods. These terms include the following: 

The latent heat of fusion required for melting ice and snow in spring may re- 
quire 10% of the radiative imbalance for limited periods. 

Land or 
Ocean - AGO aE, 

a t  

Fig. 4.1 Diagram showing the relationship of the various terms in the surface energy balance (R, = 
net radiation, LE = evaporative cooling, SH = sensible cooling, aE,/& = heat storage below the surface, 
Me, = divergence of horizontal energy flux below the surface). 
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Conversion of the kinetic energy of winds and waves to thermal energy is gen- 
erally small. 
Heat transfer by precipitation can occur if the precipitation is at a different tem- 
perature than the surface. This mechanism is particularly important during 
summer showers, because the precipitation can be much cooler than the sur- 
face, and the thermal capacity of water is large. 
Some solar energy is not realized as heat, but is stored in the chemical bonds 
formed during photosynthesis. This is less than 1% globally, but can reach -5% 
locally for limited periods of time. 
Heat release by oxidation of biological substances, as in biological decay or 
forest fires, is the reverse of photosynthesis. Energy bound up in biological 
matter during photosynthesis is returned to the physical climate system through 
oxidation. This process takes place year round, but proceeds most rapidly when 
the surface is warm and moist. 
Geothermal energy release in hot springs, earthquakes, and volcanoes is small 
in a global sense. 
Heat released by fossil fuel burning or nuclear power generation can be impor- 
tant locally, but is not significant for the global energy balance. 

4.3 Storage of Heat in the Surface 

Energy storage in the surface is very important for the seasonal cycle of tempera- 
ture over the oceans and the diurnal cycle over land and ocean. Using the simplest 
description, the amount of energy in the surface may be written as the product of 
an effective heat capacity for the Earth-ocean system and a corresponding mean 
temperature. 

where ce0 is the effective heat capacity of the land or ocean system (J mP2 K-') and 
Teo is the effective temperature of the land or ocean energy-storing material (K). 

The heat capacity depends on the physical properties of the surface materials and 
the depth of the surface layer that communicates with the atmosphere on the time 
scale of interest. It is generally only the first few meters of soil that respond to sea- 
sonal forcing of the surface energy balance, but the temperature of the top 50- 100 m 
of ocean changes with the seasons. The depth of ocean that exchanges energy with 
the surface varies seasonally, so that possible time dependence of the effective heat 
capacity must be considered. 

The heat capacity of the atmosphere is estimated by including only the energy as- 
sociated with the motion of the molecules, which is related to the temperature. The 
heat capacity is the amount of energy that is required to raise the temperature by one 
degree. We may approximate the specific heat of air by the specific heat at constant 
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pressure for dry air. To obtain the heat capacity for the entire atmosphere, we inte- 
grate over the mass of the atmosphere to get 

(4.4) 
- ps  - 1004 J K-' kg-' *lo5 Pa = 1.02xLo7 K-i ,-2 

g 9.81 msw2 
c, = c p - -  

One can estimate the thermal capacity of the ocean by using the thermal capacity 
of pure liquid water at 0°C. The thermal capacity for an arbitrary depth of water, d,, 
can be obtained from the density pw, and the specific heat c,. 

(4.5) I?, = p,~,d,=lO~kgrn-~*4218 JK-'kg-'*d, 

= d, 4 . 2 ~  lo6 J K-' m-2 m-' 

Comparing (4.4) and (4.5) we see that the thermal capacity of the atmosphere is 
equal to that of a little over 2 m of water. As discussed in Chapter 7, about the top 
70 m of ocean interact with the atmosphere on the time scale of a year, so that on the 
seasonal time scale the thermal capacity of the ocean is about 30 times that of the 
atmosphere. 

4.3.1 Heat Storage in Soil 

The land has a much smaller effective heat capacity than the ocean. Because the sur- 
face is solid, the efficient heat transport by fluid motions that occurs in the atmos- 
phere and the ocean does not take place. Heat is transferred through the soil mostly 
by the less efficient process of conduction. Only the top meter or two of the soil is af- 
fected by seasonal variations. The heat capacity of a land surface is typically slightly 
smaller than that of the atmosphere. 

The vertical flux of energy by conduction in the soil is proportional to the vertical 
temperature gradient in the soil. 

a Fs =-KT - dz 
(4.6) 

where KT is the thermal conductivity. The heat balance in the soil is between storage 
in the soil and convergence of the diffusive heat flux. 

The volumetric heat capacity of the surface material C, is the product of the spe- 
cific heat of the soil cs, and the soil density ps. The heat capacity of the soil depends 
on the volume fractions of soil&, organic matterf,, waterf,, and airfa, and the den- 
sity and specific heat of each component of the surface material. 

c, = Ps cs f s  + Pc c, f c  + Pw cw f ,  + P C p  f a  (4.8) 
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Table 4.1 
Properties of Soil Components at 293 K 

Specific heat (c,) Density ( p )  p c, 
(J kg-l K-') (kg m-3 ) (J m-3 K-I) 

Soil inorganic material 733 2600 1.9 x lo6 
Soil organic material 1921 1300 2.5 x lo6 
Water 4182 1000 4.2 x lo6 
Air 1004 1.2 1.2 x 103 

[After Brutsaert (1982). Reprinted with permission from Kluwer Academic 
Publishers.] 

From Table 4.1 it can be seen that the heat capacity of the air in the soil is very 
small, so that when water replaces air in the open spaces in the soil the heat capacity 
greatly increases. Porosity is the volumetric fraction of the soil that can be occupied 
by air or water. 

Thermal conductivity of soils depends on the material, the porosity, and the soil 
water content. The thermal conductivity increases with water content for soils with 
relatively high porosity. Values vary from 0.1 W m-l K-' for dry peat to 2.5 W m-' 
K-' for wet sand. Under the condition that the thermal conductivity, KT,  is indepen- 
dent of depth, (4.7) simplifies to the heat equation 

& d2T - = D T  d;.2 dt (4.9) 

where D ,  = KT/Cs is the thermal diffusivity of the surface material. A simple scale 
analysis of (4.9) can be used to determine the depth through which a temperature 
anomaly applied at the surface will penetrate in a given time. One can show that the 
penetration depth, hT, of temperature anomalies associated with a periodic forcing 
of temperature at the surface is given by 

hT = JDT Z (4.10) 

where z is the time scale of the periodic forcing at the surface. Taking a typical value 
of soil diffusivity of DT = 5 x low7 m2 s-', we obtain a penetration depth of about 
10 cm for diurnal forcing and about 1.5 m for annual forcing. A surface temperature 
variation with a time scale of 10,000 years would penetrate the surface material to a 
depth of about 150 m. Because of the slow rates at which heat can be transported 
through soil and rock by conduction, horizontal heat transport under the land surface 
is entirely negligible. 

Figure 4.2 shows temperatures at various depths in the soil as a function of time 
during a clear day in summer. The near surface soil experiences a large diurnal vari- 
ation in temperature with minimum temperatures just before sunrise and maximum 
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Fig. 4.2 Soil temperature at various depths under a grass field at O'Neill, Nebraska on August 13, 
1953: (a) temperature at various depths as a function of local time; (b) temperature as a function of depth 
at various times. Measured thermal diffusivities on the day illustrated range from 2.5 x m2 s-' at 
1 cm to 6 x m2 s-', at 5-cm depth in the soil. [Data from Lettau and Davidson (1957).] 

temperatures shortly after noon. Deeper in the soil the temperature variations are 
smaller and occur later in the day, because of the time it takes the temperature pulse 
to diffuse into the soil. The amplitude of the temperature perturbation decreases to 
about e-l of its surface value at about 10 cm below the surface and is very small by 
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40 cm below the surface. This observed decrease in the amplitude of the diurnal tem- 
perature perturbation is consistent with the simple dimensional arguments given 
above. 

The temperature data can be used to infer the thermal conductivity as a function 
of depth in the soil through the use of (4.7). Alternatively, if the vertical profiles of 
C, and KT are known and assumed constant with time, then measured temperature 
profiles in a deep layer of Earth can be used to estimate past variations in surface 
temperature on time scales of hundreds to thousands of years.' 

4.4 Radiative Heating of the Surface 

The net input of radiative energy to the surface is the sum of the net solar and long- 
wave flux densities at the surface. 

(4.11) 

where S1(0) and S7(0) are the downward and upward flux density of solar radiation 

wave flux densities. Solar heating is the basic driver of the climate system. 

1 t 1 7 R,=S ( 0 ) - S  (O)+F ( 0 ) - F  (0 )  

at the surface, respectively, and F 1 (0) and F t (0) represent similarly defined long- 

4.4.1 

The net downward solar energy flux can be written as the product of the downward 
solar flux at the surface multiplied by the absorptivity of the surface. 

Absorption of Solar Radiation at the Surface 

1 (4.12) 1 t s (O)-S (O)=S (O)(l-a,) 

The surface albedo, a,, is defined as the fraction of the downward solar flux density 
that is reflected by the surface. 

The surface albedo vanes widely depending on the surface type and condition, 
ranging from values as low as 5% for oceans under light winds to as much as 90% 
for fresh, dry snow. The numbers in Table 4.2 are characteristic, but each surface 
type can exhibit a range of albedos (Fig. 4.3). The most common surface is that of 
water, and its albedo depends on solar zenith angle, cloudiness, wind speed, and im- 
purities in the water. The dependence of water surface albedo on solar zenith angle 
and cloudiness is shown in Fig. 4.4. The fraction of an incident beam of solar radia- 
tion that is reflected from a water surface depends on the angle of incidence of the 
beam with the water surface. The surface albedo of ocean under clear skies increases 
dramatically as the sun approaches the horizon. Clouds scatter radiation very effec- 
tively, so that the solar radiation under a cloud is no longer a parallel beam but is 
scattered in all directions. Under a cloud the photons that reach the surface come from 
all possible directions with about equal probability, so that beneath a sufficiently 

'Lachenbruch and Marshall (1986). 
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Table 4.2 
Albedos for Various Surfaces in Percent 

Surface type Range 
Qpical 
value 

Water 
Deep water: low wind, low altitude 
Deep water: high wind, high altitude 

Bare surfaces 
Moist dark soil, high humus 
Moist gray soil 
Dry soil, desert 
Wet sand 
Dry light sand 
Asphalt pavement 
Concrete pavement 

Vegetation 
Short green vegetation 
Dry vegetation 
Coniferous forest 
Deciduous forest 

Snow and ice 
Forest with surface snowcover 
Sea ice, no snowcover 
Old, melting snow 
Dry, cold snow 
Fresh, dry snow 

5- 10 
10-20 

5-15 
10-20 
20-35 
20-30 
30-40 
5-10 

15-35 

10-20 
20-30 
10- I5 
15-25 

20-35 
25-40 
35-65 
60-75 
70-90 

7 
12 

10 
15 
30 
25 
35 
7 

20 

17 
25 
12 
17 

25 
30 
50 
70 
80 

thick cloud it is impossible to tell where in the sky the sun is located. Therefore, the 
surface albedo under overcast skies is insensitive to solar zenith angle. The amount 
of solar energy that reaches the surface under overcast skies is sensitive to solar 
zenith angle, however, since clouds are very effective reflectors of solar radiation 
and their albedo is sensitive to solar zenith angle. 

The reflectivities of various surfaces depend on the frequency of radiation (Fig. 4.5). 
Clouds and snow are most reflective for visible radiation, and become less reflective 
at near-infrared wavelengths, where substantial absorption by water occurs. Green 
plants have a very low albedo for photosynthetically active radiation, where chloro- 
phyll absorbs radiation efficiently. Radiation in the wavelength band from about 0.4 
to 0.7 pm is effective for photosynthesis and growing plants absorb more than 90% 
of it. At about 0.7 pm the albedo of green plants increases dramatically, so their 
albedo for near-infrared radiation can be as high as 50%. Since nearly half of the solar 
energy that reaches the surface is at wavelengths longer than 0.7 pm, this increase in 
albedo is significant for the energy budget of the surface. Plants need wavelengths 
shorter than 0.7 pm for photosynthesis, but the near-infrared energy absorption at 



Fig. 4.3 Aerial photograph of the Antarctic ice sheet where it meets the Indian Ocean at Dumont 
d'Urville, Tern AdClie, Antarctica. Note the high albedo of the ice compared to the ocean water. (Photo 
by R. Guillard. Reprinted with permission from I.F.R.T.P.) 
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Fig. 4.4 Dependence of the albedo of a water surface on solar zenith angle and cloud cover. [Data 
from Mirinova (1973).] 
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Fig. 4.5 Surface reflectivity as a function of wavelength of radiation for a variety of natural surfaces. 
Human eyesight is sensitive to wavelengths from 0.4 pm (violet) to 0.7 .urn (red). Alfalfa and sudan grass 
appear green because their albedo is higher for green light (-0.55 pm) than for other visible wavelengths. 
[Data from Mirinova (1973).] 

wavelengths longer than 0.7 pm heats the leaves without any conversion of energy 
to plant tissue. The higher albedos at wavelengths longer than 0.7 pm thus help the 
leaves to stay cool. When green plants die and dry out, their chlorophyll content de- 
creases and their albedo at visible wavelengths increases, as shown by the example 
of a field of straw. 

The albedo of vegetated surfaces depends on the texture and physiological condi- 
tion of the plant canopy. Leaf canopies with complex geometries and many cavities 
can have albedos that are lower than the albedo of an individual leaf. The ratio of 
near-infrared to visible radiation decreases with depth below the top of the plant 
canopy, because the visible wavelengths are more effectively absorbed by leaves. 
The higher albedo of leaves for near-infrared radiation allows it to be scattered down 
through the plant canopy and heat the soil. 

Pure water is most reflective for blue light. Natural water bodies contain many 
impurities and may be most reflective for green light, but their reflectance is gener- 
ally higher at visible than at near-infrared wavelengths. Soils have higher reflectivi- 
ties at near-infrared than at visible wavelengths. Soils have significantly higher albe- 
dos when they are dry than when they are wet, and smooth soil surfaces have higher 
albedos than rough surfaces (Table 4.3). 
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Table 4.3 
Albedos for Dry and Moist Soil Surfaces 

Even surface Tilled surface 

Dry Moist Dry Moist 

Chemozem of dark gray color 13 8 8 4 

Chestnut soil of grayish red color 20 12 15 7 
Gray sandy soil 25 18 20 11 
White sand 40 20 
Dark blue clay 23 16 

Light chestnut soil of gray color 18 10 14 6 

- - 

- - 

[From Mironova (1973).] 

Because surface albedo is highly variable and has a strong effect on absorbed 
solar radiation, it can have a large effect on surface temperature. Surface albedo can 
also have a strong effect on the sensitivity of climate, if it changes systematically 
with climatic conditions. Feedback processes involving surface albedo are discussed 
in Chapter 9. 

4.4.2 Net Longwave Heating of the Surface 

To calculate the net downward longwave radiation at the surface, one must know 
the downward longwave radiation coming from the atmosphere, the temperature of 
the surface, and the longwave emissivity of the surface, E. If the frequencies of 
downward longwave radiation and radiation emitted from the surface are essen- 
tially the same, then the effective absorptivity of the surface is equal to its emissiv- 
ity. Since this is approximately true, a fraction E of the downward longwave radia- 
tion at the ground is absorbed, so that the upward longwave at the surface can be 
written 

F 1' (O)=(l-&)F 1 ( O ) + ~ d f  

We may thus write 

(4.13) 

(4.14) 

Because of the strong greenhouse effect at work in Earth's atmosphere, the down- 
ward longwave from the atmosphere and the emission from the surface are both rel- 
atively large and tend to offset each other. The longwave emissivities of most natural 
surfaces are between 90 and 98% (Table 4.4) and do not play a key role in the deter- 
mination of surface climate. Inaccuracy in the estimation of surface emissivity can 
cause errors in the calculation of net longwave flux at the surface of about 5%. The 
errors in estimates of the surface temperature in equilibrium are much smaller, how- 
ever, because in deriving the temperature from the energy flux balance, a one-fourth 
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Table 4.4 
Infrared Emissivities (percent) of Some Surfaces 

Water and soil surfaces 
Water 92-96 

Snow, ice granules 89 
Ice 96 
Soil, frozen 93-94 
Sand, dry playa 84 
Sand, dry light 89-90 

Snow, fresh fallen 82-99.5 

Vegetation 
Alfalfa, dark green 95 
Oak leaves 91 -95 
Leaves and plants 

0.8 pm 5-53 
1.0 pm 5-60 
2.4 pm 70-97 
10.0 pm 97-98 

Miscellaneous Sand, wet 95 
Gravel, coarse 91-92 
Limestone, light gray 91-92 
Concrete, dry 71-88 

Ground, dry plowed 90 

Paper, white 89-95 

92 Bricks, red 
Plaster, white 91 
Wood, planed oak 90 

Glass pane 87-94 

Ground, moist, bare 95-98 

Natural surfaces Paint, white 91-95 
Desert 90-91 Paint, black 88-95 
Grass, high dry 90 Paint, aluminum 43-55 

Pine forest 90 Silver, highly polished 2 

Field and shrubs 90 Aluminum foil 1-5 
Oak woodland 90 Iron, galvanized 13-28 

Skin, human 95 

[Data from Sellers (1965). Reprinted with permission from the University of Chicago Press.] 

root is taken. This reduces the variation in surface temperature associated with emis- 
sivity variations to about 1 %. 

4.5 The Atmospheric Boundary Layer 

The atmospheric boundary layer is the lowest part of the troposphere, where the 
wind, temperatures, and humidity are strongly influenced by the surface. The wind 
speed decreases from its value in the free atmosphere to near zero at the surface. 
Fluxes of momentum, heat, and moisture by small-scale turbulent motions in the 
boundary layer communicate the presence of the lower boundary to the atmosphere 
and are critical to the climate. Aerosols and gaseous chemical constituents of the at- 
mosphere are also exchanged with the surface through the atmospheric boundary 
layer. A characteristic of the atmospheric boundary layer is its quick response to 
changes in surface conditions. The response of the surface to the daily variation of 
insolation is felt strongly throughout the boundary layer, but in the free troposphere 
diurnal changes are usually small, unless thermal convection associated with day- 
time heating of the land surface penetrates deep into the atmosphere. 
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The depth of the atmospheric boundary layer can vary between about 20 m and 
several kilometers, depending on the conditions, but a typical boundary-layer depth 
is about a kilometer. The boundary layer is generally deeper when the surface is 
being heated, when the winds are strong, when the surface is rough, and when the 
mean vertical motion in the free troposphere is upward. 

Transports of mass, momentum, and energy through the boundary layer are ac- 
complished by turbulent motions. If it were not for the chaotic swirls of turbulent 
motion in the boundary layer, the exchange between the surface and the atmosphere 
would be extremely slow. The turbulent motions that carry the vertical fluxes in the 
boundary layer range in scale from the depth of the boundary layer to the smallest 
scales where molecular diffusion becomes an important transport mechanism. Tur- 
bulence can be generated thermally or mechanically. Mechanical turbulence is gen- 
erated by the conversion of the mean winds to turbulent motions, and is strongest 
when the mean wind in the lower atmosphere is large. Convective turbulence is gen- 
erated when warm air parcels near the surface are accelerated upward by their buoy- 
ancy. Convective turbulence is most easily observed over land surfaces during day- 
light hours, when strong solar heating of the surface provides a source of buoyant 
energy, but is also very common over the oceans. When the boundary layer is rela- 
tively unstable, so that buoyancy forces or shearing instabilities are generating tur- 
bulence, the boundary layer may contain a well-mixed layer, where momentum, heat 
and moisture are almost independent of height. 

The structure of the planetary boundary layer varies widely, depending on the me- 
teorological conditions and whether the surface is being heated or cooled. When a 
surface heat source is present, such as over land during the daytime, the boundary 
layer is often unstable and has a structure that is generally like that shown in Fig. 4.6. 
The lowest part of the boundary layer is called the surface layer, where the vertical 
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Fig. 4.6 Structure of a convective boundary layer showing the distributions of mean virtual potential 
temperature 0,. water vapor mixing ratio 4, momentum M, geostrophic momentum M8, and the verti- 
cal eddy fluxes of potential temperature, humidity, and momentum. [From Stull (1988) after Dreidonks 
and Tennekes (1984). Reprinted with permission from Kluwer Academic Publishers.] 
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fluxes of momentum, heat, and moisture are almost constant with height. In the 
mixed layer buoyancy drives turbulent motions that maintain the potential tempera- 
ture, o,, the humidity, S; and the momentum, fi, at values that are almost indepen- 
dent of height. Heat and moisture are transported upward in the mixed layer and mo- 
mentum is transported downward toward the surface. The top of the boundary layer 
is a transition zone between the boundary layer and the free atmosphere, which is 
often called the entrainment zone. Across this transition the air properties change 
rapidly from those of the mixed layer to those of the free atmosphere above, gener- 
ally marked by a decrease in humidity, an increase in potential temperature, and a 
decrease in the magnitude of the vertical fluxes of heat, moisture, and momentum by 
turbulent motions. Entrainment is the process whereby air from the free atmosphere 
is incorporated into the boundary layer. Entrainment is measured by a small down- 
ward eddypotential temperature flux in the entrainment zone. Entrainment adds 
mass to the boundary layer and is necessary when the boundary layer is deepening, 
or when the large-scale flow is downward into the boundary layer. 

At night longwave emission cools the land surface more rapidly than the air 
above it and the boundary layer can become very stable, with cold, dense air trapped 
near the surface (Fig. 4.7). Under these conditions turbulence and the vertical fluxes 
it produces can be greatly suppressed, and the surface becomes mechanically un- 
coupled from the free atmosphere, although radiative transports can still occur. The 
potential temperature increases rapidly with height near the surface, and the trans- 
port of potential temperature is downward, so that less dense air is being forced 
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Fig. 4.7 Averaged profiles of wind speed, potential temperature, Richardson number and vertical 
fluxes of potential temperature (w') , and horizontal momentum (m a n d w ' )  from nocturnal ob- 
servations at Haswell, Colorado, on March 24, 1974. The height is scaled by the depth in which turbu- 
lence is observed to occur, which on average is about 100 m in this case. Vertical eddy fluxes are scaled 
by their surface values. [From Mahrt et af. (1979). Reprinted with permission from Kluwer Academic 
Publishers.] 
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downward against buoyancy. The energy for mixing less dense air downward toward 
the surface is provided by the mean wind speed shear, which tends to be quite strong 
under these conditions, often with a low-level wind maximum near the top of the 
boundary layer and weak winds near the surface. The minimum surface air tempera- 
ture achieved on a clear night is thus generally lower when the wind speed in the free 
atmosphere is weak and provides little energy for mixing warm air downward to the 
radiatively cooled surface. 

The atmospheric boundary layer can contain clouds that play an important role in 
boundary-layer physics and vertical transports. The release of latent heat in clouds 
can provide buoyancy to drive vertical motions in the boundary layer. Boundary- 
layer clouds that are important for climate include the fair weather cumulus clouds 
and stratocumulus clouds. Though less widespread, fog is also an important bound- 
ary-layer cloud. The boundary layer also interacts in important ways with deep con- 
vective clouds, since the high potential temperature air that drives deep convection is 
produced in the boundary layer. Except when fog is present, the tops of boundary- 
layer clouds generally occur near the top of the boundary layer and their bases are 
some distance above the surface, so that a cloud and a subcloud layer exist within the 
boundary layer. Stratocumulus clouds modify the boundary-layer physics both 
through their convective heat and moisture fluxes and through their radiative effects. 
Because stratocumulus cloud tops are relatively warm and emit longwave radiation 
efficiently, longwave cooling from cloud tops can be an important mechanism for 
generating buoyancy within the boundary layer since it cools the air at the top of the 
boundary layer, which then tends to sink and be replaced by warmer parcels of air 
rising from below. 

Figure 4.8 shows the diurnal variation of temperature in the lowest 1500 m of the 
atmosphere over Nebraska during a relatively clear summer day. At sunrise the sur- 
face is colder than the air a kilometer above the surface. This temperature inversion 
quickly disappears after sunrise, as insolation warms the surface and this heat is 
transferred to a shallow layer of air near the ground. Near the middle of the day the 
surface reaches its maximum temperature and a lapse rate near the dry adiabatic 
value of 9.8 K km-' is observed near the surface. At this time buoyancy raises warm 
parcels of air near the surface, and turbulent convection efficiently moves sensible 
heat upward in the boundary layer. Even before sunset the surface begins to cool in 
response to efficient upward transport of energy by turbulent motions. After sunset 
the surface cools rapidly, so that by 10 PM the surface temperature has reached its 
nighttime value, leaving a very sharp inversion near the ground. 

When mean wind speeds are light to moderate, diurnal variations in the tempera- 
ture profile will affect the exchange of heat, moisture, and momentum between the 
atmosphere and the surface. The strong density stratification associated with a noc- 
turnal temperature inversion suppresses turbulent transport of momentum from the 
free atmosphere. Sensible and latent heat fluxes are also suppressed by the strong den- 
sity stratification, so that the surface temperature responds primarily to the radiative 
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Fig. 4.8 Plot of air temperature at various local times in the lowest 1500 m of the atmosphere at 
O’Neill, Nebraska on August 13, 1953. Times are given using a 24-hour clock so that 1800 = 6 PM, etc. 
[Data from Lettau and Davidson (1957).] 

forcing, which acts to cool the surface at night. Temperature inversions often de- 
velop when a high-pressure system dominates the local weather pattern. The weak 
surface winds, clear skies, and downward mean motion in the free atmosphere nor- 
mally associated with high-pressure systems encourage the development of a strong 
inversion. Pollutants released under a temperature inversion can easily build up to 
unhealthy levels, because turbulent mixing into the free atmosphere is suppressed by 
the strong density gradient. 

4.5.1 The Neutral Boundary Layer 

When the static stability in the boundary layer is near neutral, buoyancy does not 
play an important role in the turbulent kinetic energy budget. Under neutral condi- 
tions the source of energy for boundary-layer turbulence is the kinetic energy of the 
mean wind of the free atmosphere. The turbulence in the boundary layer produces a 
strong flux of momentum to the surface. The vertical flux of horizontal momentum 
at the surface, 70, constitutes a drag on the atmospheric flow. In the surface layer the 
vertical gradient of wind speed ( U )  under conditions of neutral stability should de- 
pend only on the height (z), density ( p ) ,  and surface drag. The characteristic wind 
speed for use in dimensional analysis is the friction velocity, u*. 

(4.15) 
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Using the friction velocity and the height to scale the wind shear, dimensional 
analysis suggests that the scaled wind shear should be a constant. 

(4.16) 

The von Karman constant, K, is the same for all neutral boundary layers regard- 
less of the surface characteristics, and has a measured value of approximately 0.4. 
Equation (4.16) can be integrated with respect to height to obtain the logarithmic ve- 
locity profile. 

(4.17) 

An additional constant, ZO, is introduced during the integration to obtain (4.17). It 
is called the roughness height; the height at which the wind speed reaches zero. For 
most natural surfaces the irregularities of the surface are larger than the 1 mm depth 
of the layer where molecular diffusion dominates, and this roughness can be charac- 
terized by the height ZO. Roughness heights for natural surfaces range from about a 
millimeter for average seas to more than a meter for cities with tall buildings. 
Roughness heights are estimated by measuring the wind speed profile under neutral 
conditions and solving (4.17) for zo. The logarithmic velocity profile has been shown 
to be a good approximation for many laboratory boundary layers and also for the 
planetary boundary layer under conditions of neutral stratification. It is valid for 
heights much greater than the roughness height, z >> ZO, and so does not describe the 
mean wind velocity profile within the plant canopy or very close to a rough surface. 

The logarithmic velocity profile law is useful for expressing the momentum flux 
at the surface in terms of the wind speed at some height in the surface layer. Substi- 
tuting (4.15) into (4.17) yields an expression for the surface drag in terms of the 
wind speed, U,, at some reference height z,. 

where, 

(4.19) 

The drag coefficient, C,, depends on the ratio of the reference height to the 
roughness height. The reference layer can be taken at any level within the surface 
layer where measurements can be conveniently acquired and where the logarithmic 
profile is a good approximation of the actual flow. The aerodynamic drag formula 
(4.18) and related formulas for the sensible and latent heat fluxes at the surface form 
the basis for empirical estimates of surface fluxes and the specification of surface 
fluxes in climate models. They allow the calculation of turbulent fluxes using only 
mean wind speed at a reference height and a few external parameters.. 



98 4 The Energy Balance of the Surface 

4.5.2 Stratified Boundary Layers 

The dimensional analysis for neutral boundary layers can be extended to stratified 
boundary layers2 This theory adds heat flux and buoyancy variables to the dimen- 
sional analysis. Characteristic vertical profiles for both wind and temperature are de- 
rived in which the vertical coordinate is scaled by a dimensionless combination of 
the friction velocity, the heat flux, and the buoyancy. From these profiles, bulk aero- 
dynamic formulas can be derived that describe the turbulent heat and momentum 
fluxes at the surface in terms of mean variables. The coefficients in these formulas 
now depend on the vertical stability of the atmosphere as well as the roughness 
height. This theory applies only to the surface layer. 

The vertical stability can be characterized with the Richardson number. In differ- 
ential form the Richardson number depends on the vertical derivatives of potential 
temperature, 0 (see Appendix C), and wind speed, U 

(4.20) 

where g is the gravitational acceleration and To is the reference temperature. The 
bulk Richardson number for the boundary layer may be written 

(4.21) 

The Richardson number is large when the potential temperature of the near- 
surface air is high compared to the potential temperature at the surface. Under such 
conditions the air is stably stratified, which inhibits vertical mixing. Parcels that are 
raised up from the surface become negatively buoyant and will be forced back 
downward by the gravity force. This stabilizing effect can be overcome by the ki- 
netic energy available in the mean wind shear near the ground, which can generate 
turbulent velocities sufficient to mix stably stratified air. This influence of the kinetic 
energy is represented by the square of the wind speed in the denominator of (4.21). 
If the potential temperature decreases with height near the surface, then the bound- 
ary layer is unstable and small vertical displacements of parcels will be accelerated 
by the buoyancy force. The Richardson number for a buoyantly unstable boundary 
layer is negative. Under these conditions vertical transfer of energy and moisture is 
relatively efficient because of the free exchange of parcels across level surfaces. 

Over land areas it is common for the boundary layer to become unstable dur- 
ing summer days as insolation heats the surface. At night the surface cools faster 
than the overlying air so that a temperature inversion can develop (Fig. 4.8). The 
resulting strong density stratification can suppress the nighttime exchanges of 
heat, momentum, and moisture between the surface and the free atmosphere. The 

'Monin and Obukhov (1954); Arya (1988). 
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Fig. 4.9 Diurnal cycle of wind speed as a function of height measured from a tower in Oklahoma 
City and averaged over the period June 1966 to May 1967. [Adapted from Crawford and Hudson (1973). 
Reprinted with permission from the American Meteorological Society.] 

effect of changes in the stability of the boundary layer on momentum fluxes can 
be seen in diurnal changes in the wind profile. Figure 4.9 shows the diurnal vari- 
ations in wind speed measured at various heights on a TV tower in Oklahoma. At 
night wind speeds measured very near the surface decrease, because the down- 
ward mixing of momentum from the free atmosphere is reduced by the greater 
static stability at night. The winds higher in the boundary layer increase at night 
because the drag from the surface is reduced. During the day, efficient mixing of 
momentum through a relatively unstable boundary layer causes the wind speed 
near the surface to increase at the expense of the wind speed higher in the bound- 
ary layer. 

4.6 Sensible and Latent Heat Fluxes in the Boundary Layer 

Sensible and latent heat fluxes from the surface are produced by the turbulent fluid 
motions in the boundary layer. Transport by molecular diffusion is negligible com- 
pared to turbulent transport, except within about a millimeter of the surface. Turbu- 
lence is characterized by rapid chaotic fluctuations in wind velocity. Where mean 
vertical gradients in temperature or humidity exist, the turbulent fluctuations of wind 
velocity will be accompanied by fluctuations of scalar properties such as tempera- 
ture and humidity. Vertical fluxes of mass, momentum, and energy are produced by 
turbulence when the parcels of air moving upward have different properties than 
parcels of air moving downward. The flux can therefore be measured by the spatial 
or temporal average of the product of vertical velocity and the property of interest. 
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For example, if we have measurements of the temperature, T, and vertical velocity, 
w, at a point near the surface, we may obtain the vertical flux of sensible heat from 
the time average of the product of vertical velocity and temperature, multiplied by 
the specific heat and average density of the air. 

- 
Upward sensible heat flux = cp p wT (4.22) 

For this estimate to be accurate, temperature and wind measurements must be taken 
at frequent enough intervals to define the turbulent fluctuations that produce the ver- 
tical transport. Since turbulent fluctuations are very rapid, measurements taken more 
frequently than every second can be required to directly measure turbulent fluxes. 
Inhomogeneities in surface conditions may also cause difficulty in obtaining repre- 
sentative fluxes from measurements taken at a single point. 

By dividing the variables into a time mean and a deviation from the time mean, or 
eddy, we may write the upward sensible heat flux as a sum of time mean and eddy 
contributions. 

w = W + w ' ,  T = T + T '  (4.23) 

Here an overbar indicates a time average of the quantity under the overbar and a 
prime indicates a deviation from that time average. Substituting (4.23) into (4.22) 
and performing the averages, we obtain the mean and eddy contributions to the ver- 
tical flux of temperature. 

- 
wT = W F + m  (4.24) 

Total = mean + eddy 

Near the surface the mean vertical velocity is very small compared to the typical 
eddy or turbulent vertical velocities, and the eddy contribution to the vertical heat 
flux is dominant. We can then define the latent and sensible heat fluxes as the eddy 
fluxes of heat and moisture at some level in the atmospheric boundary layer. 

- 
S H =  c p p w ' T ' ,  LE= L p q  (4.25) 

where p is air density, cp is the specific heat of air at constant pressure, and L is the 
latent heat of vaporization. Measurements of the turbulent velocity, temperature, and 
moisture fluctuations necessary to calculate the sensible and latent energy fluxes are 
not routinely taken, and these rapid, small-scale fluctuations are not simulated in a 
global climate model. In most cases one must estimate the turbulent fluxes by using 
variables averaged over larger spatial and temporal scales than those of the turbulent 
motions in the boundary layer. 

Several methods are available for estimating surface fluxes with observations of 
mean variables. The most common method is through the use of bulk aerodynamic 
formulas, which relate the turbulent fluxes to observable spatial or temporal aver- 
ages. One might hypothesize that the sensible heat flux is proportional to the tem- 
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perature difference between the surface and the air at some standard altitude, zr, 
where mean variables are known. Since some of the kinetic energy of boundary- 
layer turbulence comes from the mean winds blowing over the surface, we might as- 
sume that the turbulent fluxes are also proportional to the mean wind speed, Ur, at 
the standard height. These basic assumptions are consistent with the results of the 
similarity theory described above, with which we obtain an expression that relates 
the sensible heat flux to the mean wind speed and temperatures. 

SH = cp P cDH ur ( ~ s  - (zr )) (4.26) 

The latent heat flux can be related to the difference of specific humidity, q. between 
the surface and the atmosphere at the reference height. 

LE= L p  CDEUr (qs -qa (Zr ) )  (4.27) 

In the bulk aerodynamic formulas (4.26) and (4.27) p is the air density, cp is the spe- 
cific heat at constant pressure, and CDH and CDE are aerodynamic transfer coeffi- 
cients for temperature and humidity, respectively. Subscripts s and a indicate values 
for the surface and the air at the reference level, respectively. 

The aerodynamic transfer coefficients depend on the surface roughness, the bulk 
Richardson number, and the reference height. Under ordinary circumstances the 
values of the transfer coefficients for heat, moisture, and momentum would be 
nearly equal, and typical values for neutral stability and for a 10-m height above 
the surface would range from 1 x over moderately 
rough land. If the wind speed at 10 m is 5 m s-' and CD = 3 x then from 
(4.26) the flux of sensible heat across the surface layer of atmosphere is about 
15 W m-2 for each degree of temperature difference between the surface and the 
air at 10 m. 

over the ocean to 4 x 

4.6.1 

The latent heat flux depends sensitively on the temperature through the dependence 
of saturation vapor pressure on temperature. Over water or wet land surfaces we may 
assume that the mixing ratio of water vapor at the surface is equal to the saturation 
mixing ratio, 4*, at the temperature of the surface. 

Equilibrium Bowen Ratio for Saturated Conditions 

4 s  = 4*(TS) (4.28) 

The vapor mixing ratio of saturated air at the reference height can be approximated 
with a first-order Taylor series. 

(4.29) 
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The actual vapor mixing ratio of the air at the reference height can be expressed in 
terms of the relative humidity at that level. 

(4.30) 

(4.3 1) 

Substituting (4.3 1) into (4.27) yields an expression for the heat loss from the sur- 
face through evaporation in terms of the temperature difference and the relative hu- 
midity, 

q; (1-RH)+RH Be-' '"(7'' -Ta) (4.32) 
L 

where 

(4.33) 

The Bowen ratio is the ratio of the sensible cooling to the latent cooling of the 
surface. Comparing (4.32) and (4.26) we see that, when the surface is wet and the air 
is saturated, RH = 1, the Bowen ratio takes a special value: 

(4.34) 

When the surface and the air at the reference level are saturated, the Bowen ratio 
approaches the value Be given by (4.33), which can be called the equilibrium Bowen 
ratio. We presume that the flux of moisture from the boundary layer to the free at- 
mosphere is sufficient to just balance the upward flux of moisture from the surface so 
that the humidity at the reference height is in equilibrium at the saturation value. The 
Bowen ratio in such an equilibrium is inversely proportional to the rate of change of 
the saturation mixing ratio of water vapor with temperature (4.33). The rate of 
change of the saturation mixing ratio with temperature is very sensitive to the tem- 
perature itself. Using the approximate formula (B.3) from Appendix B, it can be 
shown that 

(4.35) 

The exponential dependence of the saturation mixing ratio on temperature far 
outweighs the inverse square of temperature in (4.33, so that the equilibrium Bowen 
ratio decreases exponentially with temperature. The temperature dependencies of the 
saturation mixing ratio and the equilibrium Bowen ratio are shown graphically in a 
log-linear plot in Fig. 4.10. The equilibrium Bowen ratio is unity at about O'C, and 
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decreases to about 0.2 at 3OOC. As the relative humidity in (4.32) is decreased from 
1 .O to smaller values, the evaporative cooling increases, so that the equilibrium 
Bowen ratio is the maximum possible Bowen ratio for a wet surface. The actual 
Bowen ratio over a wet surface will generally be smaller than the equilibrium Bowen 
ratio, because the air at the reference height is usually not saturated. As a result of 
the strong temperature dependence of saturation vapor pressure, latent cooling of the 
surface dominates sensible cooling from a wet surface at temperatures like those in 
the tropics, but in high latitudes during winter sensible heat transport can be of great- 
est importance. 

The preceding discussion strictly applies only to conditions where the surface is 
wet, so that evaporative cooling is not constrained by lack of surface moisture. Over 
land areas the evaporative cooling may be greatly reduced when moisture cannot be 
supplied from below the surface rapidly enough to keep the air in contact with the 
surface saturated. In desert areas the surface is typically so dry that evaporative cool- 
ing is small regardless of the temperature, so that sensible cooling and longwave 
emission must balance solar heating. For vegetated terrain, cooling by evaporation 
and transpiration through leaves is controlled by the physical and biological condi- 
tion of the plant canopy and the water content of the soil. The role of soil and vege- 
tation in the surface water and energy balances is discussed further in Chapter 5.  

4.7 Variation of Energy Balance Components with Latitude 

Some intuition about the relative importance of the various components of the sur- 
face energy budget as a function of the climatic regime can be gained from their 
dependence on latitude (Table 4.5 and Fig. 4.11). The net radiation at the surface 
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Table 4.5 
Mean Latitudinal Values of the Components of the Energy Balance Equation for Earth’s Surface 

Oceans Land Earth Latitude 
zone R, LE SH AFeo R ,  LE SH R, LE SH AFeo 

80-90N 
70-80N 
60-70N 
50-60N 
40-SON 
30-40N 
20-30N 
10-20N 
0- 10N 
0- 10s 

10-20s 
20-30s 
30-40s 
40-50s 
50-60s 
60-70s 
70-80s 
80-90s 

0-90N 
0-90s 

Globe 

31 44 
39 52 
68 70 

110 114 
150 139 
158 131 
153 106 
153 112 
150 138 
134 133 
109 106 
76 73 
37 41 

109 98 

21 -35 
21 -35 
19 -21 
17 -21 
12 -1 
8 19 
5 41 
5 36 
7 5  
9 -8 

11 -8 
12 -9 
13 -17 

27 19 
40 25 
60 32 
80 31 
92 27 
94 39 
96 64 
96 66 
97 54 
93 37 
82 37 
54 28 
41 27 

11 0 65 33 

-12 4 -13 -3 
1 12 -1 -9 

8 28 27 13 -12 
15 40 37 19 -16 
28 64 50 23 -9 
49 97 78 32 -13 
65 127 97 32 -1 
56 141 108 21 12 
32 139 96 15 29 
29 139 101 13 25 
42 138 119 15 4 
56 125 110 21 -7 
45 106 98 15 -7 
27 74 70 13 -9 
15 37 41 15 -19 

17 13 15 -11 
-3 4 -5 -1 

-15 0 -15 0 

96 73 21 1 
96 82 15 -1 

32 96 78 18 0 
~ ~ ~ ~ 

Values in W m-*. [Data from Sellers (1965). Reprinted with permission from the University of 
Chicago Press.] 

I I I I I I I I I I I I  

L 

-90-75-60-45-30-15 0 15 30 45 60 75 90 
Latitude 

Fig. 4.11 Components of the annual-average surface energy balance plotted against latitude. [Data 
from Sellers (1965). Reprinted with permission from the University of Chicago Press.] 
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peaks in the tropics, following the general pattern of insolation at the top of the 
atmosphere. The net radiation over the tropical ocean is about 60% greater than that 
over the land at the same latitudes. Most land areas have higher surface albedos than 
those of water surfaces. Low surface albedo is primarily responsible for the greater 
net radiation over the oceans, but differences of surface temperature and water vapor 
abundance between land and ocean areas also contribute. 

In polar regions, net radiative energy loss from the surface is balanced by a 
downward flux of sensible heat. The downward flux of sensible heat is associated 
with the temperature inversion in high latitudes shown in Fig. 1.4. The polar tem- 
perature inversion is supported by poleward heat transport in the atmosphere, 
which keeps polar regions warmer than they would be in the absence of atmos- 
pheric transport. 

Ninety percent of the radiative heating of the global ocean surface is balanced by 
evaporation. Cooling of the surface by evaporation is greatest in the subtropics over 
the oceans, because surface solar heating and surface water temperature are greatest 
there. Also, mean downward motion in the free troposphere of the subtropics brings 
dry air into the boundary layer, encouraging evaporation, and the tradewinds provide 
a source of kinetic energy for turbulence in the boundary layer. Over land, evapora- 
tion peaks near the equator and is reduced in the latitude belt from 10 to 30 degrees 
because of the dryness of the continents. Energy is available for evaporating water 
over the subtropical land masses, but little surface water is present to be evaporated. 
The sensible heat loss from the continents peaks in the subtropics where hot, dry 
desert conditions are most prevalent. The Bowen ratio, the ratio of sensible to latent 
cooling of the surface, increases with latitude over both the oceans and the land 
areas. This reflects the strong dependence of saturation vapor pressure on tempera- 
ture, which results in an increase of the equilibrium Bowen ratio with decreasing 
temperature, as explained in the previous section. 

In middle and high latitudes the evaporative cooling from the surface is equal to 
or greater than the energy supplied by radiative heating. Ocean currents move a sub- 
stantial amount of heat from the tropics to middle and high latitudes. This lateral 
transport of energy in the ocean supports the very large evaporative heat loss in middle 
latitudes. 

The annual heat budgets for the major continents and oceans are given in Table 4.6. 
The continents can be easily classified according to their Bowen ratio. Continents 
with high Bowen ratios are largely “desert” continents, while those with low Bowen 
ratios are “wet” continents. The driest continent is clearly Australia, with a Bowen 
ratio of about 2, followed by Africa, which contains the Sahara and Kalahari deserts. 
The wettest continents are South America and Europe, each with Bowen ratios of 
about 0.6. North America is also a relatively wet continent, with a Bowen ratio sig- 
nificantly less than 1 .O. The sensible and latent surface cooling rates are about equal 
when averaged over all land areas, while over the global ocean the sensible cooling 
is only about one-tenth of the latent cooling. 
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Table 4.6 
Annual Energy Balance of the Oceans and Continents 

Area R s  LE SH AF,, SHLH 

Europe 
Asia 
North America 
South America 
Africa 
Australia 
Antarctica 

All land 

Atlantic Ocean 
Indian Ocean 
Pacific Ocean 
Arctic Ocean 

All oceans 

52 
62 
53 
93 
90 
93 

-16 

65 

I09 
113 
114 
-5 

I09 

32 
29 
30 
60 
34 
29 
0 

33 

95 
I02 
103 

7 

98 

20 
33 
22 
33 
56 
64 

-15 

32 

I 1  
9 

I I  
-7 

11 

0 
0 
0 
0 
0 
0 
0 

0 

3 
I 
0 

-5 

0 

0.62 
1.14 
0.74 
0.56 
1.61 
2.18 
- 

0.96 

0.11 
0.09 
0.10 

-1.00 

0.11 

Values in W m-’. [Data from Budyko (1963).] 

4.8 Diurnal Variation of the Surface Energy Balance 

The surface energy balance at all but polar locations is strongly influenced by the di- 
urnal variation of insolation. Figure 4.12 shows the diurnal variation of the surface 
radiation balance for grassland in Saskatchewan during a clear summer day with av- 
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Fig. 4.12 Components of the radiative energy balance for a grass field in Matador, Saskatchewan on 
July 30, 1971. FJ = downward longwave, FT = upward longwave, SJ -ST =net solar, F J  - FT = net long- 
wave, R,y = net radiation. (After Ripley and Redmann (1976). 
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erage winds. A dense mat of living and dead grass covers the surface and the surface 
albedo is about 16%. The average net radiation for the 24-hour period shown was 
155 W m-’, with 263 W m-2 gained from the sun and 108 W m-’ net loss through 
infrared fluxes. The net downward solar radiation at the ground peaks near local 
solar noon at about 700 W m-2. The daytime solar heating is large because of the 
strong insolation, lack of cloudiness, and relatively low surface albedo. Downward 
longwave radiation is about 300 W m-’ and does not change much during the day. 
The downward longwave radiation has almost no diurnal variation because of the 
small diurnal variation of air temperature in the free atmosphere. The surface up- 
ward emission is about 350 W me2 before sunrise and increases to about 500 W m-’ 
at midday, in response to the warmer daytime surface temperatures. The surface tem- 
perature varies from about 10°C before sunrise to about 40°C at midday. The net 
longwave loss from the surface thus increases from about 50 W m-’ at night to about 
200 W m-2 at midday. The longwave loss is relatively large because the skies are 
clear and the air humidity is low. The net radiation that results is an almost uniform 
50 W m-’ loss through longwave cooling during the night, and a strong, solar-driven 
gain peaking near 500 W m-2 at midday. 

The diurnal cycle in surface energy balance components for a dry, barren lake bed 
is shown in Fig. 4.13. The surface soil moisture was measured at about 2% at the time 
the measurements were taken, so evaporation plays virtually no role in the energy bal- 
ance. At night the net radiation balance is negative as the surface emits radiation into 
the dry desert air. The radiative cooling of the surface is balanced by energy lost from 
the soil as it cools through the night. Sensible heat flux is nearly zero at night because 
the winds are weak and the cold air near the surface is more dense than the warmer air 
above. The high vertical stability associated with the nighttime temperature inversion 
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Fig. 4.13 Heat budget for a dry lake bed at El Mirage, California on June 10, 1950. [Data from 
Vehrencamp (1953). 0 American Geophysical Union.] 
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Fig. 4.14 Heat budget for a field of mature corn in Madison, Wisconsin, on September 4, 1952. 
[Data from Tanner (1960). Reprinted with permission from the Soil Science Society of America.] 

suppresses the turbulent exchange of energy. Sunrise occurs at about 5 AM and the sur- 
face cooling decreases rapidly. In the early morning the net radiative heating is largely 
balanced by storage of heat in the ground. After midmorning the strong daytime ra- 
diative heating is balanced primarily by upward sensible heat flux by atmospheric tur- 
bulence. The sensible heat flux peaks shortly after noon, and by midafternoon the sur- 
face has begun to cool because the sensible cooling exceeds the net radiation. 

The heat budget for a mature cornfield during a clear day in late summer is shown 
in Fig. 4.14. Again the net radiation is weakly negative at night and goes through a 
strong positive maximum during the day. The nighttime radiation loss is balanced 
about equally by release of stored surface heat, downward sensible heat flux, and 
dewfall. Although the corn is nearly three meters tall, a substantial amount of heat 
reaches the soil so that storage in the soil and corn stalks is an important part of the 
energy balance during the day. The surface soil is dry, but the corn roots have suffi- 
cient water. Sensible cooling is about half of the evaporative cooling, when averaged 
over the day. The peculiar change in the latent and sensible cooling near noon is 
thought to be related to the north-south orientation of the corn rows. 

When a surface is wet, or when growing vegetation has ample soil water for evapo- 
transpiration, the net radiation may be almost entirely used for evaporation, with the 
soil storage and sensible heat fluxes being of minor importance. When warm and dry 
air is advected over a surface with ample water, the evaporative cooling may actually 
exceed the net radiation. Figure 4.15 shows the energy balance on a day when winds 
carry warm dry air over a well-imgated alfalfa field. Evapotranspiration equals or ex- 
ceeds the net radiation at every hour of the day, and evaporation continues even through 
the night. The excess of the evaporative cooling over the net radiation is provided by 
downward sensible heat flux, with turbulent motions carrying heat downward to the 
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Fig. 4.15 Heat budget for a well-irrigated alfalfa field in Hancock, Wisconsin on July 9, 1956 when 
the air was advected to the field from a warm dry area. [Data from Tanner (1960). Reprinted with permis- 
sion from the Soil Science Society of America.] 

evaporatively cooled surface. For small irrigated plots in hot, arid regions, the sensible 
heating of evaporatively cooled surfaces can substantially add to the water demand. 

4.9 Seasonal Variation of the Energy Balance of Land Areas 

The energy balance of the surface changes with season, especially in middle and 
high latitudes, where substantial seasonal variations of insolation and temperature 
occur. In tropical regions, the energy balance may change because of seasonal 
changes in precipitation, even when the temperature and insolation remain relatively 
constant. The seasonal variation of the components of the surface energy balance at 
several locations in middle latitudes is shown in Fig. 4.16. The annual variation of 
net radiation generally follows that of insolation, with peak values in summer ap- 
proaching 200 W m-2 in land areas, depending on the latitude, sky conditions, and 
surface albedo. Water surfaces in relatively cloudless areas can have summertime net 
radiation near 300 W m-2. The mechanism for balancing this net radiation depends 
on the local surface conditions. Over land areas, it is primarily a question of whether 
the mechanism is latent or sensible cooling, since storage is small and transport is 
zero. The apportionment between sensible and latent cooling depends on the avail- 
ability of surface moisture, the temperature, and the humidity of the air. 

In regions with significant precipitation during the summer season, where the sur- 
face remains relatively moist, the latent cooling is generally limited by and follows the 
annual cycle of radiative heating. Where the climate is exceptionally dry, such as in 
Yuma, Arizona, the latent cooling is negligible, except during months with precipita- 
tion. At Yuma significant evaporation occurs in the springtime and during September. 
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Fig. 4.16 Annual cycle of heat budget components for various midlatitude land locations. [Adapted 
from Sellers (1965). Reprinted with permission from the University of Chicago Press.] 

Flagstaff, Arizona, is at a higher elevation than Yuma and the mountains receive sig- 
nificant summertime precipitation. As a result the evaporative cooling during summer 
is greater than at Yuma. 

At West Palm Beach, Florida, the winters are relatively dry, so that the springtime 
insolation increase is initially balanced by equal contributions from latent and sen- 
sible cooling of the surface. As the summertime convective precipitation begins to 
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wet the surface, the evaporative cooling takes over. At San Antonio, Texas, the sur- 
face dries out during spring and summer, so that a gradual increase in the importance 
of sensible heating occurs over the course of the summer months. At Astoria, Ore- 
gon, sensible cooling is important in the summer, even though Astoria gets more an- 
nual precipitation than Madison, Wisconsin, where evaporative cooling dominates 
during summer. This is because the precipitation at Astoria peaks in the winter, when 
little energy is available for evaporation, so that about 70% of the annual precipita- 
tion runs off before being evaporated. During the summer relatively little precipita- 
tion falls at Astoria. At Madison precipitation peaks in the summer when the large 
net radiation provides the energy to evaporate large amounts of water that later is re- 
leased in convective weather systems such as thunderstorms. 

4.10 Surface Energy Flux Components over the Oceans 

In ocean areas the heat capacity of the water is sufficient that the energy for evapora- 
tion may be derived from the energy of the water itself. The evaporative loss may be 
less correlated with net radiation than with factors such as the wind speed or the tem- 
perature and humidity contrast between the surface and the air above it. Much of the 
high-latitude evaporation over the oceans takes place in winter over the Kuroshio 
and Gulf Stream currents. These currents carry warm water poleward along the 
western margins on the Pacific and Atlantic Oceans where it comes into contact with 
cold, dry air coming off the continents. The combination produces evaporation rates 
near 400 W m-* in these regions during winter. Figure 4.17 shows estimates of the 
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Fig. 4.17 Annual cycle of heat budget components for the Gulf Stream at 38"N, 71OW. (Adapted 
from Sellers, 1965. Reprinted with permission from the University of Chicago Press.) 
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Fig. 4.18 Maps of the annual average energy budget components over the oceans: (a) net radiation; (b) latent heat flux; (c j sensible heat flux; (djnet downward heat 
flux into the ocean. [From Oberhuber (19R8).] 
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annual cycle of surface energy fluxes over the Gulf Stream at 38"N. The annual vari- 
ations in most terms are much larger than that of the net radiation. Enormous latent 
cooling rates in winter are balanced primarily by the release of energy stored in the 
water temperature. The horizontal energy transport and storage terms are each nearly 
four times as large as the net radiation. 

The surface heat balance components for the oceans vary systematically with 
latitude and surface conditions (Fig. 4.18). Net radiation is greatest over the tropi- 
cal oceans, where the surface albedo is low and the surface temperature is moder- 
ate [Fig. 4.18(a)]. In these regions it can exceed 150 W mP2. Most of the variation 
in net radiation comes from the latitudinal decrease of insolation and from cloudi- 
ness variations and their effect on surface solar heating. The net longwave radiation 
typically cools the surface and varies between about 25 and 50 W m-2. In the trop- 
ics solar radiation provides about 200 W mP2 to the ocean surface and longwave 
radiation removes about 50 W m-2. In high-latitude ocean regions the longwave 
component of the surface radiative energy balance contributes a net cooling of 
about 30 W m-2. 

The evaporative heat loss from the surface has its greatest values over the 
midlatitude, warm, western boundary currents, the Kuroshio and the Gulf Stream 
[Fig. 4.18(b)]. In these regions at the western edges of the Pacific and Atlantic 
Oceans, the evaporative heat loss may exceed 200 W mP2 and is much greater than 
the local net radiative heating of the ocean surface. The evaporative cooling of the 
western boundary currents is greatest in the winter season. The evaporative heat loss 
is also large over the subtropical oceans, where it consumes most of the energy pro- 
vided to the surface by net radiation. Evaporation driven by insolation over the trop- 
ical and subtropical oceans is the boiler that drives the circulation of the atmosphere 
and the hydrologic cycle of Earth. 

The sensible heat loss from the ocean surface is small, except over the warm 
western boundary currents of the midlatitude oceans [Fig. 4.18(c)]. These large sen- 
sible heat fluxes occur when cold air from the continents flows over the warm ocean 
currents during winter. In these regions sensible heat fluxes may exceed 50 W m-* in 
the annual mean, but they are still much less important than evaporative cooling. 

The divergence of the heat flux in the ocean, or alternatively, the flux of heat from 
the surface into the ocean, is large and negative over the western boundary currents 
[Fig. 4.18(d)]. In these regions the ocean is supplying heat by horizontal transport in 
the oceans, which is then lost to the atmosphere. The regions where the air is heating 
the water are found along the equator and along the eastern margins of the oceans 
where upwelling brings cold water to the surface. In these regions of cold water up- 
welling, latent heat loss is reduced and more of the net radiation is used to heat the 
ocean water. The large transfers of energy from the tropical and eastern oceans to the 
midlatitude western oceans in the Northern Hemisphere play a critical role in deter- 
mining the climate of maritime areas. The ocean currents that produce these impor- 
tant energy transports are described in Chapter 7. 
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Exercises 

1. If the top 100 m of ocean warms by 5°C during a 3-month summer period, 
what is the average rate of net energy flow into the ocean during this period in 
units of W m-2? If the atmosphere warms by 20°C during the same period, 
what is the average rate of net energy flow into the atmosphere? 

2. Derive (4.18) from (4.15) and (4.17). 
3. The blackbody emission from the surface can be linearized about some refer- 

ence temperature To. 

q? = oT,4 + 407; (T, - To) +... 
And the sensible cooling of the surface can be written as 

SH = c p  PCD U(Ts -Tu) 

Calculate and compare the rates at which longwave emission and sensible heat 
flux vary with surface temperature, T,. In other words, if the surface tempera- 
ture rises by 1"C, by how much will the longwave and sensible cooling in- 
crease? Assume that To = 288 K, T, is fixed, p = 1.2 kg m-3, c,, = 1004 J kg-' 
K-I, C ,  = 2 X lop3, and U = 5 m s-I. 

4. Air with a temperature of 27°C moves across a dry parking lot at a speed of 
5 m s-*. The insolation at the surface is 600 W m-* and the downward long- 
wave radiation at the ground is 300 W m-2. The longwave emissivity of the 
surface is 0.85, and the albedo of the asphalt surface is 0.10. What is the sur- 
face temperature in equilibrium? What is the surface temperature if the asphalt 
is replaced with concrete with an albedo of 0.3 and the same emissivity? The 
air density and drag coefficient are as in problem 3.  Hint: Linearize the black- 
body emission around the air temperature and use the surface energy equation 
to show that 

s I (0) *(' -a,) + &(F+O) - 
T' - T, = 

c p  pcD u + & 4 M i  

5. Do problem 4 for the case in which the parking lot is wet and the air is main- 
tained just at saturation, and include the effect of latent cooling of the surface. 
Ignore any effects of surface water on the albedo. Compare the surface tem- 
perature for wet and dry surfaces. How would the results differ if the air was 
not saturated? Hint: Make use of (4.34). 

6. Give the reasons why the net radiation at the surface at Flagstaff is greater than 
the net radiation at Yuma during summer [Fig. 4.16(c,d)]. 



Chapter 5 

5.1 Water, Essential to Climate and Life 

The Hydrologic Cycle 

Water continually moves between the oceans, the atmosphere, the cryosphere, and 
the land. The total amount of water on Earth remains effectively constant on time 
scales of thousands of years, but it changes state between its liquid, solid, and 
gaseous forms as it moves through the hydrologic system. The movement of water 
among the reservoirs of ocean, atmosphere, and land is called the hydrologic cycle. 
The amount of water moved through the hydrologic cycle every year is equivalent to 
about a 1-m depth of liquid water spread uniformly over the surface of Earth. This 
amount of water annually enters the atmosphere through evaporation and returns to 
the surface as precipitation. To evaporate 1 m of water in a year requires an average 
energy input of 80 W m-2. The sun provides the energy necessary to evaporate water 
from the surface. Once within the atmosphere, water vapor can be transported hori- 
zontally for great distances and moved upward. This horizontal and vertical move- 
ment of water vapor is critical to the water balance of land areas, since about one- 
third of the precipitation that falls on the land areas of Earth is water that was 
evaporated from ocean areas and then transported to the land in the atmosphere 
(Fig. 5.1). The excess of precipitation over evaporation in land areas supports the re- 
turn of water from the land to the ocean in rivers. 

The atmosphere contains a relatively small amount of water (Tables 5. I and 1.2). 
If all the water vapor in the atmosphere were condensed to liquid and spread evenly 
over the surface of Earth, it would be only about 2.5 cm deep. Since 100 cm of water 
is evaporated and condensed per annum, the atmospheric water is removed by pre- 
cipitation about 40 times a year, or every 9 days. Because net evaporation is a small 
residual of a more rapid two-way exchange of water molecules across the air-water 
interface, the actual residence time of water molecules in the atmosphere is about 
3 days. Since nearly a 3-km depth of water is present near the surface of Earth, most 
of which is in the oceans, and only 2.5 cm can reside in the atmosphere, an average 
water molecule must wait a very long time in the ocean, in an ice sheet, or in an 
aquifer, between brief excursions into the atmosphere. 

In earlier chapters we saw the important role of water in many aspects of the cli- 
mate system. Water is crucial to life, and the existence of oceans on Earth has dra- 
matically influenced the character and evolution of Earth’s atmosphere. Chemical 
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I WORLD WATER BALANCE - 

OCEAN 70% of area 

Fig. 5.1 Schematic diagram showing the basic fluxes of water in the global hydrologic cycle. Units 
are centimeters per year spread over the area of the land or ocean. Since the areas of land and Ocean are 
different, the land-ocean water exchanges by atmospheric transport and river runoff have different values 
depending on the reference area, as indicated by the parentheses. The smaller values are those referenced 
to the larger oceanic area. 

Table 5.1 
Water Volumes of Earth 

Category Volume ( lo6  km3) Percent 

Oceans 
Polar ice caps, icebergs, glaciers 
Groundwater, soil moisture 
Lakes and rivers 
Atmosphere 

1348.0 
227.8 

8.062 
0.225 
0.0 13 

97.39 
2.010 
O.58Oa 
0.020 
0.001 

Total water amount 1384.0 100.0 

Freshwater 36.00 2.60 

Freshwater reservoirs as a percent of total freshwater 
Polar ice caps, icebergs, glaciers 
Groundwater to 800-m depth 
Groundwater 800-4000-m depth 
Soil moisture 
Lakes (freshwater) 
Rivers 
Hydrated earth minerals 
Plants, animals, humans 
Atmosphere 

77.2 
9Xa 

12.3a 
0.17a 
0.35 
0.003 
0.001 
0.003 
0.040 

Sum 100.000 

[From Baumgartner and Reichel(1975).] 
aNumbers uncertain. 
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and biological processes that take place in the oceans continue to regulate atmo- 
spheric composition. In the current atmosphere, water vapor is the most important 
gaseous absorber of solar and terrestrial radiation and accounts for about half of the 
atmosphere’s natural greenhouse effect. Clouds of liquid water and ice contribute 
about 30% of the atmosphere’s natural opacity to thermal radiation and contribute 
about half of Earth’s reflectivity for solar radiation. The evaporation of water from 
Earth’s surface accounts for about half of the cooling of the surface that balances the 
heating by absorption of solar radiation. As the water vapor rises into the atmosphere 
it eventually condenses and precipitates, but the energy released during the conden- 
sation of atmospheric water vapor helps to drive the circulation systems of the at- 
mosphere. Water can alter the surface albedo of Earth through the deposition of 
snow and ice and by fostering the development of vegetative cover on land surfaces. 

5.2 The Water Balance 

To understand how local climates are maintained, it is instructive to consider the 
water budget for the surface. In order to model the climate, the surface water balance 
must be accurately represented. The surface water balance may be written 

g w = P + D - E - A f  (5.1) 
where g, is the storage of water at and below the surface, P is the precipitation by 
rain and snow, D is the surface condensation (dewfall or frost), E is the evapotran- 
spiration, and Af is the runoff. 

Averaged over a long period of time, the storage term is small. Also, dewfall is 
usually small, or can be incorporated into a generalized precipitation. The resulting 
hydrologic balance for a long-term average is 

A f = P - E  (5.2) 
A complementary balance for the atmosphere must also be satisfied. Precipitation 

minus evaporation is the net flux of water from the atmosphere to the surface and oc- 
curs with opposite sign in the atmospheric water balance. 

gw, = - ( P + D - E ) - A f ,  (5.3) 
The terms have the same meaning as in (5.1), except that g,, indicates storage of 

water in the atmosphere and Afa indicates horizontal export of water by atmospheric 
motions, primarily in the form of water vapor. Adding the budgets for the surface 
(5.1) and the atmosphere (5.3), we obtain a water balance for the Earth-atmosphere 
system in which the exchange of water across the surface does not appear. 

(5.4) 
When averaged over a year, the storage terms on the left of (5.4) are generally small, 
and the horizontal transport of water out of a region by the atmosphere must be equal 
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Fig. 5.2 Latitudinal distribution of the surface hydrologic balance, showing evaporation E,  precipi- 
tation P, and runoff 4f. [Data from Baumgartner and Reichel (1975).] 

and opposite to the net horizontal transport below the surface. This means that water 
carried to continents by atmospheric transport must equal the runoff from rivers. 

The distributions with latitude of the terms in the annually averaged surface water 
balance are shown in Fig. 5.2. Precipitation peaks near the equator, with secondary 
maxima in middle latitudes of each hemisphere. The equatorial maximum is associ- 
ated with heavy precipitation in the intertropical convergence zone. Moisture-laden 
air near the surface flows toward the equator from both hemispheres and converges 
near the equator, where it is released in thunderstorms, tropical cyclones, and other 
precipitation-producing weather systems (Fig. 5.3). The secondary maxima in mid- 
latitudes of each hemisphere are associated with the weather systems of that region. 
In these latitudes cyclonic disturbances with strong winds drive vertical motions that 
release water. Evaporation varies more smoothly than precipitation, with a broad 
maximum in the tropics. Precipitation exceeds evaporation in the equatorial belt and 
again in middle to high latitudes. Evaporation exceeds precipitation in the belt from 
15 to 40 degrees of latitude, and these regions export water vapor to be condensed in 
the latitudes where the precipitation maxima occur. The runoff distribution shown in 
Fig. 5.2 implies transport of water vapor in the atmosphere from the subtropics to the 
equatorial and high latitude zones. A return flow in the oceans or rivers carries water 
back toward the subtropics. 

The water balances of the continents and oceans are closely related to their cli- 
mates and the processes that maintain climate (Table 5.2). The Atlantic and Indian 
Oceans are net exporters of water vapor, whereas the Pacific and Arctic Oceans re- 
ceive more water in the form of precipitation than they give up to the atmosphere 
through evaporation. Comparison of the surface salinity of the Atlantic and Pacific 
Oceans shows a much higher salinity in the north Atlantic than in the north Pacific. 
The surface hydrologic balance of the oceans plays an important role in determining 
their salinity and thereby the deep circulation of the oceans. The saline surface water 
of the Atlantic is a key factor for allowing surface water to sink to the bottom of the 



Fig. 5.3 Hurricane Bonnie located about 500 miles from Bermuda on 19 September 1992. (Photo 
credit: NASA.) 

Table 5.2 
Water Balance of the Continents and Oceans (in mdyear) 

Region E P Af  A f l P  

Land 
Europe 
Asia 
Africa 
Australia 
North America 
South America 
Antarctica 

All land 

Ocean 
Arctic Ocean 
Atlantic Ocean 
Indian Ocean 
Pacific Ocean 

All ocean 

Globe 

375 
420 
582 
534 
403 
946 
28 

480 

53 
1133 
1294 
1202 

1176 

973 

657 
696 
696 
803 
645 

1564 
169 

746 

97 
761 

1043 
1292 

1066 

973 

282 
276 
114 
269 
242 
618 
141 

266 

44 
-372 
-25 1 

90 

-110 

0 

0.43 
0.40 
0.16 
0.33 
0.37 
0.39 
0.83 

0.36 

0.45 
-0.49 
-0.24 

0.07 

-0.10 

[From Baumgartner and Reichel(1975).] 
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ocean, since salinity is an important variable in determining seawater density, espe- 
cially in high latitudes. 

The runofratio, AfP, is a measure of the wetness of a continent. If it is large, 
then a significant fraction of the precipitation that falls on that continent flows into 
the ocean, rather than being evaporated over the land. The dry continents of Africa 
and Australia have relatively low runoff ratios. Typically, about 40% of the precipi- 
tation on a continent runs back to the global ocean in rivers. The evaporation from 
the surface of a continent is typically 60% of the precipitation that falls on that con- 
tinent. 

5.3 Surface Water Storage and Runoff 

The storage term in (5.1) accounts for changes in the amount of water that is retained 
in the surface. Over land areas this includes the water in the near surface soil and 
also water that flows deeper and becomes part of an underground water system. An 
additional important form of water storage is surface snowcover. Distinct seasons of 
precipitation and drying are a prominent feature of the climate in many regions. For 
such regions, storage of water in the soil and in snowpack is critical for determining 
the nature of the environment that develops during the dry season. In many midlati- 
tude regions mountain snowpack is essential for spring and summer river flow, and 
at lower elevations spring snowmelt helps to replenish soil moisture and ground- 
water for the summer dry season. The combination of moist soil in springtime fol- 
lowed by summer warmth and sunshine makes many midlatitude land areas agricul- 
turally productive. Storage of precipitated water in snowpack depends only on the 
surface thermodynamics and physical structure. Storage of water that amves at the 
surface as rainfall depends on the frequency and intensity of the precipitation and 
the characteristics of the soil, its vegetative cover, and the topography of the surface. 

Climate interacts only with water that is on the surface or in the soil water zone. 
The soil water zone extends downward to the depth penetrated by the roots of the 
vegetation. Plants can draw water from this depth relatively quickly and release it to 
the atmosphere by transpiration through leaves. Because roots of plants can draw 
moisture from the soil more quickly than water is brought to the surface by non- 
biological processes, vegetated surfaces normally release water more quickly to the 
atmosphere than does bare soil with the same water content. Depending on the con- 
ditions, one may need to consider a layer deeper than the root zone in order to predict 
surface moisture and evapotranspiration. Moisture stored deeper in the soil than 
the root zone must be brought upward by diffusion or capillary action. Transport 
through the soil in both liquid and vapor form is possible. 

Water is suspended in the soil by adherence to soil particles in thin films. The 
amount of water that can be held in this manner is called thefield capacity of the soil. 
If the soil water content increases above the field capacity, then gravitational forces 
carry the water downward to the water table, where it becomes part of the ground- 
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water. If the water encounters an impermeable obstacle such as bedrock, then it may 
flow laterally, seeking lower pressure. Gradual collection of water in subsurface 
reservoirs results in the formation of aquifers, from which freshwater can be extracted. 

The moisture balance of the soil layer and the average soil moisture content are 
critical to the local climate of land areas. The water in this zone is available for use by 
plants and can be transpired or evaporated. The soil layer and associated vegetation 
determine the fate of precipitated water, which may be quickly reevaporated, ab- 
sorbed by the soil, or run off in stream flow. The transfer of surface water to the soil is 
called infiltration. The fraction of precipitation that is retained by the soil is deter- 
mined by soil and vegetation properties and by the rate and frequency of precipitation. 

If the surface soil is saturated and the precipitation or snowmelt is more rapid 
than can be balanced by infiltration and evaporation, then surface ponding will 
occur. Once the surface depressions in the soil are filled with water, the surface water 
will begin to flow laterally toward streams and drainage systems. Water runoff from 
land areas in streams and rivers is important for navigation, fisheries, hydroelectric 
power generation, irrigation of dry land areas, and municipal water supplies. 

5.4 Precipitation and Dewfall 

Precipitation is produced when air parcels become supersaturated with water vapor, 
condensation and droplet formation occur, and the droplets or particles reach the sur- 
face without reevaporation. Supersaturation is normally caused by cooling of air 
parcels during ascent. Ascent of air parcels can be forced by atmospheric motions 
associated with midlatitude frontal and synoptic weather systems. In the tropics and 
over continents during summer, ascent, condensation, and precipitation are often as- 
sociated with convective instability, where parcels of air are forced upward by buoy- 
ancy in cumulonimbus clouds. In stratiform cloud systems, light but steady precipi- 
tation is generated through the radiative cooling of the tops of the clouds and steady 
overturning of moist air from beneath. Heavy and persistent precipitation may result 
when moist air is forced over mountain ranges by prevailing winds. 

The geographic distribution of precipitation is shown in Fig. 5.4. The general fea- 
tures of the zonal-average precipitation in Fig. 5.2 are apparent, with the largest pre- 
cipitation near the equator, where the average water content of the air is high and 
tropical convective systems are responsible for much of the rainfall. In the subtrop- 
ics convection and precipitation are suppressed by the downward mean air motion 
that characterizes this region. In these latitudes precipitation is at a minimum, but 
high surface insolation and subsidence of dry air give rise to very strong evapora- 
tion. In midlatitudes precipitation increases again because of midlatitude synoptic 
storm systems. The forced ascent of moist surface air in midlatitude weather systems 
and the westerly flow over obstacles such as the Rocky Mountains give rise to heavy 
precipitation. In the polar regions precipitation decreases. The entire hydrologic 
cycle is slowed down in polar regions because of the low temperatures and conse- 
quently low water-carrying capacity of the atmosphere. 
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Fig. 5.4 Geographic distribution of annual mean precipitation in mm. [After Shea (1986). Reprinted 
with permission from the National Center of Atmospheric Research.] 

When air comes into contact with a cold surface, usually on relatively clear 
nights, water vapor may condense directly onto the surface and form dew. Vapor flux 
from the soil may also be an important contributor to the accumulation of dew, espe- 
cially at night when the underlying soil may be warmer than the surface. Dewfall is 
a significant contributor to the surface water balances in some arid climates, but is 
generally small and lumped together with the precipitation. Fog droplets that are too 
small to precipitate can be collected from the air by the leaves or needles of plants. 
In some climates such "combing" of liquid water from the air is an important mech- 
anism whereby plants obtain moisture. 

5.5 Evaporation and Transpiration 

Evapotranspiration is the removal of water from the surface to the air with an ac- 
companying change in phase from the liquid to the vapor form. It is the sum of evap- 
oration and transpiration. Evaporation refers to direct evaporation of water from the 
surface itself. Transpiration is the passage of water from plants to the atmosphere 
through leaf pores called stomata, which also serve as the point of entry for carbon 
dioxide required for photosynthesis. Water is absorbed from the soil and carried 
through the roots and stems of plants to the leaves, where it escapes as water vapor. 
Stomata normally close at night and open during the day, but they may also close at 
midday in response to high temperatures, temporary water deficit, or high carbon 
dioxide concentrations. The differences between evaporation and transpiration are 
important, but it is difficult to separate the effects of the two processes in practice, so 
they are generally added to form a single term in water budgets. Evapotranspiration 
may also include sublimation, which refers to the direct conversion of snow and ice 
to water vapor, without an intermediate liquid phase. 

Evaporation from a wet surface is determined by the surface tension at the air- 
water interface and the rate of decrease of water vapor concentration between the 
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water surface and the adjacent air. The rate at which the water vapor concentration 
changes with distance from a water surface depends on the molecular diffusivity and 
the ventilation of the air near the water surface by air motions. Normally, turbulent 
air motions are of primary importance for carrying water vapor away from a surface 
and dominate in determining gradients on scales larger than a few millimeters. The 
interaction of surface water waves with atmospheric turbulence can influence the 
rate of evaporation over the oceans. Over land the structure of the surface and 
the vegetation covering it can have a substantial effect on the rate of evaporation. 
The collection of vegetable matter covering the land surface is called the plunf 
canopy, which may be as thin as a layer of moss or as thick as a tall forest. 

Plant canopies have important effects on the water and energy balances of the sur- 
face. Some of these effects are illustrated in Fig. 5.5. Precipitation that falls on a 
plant canopy can be intercepted by leaves and stems or fall directly onto the soil. 

Lag- \' I 
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.( TO GROUNDWATER 

Fig. 5.5 Diagram showing the effects of the vegetation canopy on the water and energy fluxes. 
[From Dickinson (1984). 0 American Geophysical Union.] 
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Water that falls on the leaves can be evaporated from the leaves or drip to the sur- 
face. Interception of precipitation by leaves and evaporation from leaves can greatly 
decrease runoff if the rainfall rate is not too intense and the air is relatively dry. The 
leaf structure of a plant presents a much larger surface area on which evaporation 
can take place than the ground surface alone. The energy balance of the leaves is also 
of importance, since it determines how rapidly water can be evaporated. The struc- 
ture and arrangement of leaves and branches affect the absorption of solar radiation, 
the emission of longwave radiation, and the ventilation of the surface by air motions. 
A parameter often used to characterize plant canopies is the leaf area index (LAI). It 
is defined as the ratio of the area of the top sides of all the leaves in the canopy pro- 
jected onto a flat surface to the area of the surface under the canopy. It is equal to the 
number of leaves that would be crossed by a vertical line passing through the 
canopy, on average. 

5.5.1 Measurement of Evapotranspiration 

Evapotranspiration can be estimated in a variety of ways. One of the most accurate 
methods is by weighing the moisture change in the soil and its vegetative cover with a 
device called a lysimeter. A lysimeter is a container of soil set on a balance or provided 
with some other means of measuring water content.' To obtain accurate results, the 
lysimeter must be large enough to contain the soil water zone and associated vegeta- 
tion. The lysimeter should be set in a larger environment where the surface conditions 
are similar to those under investigation, if results representative of the natural envi- 
ronment are desired. For example, a lysimeter containing a depth of growing grass and 
soil can be buried in a large grass field so that the grass in the lysimeter experiences ex- 
actly the same conditions as the adjacent grass outside the lysimeter. For environ- 
ments where the vegetation is large and has a substantial root structure, such as a for- 
est, the construction of a lysimeter for even a single tree is a considerable challenge. 

Evapotranspiration can also be estimated by measuring the fluxes of moisture 
away from the surface by taking simultaneous measurements of vertical velocity and 
humidity. Because the moisture is carried upward by turbulent motions, the device 
used to measure wind and humidity fluctuations must respond on the time scale of 
seconds. It is also a challenge to obtain representative spatial and temporal means, 
particularly if the surface characteristics are spatially inhomogenous. 

An alternative to direct measurement of evapotranspiration is to infer it as a resid- 
ual in the energy balance, if the other terms in the energy balance can be measured. 
Rearranging (4.1) to solve for the evaporation rate yields 

1 
L 

E = - (Rs  - SH - Meo - G )  (5 .5)  

When the surface is moist, the net radiation and the evaporation are the largest 
terms in the surface energy balance (see Chapter 4), so that an accurate measure- 

'Brutsaert (1982). 
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ment of the net radiation and approximations to the other terms in the surface en- 
ergy balance will provide a good estimate of evapotranspiration. Radiation can be 
measured very accurately and over long periods with relatively inexpensive instru- 
mentation, and most weather stations have a device for measuring insolation. Sen- 
sible heat loss can be estimated from bulk aerodynamic formulas if measurements 
of mean wind speed and temperature at two levels are available. Measurements of 
temperature profiles in the soil or water can be used to estimate energy storage 
below the surface. 

5.5.2 Evaporation from a Wet Surface 

Penman ( 1948) derived a method of calculating the evaporation from wet surfaces 
with minimal input data. The Bowen ratio is the ratio of sensible to latent surface 
energy flux. It may be estimated by using the bulk aerodynamic formulas (4.26) 
and (4.27). 

Here we have assumed that the aerodynamic transfer coefficients for heat and mois- 
ture are equal. If the surface air is saturated, and the surface and reference-level air 
temperatures are not too different, we may make the following approximation: 

(4s*-4:) - dq* 
(T, -Tu)  - dT 

-- (5.7) 

where q* is the saturation mixing ratio of water vapor. Using (5.7) in (5.6), and the 
assumption that the surface air is saturated, we obtain 

(5.8) 

where B ,  is the equilibrium Bowen ratio defined in (4.33). It should be noted that the 
use of the Bowen ratio can be problematical in the presence of temperature inver- 
sions if the denominator in (5.7) is near zero. 

The surface energy balance (5.5) may be rewritten as 

E (1 + B,)  = E,, 

where 
(5.9) 

(5.10) 1 
L 

E,, = - (R,  - Meo - G )  

E,, is the evaporation rate necessary to balance the energy supply to the sur- 
face by radiation, horizontal flux below the surface, and storage. Substituting (5.8) for 
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the Bowen ratio in (5.9) yields 

(5.11) 

Using the bulk aerodynamic formulas, the evaporation may be eliminated from 
the second term on the right in (5.11) to yield an expression for the evaporation from 
a wet surface, which is often called Penman's equation. 

1 Be 4" +- E=- 
(1 + Be)  (1 + B e )  Eair 

The evaporating capacity of the air is defined by 

(5.12) 

(5.13) 

and depends on the relative humidity of the air, RH, as well as the air temperature 
and wind speed. 

The advantage of (5.12) is that measurements of atmospheric variables at only 
one level are required. Over land surfaces the horizontal transport term is zero, and 
for time scales of a month or longer the storage term can also be ignored, so that only 
measurements of the net radiation, air temperature, specific humidity, and wind 
speed at one level are required to evaluate evaporation. The Penman equation (5.12) 
also shows the relative roles of air humidity and available radiation in driving evap- 
oration over a wet surface. At high temperatures the equilibrium Bowen ratio is 
small and evaporation is mostly dependent on available energy. As the equilibrium 
Bowen ratio becomes small, the evaporation rate approaches a value necessary to 
balance the energy input to the surface. This occurs at temperatures greater than 
about 25°C. At lower temperatures, and consequently higher equilibrium Bowen ra- 
tios, the evaporation rate is more dependent on the supply of unsaturated atmos- 
pheric air. At temperatures near or below freezing, the equilibrium Bowen ratio is 
large and the evaporation is dependent primarily on the drying capacity of the air. 

5.5.3 Potential Evaporation 

Evapotranspiration is constrained by the surface water supply, the energy available 
to provide the latent heat of vaporization, and the ability of the surface air to accom- 
modate water vapor. The potential evaporation is defined as the rate of evapotran- 
spiration that would occur if the surface was wet, and is therefore the maximum pos- 
sible evapotranspiration for the prevailing atmospheric conditions. It measures the 
effect of energy supply and air humidity on the evapotranspiration rate and avoids 
the more difficult issue of soil moisture availability and the physiological processes 
in plants that bring moisture from the soil to the atmosphere. If the potential evapo- 
ration exceeds the actual evapotranspiration, then a moisture deficit exists, and one 
may infer a dry surface. Potential evaporation can be calculated using a variety of 
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theoretical and empirical techniques. One method would be to calculate it from Pen- 
man’s equation, which relates the evaporation from a wet surface to net radiative 
heating and mean air temperature, humidity, and wind speed at one level. 

5.6 Modeling the Land Surface Water Balance 

The water balance of the surface is intimately coupled with the surface energy bal- 
ance. Over water surfaces, the joint energy -water balance problem is simplified be- 
cause the air at the surface can always be assumed to be saturated, and the storage 
and retrieval of water from below the surface is not an issue. Over land surfaces, the 
heat and water balances are very sensitive to the amount of water below the surface 
and the rate at which it can be brought to the surface and evaporated or transpired 
through plants. Transpiration through plants is dependent not simply on the soil 
moisture and atmospheric conditions, but also on the physiological state of the plant 
cover. 

5.6.1 

The simplest model for the soil water budget is the bucket model. The soil is as- 
sumed to have a fixed capacity to store water that is available for evapotranspiration. 
The rate of change of the mass of water in the soil per unit area w,, is determined by 
the rainfall rate Pr, the evapotranspiration rate E ,  the melting of snow M,, and the 
runoff rate Af 

The Bucket Model of Land Hydrology 

(5.14) 

The amount of available water in the soil can be expressed as an equivalent depth 
h,, using a standard water density p,. In the bucket model, the soil is assumed to 
have a fixed capacity to store moisture, corresponding to an equivalent water depth, 
h,, which would typically be about 15 cm. If the soil moisture equals the capacity of 
the soil, then the soil is assumed to be saturated. If the sum of rainfall plus snowmelt 
exceeds evaporation when the soil is saturated, then runoff at a rate just sufficient to 
keep the soil saturated is predicted. 

To complete the soil moisture balance model for regions with snowfall, a separate 
budget for snowcover must be retained. If precipitation occurs when the surface tem- 
perature is below freezing p,, it can be assumed to result in surface snowcover. The 
snowcover can be measured in terms of its water mass per unit area w,, or an equiv- 
alent depth of water h,. 

(5.15) 
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The maximum carrying capacity of the surface for snow or ice is determined by the 
lateral flow of ice sheets and does not become a factor until the ice is several hundred 
meters thick. Snowcover is removed by sublimation, Esub, or melting. The snow- 
cover lies on top of the soil and does not enter into the soil moisture balance unless 
it melts. Melting occurs when the surface temperature rises to the freezing point of 
water. The latent heat of fusion must be supplied to the surface energy balance when 
melting occurs. Melting continues at the rate necessary to keep the surface tempera- 
ture from rising above 0°C until the temperature falls below freezing or the snow- 
cover is completely removed. 

The rate of evaporation depends on the soil moisture. The soil moisture can be 
used to relate the actual evaporation to the potential evaporation: the evaporation 
that would occur if the surface were wet. If measurements of air humidity, air tem- 
perature, wind speed, and surface temperature are available, the bulk aerodynamic 
formula can be used to calculate potential evaporation. 

P E = P ~  cDE u (q*(Ts) -qa)  (5.16) 

If insufficient data to evaluate (5.16) are available, then another approximate for- 
mula can be used to estimate PE. 

The actual evapotranspiration may be related to the potential evaporation and the 
soil moisture content. 

E = P E  O P E  (5.17) 

Healthy vegetation may transpire at the rate of potential evaporation, even when the 
soil is not saturated. When the soil moisture falls below a certain level h,, the vege- 
tation will no longer transpire at the potential rate. For soil moisture availability less 
than h,, it is simplest to assume that PE varies linearly between zero and one. 

1.0, h, 2h, 
(5.18) 

The simple bucket model can easily be elaborated by adding a deep layer that ex- 
changes water with the upper layer at a slow rate depending on the relative saturation 
of the two layers. This allows the soil water zone to be replenished with moisture 
from below without the occurrence of precipitation. In this case an additional budget 
equation for the deep layer is required, and a term describing the exchange with the 
deep layer must be added to the soil moisture equation (5.14). A thin layer near the 
surface can also be added to allow better treatment of short time scales associated 
with rainstorms or diurnal variations. 

5.6.2 More Elaborate Models of Land Surface Processes 

To improve significantly on the bucket model of land surface hydrology, much more 
complex models must be introduced that describe the interactions of the atmosphere 
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with vegetation and soil. Such models must fully couple the momentum, heat, and 
moisture budgets near the surface and describe each with compatible levels of so- 
phistication and detail. The processes that must be considered include those illus- 
trated in Fig. 5.5. Plants play a central role in the momentum, energy, and moisture 
transfers at the surface, and must be included in a model. Plants have effects on bound- 
ary processes through their physical properties and biological processes, and they 
have the ability to move water through their leaves at a rapid rate to facilitate photo- 
synthesis when water is available. However, in times of water stress, plants can re- 
duce. their transpiration rate by closing their stomata. 

The rate at which plants transpire water depends on the availability of photosyn- 
thetically active radiation, temperature, air humidity, the availability of water within 
the plant, and the physiological state of the plant. The rate of water movement 
through plants is limited by the vapor phase in the leaves, rather than by the uptake 
of liquid water in the roots. The vapor pressure gradients that drive transpiration are 
strongly related to leaf temperature. For this and other reasons, leaf temperature is 
important to model, which requires calculation of the energy transfer through the 
plant canopy and a heat budget for the leaf structure of the plant. The transfer of 
solar radiation through the plant canopy is important, since it determines the distri- 
bution of heat input throughout the plant canopy and at the soil surface. Much of the 
insolation will be absorbed by the vegetative cover, rather than by the underlying 
soil. Because plants and other natural surfaces have very different albedos for visible 
and near-infrared radiation, these two frequency bands of solar radiation must be 
treated separately in accurate calculations. The obstacle to free airflow presented by 
the physical structure of the plant canopy affects the ventilation within the canopy, 
which is important to the turbulent fluxes of momentum, heat, and moisture. The 
similarity hypotheses and resulting velocity profiles that lead to the bulk aero- 
dynamic formulas are not valid within the plant canopy. Mean wind speeds and tur- 
bulent kinetic energy are much smaller within the canopy than just above it. The air 
properties within the plant canopy and at the soil surface can be very different from 
those near the top of the canopy, which is in direct contact with the atmosphere. 

In addition to drawing moisture from the soil, plants can also intercept a substan- 
tial amount of precipitated water and store it on leaves and stems. The effectiveness 
of a plant in intercepting rainfall is dependent on the leaf structure, leaf orientation, 
the leaf area per unit of surface area, and on the frequency and intensity of precipita- 
tion. Tall vegetation with a large leaf area index can greatly decrease the supply of 
moisture to the soil by intercepting precipitation and facilitating its reevaporation 
before it reaches the ground. Interception losses of this nature can range from 15 to 
40% of precipitation for coniferous forests and 10-25% for deciduous forests in 
midlatitudes. Interception loss is greater if the precipitation rate is low or is intermit- 
tent, and less if the precipitation rate is high or continuous. To model interception 
and storage on leaves, budgets must be calculated for the amount of water stored on 
the surfaces of leaves. The removal of this surface water by evaporation depends on 
the supply of energy and unsaturated air at each level within the plant canopy. 
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The soil is the main reservoir from which evapotranspiration is drawn. Three lay- 
ers within the soil may be distinguished by their interaction with the atmosphere. A 
thin layer very near the surface determines the interaction of the atmosphere with the 
bare ground surface on the time scale of individual precipitation episodes. If this thin 
layer becomes saturated during a rain shower, then runoff may occur. If this layer be- 
comes dry, then surface evaporation is very small and transpiration by plants be- 
comes the only mechanism whereby water can be efficiently removed from the soil. 
Below the surface layer is a deeper layer in which the roots of the vegetation reside 
and draw moisture from the soil. Below the root zone is a deeper layer to which 
moisture is carried by gravity if the soil is saturated, and from which moisture can be 
drawn by capillary action.2 

The ability of soil to hold moisture may be measured by its field capacity, which 
is defined as the maximum volume fraction of water that the soil can retain against 
gravity. Typical values for loam are about 30%, but field capacities range from 10% 
for sand to 55% for peat. If the volumetric water content of the soil falls below a cer- 
tain level, plants are unable to draw moisture from the soil and will remain wilted at 
all times of day. This permanent wilting threshold is typically one-third to one-half 
of the field capacity. The soil moisture available to plants is the difference between 
the volumetric soil water fraction and the wilting threshold. The maximum available 
soil moisture is the difference between the field capacity and the wilting threshold, 
and is 15-20% for typical soils. 

The hydraulic conductivities of most soils decrease rapidly as the soil dries out, 
so that conduction of water becomes very slow if the water content is much below 
field capacity. If the surface layer of the soil becomes very dry, then infiltration of 
subsequent rainfall may be inhibited. Similarly, the soil in the root zone may become 
very dry, while the soil moisture several centimeters below the deepest roots remains 
near field capacity. The amount of water that is available to the vegetation is thus ap- 
proximately equal to the available volumetric soil water fraction times the rooting 
depth. If the roots extend down about one meter, and the available field capacity is 
about 15%, then the total amount of water available to plants when the soil is satu- 
rated is equivalent to about 15-cm depth of water. This may be greater or less de- 
pending on the type of soil and vegetation. Plants that live in sandy soil tend to de- 
velop deep roots, which offsets the low volumetric fraction of available water in sand. 

5.7 Annual Variation of the Terrestrial Water Balance 

The annual variation of the surface water balance at a location is intimately related to 
the local climate and its potential for human habitation and agriculture. The natural 
vegetation is adapted to the normal cycle of water surplus and water shortage that a 
region experiences. The annual variation of the water balance can be used as one 

2Bras (1990). 
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means of classifying  climate^.^ The water balance depends on the annual variation of 
precipitation and evaporation, which together largely determine the soil moisture. 

The accuracy with which the water balance can be determined depends on the 
amount and quality of the data available. Ideally one would require good measure- 
ments of evaporation, precipitation, and soil moisture. Evaporation and soil moisture 
are not routinely measured at most locations, however. Most climatological stations 
report surface air temperature and humidity, precipitation, and wind speed. With 
these variables potential evaporation can be estimated from semiempirical formulas 
like (5.12), (5.16), or their simplified forms. If a soil moisture balance is calculated 
using the bucket model, then the actual evapotranspiration can be estimated from the 
potential evapotranspiration using (5.17). Figure 5.6 shows results of such a water 
balance analysis for a variety of locations. 

The west coast of North America in middle latitudes experiences a wintertime 
maximum in precipitation associated with winter storms [Fig. 5.6(a-c)]. The win- 
tertime peak of precipitation is smaller and occurs later in southern California than 
on the Pacific Coast of Canada. In Juneau, Alaska the monthly precipitation peaks in 
October, whereas in Los Angeles it does not peak until January or February. The 
summertime minimum of precipitation becomes deeper and of longer duration to- 
ward the south. Because the summer minimum of precipitation corresponds with the 
season of strongest insolation and warmest temperatures, the soil moisture can be- 
come depleted in the summer months. At Seattle, evapotranspiration exceeds precip- 
itation beginning in May, and by July the soil is sufficiently dry that the potential 
evaporation exceeds the actual evapotranspiration. This continues until October, 
when the precipitation again exceeds the evapotranspiration. In San Francisco the 
dry season begins in June and extends until November. In Los Angeles the soil is 
nearly always dry, and only during the months of December through February does 
the actual evapotranspiration approach the potential evaporation. Acapulco, Mexico 
is in the tropics (-17"N), and its precipitation maximum comes in the summer 
months, when tropical convection reaches northward from the equatorial region 
[Fig. (5.6(d)]. During the heavy precipitation months of June through October, the 
precipitation exceeds the potential evaporation. The remainder of the year is very 
dry. Because of the relatively constant temperature and humidity in the tropics, the 
potential evaporation varies little during the year. 

In much of the interior of North America the precipitation peaks in the spring or 
early summer when the soil is moist and temperatures are high enough to allow the 
air to carry large amounts of water vapor [Fig. 5.6(e-h)]. As the summer season pro- 
gresses, the soil dries out and the precipitation amount decreases. During middle and 
late summer the potential evaporation generally exceeds the actual evaporation, in- 
dicating relatively dry soil. At Sioux City, Iowa the precipitation peaks in June and 
continues into the middle and late summer. The combination of warmth, insolation, 
and precipitation during the summer in this part of the American Midwest makes it 

Thomthwaite (1948). 
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Fig. 5.6 Annual cycle of the water balance at various locations. Where precipitation does not appear, 
it is equal to evaporation (e.g., Los Angeles, Phoenix). Where potential evaporation does not appear, it is 
equal to evaporation (e.g., Churchill). [Data from Eagleman (1976).] 

well suited for agriculture. Farther west and at the higher elevation of Denver, the 
precipitation is smaller and peaks earlier in the year. The air is dry and warm in the 
summer months and the potential evaporation greatly exceeds precipitation. At 
Phoenix, Arizona the precipitation is small at all times of year compared to the high 
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drying capacity of the warm, dry air there. The potential evaporation greatly exc ~ ed 
the precipitation at all seasons, indicating a desert climate. 

In high latitudes the low saturation vapor pressure associated with the relatively 
cold temperature constrains the rates of evaporation and precipitation. At many lo- 
cations the precipitation is greater than the potential evaporation during most of 
the year. Water evaporated at warmer latitudes is transported into high latitudes by 



134 5 The Hydrologic Cycle 

atmospheric motions and is precipitated when large-scale motions drive saturated air 
upward. The energy available at the surface is insufficient to allow the evaporation 
of this water. The growing season is short, so that the vegetation is not especially ef- 
fective in bringing water from the soil to the atmosphere. Soils in high latitudes 
therefore typically have a high water content. At very high latitudes this water is 
mostly frozen. Churchill, Canada (-59"N) is an example of a cold continental cli- 
mate where the evapotranspiration is always energy limited and exceeds the precipi- 
tation only during July [Fig. 5.6(h)]. 

In the northeastern United States the monthly precipitation amount is almost in- 
dependent of season. The frontal precipitation of winter is replaced in summer by 
more convective precipitation, such that the total precipitation remains almost con- 
stant. The potential evapotranspiration follows the insolation and temperature and 
peaks in the summer. During the summer months the evaporation exceeds the pre- 
cipitation, causing the soil to dry out somewhat. In Boston, Massachusetts the po- 
tential evaporation exceeds the actual evapotranspiration from July to September 
[Fig. 5.6(i)]. In the southeastern United States, as characterized by Memphis, Ten- 
nessee, a modest wintertime peak in precipitation is observed. Farther south on the 
Florida peninsula, Orlando shows a summertime maximum in precipitation, with 
very heavy precipitation from June to September. This precipitation is mostly asso- 
ciated with thunderstorms, which are driven by solar heating of the land and begin 
during the hottest part of the day. Honolulu is in the subtropics where potential evap- 
oration exceeds precipitation at all seasons [Fig. 5.6(1)]. Precipitation peaks in win- 
ter and is balanced by evaporation in all seasons. 

In general there are four basic types of water balance cycles, although many lo- 
cations show a combination of several types. The west coast of North America in 
middle latitudes has a winter precipitation maximum and summer dry period. The 
interior of the continent experiences a spring or summer rainfall maximum, fol- 
lowed by a drying period of varying intensity in the late summer. On the east coast 
of North America in midlatitudes the precipitation amount is almost independent of 
season, but the potential evaporation peaks in the summer, producing some reduc- 
tion in soil moisture. In tropical or subtropical latitudes the precipitation is very 
small in winter, but thunderstorms yield large amounts of rain during the warmest 
part of the summer. 

Exercises 

1. The approximate volume of water retained in soil moisture and groundwater is 
given in Table 5.1. Use the data in Fig. 5.1 to calculate the time it would take 
for precipitation over land to deliver an amount of water equal to the soil water 
and groundwater. How long would it take to replace the groundwater and 
soil moisture if only 10% of the runoff could be redirected to replenishing the 
groundwater? 
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2. Use the bulk aerodynamic formula (4.32) to calculate the evaporation rate 
from the ocean, assuming that CDE = (I = 5 m s-l, and that the refer- 
ence-level air temperature is always 2°C less than the sea surface temperature. 
Calculate the evaporation rate for (a) = O'C, qs* = 3.75 g kg-', RH = 50%; 
(b) T, = OOC, qs* = 3.75 g kg-', RH = 100%; (c) T, = 30"C, qs* = 27 g kg-I, 
RH = 50%; and (d) = 3OoC, qs* = 27 g kg-', RH = 100%. Assume a fixed 
density of 1.2 kg m-3. How would you evaluate the importance of relative hu- 
midity versus the importance of surface temperature for determining the evap- 
oration rate? 

3. Calculate the Bowen ratio using the bulk aerodynamic formulas for surface 
temperatures of 0, 15, and 30"C, if the relative humidity of the air at the refer- 
ence level is 70% and the air - sea temperature difference is 2°C. Assume that 
the transfer coefficients for heat and moisture are equal. 

4. Use the results of problem 3 to explain why high-latitude land areas often have 
high surface moisture content. 

5. Why is local winter and spring snow accumulation important for the summer 
soil moisture of midlatitude continental land areas? How do you think the Au- 
gust climate would change if the winter and spring snowfall were replaced by 
rainshowers? 

6. What are some of the shortcomings of the bucket model of land hydrology? 
How are these limitations addressed by more sophisticated models for land 
surface processes? 

7. Derive (5.12) using the method outlined in the text. 



Chapter 6 

6.1 The Great Communicator 

Atmospheric General Circulation 
and Climate 

The movement of air in the atmosphere is of critical importance for climate. Atmo- 
spheric motions carry heat from the tropics to the polar regions and thereby reduce 
the extremes of temperature that would otherwise result. Water from the oceans is 
evaporated and carried in the air to land, where rainfall supports plant and animal 
life. Winds supply momentum to ocean surface currents that transport heat and 
oceanic trace constituents such as salt and nutrients. The circulation of the atmo- 
sphere is a key component of the climate, since it both responds to temperature and 
humidity gradients and helps to determine them by transporting energy and mois- 
ture. The atmosphere provides the most rapid communication between geographic 
regions within the climate system. 

The global system of atmospheric motions that is generated by the uneven heat- 
ing of Earth’s surface area by the sun is called the general circulation. A complete 
description of the atmosphere’s general circulation includes mean winds, tempera- 
ture and humidity, the variability of these quantities, and the covariances between 
wind components and other variables that are associated with large-scale weather 
systems. A statistical description of the general circulation of the atmosphere has 
been constructed from the ensemble of daily global flow patterns estimated with data 
from balloons and satellites. The general circulation of the atmosphere can be simu- 
lated by solving the equations of motion on a computer, and such general circulation 
models form a part of global climate models. 

6.2 Energy Balance of the Atmosphere 

Atmospheric motions are generated by geographic variations in heating of the sur- 
face caused by meridional gradients of insolation, albedo variations, and other fac- 
tors. By transporting energy, winds generally act to offset the effects of these heating 
variations on atmospheric temperature. The local energy balance of an atmospheric 
column of unit horizontal area includes the effects of radiation, sensible heat 

136 
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exchange with the surface, condensation heating, and the horizontal flux of energy 
in the atmosphere. 

= Ra + LP + SH - wa 
at 

where aEalat is the time rate of change of the energy content of an atmospheric col- 
umn of unit horizontal area extending from the surface to the top of the atmosphere, 
R, is the net radiative heating of the atmospheric column, LP is the heating of the at- 
mospheric column by latent heat release during precipitation, SH is the sensible heat 
transfer from the surface to the atmosphere, and AFa is the horizontal divergence of 
energy out of the column by transport in the atmosphere. 

The net radiative heating of the atmosphere is the difference between the net ra- 
diative heating at the top of the atmosphere and the net radiation at the ground. 

(6.2) 
The storage of energy in the atmosphere is negligible, particularly when averaged 
over a year, so that the atmospheric energy balance is the sum of radiative heating, 
sensible heating, and latent heating, balanced against the export of energy by atmo- 
spheric motions. 

Ra = RTOA - Rs 

Ro +LP+SH = (6.3) 
The annually and zonally averaged net effect of radiative transfer on the atmo- 

sphere is a cooling of about -90 W m-2, which is nearly independent of latitude 
(Fig. 6.1). The radiative cooling corresponds to an atmospheric temperature decrease 
of about 1.5"C per day (see Chapter 3). The energy lost from the atmosphere in one 
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Fig. 6.1 Distribution with latitude of the components of the atmospheric energy balance averaged 
over longitude and over the annual cycle. Units are W m-'. [Data from Sellers (1965). Used with per- 
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week through radiative transfer equals about 2.5% of the atmosphere’s total energy 
content. If only the atmosphere’s thermal capacity were considered, this cooling rate, 
acting alone, would bring the global mean surface air temperature to below freezing in 
about 2 weeks. Under normal circumstances the radiative cooling is balanced in the 
global mean by condensation heating and sensible heat transfer from the surface. 

Heating of the atmosphere by the transfer of sensible heat from the surface is rela- 
tively small. The largest contribution to balancing the radiative loss from the atmo- 
sphere is the release of latent heat of vaporization during precipitation. In contrast to 
the radiative cooling, the condensation heating has a very distinctive structure with 
latitude corresponding to that of precipitation. It peaks at about 150 W m-2 near the 
equator, drops to near 50 W m-2 in the subtropics, peaks again near 80 W m-2 in 
midlatitudes, and then decreases sharply to near zero at the poles. The latitudinal 
structure of the precipitation is reflected in the latitudinal structure of the atmo- 
spheric energy flux divergence. Atmospheric motions export close to 100 W mP2 
from the equatorial region, have a relatively small net effect on the energy balance 
between about 20 and 60 degrees of latitude, and import about 100 W into the 
polar regions. The poleward transport of energy by the atmosphere has a broad, flat 
maximum between the equatorial and polar regions. This poleward transport of en- 
ergy by the atmosphere is one of the important climatic effects of the general circu- 
lation of the atmosphere. 

6.3 Atmospheric Motions and the Meridional Transport of Energy 

Motions in the atmosphere can be associated with many physical phenomena, 
which have a wide variety of space and time scales (Fig. 6.2). Small-scale phe- 
nomena such as turbulence and organized mesoscale phenomena such as thunder- 
storms are effective primarily at transporting momentum, moisture, and energy 
vertically. Only very large-scale phenomena such as extratropical cyclones, 
planetary-scale waves, and slow meridional circulations that extend over thousands 
of kilometers are effective at transporting momentum, heat, and moisture horizon- 
tally between the tropics and the polar regions. The upward flux of energy and 
moisture in the boundary layer and the poleward flux of energy by planetary-scale 
circulations in the atmosphere have equal importance for climate. These phenom- 
ena have characteristic spatial scales that differ by nearly 10 orders of magnitude: 
from millimeters to 10 thousand kilometers. 

6.3.1 

Wind velocities in the atmosphere are measured in terms of a local Cartesian coordi- 
nate system inscribed on a sphere. At each latitude (@) and longitude (A) on a sphere 

Wind Components on a Spherical Earth 
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Fig. 6.2 Diagram showing the space and time scales of phenomena in the atmosphere. Light shading 
represents approximately scales that can be resolved in climate models. [From Smagorinsky (1974).] 

of radius a,  the zonal and meridional components of horizontal velocity are defined 
in the following way (Fig. 6.3): 

DA 
Dt 

u = acosq - = zonal or eastward wind speed 

u = a -  ’@ 
Dt 

= meridional or northward wind speed 
(6.4) 

Here DlDt represents the material derivative-the temporal tendency that is experi- 
enced by an air parcel moving with the flow. The vertical component of velocity can 
be measured in terms of the rate of change of altitude, or the rate of change of pres- 
sure following the motion of air parcels. 

DZ 
Dt 

w = - =  rate of change of altitude following an air parcel 

w = - = r  OP ate of change of pressure following an air parcel 
Dt 
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Fig. 6.3 Diagram showing local Cartesian coordinates on a sphere and the zonal (u) ,  meridional (u), 
and vertical ( w )  components of the local vector wind velocity. 

The vertical velocity and the pressure velocity are related to each other through an 
approximate equation, which is valid if a hydrostatic balance is maintained. 

0 G - p g w  (6.6) 

6.3.2 The Zonal-Mean Circulation 

In describing the circulations of the atmosphere it is convenient to consider the zonal 
average, which is the average over longitude, d, at a particular latitude and pressure, 
and is represented with square brackets. 

2K 

[ X I = -  j x d d  
2K 0 

(6.7) 

Because of the relatively rapid rotation of Earth, and because diurnally averaged in- 
solation is independent of longitude, averaging around a latitude circle captures a phys- 
ically meaningful subset of the climate. For climatological purposes, we are normally 
interested in averages over a period of time, At, that is long enough to average out most 
weather variations. This time interval may correspond to a particular month, season, or 
year, or it may be an average over an ensemble of many months, seasons, or years. 

At 1 X = - j x d t  
At 0 

Climatological zonal averages are usually obtained by averaging over both longitude 
and time. 

The distribution of the zonal mean of the eastward component of wind, [u], 
through latitude and height is one of the best known characterizations of the global 
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Fig. 6.4 Latitude-height cross section of zonal-average wind speed for DJF and JJA. Contour inter- 
val is 5 m s-l; easterly values are shaded. [Data from Oort (1983).] 

atmospheric circulation, and is often called the zonal-mean wind (Fig. 6.4). In mete- 
orology, winds are called westerly when they flow from west to east and easterly 
when they flow from east to west. The zonal-mean wind is westerly through most of 
the troposphere, and peaks at speeds in excess of 30 m s-l in the subtropical jet 
stream, which is centered near 30 degrees of latitude and at an altitude of about 12 km. 
The subtropical jet stream is strongest in the winter season. The zonal winds at the 
surface are westerly at most latitudes between 30 and 70 degrees, but in the belt be- 
tween 30"N and 30's zonal-mean easterly surface winds prevail. 

The zonal-average meridional and vertical components of wind are much weaker 
than the zonal wind. Maximum mean meridional winds are only about 1 m s-', and 
mean vertical wind speeds are typically a hundred times smaller than the mean 
meridional wind. The mean meridional circulation (MMC), which is composed of 
the zonal-mean meridional and vertical velocities, can be described by a mass 
streamfunction, which is defined by calculating the northward mass flux above a par- 
ticular pressure level, p. 

The mass flow between any two streamlines of the mean meridional streamfunc- 
tion is equal to the difference in the streamfunction values. The conservation of mass 
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for the zonal-mean flow implies a relationship between the mass streamfunction for 
the mean meridional circulation and the mean meridional velocity and pressure 
velocity. 

(6.10) 

(6.11) 

The mean meridional velocity thus depends on the rate at which the streamfunction 
changes with pressure, and the zonal-average pressure velocity depends on the rate 
at which the streamfunction changes with latitude. 

The mean meridional circulation is dominated in the solstitial seasons by a single 
circulation cell in which air rises near the equator, flows toward the winter hemi- 
sphere at upper levels, and sinks in the subtropical latitudes of the winter hemisphere 
(Fig. 6.5). This mean meridional circulation cell is often called the Hadley cell after 
George Hadley, who in 1735 proposed it as an explanation for the tradewinds. The 
mean meridional winds near the surface bring air back toward the equator. The rising 
branch is displaced slightly into the summer hemisphere. The mean meridional cir- 
culations for the equinoctal seasons and for the annual average consist of two smaller 
cells of about equal strength located on opposite sides of the equator. 

In midlatitudes weaker cells called Ferrel cells circulate in the opposite direction 
to the Hadley cell. In these midlatitude mean meridional circulation cells, rising oc- 
curs in cold air and sinking in warmer air. These cells are therefore thermodynami- 
cally indirect, in that they transport energy from a cold area to a warm area. The 
mean meridional circulation is a small component of the total flow in midlatitudes, 
and the Ferrel cells are a byproduct of the very strong poleward transport of energy 
by eddy circulations. Eddies are the deviations from the time or zonal average, and 
are a key component of the general circulation of the atmosphere. 

6.3.3 

The cyclones and anticyclones that are responsible for most of the weather variations 
in midlatitudes produce large meridional transports of momentum, heat, and mois- 
ture. These disturbances have large wind and temperature variations on scales of 
several thousand kilometers, which do not appear in a zonal average, but have a pro- 
found effect on the zonal-mean climate. The fluctuations associated with weather ap- 
pear as deviations from the time average. 

x ' = x - . y  (6.12) 

~ In addition to temporal variations associated with midlatitude cyclones, the at- 
' mosphere exhibits variations around latitude circles associated with continents and 

Eddy Circulations and Meridional Transport 
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Fig. 6.5 Latitude-height cross section of the mean meridional mass circulation. Shaded values are 
negative; units are 10 lo  kg s-'. [Data from Oort (1983).] 

oceans that are quasistationary and appear clearly in time averages. These are char- 
acterized by the deviations of the time mean from its zonal average. 

(6.13) 

Northward eddy fluxes of temperature are produced when northward-flowing air 
is warmer than southward-flowing air, so that, when averaged over longitude, the 
product of meridional velocity and temperature is positive, even when the mean 
meridional wind is zero. Using the definitions of the time and zonal averages, the 
northward transport of temperature averaged around a latitude circle and over time 
can be written as the sum of contributions from the mean meridional circulation, the 
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stationary eddies, and the transient eddies, which are shown respectively as the three 
terms on the right of (6.14). 

[a] = [iqq + [u*T*] + [T’] (6.14) 

Transient eddy fluxes are associated with the rapidly developing and decaying 
weather disturbances of midlatitudes, which generally move eastward with the pre- 
vailing flow and contribute much of the variations of wind and temperature, espe- 
cially during winter. These disturbances are very apparent on weather maps. 

The positive correlation between meridional velocity and temperature in large- 
scale atmospheric waves results from the tendency of the temperature wave to be 
displaced westward relative to the pressure wave, especially in the lower tropo- 
sphere (Fig. 6.6). This arrangement is associated with a conversion from energy 
available in the mean meridional temperature gradient to the energy of waves. Cy- 
clone waves whose amplitude is increasing rapidly with time have a large zonal 
phase shift between their pressure and temperature waves, and thus produce efficient 
poleward transports of heat and moisture. 

Eddy fluxes by the time-averaged flow are associated with stationary planetary 
waves. Stationary planetary waves are departures of the time average from zonal 
‘symmetry and are plainly visible in monthly mean tropospheric pressure patterns 
(Fig. 6.7). They result from the east-west variations in surface elevation and surface 

u* > 0 u * < o  u * > o  u* < 0 
T* > 0 T * < O  T * > O  T* < 0 

Fig. 6.6 Schematic of the streamlines (solid) and isotherms (dashed) associated with a large-scale 
atmospheric disturbance in midlatitudes of the Northern Hemisphere. Arrows along the streamline con- 
tour indicate the direction of wind velocity. The streamlines correspond approximately to lines of constant 
pressure, since the winds are nearly geostrophic. The signs of the deviations of the wind components from 
their zonal-average values are shown to illustrate that the NE-SW tilt of the streamlines indicates a north- 
ward zonal momentum transport, and the westward phase shift of the temperature wave relative to the 
pressure wave gives a northward heat transport. 
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Fig. 6.7 Average height of the 500-mb pressure surface during January in the Northern Hemisphere. 
Contour interval is 100 m. 

temperature associated with the continents and oceans. Stationary eddy fluxes are 
largest in the Northern Hemisphere where the Himalaya and Rocky mountain ranges 
provide mechanical forcing of east-west variations in the time-mean winds and 
temperatures. The thermal contrast between the warm waters of the Kuroshio and 
Gulf Stream ocean currents and the cold temperatures in the interiors of the continents 
also provides strong thermal forcing of stationary planetary waves during winter. 

The poleward fluxes of temperature by stationary and transient eddies peak at 
about 50 degrees of latitude in the winter hemisphere in the lower part of the tropo- 
sphere (Fig. 6.8). The low-level maximum is associated with the structure of grow- 
ing extratropical cyclones, in which the phase difference between temperature and 
pressure is largest in the lower troposphere. The fluxes exhibit a minimum near the 
tropopause and then increase with height into the winter stratosphere. Temperature 
fluxes have a large seasonal variation in the Northern Hemisphere, with large values 
in winter and fairly small values during summer. In the Southern Hemisphere the 
seasonal contrast is less. Transient eddy fluxes dominate the meridional flux of tem- 
perature except in the Northern Hemisphere during winter, when stationary eddies 
contribute up to half of the flux. 
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Fig. 6.8 Meridional cross section of the zonally averaged northward flux of temperature by eddies. 
Note that in the Southern Hemisphere the poleward fluxes are negative as a result of our arbitrarily defin- 
ing north as the positive direction. Contour interval is 5 K m s-'. [Data from Oort (1983).] 

6.3.4 Vertically Averaged Meridional Energy Flux 

Four types of atmospheric energy are important for determining the meridional trans- 
port of energy (Table 6.1). Internal energy is the energy associated with the temperature 
of the atmosphere, and potential energy is the energy associated with the gravitational 
potential of air some distance above the surface. Together internal and potential energy 
constitute about 97% of the energy of the atmosphere. Although kinetic energy com- 
prises a small fraction of the total energy, it is still very important to understand its gen- 

Table 6.1 
Kinds and Amounts of Energy in the Global Atmosphere 

Name Symbol Formula Amount x lo6 J m-2 % of total 

Internal energy JE CY T 1800 70 

Latent energy LH 4 70 2.7 
Kinetic energy KE )(u2 + v2) 1.3 0.05 

Potential energy PE gz 700 21 , 

Total energy IE + PE + LH + KE 257 1 100 
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eration and maintenance, because the motions are the means by which energy is trans- 
ported from equator to pole. Motions are also important in converting one form of en- 
ergy to another. Furthermore, most of the internal and potential energy is unavailable 
for conversion into other forms. For example, in a dry, hydrostatic atmosphere without 
mountains, one can show that the ratio of the potential energy to the internal energy is 
R/cy = 0.4. This simple relation between internal and potential energy reflects the fact 
that much of the internal energy of the atmosphere is required simply so that the atmo- 
sphere may “hold itself up” against gravity, and is not available for generating motion. 

Insolation drives the circulation by heating the tropics more than the polar re- 
gions. Winds are driven by the density and pressure gradients generated by this un- 
even heating. The circulation responds not to the total amount of energy in the at- 
mosphere, but to the temperature gradients on constant pressure surfaces. For this 
reason the maximum kinetic energy occurs during winter, when the meridional tem- 
perature gradients are strongest, and not in the summer, when the total amount of en- 
ergy in the atmosphere is greatest. 

The meridional transport of energy by the atmosphere may be divided into contribu- 
tions from the mean meridional circulation and the eddy or wave motions that are su- 
perimposed on the zonal-mean flow. These may be integrated through the mass of the 
atmosphere to reveal the total meridional flux of energy in various forms by the mean 
meridional circulation and the eddies (Fig. 6.9). The meridional energy flux by the mean 
meridional circulation is mostly confined to the tropics, where the mass flux associated 
with the Hadley cell is large. The net fluxes of sensible and latent heat by the Hadley cell 
are both equatorward, and peak near 10 degrees latitude in the winter hemisphere. The 
equatorward flow near the surface brings warm moist air with it. Heavy precipitation 
occurs where warm moist air converges in the vicinity of the equator. The release of la- 
tent heat and the convergence of sensible heat flux drive strong rising motion in the up- 
ward branch of the Hadley cell. In the upward branch of the Hadley cell latent and inter- 
nal energy are converted into potential energy. The poleward flow of potential energy in 
the upper branch of the Hadley cell exceeds the sum of the equatorward flow of latent 
and internal energy in the lower branch, giving a small net poleward flow of energy. 

The poleward flow of energy in the Hadley cell can more easily be seen by con- 
sidering the moist static energy, which is the sum of sensible, potential, and latent 
energy (Fig. 6.10). 

Moist static energy = c p  T + g z + L q  = sensible + potential + latent (6.15) 

where q is the mass-mixing ratio of water vapor and L is the latent heat of vaporiza- 
tion. In a stably stratified atmosphere, moist static energy increases with altitude, so 
that a mean meridional circulation cell will transport energy in the direction of flow in 
the upper branch of the cell. The net transport of energy is generally much less than the 
transport of any individual type of energy. The net transport in the Hadley cell is only 
about 10% of the potential energy transport. Mean meridional circulation cells are not 
a particularly efficient means of poleward energy transport, especially in view of the 
strong constraints the angular-momentum balance places on these circulation cells. 
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Fig. 6.9 Northward fluxes of potential energy (FPE). sensible heat (FsH), latent heat (FLH). and total 
energy by the atmosphere as functions of latitude and season. Panels on the left show fluxes by the mean 
meridional circulation and those on the right by eddy circulations. Units are 10l9 calories per day and 
southward fluxes are shaded. [From Oort (1971). Reprinted with permission from the American Meteo- 
rological Society.] 

Fluxes by eddies are largest in midlatitudes and peak strongly in winter when the 
radiative forcing of meridional temperature gradients is greatest (Fig. 6.9). Eddy 
transport of potential energy is small, but large fluxes of latent and sensible heat are 
both poleward. Latent fluxes peak near 30 degrees latitude, where the temperatures 
are warmer and the specific humidity is greater than at higher latitudes. Eddy fluxes 
of sensible heat peak near 50 degrees, where they constitute about 80% of the total 
poleward energy flux. The meridional flux in midlatitudes is dominated by the tran- 
sient eddy flux, which is the flux associated with traveling disturbances (Fig. 6.11). 
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Fig. 6.10 Diagrams explaining the transport of energy by the mean meridional circulation using the 
month of January. The vertical distribution of potential energy (PE), sensible heat (SH), latent heat (LH), 
and total moist static energy (PE + SH + LH) near the equator (upper left). The mean meridional mass 
streamfunction for January contoured in pressure-latitude cross section (upper right). The northward 
fluxes of various energy types by the mean meridional circulation (lower right). [From Oort (1971). 
Reprinted with permission from the American Meteorological Society.] 
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Fig. 6.11 Annual average northward energy flux plotted versus latitude in the Northern Hemisphere. 
Units are 10 l5 W. Mean meridional circulation (MMC). [Data from Oort (1971). Reprinted with permis- 
sion from the American Meteorological Society.] 
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Fig. 6.12 Convergence of the meridional flux of water vapor in the atmosphere in cm year-'. [Data 
from Peix6to and Oort (1984). Reprinted with permission from the American Physical Society.] 

Only in the tropics is the transport of energy by the mean meridional circulation of 
primary importance. 

6.3.5 

The mean meridional circulation and eddies transport water and play an important 
role in determining the nature of the hydrologic cycle. The atmospheric moisture 
convergence in the tropics is dominated by the transport provided by the mean meri- 
dional circulation, which produces a convergence of moisture in the equatorial re- 
gion of about 75 cm year-' that is supplied from the subtropics (Fig. 6.12). Eddies 
remove water from the tropics and supply it to middle and high latitudes. According 
to (5.4) the divergence of atmospheric vapor transport should be equal and opposite 
to the runoff. The convergence of the zonally averaged meridional flux of water 
vapor by atmospheric motions shown in Fig. 6.12 has a structure very similar to that 
of the zonally averaged runoff shown in Fig. 5.2, as it should. Fluxes of moisture are 
confined very near the surface, because of the strong decrease of the water vapor 
concentration with altitude (Fig. 6.13). 

Meridional Water Flux in the Atmosphere 

6.4 The Angular-Momentum Balance 

The general circulation of the atmosphere is heavily constrained by the conservation 
of angular momentum. Angular momentum is the product of mass times the perpen- 

1 dicular distance from the axis of rotation times the rotation velocity. The angular 
\momentum about the axis of rotation of Earth can be written as the sum of the angu- 
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Fig. 6.13 Zonal cross section of the zonally averaged northward flux of specific humidity by eddies. 
Contour interval is I m s-’ g kg-’. [Data from Oort (1983).] 

lar momentum associated with Earth’s rotation, plus the angular momentum of zonal 
air motion measured relative to the surface of Earth. Because the depth of the atmos- 
phere is so thin compared to the radius of Earth, the altitude in the atmosphere is 
unimportant for the angular momentum of the air, and we may use a constant radius, 
a, to describe the distance from the center of Earth. The latitude has a strong influ- 
ence on the angular momentum, however, because increasing latitude decreases the 
distance to the axis of rotation (Fig. 6.14). The distance to the axis of rotation is the 
radius of Earth times cosine of latitude. The zonal velocity consists of the velocity of 
Earth’s surface associated with rotation plus the relative zonal velocity of the wind. 

hf=(Qacos@+u)  a cos @=(ueafih +u) a cos @ (6.16) 

The zonal velocity of Earth’s surface at the equator, about 465 m s-’, is very large 
compared to typical zonal wind speeds in the atmosphere. 

uemh = ~ a c o s q  = 7.292 x 10-~ rad s-’06.37 x lo6 m ~ C O S  4 
= 465 m s-’ -cos @ 

The atmospheric angular momentum associated with Earth’s rotation is thus much 
larger than the angular momentum associated with the zonal winds normally observed 
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Fig. 6.14 Diagram showing the component of angular momentum about the axis of rotation of 
Earth. [From Peix6to and Oort (1984). Reprinted with permission from the American Physical Society.] 

in the troposphere. When air parcels move poleward in the atmosphere, they retain the 
same angular momentum unless they exchange angular momentum with other air 
parcels or with the surface. Since the distance to the axis of rotation of Earth decreases 
as a parcel moves poleward on a level surface, the relative eastward zonal velocity of 
the parcel must increase to maintain a constant total angular momentum. Thus, pole- 
ward-moving parcels experience an eastward acceleration relative to Earth's surface. 

If a parcel of air moves from one latitude to another while conserving angular 
momentum, then (6.16) implies a relationship between the zonal velocities the par- 
cel will have at any two latitudes. 

M = ( Q a  cos 41 + ~ 1 )  a cos =(nu cos $2 + ~ 2 )  cos @2 (6.17) 

If a parcel starts out at the equator with zero relative velocity and moves poleward to 
another latitude while conserving its angular momentum, we have that 

M = Q a 2  =(na cos cp+u9) a cos cp (6.18) 

which can be rearranged to yield an expression for the zonal velocity at any other 
latitude u+ 

sin2 cp u 9 = Q a -  
cos cp 

(6.19) 

By substituting numbers into (6.19) we find that a parcel of air with the angular 
momentum of Earth's surface at the equator will have a westerly zonal wind speed of 
134 m s-* at 30"N or 30"s. This is much greater than the maximum zonally aver- 
aged wind speeds in the subtropical jet stream (Fig. 6.4), and we infer that the pole- 
ward angular momentum transport in the upper, poleward-flowing branch of the 
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Hadley cell is more than adequate to explain the existence of a 40 m s-' jet at 30" 
latitude. The interesting part is explaining why the subtropical jet stream is not! 
stronger than it is. A parcel traveling at a mean meridional velocity of 1 m s-l would 
require about 30 days to travel from the equator to 30°N, allowing plenty of time for 
small-scale turbulence or some other slow process to reduce the angular momentum 
of the parcel. In fact, drag by small-scale eddies is probably not the most important 
mechanism for reducing the angular momentum of air parcels in the upper branch of 
the Hadley cell. Rather it is the large-scale eddies in the atmosphere that transport 
momentum out of the Hadley cell, into midlatitudes, and downward to the surface. 

The zonally averaged meridional flux of angular momentum in the atmosphere 
can be written 

[uM]=[G](Ra cos $+[.I) a cos $+([T3]+[.*"*]] a cos 4 (6.20) 

and consists of the transport of the zonal-mean angular momentum by the mean meri- 
dional velocity and an eddy flux term that depends on the covariance between zonal and 
meridional velocity fluctuations around a latitude circle. This eddy flux term becomes 
the dominant one near 30 degrees latitude, where the mean meridional velocity is small. 
The eddy flux of zonal momentum peaks at about the tropopause level at 35" latitude, 
where it is poleward in both hemispheres and strongest in the winter season (Fig. 6.15). 
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Fig. 6.15 Zonal cross sections of the northward flux of zonal velocity by eddies. Contour interval is 
5 m2 s - ~ .  [Data from Oort (1983).] 
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Northward zonal momentum flux by large-scale atmospheric disturbances is produced 
when the streamlines of the flow are oriented such that high and low anomalies tilt from 
southwest to northeast in the Northern Hemisphere as illustrated in Fig. 6.6. It can be 
seen that when the streamlines are tilted in this manner, the eastward component of 
wind is greater when the meridional wind component is poleward, and the eastward 
component of wind is weaker when the meridional flow is equatorward. Therefore an 
average over longitude of the product of the deviations of the zonal and meridional 
components of wind will be positive, indicating a northward flux of zonal angular 
momentum. 

The flow of angular momentum in the atmosphere is shown schematically in 
Fig. 6.16. In the tropical easterlies, where the atmosphere rotates more slowly than 
Earth’s surface, eastward angular momentum is transferred from Earth to the atmos- 
phere via frictional forces and pressure forces acting on mountains. This westerly 
angular momentum is transported upward and then poleward in the Hadley cell. At- 
mospheric eddies transport angular momentum poleward and downward into the 
midlatitude westerlies. Where the surface winds are westerly, the atmosphere is ro- 
tating faster than Earth’s surface and the eastward momentum is returned to Earth. It 
is clear that the surface zonal winds cannot be of the same sign everywhere, since 
eastward angular momentum must flow into the atmosphere where the surface winds 
are easterly, and must return to Earth where the surface winds are westerly. Thus the 
tropical easterly winds and midlatitude westerlies that so regulate the routes of sail- 
ing ships across the major oceans are required to satisfy the angular momentum con- 
straint on atmospheric flow. 
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Fig. 6.16 Schematic illustration of the flow of angular momentum from Earth through the atmo- 
sphere and back to Earth. 
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6.5 Large-Scale Circulation Patterns and Climate 

The circulation of the atmosphere is not precisely zonally symmetric, and east-west 
variations of winds and temperature are important for regional climates. For ex- 
ample, the subtropical jet of midlatitudes is not equally strong at all longitudes, but 
has local maxima associated with the distribution of land and ocean in the Northern 
Hemisphere (Fig. 6.17). During winter the subtropical jet stream has two local wind- 
speed maxima downstream of the Tibetan Plateau and Rocky Mountains over the 
Pacific and Atlantic Oceans, respectively. These maxima in the time-average wind 
speed have associated with them maxima in the transient eddy activity and eddy 
fluxes of heat and moisture. They define the so-called storm tracks, where vigorous 
midlatitude cyclones are most frequently observed. The seasonal migration of these 
storm tracks plays a key role in the annual variation of precipitation along the west 
coast of North America discussed in Chapter 5.  

The distribution of surface air pressure is an important indicator of the general 
circulation (Fig. 6.18). Near the surface air tends to spiral inward toward low pres- 
sure centers, as is clearly indicated for the midlatitude low-pressure centers over the 
Pacific and Atlantic oceans during winter. By the conservation of mass this converg- 
ing air must rise over the low pressure center. Conversely, the flow near the surface 
spirals outward from high-pressure centers, so that high pressure is generally indica- 
tive of subsiding motion above the boundary layer and suppressed convection. The 
surface pressure near 30 degrees latitude is generally higher than the surface pres- 
sure at the equator. This is consistent with the surface tradewinds of the tropics, 
which generally blow toward the equator from both hemispheres and meet in the 
Intertropical Convergence Zone (ITCZ) near the equator, where the surface pressure 
is low and where deep convection occurs with its attendant latent heat release and 
large-scale upward motion. 

The seasonal variations in sea-level pressure are most apparent in the Northern 
Hemisphere. During winter the high-latitude oceans are characterized by low- 
pressure centers with the Aleutian and Icelandic lows centered in the northern mar- 
gins of the Pacific and Atlantic Oceans, respectively. A high-pressure center lies 
over Asia. During summer the land-sea pressure contrast is reversed in midlatitudes, 
with the highest pressures over the oceans and the lowest pressures over the land 
areas. The oceanic highs are centered over 40°N, compared to their position at about 
30"N during winter. The dominant low-pressure feature during Northern Hemi- 
sphere summer is centered over Asia at about 30°N, and is associated with the Asian 
summer monsoon. 

The dramatic shifts in land-sea pressure distribution are driven by seasonal 
changes of insolation and the different responses of the land and ocean to heating. 
Over the oceans the response of surface temperature to seasonal variations of insola- 
tion is smaller because the energy is put into a deep layer of ocean with a large heat 
capacity and because evaporation consumes much of the heat input. Land surfaces 
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Fig. 6.18 Maps of mean sea-level pressure for (a) January and (b) July. Wind vectors for the 1OOO- 
mb level are superimposed. Data are 1980-87 analyses from a forecast model. Contour interval is 5 mb 
and largest vector represents a wind speed of 12 m s-'. 

have a much smaller capacity for storing heat, and often are not sufficiently wet that 
evaporation can balance large summertime increases in insolation. As a result the 
land surfaces warm up dramatically in summer and cool in winter. The pressure 
variations along latitude circles in midlatitudes are associated with the dynamical 

Fig. 6.17 (a) Time-mean structure of upper-tropospheric wind speed (500 mb) during winter (m 
s-I), and (b) contours of northward temperature flux ( u' T') at 850 mb by eddies with periods shorter than 
6 days (m s-' K). [From Blackmon (1977). Reprinted with permission from the American Meteorologi- 
cal Society.] 
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response to the land-sea temperature and heating contrasts. The low pressures gener- 
ally occupy the warm regions where the atmosphere is heated, and the high pressures 
occur where the temperature is low and the atmosphere is being cooled. Land sur- 
faces are warmer than adjacent oceans in summer and are colder than the oceans dur- 
ing winter (see Figs. 1.5-1.7). 

6.5.1 Monsoonal Climates 

The seasonal movement of maximum insolation from one hemisphere to the other 
causes seasonal shifts in the tropical winds and precipitation, which have dramatic 
effects on the populations there. In some regions of the tropics the winds blow con- 
sistently in one direction during part of the year and then may weaken or blow from 
a very different direction for the rest of the year. Such regular seasonal changes 
in wind speed and direction are called monsoons.' The word monsoon is derived 
from an Arabic word meaning season. In many parts of Africa, Asia, and Australia, 
seasonal changes in wind direction are accompanied by dramatic shifts in precipita- 
tion regime between very dry and very rainy. Nowhere is this phenomenon more 
dramatically displayed than in the Asian monsoon. 

During summer the Tibetan plateau is heated by insolation, and much of this en- 
ergy is transferred to the atmosphere, which warms significantly, leading to a reduc- 
tion in surface pressure. The low surface pressure encourages a low-level flow of 
warm, moist air from the ocean to the land (Fig. 6.19), which supports intense pre- 
cipitation over India and the slopes of the Himalayas during summer. A similar en- 
croachment of summertime precipitation occurs over eastern Asia. The heating by 
insolation and latent heat release drives upward motion in the atmosphere, which is 
necessary to balance the convergence of air at low levels. The seasonal movement of 
the main precipitation regions can be seen clearly in the OLR (Fig. 2.10). During 
winter the situation is reversed. The Himalayas cool dramatically, air flows toward 
the Indian Ocean from the land at low levels, and India and surrounding lands expe- 
rience a wintertime drought (Fig. 6.20). The switch from dry to moist conditions oc- 
curs abruptly at the time of summer monsoon onset, typically around the middle of 
June. The date of monsoon onset and the duration and intensity of rainfall during the 
rainy season vary from year to year. These fluctuations in summer precipitation can 
produce either flood or drought, and are of great importance for the populace in the 
regions affected. 

6.5.2 Desert Climates 

Desert climates occur in land areas where the precipitation is significantly less than 
the potential evapotranspiration, so that the surface becomes dry. Precipitation will 

'Fein and Stephens (1987). 
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Fig. 6.19 Maps of mean sea-level pressure and 1000-mb winds in the region of the Asian Monsoon 
during (a) January and (b) July. Contour interval is 2 mb and largest vector represents a wind speed of 
17 m s-'. 



160 6 Atmospheric General Circulation and Climate 

I 
70E 75E 8OE 85E 

5N 

ON 

'5N 

!ON 

15N 

I ON 

E 

Fig. 6.20 Maps of the mean monthly precipitation over India during (a) January (contour interval 
10 mm) and (b) July (contour interval 100 mm). 

generally occur where humid air is uplifted. Aridity can be caused by a variety of 
mechanisms, which are all associated with the circulation of the atmosphere. Rain- 
fall can be suppressed by widespread, persistent subsidence associated with the gen- 
eral circulation of the atmosphere. As we have seen, the Hadley circulation implies 
downward air motions along much of the belt from about 10 to 40 degrees latitude in 
both hemispheres, where many of the world's great deserts are found (Fig. 6.21). Re- 
gions of localized subsidence associated with mountain ranges can also lead to 
deserts. Persistent subsidence generally occurs on the downwind side of mountain 
ranges that stand athwart the prevailing wind direction. Examples are the North 
American Desert, which is downwind of the Cascade, Sierra, or Rocky Mountains, 
and the Monte and Patagonian Deserts, which are to the east of the Andes Mountains 
in South America. The coastal deserts of Peru and Chile result from three causes: the 
large-scale subtropical subsidence, the localized subsidence associated with easterly 
flow over the Andes, and the cold sea surface temperatures adjacent to the deserts. 
When wann air flows over cold ocean surfaces, the air near the surface is cooled by 
sensible heat exchange and the atmosphere becomes stable to moist convection, be- 
cause cold, dense air near the surface cannot easily rise through the warmer air 
above. 

Deserts may also be formed in regions that are blocked from a supply of humid 
air. If air is forced to cross a mountain range, its humidity is greatly reduced as the air 
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stream is uplifted on the windward side. As the air rises it cools, and the water vapor 
condenses out as heavy precipitation. On the leeward side the air sinks and warms, 
giving the air an extremely low humidity. The deserts of central Asia, such as the 
Gobi, occur in regions that are either very distant from the ocean or separated from 
the ocean by a major mountain range. 

The Sahara and Arabian (Rub' a1 Khali) Deserts constitute one of the largest and 
most arid regions on Earth. This results from their large land mass and their position 
in the subtropics where mean air motions are downward and insolation is large. Be- 
cause of their high surface temperature and high albedo, these deserts are regions of 
net radiation loss in the annual average (Fig. 2.11). The atmospheric circulation pro- 
vides energy to these regions by import of high energy air at high levels of the at- 
mosphere. The air then subsides over the deserts as it radiatively cools. The outflow 
of this air at low levels exports moisture and helps to sustain the great dryness of 
these regions. 

Deserts all share a very dry surface and precipitation much lower than the poten- 
tial evaporation, but can vary greatly in their mean temperatures. For example, 
Ouallen, Algeria, a town in the Sahara at 22.8"N, 5.53"E, has a maximum monthly 
mean temperature of 38°C in July, a minimum of 16°C in January, and an annual 
precipitation of about 22 mm. In contrast, Antofagasta, Chile in the coastal Atacama 
Desert at 23.5"S, 70.4"W, has an even lower annual precipitation of 2 mm, but has 
much colder temperatures. Antofagasta has a monthly mean maximum temperature 
of 20°C in January and a minimum of 13°C in July. The coastal Peruvian and Ata- 
cama Deserts are remarkable because the low temperatures and frequent stratus 
cloud and fog associated with the cold temperatures of the adjacent ocean are juxta- 
posed with an extreme lack of precipitation. 

Most deserts have a large diurnal variation in surface temperature, because the 
surface warms substantially during the day in response to insolation, and cools 
rapidly at night because longwave radiation emitted by the surface exceeds the 
downward longwave coming from the dry, cloudless atmosphere. Seasonal varia- 
tions of temperature can also be rather large in midlatitude arid lands, with freezing 
temperatures in winter and very hot daytime temperatures in summer. 

6.5.3 Wet Climates 

Wet climates occur where the precipitation is heavy and exceeds the evapotranspira- 
tion for much of the year. Tropical wet climates are supported by the natural ten- 
dency of the atmospheric circulation to bring warm moist air to the equator. Islands 
that fall under the Intertropical Convergence Zone are favored by heavy rainfall, and 
all of the major tropical land masses have a region with a wet climate near the equa- 
tor. The major regions of convection and precipitation in the tropics can be seen in 
the seasonal means of outgoing longwave radiation (OLR) in Fig. 2.10. The regions 
of lowest seasonal mean OLR occur where the most extensive upper-level clouds 



6.5 Large-Scale Circulation Patterns and Climate 163 

exist [Fig. 3.21(a)], and these clouds are in turn representative of intense convection 
and rainfall. Along the equator three minima in the OLR are associated with rainy re- 
gions over South America, Africa, and the Indonesian-western Pacific region. These 
zones of heavy precipitation move north and south with the seasons and tend to 
occur in the summer hemisphere. 

The combination of equatorial location, shallow seas, and relatively small land 
masses in the region of Malaysia, Indonesia, and New Guinea gives rise to the biggest 
region of intense precipitation on Earth. Here high sea surface temperatures and 
strong solar forcing of diurnal land-sea breezes around the many islands foster fre- 
quent intense convection and precipitation. This large region of intense convection 
provides a strong thermal forcing for the large-scale circulation of the tropical at- 
mosphere. Rising motion driven by latent heat release in the Indonesian sector drives 
a powerful circulation cell along the equator with surface inflow from the east and 
west and outflow just below the tropopause. The east-west circulation cells along 
the equator associated with the convective regions over Indonesia, South America, 
and Africa can be illustrated with a zonal mass streamfunction defined as 

#N P 
V z = E  i i*dpd# (6.21) 

#s 0 

where the integral is taken over latitudes in the Northern and Southern Hemispheres, 
#,,, and #s, that are equidistant from the equator. U* is the deviation of the time-mean 
eastward component of wind from its zonal-mean value. Values of the zonal mass 
streamfunction indicate the eastward mass flow above the level in question. If the 
range of latitudes over which the average is taken is fairly large, then the zonal gra- 
dients in the streamfunction are indicative of vertical motion. Large regions of rising 
motion are characteristic of the Indonesian, South American, and African regions 
and subsidence occurs in between (Fig. 6.22). The largest of the circulation cells ori- 
ented along the equator extends across the Pacific Ocean and is known as the Walker 
circulation, after the meteorologist Sir Gilbert Walker, who first described it. 
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Fig. 6.22 Schematic view of the east-west Walker circulation along the equator indicating low-level 
convergence in regions of convection where mean upward motion occurs. [From Webster (1983).] 
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The seasonal movement in the mass of convection centered over Indonesia has 
both north-south and east-west components. During Southern Hemisphere summer 
the convection extends southeastward over the south Pacific Ocean and is identifi- 
able as far away as 30"S, 140"W (Fig. 2.10). This feature is called the South Pacific 
Convergence Zone (SPCZ). During Northern Hemisphere summer the SPCZ is re- 
tracted back across the dateline, and the Indonesian convection extends northwest- 
ward into the Bay of Bengal, where it becomes connected with the convection asso- 
ciated with the Asian summer monsoon. 

The largest area of tropical rain forest exists in the Amazon Basin of South Amer- 
ica. The Amazon Basin receives more than 2 m of precipitation per year. The heavy 
precipitation over the vast area of the Amazon Basin is favored by the basin's equa- 
torial location and its orientation in relation to the prevailing easterlies of the tropical 
atmosphere. Northeasterly winds cany large amounts of water vapor into the Ama- 
zon Basin from the Atlantic Ocean. The westward flow of moist air is unimpeded by 
the very gradual slope of the basin until the barrier formed by the Andes Mountains 
at the western extremity of the basin prevents the water vapor from simply flowing 
across South America without precipitation. Once convection is initiated over the 
Amazon Basin, the resulting latent heat release drives upward motion in the atmos- 
phere that must be supported by further inflow of humid air from the east at low lev- 
els. A circulation of this nature is capable of delivering large amounts of precipita- 
tion to the surface of the basin and supports a huge volume of surface runoff to the 
Amazon River, which has the largest flow of any river in the world. The rainfall is 
seasonal, however, with maximum rainfall during the early months of the calendar 
year and minimum rainfall centered around the month of August, when the ITCZ 
moves northward and the heaviest precipitation falls in Central America. The heavi- 
est precipitation follows the solar declination angle into the summer hemisphere, so 
that the rainy seasons on opposite sides of the equator tend to occur 6 months apart 
(Fig. 6.23). 

6.5.4 Tropical Wet and Dry Climates 

Many tropical regions have a wet season and a dry season of varying lengths. An in- 
teresting example that covers a very large area is the northern half of Africa, where 
the climate varies from wet near the equator to extremely arid at 25"N, with the 
southern boundary of the Sahara Desert roughly along 16"N. Between these two ex- 
tremes the precipitation is seasonal, with a wet period and a dry period (Fig. 6.24). 
The precipitation and low-level convergence are tied together and follow the insola- 
tion into the summer hemisphere (Fig. 6.25). During summer, strong solar heating of 
the surface results in a transfer of heat to the air, which can support mean upward 
motion. This upward motion can draw moist, low-level air from the south that has its 
origin in the Gulf of Guinea or in the moist land areas of central Africa. As a result 
precipitation in the semiarid lands at the southern margin of the Sahara Desert occurs 
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only during the summer season, when solar heating of the surface is sufficient to 
drive upward motion and low-level convergence there. In the tropical western 
Sahara during July the minimum sea-level pressure and apparent low-level conver- 
gence occur near 22"N, 5"W [Fig. 6.25(b)]. The precipitation associated with this 

Fig. 6.24 Precipitation and seasonality of precipitation in NW Africa. Units are mm/year for con- 
tours of annual mean precipitation and mdmonth for bar graphs showing the monthly precipitation from 
January (J) through December (D). [From Ledger (1969). Permission granted from Methuen and Co.] 



Fig. 6.25 Maps of mean sea-level pressure and 1000-mb winds in the region of the African Mon- 
soon during (a) January and (b) July. Contour interval is 2 mb, and largest wind vector represents a speed 
of 12 m s-l. 
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low-level convergence is quite small, however, because the air must follow a long 
trajectory over dry land areas so that it is quite dry when it reaches the area where the 
low-level winds converge and support shallow rising motion. The low-level wind 
convergence during January occurs at about 7"N in western Africa, which is much 
closer to the moisture source in the Atlantic Ocean [Fig. 6.25(a)], and which there- 
fore produces very heavy precipitation (Fig. 6.24). Along the southern coast of west- 
ern Africa the precipitation peaks twice a year during early summer and late fall. 
This double maximum is associated with the sun being exactly over the equator 
twice a year. 

The wet season in Africa decreases in duration and reliability as one moves north- 
ward from the equator. As a general rule, the fractional variation of precipitation 
from year to year increases as the mean annual precipitation decreases, so lands that 
have low precipitation also have a high probability of unusually dry or wet years. At, 
the southern margin of the Sahara Desert, in a region often called the Sahel, life is 
particularly sensitive to failures of the summer rainfall, especially when the rains 
fail for several years in succession as they did in 1910-1913, 1938-1942, and 
1969- 1973 (Fig. 6.26). Drought periods in the Sahel have been related to decadal 
changes in sea surface temperature? and may be made worse by the local environ- 
mental changes induced by humans and their domestic  animal^.^ Domestic animals 
such as goats and cattle need vegetation to eat, and humans need firewood for cook- 
ing. If the density of human and animal populations is such that the land is denuded 
of vegetation, then the desert may advance into regions that were previously semi- 
arid. The complete removal of the surface vegetation is more likely during a drought 
episode, since the growth rate of plants cannot match the harvest rate by humans and 
animals. 

Changes in surface environment of arid lands can be very long-lasting. When the 
rains fail and the surface vegetation is removed, the dominant surface covering may 
become windblown sand, which has a higher albedo than a vegetated surface. Such a 
surface will reflect more of the insolation, so that the heating rate necessary to drive 
low-level convergence may not be attained, and the rains will be more likely to fail. 
The reverse feedback process is also possible. Random weather events or the remote 
influence of sea surface temperature changes can lead to a succession of wet years. A 
few years of enhanced rainfall can foster the development of surface vegetation that 
will hold down the sand and decrease the surface albedo, thereby increasing the 
probability of additional wet years. The desert margin is thus a sensitive region, and 
can be altered by modest forces driving it toward greater or lesser aridity. Paleocli- 
matic evidence presented in Chapter 8 shows that the Sahara was not always a 
desert, and that natural changes can transform its climate to a much wetter one. 

*Folland et al. (1986). 
.'Charney (1975); Rasool(l984). 
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Exercises 

1. 

2. 

3. 
4. 

5.  

6. 

7. 

8. 

Discuss why the net energy transport of the Hadley circulation is much less 
than the poleward transport of potential energy. In what ways are the Hadley 
circulation and its energy transports related to the climate of the tropics? 
Draw Fig. 6.6 for the Southern Hemisphere using the same coordinate axes. 
Make sure that what you draw transports heat and momentum toward the 
South Pole. 
Derive (6.20) from (6.16), (6.12), and (6.13). 
Calculate the zonal velocity of an air parcel at the equator, if it has conserved 
angular momentum while moving to the equator from 20"s. where it was ini- 
tially at rest relative to the surface. 
The tropical easterlies and midlatitude westerlies occupy about the same 
surface area of Earth. Would you expect the surface westerly winds to be 
stronger, weaker, or about the same as the surface easterlies? Explain your an- 
swer with equations. 
Estimate the rate at which air must subside over the Sahara to balance the heat 
loss by radiation shown in Fig. 2.1 la. Hint: Approximate the vertical gradient 
of moist static energy with that of potential energy and then use downward ad- 
vection against this gradient to balance a radiative heat loss, e.g., w[d(gz)ldz] 
=RTOA (Ps/g)-'. 
It has been speculated that you might be able to bring rainfall to the Sahara by 
decreasing the surface albedo. Estimate how much the albedo of the Sahara 
would need to decrease in order to convert its current net annual loss of radia- 
tion to a net annual gain of radiation of the same magnitude. This net radiative 
heating could support mean upward motion that would produce precipitation. 
How can you account for the likely surface temperature increases and associ- 
ated longwave energy loss increases that will occur if you increase the solar 
absorption without providing moisture for evaporation? 
Using the results of problems 6 and 7 and the tropical humidity distribution in 
Fig. 1.9, estimate how much albedo decrease you would need to generate net 

Fig. 6.26 Three photographs showing the variation of surface conditions from the subtropical Sa- 
hara Desert to the Intertropical Convergence Zone. Top: the Saharan oasis of Ghardaia, Algeria at 32'N. 
The water table approaches the surface in this depression so that date palms can be grown by imgation. 
The annual rainfall is about 75 mm and the surrounding land is barren of vegetation. Middle: Sahel region 
grassland between Agadez and Tanout, Niger at 16'N. The annual rainfall is about 400 mm. Bottom: 
equatorial rain forest on the rim of the Congo Basin near Bondo, Zaire at 4"N. Annual rainfall is about 
1800 mm. (Photos courtesy of S. G.  Warren.) 
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radiative heating to drive mean vertical motion sufficient to produce runoff 
from the Sahara equivalent to 1 m of precipitation per year. Hint: Equate the 
vertical transport of water vapor at the top of the boundary layer with the pre- 
cipitation rate P, e.g., (wpuq)l km = Pp,, where pu and p, are the density of air 
and liquid water, respectively, and q is the mass mixing ratio of water vapor. 
Compare your result with the net radiation over the Amazon Basin during the 
rainy season (Fig. 2.11). 



Chapter 7 

7.1 Cauldron of Climate 

The Ocean General Circulation 
and Climate 

The global ocean plays several critical roles in the physical climate system of Earth. 
These roles are related to key physical properties of the ocean: it is wet, it has a low 
albedo, it has a large heat capacity, and it is a fluid. Oceans provide a perfectly wet sur- 
face, which when unfrozen has a low albedo and is therefore an excellent absorber of 
solar radiation. The oceans receive more than half of the energy entering the climate sys- 
tem, and evaporative cooling balances much of the solar energy absorbed by the oceans, 
making them the primary source of water vapor and heat for the atmosphere. The world 
ocean is thus the boiler that drives the global hydrologic cycle. The world ocean also pro- 
vides the bulk of the thermal inertia of the climate system on time scales from weeks to 
centuries. The great capacity of the oceans to store heat reduces the magnitude of the 
seasonal cycle in surface temperature by storing heat in summer and releasing it in win- 
ter. Because seawater is a fluid, currents in the ocean can move water over great distances 
and carry heat and other ocean properties from one geographic area to another. The 
equator-to-pole energy transport by the ocean is important in reducing the pole-to-equa- 
tor temperature gradient. Horizontal and vertical transport of energy by the ocean can 
also alter the nature of regional climates by controlling the local sea surface temperature. 

In addition to its direct physical effects on the climate system, the global ocean 
can affect the climate indirectly through chemical and biological processes. The 
ocean is a large reservoir for the chemical elements that form the atmosphere. Ex- 
change of gases across the air-sea interface controls the concentration of trace 
chemical species containing oxygen, carbon, sulfur, and nitrogen, which are impor- 
tant in determining the radiative and chemical characteristics of the atmosphere. For 
example, the ocean controls the concentration of carbon dioxide in the atmosphere 
by exchanging gaseous carbon dioxide across the air-sea interface. Carbon dioxide 
is converted to organic solids in the ocean, and carbon is then stored by deposition 
of these solids onto the sea floor. Sulfur-bearing gases released from biological and 
chemical processes in the ocean enter the atmosphere where they are converted to 
aerosols that form the nuclei on which cloud droplets form. Evaporation of sea spray 
also forms salt particles that can form cloud condensation nuclei. The cloud conden- 
sation nuclei produced in the ocean can have a substantial influence on the energy 
balance of Earth, through their effect on the optical properties and extent of clouds. 

171 
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7.2 Properties of Seawater 

Oceanic currents and the resulting heat transports are determined primarily by the 
physical properties of the ocean. To specify the physical state of seawater requires three 
variables: pressure, temperature, and salinity. As described in Chapter 1, salinity is the 
mass of dissolved salts in a kilogram of seawater, and is generally measured in parts per 
thousand, which we denote with the symbol %a The average salinity and temperature 
of the world Ocean are approximately 34.7%0 and 3.6"C, respectively. The effect of the 
ocean on atmospheric composition through biological and chemical processes depends 
on a more complex mix of physical, chemical, and biological properties. For example, 
the oxygen and nutrient content of seawater are of critical importance for life in the sea. 
Trace amounts of key minerals may be very important for local biological productivity. 

Only about the first kilometer of ocean between 50"N and 50"s is warmer than 
5°C [Fig. 7.l(a)], so that much of the mass of the ocean is between -2°C and 5°C. 
The thermal structure of the ocean at most locations can be divided into three verti- 
cal sections. The top 20-200 m of water in contact with the atmosphere usually has 
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Fig. 7.1 Annual-mean zonal average for the global Ocean of (a) potential temperature (T), and 
(b) salinity [?& (% = parts per thousand)], and (c) potential density (p ,  - 1O00, kg m-3). [From Levitus 
(1982).] 
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an almost uniform temperature, which is maintained by rapid mixing through me- 
chanical stirring and thermal overturning. This layer is called the surface mixed layer 
of the ocean. Below the mixed layer the temperature decreases relatively quickly 
with depth to about 1000 m (Fig. 1.10). This layer of rapid temperature change, 
called the permanent thermocline, persists in all seasons. It is believed that the per- 
manent thermocline is maintained by heating from above, balanced by a slow up- 
ward movement of colder water from below. The cold water in the deep abyss of the 
oceans is produced at the surface in a few regions of the polar ocean. At the base of 
the permanent thermocline the typical temperature is about 5"C, and below this the 
temperature decreases more slowly with depth, reaching a temperature of about 2°C 
in the deepest layers of the ocean. The physical properties of the deep ocean show 
little spatial variability, so that temperature, salinity, and density are almost uniform 
(Fig. 7.1). 

Water is almost incompressible, so the density of seawater is always very close to 
1000 kg m-3, even near the bottom of the ocean where the pressure may be several 
thousand times the surface air pressure. Density of seawater is usually reported as a 
deviation from 1000 kg mP3, p-1000. Potential density, pt,  is the density that sea- 
water with a particular salinity and temperature would have at zero water pressure, 
or the density at surface air pressure. Potential density increases most rapidly with 
depth in the first several hundred meters of the tropical and midlatitude ocean 
[Fig. 7.1(c)]. This rapid increase of density with depth is supported by the absorp- 
tion of solar radiation near the surface, which sustains the warm temperatures there. 
The strong density stratification in the upper ocean inhibits vertical motion and tur- 
bulent exchanges, so that the deep ocean is somewhat isolated from surface influ- 
ences in those regions where this density stratification is present. The strong density 
stratification is reduced in high latitudes, where in some locations (e.g., 65"N and 
75"s) the potential density at the surface comes much closer to the densities prevail- 

ring in the deep ocean. The distribution of potential density suggests that the water 
occupying the bulk of the deep ocean came from the polar regions, where at certain 

\locations and seasons surface water becomes dense enough to sink to great depth. 
The distributions of other tracers also suggest that slow downward motion of water 
in high latitudes extends downward and equatorward into the deep ocean, as will be 
discussed in Section 7.6. 

Variations of density on pressure surfaces are important for driving the circulation 
of the ocean, and depend on the temperature and salinity. Salt content increases the 
density of water, and seawater expands and becomes less dense as its temperature in- 
creases. The salinity of seawater ranges from about 25 to 40%0 and the temperature 
ranges from about -2 to 30°C. By varying within these ranges salinity and tempera- 
ture have roughly equal importance for density variations in the ocean (Fig. 7.2). 
The density of seawater is very nearly linearly dependent on salinity. The depen- 
dence of density on temperature does not have this simple linear behavior, however. 
When the temperature of water approaches its freezing point, its density generally 
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Contours of seawater density anomalies (pr  - 1O00, kg m-3) plotted against salinity and 

becomes less sensitive to temperature. For pure water, for example, the maximum 
density occurs at 4"C, and the water then expands slightly as it is cooled further. 
Therefore, fresh water lakes that are cooled from the top continue to overturn con- 
vectively until the entire water column reaches 4"C, because water that is at 4°C will 
always be more dense than warmer water. When the entire water column is cooled to 
4°C surface water that is cooled further will become less dense than the column and 
will "float" at the surface. When it reaches 0°C the surface water will freeze and 
form a layer of surface ice, which provides a layer of insulation between the cold air 
above and the warmer water below. If the lake is deep enough, the water near the 
bottom will remain at about 4"C, although the air temperature above the surface ice 
may fall to many degrees below zero. This fact allows fish in high-latitude or high- 
altitude lakes to survive the winter in the liquid water beneath the. surface ice. 

For seawater with salinity greater than 24.7%0, the density continues to increase 
with decreasing temperature until freezing occurs, although more slowly as the 
freezing point is approached. Therefore, if the salinity is initially well mixed, the en- 
tire water column must be cooled to the freezing point before ice can form. Sea ice is 
able to form in the high-latitude oceans because the salinity decreases significantly 
near the surface (Fig. 1.11). Lower salinities near the surface cause a decrease in 
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density that offsets the increase in density associated with colder temperatures near 
the surface, allowing water near the surface to freeze while warmer water is present 
below. The low surface salinities result primarily from the excess of precipitation 
over evaporation in these latitudes. In the Arctic Ocean the supply of freshwater 
from rivers flowing from the surrounding continents contributes importantly to low 
surface salinities and therefore to the stable density gradient. Because salinity in- 
creases with depth, the surface is able to form ice without bringing the temperature 
of the entire water column to the freezing point. It has been hypothesized that, if the 
flow of certain key rivers were diverted from the Arctic Ocean to supply imgation 
water to continental interiors farther south, the heat balance of the Arctic could be 
severely distorted, because the normal configuration of a thin layer of surface ice on 
a mostly unfrozen Arctic Ocean may no longer be stable. Increased salinity of sur- 
face waters in the Arctic might lead to either complete removal of most arctic sea ice 
or complete freezing of the Arctic Ocean from surface to bottom. 

7.3 The Mixed Layer 

The primary heat source for the ocean is solar radiation entering through the top 
surface. Almost all of the solar energy flux into the ocean is absorbed in the top 
100 m. Infrared and near-infrared radiation are absorbed in the top centimeter, but 
blue and green visible radiation can penetrate to more than 100 m if the water is 
especially clear. The depth to which visible radiation penetrates the ocean depends 
on the amount and optical properties of suspended organic matter in the water, 
which vary greatly with location, depending on the currents and the local biologi- 
cal productivity. The principal component of suspended matter in surface water is 
plankton, which are plants and animals that drift in the near-surface waters of 
the ocean (Fig. 7.3). The solar flux and heating rate in the ocean are greatest at 
the surface and decrease exponentially with depth, in accord with the Lambert- 
Bouguet-Beer Law as described in Chapter 3. Under average conditions the solar 
flux and heating rate are reduced to half of their surface value by a depth of about 
one meter, but significant heating can still be present at more than 100 m below 
the surface. 

Since the solar heating is deposited over a depth of several tens of meters in the 
upper layers of the ocean, and cooling by evaporation and sensible heat transfer to 
the atmosphere occurs at the surface, there must be an upward flux of energy in 
the upper ocean to maintain an energy balance between surface loss terms and 
subsurface heating. Molecular diffusion is an important heat transport mechanism 
only in the top centimeter of the ocean. Elsewhere the heat flux is carried by tur- 
bulent mixing, convective overturning, and mean vertical motion, which is called 
upwelling or downwelling in the ocean. Turbulent mixing in the surface layer of 
the ocean is greatly aided by the supply of mechanical energy by the winds and 
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Fig. 7.3 A small oceanic eddy off New Zealand’s South Island, northeast of Christchurch. The vari- 
ations in water color are associated with the abundance of plankton. The brightest areas are clouds. (Chal- 
lenger 9,61A, NASA, October 30, 1985-November 6, 1985.) 

their interaction with waves on the surface of the water. In the mixed layer of the 
ocean, heat transport by convection and turbulent mixing is so efficient that the 
temperature, salinity, and other properties of the seawater are almost independent 
of depth (Fig. 7.4). 

A schematic diagram showing the processes important in the oceanic mixed layer 
is presented in Fig. 7.5. The depth of the mixed layer depends on the rate of buoy- 
ancy generation and the rate at which kinetic energy is supplied to the ocean surface 
by winds. If the surface is cooled very strongly, such as at high latitudes during fall 
and winter, then cold, dense water is formed near the surface at a rapid rate and 
buoyancy forces will drive convection, with sinking of cold water and rising of 
warmer water in the mixed layer. When the surface is cooled only weakly or actually 
heated, such as during summer, when surface solar heating rates are greatest, then 
the generation of mixing by buoyancy is less and the mixed layer will become thin- 
ner and warmer. Buoyancy can be generated by the effect of evaporation on surface 
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Fig. 7.4 Vertical profiles of temperature (T, "C), salinity (S, %o), and potential density ( p t  - 1O00, 
kg W3) at Ocean Station P, 50" .  145'W. on June 23,1970 showing the mixed layer in the top 50 m. The 
hatched area shows the change since May 19, 1970 and indicates the springtime warming and thinning of 
the mixed layer. [From Denman and Miyake (1973). Reprinted with permission from the American Mete- 
orological Society.] 

salinity, even when surface temperatures are increasing with time. The density in- 
crease associated with increasingly saline surface waters can balance or overcome 
thermal stratification and encourage mixing. Rainfall represents an input of fresh- 
water at the surface, which acts to decrease the density of the surface waters. Winds 
blowing over the ocean waves transfer kinetic energy to the water that results in tur- 
bulent water motion as well as mean ocean currents. The supply of turbulent kinetic 
energy to the upper ocean by winds can induce mixing even in the presence of stable 
density stratification. If the intensity of turbulence in the mixed layer is great 
enough, cool, dense water can be entrained into the mixed layer from below. This 
implies a downward heat transport, which cools and deepens the mixed layer. 

The heat, momentum, and moisture exchanges between the atmosphere and the 
ocean are accomplished through contact of the atmospheric boundary layer with the 
mixed layer of the ocean. Storage and removal of heat from the ocean on time scales 
of less than a year are confined to the mixed layer over much of the ocean. The depth 
of the oceanic mixed layer varies from a few meters in regions where subsurface 
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Fig. 7.5 Diagram showing important mixed-layer processes. 

water upwells, as along the equator and in eastern boundary currents, to the depth of 
the ocean in high-latitude regions where cold, saline surface water can sink all the 
way to the ocean bottom. Regions where the mixed layer is deeper than 500 m con- 
stitute a small fraction of the global ocean area, however. In general, as one would 
expect, the mixed layer is thin where the ocean is being heated and thick where the 
ocean gives up its energy to the atmosphere. The global-average depth of the mixed 
layer is about 70 m. The mixed layer responds fairly quickly to changes in surface 
wind and temperature, whereas the ocean below the mixed layer does not. The ther- 
mal capacity of the mixed layer is the effective heat capacity of the ocean on time 
scales of years to a decade, and is about 30 times the heat capacity of the atmosphere 
(see Chapter 4). 

The oceanic mixed layer responds strongly to the annual cycle of insolation and 
surface weather. Figure 7.6 shows an example from the midlatitude Pacific Ocean. 
The mixed layer is warmest and thinnest in late summer near the end of the period of 
greatest insolation and least intense stirring of the ocean by winds. After August the 
surface begins to cool, the storminess increases, and the mixed layer begins to deepen 
and cool. The mixed layer continues to deepen and cool throughout the winter, and 
by the end of winter may extend to a depth of several hundred meters and merge 
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Fig. 7.6 Seasonal variation of temperature in the upper ocean at 50"N, 145'W in the eastern north 
Pacific. (a) Vertical profiles of temperature by months, (b) temperature contours, and (c) temperatures at 
various depths versus time of year. [From Pickard and Emery (1990). Reprinted with permission from 
Pergamon Press, Ltd., Oxford, England.] 

smoothly into the permanent thermocline. During most of the rest of the year a sea- 
sonal thermocline with steep temperature gradients links the permanent thermocline 
with the base of the mixed layer. In spring and summer this seasonal thermocline de- 
velops and the mixed layer becomes thinner and warmer. Seasonal variations in tem- 
perature are confined primarily to the mixed layer and the seasonal thermocline, so 
those temperatures at depths below the deepest extent of the mixed layer experience 
little seasonal variation. 

7.4 The Wind-Driven Circulation 

The transfer of momentum from winds to ocean currents plays a critical role in driv- 
ing the circulation of the ocean. This is particularly true for the currents near the 
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Fig. 7.7 Map of surface currents. (Figure continues.) [Adapted from Sverdrup et al. (1942).] 

ocean surface. The general character of the large-scale surface ocean currents is 
shown in Fig. 7.7. The surface currents are arranged in coherent patterns with large 
circulations called gyres occupying the major ocean basins. In addition, many nar- 
row but persistent currents appear in time-averaged maps. 

7.4.1 Western Boundary Currents 

Some of the most visible current structures are the large clockwise circulations in the 
northern Pacific and Atlantic oceans. Along the western boundaries of the Pacific 
and Atlantic Ocean basins strong poleward-flowing currents exist in a narrow zone 
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Fig. 7.7-Continued 

very near the continents. These currents are called the Kuroshio and the Gulf Stream, 
respectively, and may be referred to generically as western boundary currents. West- 
ern boundary currents also occur in the Southern Hemisphere along South America 
(Brazil Current) and along Africa (Agulhas Stream). They are generally less sharply 
defined and extensive in the Southern Hemisphere, perhaps because of the different 
ocean geometry that allows the Antarctic circumpolar current to flow unimpeded in 
a continuous eastward current at about 60"s. Western boundary currents carry warm 
water from the tropics to middle latitudes. The speed of these currents may exceed 
one meter per second, which is quite fast for an ocean current. With the possible ex- 
ceptions of the Antarctic circumpolar current and some zonal equatorial currents, 
these currents are the closest oceanographic analog to the jet streams of the atmos- 
phere, although they flow poleward rather than eastward. The return flow of water 
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Fig. 7.7-Continued 

from midlatitudes to the equator is much more gradual and occurs in a broad expanse 
across the center of each basin. 

The thermal-current structure of the Gulf Stream after it has left the coast at Cape 
Hatteras and is flowing approximately east is shown in Fig. 7.8. The warmest water 
occurs near the surface coincident with the strongest current velocities, which are 
near 2 m s-l. These strong currents are accompanied by strong subsurface tempera- 
ture gradients across the stream, with warmer water to the south and east of the cur- 
rent and cooler water to the north and west. These temperature gradients persist 
when the current leaves the western margin of the ocean and flows into the interior 
of the ocean basin. The current is not straight or steady, but breaks down into mean- 
ders and rings and eventually loses a clear identity as the flow expands eastward 
across the basin (Fig. 7.9). 
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Fig. 7.8 Cross section of temperature (contour interval 2°C) and geostrophic current (contour inter- 
val 20 cm s-') across the Gulf Stream at about 38"N. 68"W. [From Stommel (1965). adapted from Wor- 
thington (1 954). Reprinted with permission from Munksgaard International Publishers Ltd.] 

The poleward flux of warm water in the Gulf Stream and Kuroshio currents has a 
profound effect on the sea s u ~ a c e  temperature (SST) and the climate of the land 
areas bordering the oceans, especially the lands immediately downwind of the 
oceans. The averaged sea surface temperature distribution for DJF [Fig. 7.10(a)] 
shows a strong gradient in the north Atlantic Ocean aligned approximately with the 
mean position of the Gulf Stream. This strong temperature gradient extends north- 
eastward from the mid-Atlantic coast of North America to the Norwegian Sea in the 
vicinity of Spitzbergen. It appears that some of the heat carried northward by the 
Gulf Stream is picked up by the Norwegian Current and carried into polar latitudes. 
As a result, at middle and high latitudes the eastern Atlantic is much warmer at the 
surface than the western Atlantic Ocean. This asymmetry in the Atlantic sea surface 
temperature contributes to the milder winter climates of western European land areas 
compared to eastern North American land areas at the same latitude. Another major 
contribution to this climate asymmetry is the eastward advection of temperature in 
the atmosphere. 
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Fig. 7.9 Gray-scale image of SST in the northwestern Atlantic showing meanders and rings in the 
Gulf Stream. Warm water is light in color. (Courtesy of Dr. 0. Brown, University of Miami.) 

7.4.2 Eastern Boundary Currents 

Also important for climate are eastern boundary currents, which occur in tropical 
and subtropical latitudes at the eastern margins of the oceans. The names given to 
the eastern boundary currents in these geographic areas are the California Current 
off North America, the Peru Current off South America, the Leuwin Current off 
eastern Australia, the Canary Current off northern Africa, and the Benguela Cur- 
rent off southern Africa. In each of these regions a wind-driven current flows 
along the coast toward the equator and then turns westward toward the center of 
the basin. These currents are associated with cold SST, which can be illustrated by 



186 7 The Ocean General Circulation and Climate 

Fig. 7.10 Average (a) December-February (DJF) and (b) June-August (JJA) sea surface tem- 
perature ("C). 

plotting the deviation of SST from its average at each latitude (Fig. 7.11). The 
SST in the subtropics to the west of the continents in the Atlantic and Pacific 
Oceans is much colder than the zonal average at each latitude. The coldest water 
occurs very near the coast and extends westward and equatorward into the oceans. 
The low SST near the coast is produced by upwelling of cold subsurface waters, 
which is driven by alongshore or offshore winds in these regions. These low-level 
winds are associated with the surface high pressure systems in the atmosphere 
above the eastern subtropical ocean areas, as shown in Fig. 6.18. The wind systems 
and the associated currents and cool SSTs are best developed during the summer in 
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Fig. 7.11 The deviation of the July sea surface temperature from its zonal average at each latitude. 
Contour interval is 1"C, and values less than -1°C are shaded. 

the Northern Hemisphere, and are more nearly year-round phenomena in the 
Southern Hemisphere. It is believed that the geometry of the coastlines in the two 
oceans, and in particular the northwest-southeast slope of the coastlines of South 
America and Africa, causes the eastern boundary currents in the Southern Hemi- 
sphere to be better developed and to extend to the equator and then westward 
along the equator. The cooler than average SST in eastern boundary current re- 
gions is often associated with atmospheric subsidence and persistent stratiform 
cloud [Fig. 3.21(b)]. 

7.4.3 

Large east-to-west gradients in SST and subsurface thermal structure exist in the 
tropical Pacific and Atlantic Oceans. These gradients are associated with the up- 
welling of cold water at the eastem margins of the oceans and along the equator in 
the eastern part of the basin. The thermocline is deepest in the western tropical 
oceans and rises toward the surface in the eastern equatorial regions where up- 
welling occurs (Fig. 7.12). The density and pressure gradients associated with the 
east-west slope of the thermocline in the Pacific are supported by the westward wind 
stress applied by the tropical easterly winds. Once every several years this balance is 
disrupted and warm water spreads toward the east, causing SST and climatic anomalies 
that may persist for a year or more. Such events are called warm anomalies of the trop- 
ical Pacific Ocean. If warm waters appear near the coast of South America, where the 
waters are normally very cold, the event is known locally as an El Nirio. The appear- 
ance of warm waters at the coast of South America is associated with a deepening of the 
thermocline that normally intersects the surface of the eastern Pacific. Under normal 

Interannual Variability in the Equatorial Pacific: ENS0 
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Fig. 7.12 Thermal structure of the equatorial Pacific Ocean showing the slope of the thermocline 
("C). [From Colin ef al. (1971).] 

conditions upwelling of cold, nutrient-rich water from below the thermocline supports 
a very rich fishery. Deepening of the thermocline during an El Niiio cuts off the supply 
of nutrients to the surface, and the fishery off the coast of equatorial South America is 
adversely affected. Changes in the SST are coupled with changes in the convection and 
large-scale atmospheric flow in the tropics. The warming of the SST near the South 
American coast is often associated with substantial precipitation in what is otherwise a 
generally arid coastal climate. Changes in SST distribution in the central and western 
Pacific are associated with changes in the surface pressure and large-scale wind distri- 
butions, which can have effects that extend into middle latitudes. The related oceanic 
and atmospheric variations that accompany warm and cold events in the equatorial Pa- 
cific are referred to jointly as the El NibSouthern Oscillation (ENSO) phenomenon. 

7.5 Theories for Wind-Driven Circulations 

7.5.1 The Ekman Layer, Wind-Driven Transport, and Upwelling 

Because of the rotation of Earth, the frictional component of the vertically integrated 
transport of water in the surface layer of the ocean is not in the direction of the applied 
wind stress, but 90 degrees to the right of it in the Northern Hemisphere and 90 degrees 
to the left of it in the Southern Hemisphere. This wind-driven near-surface water trans- 
port plays a critical role in determining the relatively cold surface temperatures in the 
eastern boundary current regions and along the equator, and it also plays an important 
role in driving the subtropical gyres that feed the western boundary currents. 

To show the relationship between wind stress driving, currents, and transport we 
may consider a homogenous ocean of constant density and pressure, and assume that 
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it is driven by a uniform wind stress with eastward component z, and northward 
component zy. We seek a steady solution in which frictional stresses and Conolis ac- 
celerations are in balance.’ 

d2u 
dz 

fv = -v- 

d2v 
dz2 

fu= v- 

(7.1) 

(7.2) 

The Coriolis parameter (f = 2R sin 4) measures twice the local vertical compo- 
nent of the rotation rate (Q) of Earth. The frictional forces have been described such 
that the frictional stress is proportional to the shear of the current velocity times a 
momentum diffusion coefficient v. The specified wind stress thus enters as a bound- 
ary condition on the current shear at the surface, and we assume that the current goes 
to zero at large depths, so that the boundary conditions on (7.1) and (7.2) are 

du z, v-=- 

atz=O; u = v = O a t  z+--oo (7.3) 

dz P o  

where po is the density of the seawater and assumed constant. The solution for the 
velocities under these conditions is 

(7.5) 

where 6= m= z i ’ .  
The steady solution (7.4)-(7.5) describes the Ekman spiral. The current vector 

has its maximum magnitude at the surface where it is directed at an angle of ~ / 4  
(45”) to the right of the wind stress vector in the Northern Hemisphere cf> 0). The 
current vector turns toward the right with increasing depth, and its magnitude de- 
creases exponentially with depth. The magnitude of the current decreases by a factor 
of e- l  for every increase of depth equal to zE = 6-I = * If we integrate the cur- 
rents over the depth range in which the currents are significant, we obtain the inte- 
grated transport in the Ekman layer. 

‘See, e.g.. Gill (1982). 
*An appropriate value of v = 30 m2 s-’ gives an Ekman depth of -800 m. 
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The net horizontal water transport in the Ekman layer is directed at a 90" angle to the 
right of the applied wind stress in the Northern Hemisphere, so that if the wind stress is 
toward the east at the surface ( z, > 0), the Ekman layer transport is toward the south 
(VE < 0). If a westward wind stress is applied near the equator, the Ekman layer transport 
will be northward in the Northern Hemisphere and southward in the Southern Hemi- 
sphere, because of the change of sign off at the equator, so that a net divergence of sur- 
face flow will be generated. Conservation of mass requires upwelling along the equator 
to balance the Ekman layer transport away from the equator. The cold tongue of SST in 
the eastern equatorial Pacific Ocean during July [Fig. 7.10(b)] is caused largely by this 
wind-driven upwelling. The cold SST anomalies associated with the eastern boundary 
currents (Fig. 7.11) are associated with offshore Ekman transport driven by equator- 
ward alongshore surface winds. Offshore Ekman transport near an ocean boundary re- 
quires upwelling to replace the exported water. Since water temperatures decrease with 
depth, upwelling is generally accompanied by cold sea-surface temperatures. 

Wind stress driving can also cause vertical motions in the open ocean away from 
boundaries and the equator, if the wind stress has spatial gradients. If we consider the 
mass continuity equation for an incompressible fluid 

(7.7) 

and integrate it over the depth of the Ekman layer, we can derive a relationship be- 
tween the applied wind stress and the vertical motion at the base of the Ekman layer. 

(7.8) 

Utilizing (7.6) in (7.8) and assuming that the vertical current vanishes at the surface 
yields an expression for the vertical velocity at the bottom of the Ekman layer in 
terms of the wind stress applied at the surface. We obtain 

(7.9) 
- - .  -, 

where z = i z, + j zy, and and k' are unit vectors in the eastward, northward, and 
upward directions respectively. The vertical velocity at the base of the Ekman layer 
in the open ocean is thus seen to be proportional to the curl of the wind stress vector 
divided by the Coriolis parameter. Where lateral boundaries are present, the depen- 
dence of upwelling on the wind stress is more complex, but wind stress near bound- 
aries can produce large upwelling even without significant wind stress curl. 

, 
7.5.2 

To understand the large-scale response of the ocean to wind stress forcing it is useful 
to consider the balance of vorticity in the ocean. Vorticity is the curl of the velocity 

Sverdrup Flow and Western Boundary Currents 
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vector and is a measure of the local rotation of the fluid. For the large-scale motions 
of the atmosphere and the ocean it is the vertical component of absolute vorticity that 
is of most interest.3 

6, = 2 ~  sin $ + i . V x V = f + c ,  (7.10) 

The absolute vorticity is the sum of planetary vorticity (f), which is associated with 
the rotation of Earth, and relative vorticity (C,.), which is associated with the fluid 
motion relative to the surface of Earth. For flow without friction, the absolute vortic- 
ity remains constant unless a parcel of fluid changes its shape. If a parcel of fluid 
maintains its shape while moving equatorward to a latitude where Earth’s rotation is 
less, then the fluid parcel must exhibit a change in relative vorticity in order to main- 
tain a constant absolute vorticity. Stretching of fluid parcels along the direction of 
the rotation vector will cause the absolute rotation rate to increase. 

The famous oceanographer H. U. Sverdrup showed that in the interior of the 
ocean an approximate balance exists between the meridional advection of planetary 
vorticity and the stretching of planetary vorticity by divergent motions: 

my p v =  f-  
& 

(7.11) 

where p = df/dy. If we integrate (7.11) from the bottom of the ocean to the bottom of 
the Ekman layer and use (7.9), we obtain 

pv, = f i . v x  [5) 
where 

(7.12) 

(7.13) 

and it has been assumed that the Ekman layer is thin compared to the depth of 
the ocean, and that the vertical velocity is zero at the bottom of the ocean, where 

If we add the interior meridional transport velocity (7.13) to the Ekman layer 
z = -Do. 

meridional transport in (7.6) we obtain 

v,+vE=-k.vx[;) 1 -  
P (7.14) 

so that the total meridional mass transport is proportional to the curl of the wind 
stress. 

If we consider the ocean circulation between the tropics and midlatitudes, the 

SSee, e.g., Pedlosky (1987). 
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Fig. 7.13 Annual mean wind stress over the global oceans depicted as vectors. The arrow at bottom 
right corresponds to 5 dyn and contours of magnitude of 0.5, 1,2, and 3 dyn cm" are plotted (1 dyn 
cm-2 = 0.1 N m-2). [From Trenberth et al. (1990). Reprinted with permission from the American Meteo- 
rological Society.] 

wind stress varies from westward in the tropical easterlies to eastward in the mid- 
latitude westerlies (Fig. 7.13). Thus a negative wind stress curl is applied to the 
ocean, and according to (7.14), we should expect the water transport in the ocean to 
be equatorward. Physically, the wind stresses are causing the water to rotate about a 
vertical axis in a direction that is opposite to the rotation of Earth. To maintain a 
steady state in the face of this application of anticyclonic rotation, water must drift 
toward lower latitudes. The reduction in absolute vorticity is thus expressed as a de- 
crease in the planetary vorticity of fluid parcels, and a steady state with constant rela- 
tive vorticity can be maintained. 

According to (7.14), the meridional transport in the ocean will be equatorward 
everywhere, so long as the wind stress curl is negative. How, then, can the conserva- 
tion of mass and vorticity be jointly satisfied if the wind stress curl is everywhere 
negative? How does the water transported equatorward return to high latitudes and 
close the circulation of mass and vorticity? The western boundary currents observed 
in the midlatitude oceans are the solution to this dilemma. 

A simple model can be constructed by adding a lateral diffusion term to the vor- 
ticity equation (7.11) that produces a steady gyre circulation with the northward- 
flowing return current intensified along the western margin of the ocean basin,4 
much like the observed northward flow is intensified in the western boundary cur- 
rents. As the water flows poleward along this western margin, the planetary compo- 
nent of vorticity u> increases because of its dependence on latitude. If the absolute 
vorticity of the fluid parcels were to be conserved, then their relative vorticity would 

4Stommel (1948); Munk (1950); Pedlosky (1987). 
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have to change to compensate for the increase in planetary vorticity. By flowing 
along the western margin of the ocean basin in a narrow current, the poleward return 
flow of the wind-driven circulation is able to collect enough vorticity in the same 
sense as Earth's rotation to arrive at middle latitudes with a vertical component of 
absolute vorticity near that of the planetary vorticity at these latitudes, so that the 
magnitude of the relative vorticity remains reasonably small and steady. In a simple 
linear model with lateral diffusion of momentum, the mechanism for collecting the 
necessary vorticity is through the lateral friction stresses, which generate vorticity of 
the proper sign only along the western boundary of the ocean basin. The warm, 
rapidly flowing western boundary currents of the Atlantic and Pacific Oceans are 
thus seen to be a response to the wind stress driving the bounded oceans of the 
Northern Hemisphere. 

7.6 The Deep Thermohaline Circulation 

The term thermohaline circulation is used to denote that part of the oceanic circula- 
tion that is driven by water density variations, which are in turn related to sources 
and sinks of heat and salt. It is traditional in oceanography to organize the discussion 
of the oceanic circulation into separate wind-driven and density-driven components, 
although the circulation of the ocean is not a simple addition of the effects of these 
two types of forcing. Wind driving influences the sources and sinks of heat and salt 
for the ocean by transporting surface water from the tropics to latitudes where cool- 
ing and evaporation can increase its density to very large values. The heat transport 
associated with the thermohaline circulation affects the SST gradients that help to 
drive atmospheric winds. Wind driving and density driving of the oceanic circulation 
are therefore very closely coupled and cannot be easily separated. It is generally true, 
however, that wind driving is the strongest influence on currents near the surface, 
and density driving dominates the flow at depth. 

Below the thermocline there exist slow circulations driven primarily by density 
gradients in the deep ocean. These circulations are difficult to measure directly, since 
the currents associated with them are very weak, but their nature can be inferred 
from the distributions of trace constituents of seawater. Away from the surface, tem- 
perature and salinity of water masses change very slowly, so that the water masses 
and their origins can be inferred from the particular combination of temperature and 
salinity that characterizes them. 

Most gases are soluble in water, so that the concentrations of particular gases can 
also be used to characterize water sources. The saturation concentration of a gas in 
seawater is the amount that would exist in solution at equilibrium, if seawater at a 
particular temperature and salinity were exposed to the gas. Saturation concentra- 
tions of gases in seawater increase as the water gets colder. For example, the satura- 
tion concentrations of oxygen and carbon dioxide in seawater at 0°C are about 1.6 
and 2.2 times their values at 24OC, respectively. The concentration of oxygen in 
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surface water is always slightly greater than its saturation value, probably as a result 
of efficient mixing of bubbles of air into the surface water and production of oxygen 
in surface waters by photosynthesis. When surface water sinks into the deeper levels 
of the ocean its source of oxygen is cut off, and the oxygen is slowly consumed by 
bacteria as they feed on organic matter at depth. One may therefore use the depletion 
of the oxygen concentration below its saturation value as a measure of the time since 
the water has been at the surface. 

Figure 7.14 shows the oxygen saturation versus depth and latitude in the Atlantic 
and Pacific Oceans. In the north Atlantic Ocean we observe that high saturation val- 
ues extend to great depths, and that these high values extend toward the Southem 
Hemisphere at depths below -1500 m. We infer then that significant downwelling of 
water occurs in the north Atlantic and that this water sinks most of the way to the 
bottom of the ocean and then spreads southward. The distribution of oxygen satura- 
tion in the north Pacific Ocean is very different from that in the north Atlantic. In the 
north Pacific we see no evidence of downwelling, and in fact the oxygen at depth is 
severely depleted with saturations about 10- 15% at latitudes and depths where the 
oxygen saturation is about 85% in the north Atlantic. 

From the oxygen saturation alone we can infer that water from the surface sinks 
relatively quickly to the deep ocean in the north Atlantic, but that this does not occur 
in the Pacific. We cannot infer the full circulation of the deep ocean from oxygen 
alone, nor can we directly infer the subsidence rate, since the rate of oxygen deple- 
tion depends on the biological activity at depth, which in turn depends on the rate at 
which nutrients are supplied to them by deposition from above. The inferences from 
temperature, salinity, oxygen, and many other tracers suggest a deep-water circula- 
tion in the Atlantic like that shown in Fig. 7.15. A large mass of deep water is formed 
in the northern margin of the ocean, which then flows southward to fill a large frac- 
tion of the deep Atlantic (so-called north Atlantic deep water). This water rises to- 
ward the surface again in the vicinity of 60's. Cold, but lower salinity water is 
formed in midlatitudes of the Southern Hemisphere and wedges itself between the 
warm surface water and the north Atlantic deep water below. Bottom water is 
formed around Antarctica, mostly in the Weddell Sea. 

The mechanisms of deep-water formation in the north and south Atlantic are 
believed to be somewhat different. In the north Atlantic, warm, saline water flows 
poleward from midlatitudes, where the Gulf Stream provides an important source of 
such water. This water is carried farther poleward into the Norwegian and Greenland 
Seas, where it is exposed to very cold atmospheric temperatures. The cooling of this 
saline water produces water that is dense enough to sink to great depths. The surface 
water in high latitudes of the Southern Hemisphere is relatively fresh, because of the 
excess of precipitation over evaporation in those latitudes, and there is no warm 

Fig. 7.14 Oxygen saturation in percent for the (a) Atlantic and (b) Pacific Oceans. [From 
Levitus (1982).] 
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Fig. 7.15 Deep-water flow in the Atlantic Ocean inferred from temperature, salinity, and oxygen 
measurements. [Adapted from Dietrich er al. (1980). Reprinted with permission from Wiley and 
Sons, Inc.] 

western boundary current to carry warm, saline water poleward, since the circum- 
polar current inhibits efficient transport of water from middle to polar latitudes in the 
southern oceans. Some saline water reaches the surface of the southern polar oceans 
by flowing southward at intermediate depths and rising at high latitudes in the south 
Atlantic. This water is also enhanced in nutrients, since it has spent some time at in- 
termediate depths, where nutrients can be dissolved from falling detritus and photo- 
synthetic organisms do not exist to consume the nutrients. In the Weddell Sea, which 
is the source region for much of the Antarctic bottom water, the formation of very 
dense water is more dependent on sea ice production. When ice is formed from sea- 
water, salt is rejected from the crystal structure, resulting in the formation of brine, 
which adds salt to the water immediately under the ice and thereby increases its den- 
sity. This cold, saline water is dense enough to sink to the bottom of the Atlantic. 

To infer the rate of downwelling it is necessary to use tracers with known decay 
times such as carbon-14 (I4C). Carbon-14 is a radioactive isotope produced natu- 
rally in the atmosphere by cosmic rays and by the explosion of atomic bombs in the 
atmosphere. Since the rate of decay of 14C to 12C is precisely known, the ratio of 
these isotopes can be used to estimate how long water has been below the surface. 
The rate and spatial distribution of downwelling can also be inferred from transient 
trace gases such as chlorofluorocarbons, which are man-made and have been intro- 
duced into the atmosphere only in the last 50 years or so. 

By combining the evidence available from tracers of seawater movement it has 
been convincingly shown that at the present time deep ocean water is formed only at 
high latitudes in the north and south Atlantic. Only in these two locations can water 
of sufficient density be formed to sink to the deep ocean. From these two locations 
water spreads out at depth to fill the Pacific and Indian Oceans, where the water 
gradually rises toward the surface. Since the north Pacific is the farthest from either 
of these two locations, the water at intermediate depths in the north Pacific is the 
“oldest” ocean water in the sense that it has been the longest time since this water 
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was exposed to the atmosphere. The fact that the oldest water is not at the ocean bot- 
tom suggests that the deep water formed in the Atlantic slowly rises elsewhere, as 
would be required by the conservation of water mass. The regions of the ocean 
where deep water can be formed constitute a small fraction of the total surface area 
of the ocean. For example, 75% of the ocean has potential density greater than 27.4, 
but only 4% of the surface water has a density that high.5 It is estimated that the time 
required to replace the water in the deep ocean through downwelling in the regions 
of deep water formation is on the order of 1000 years. We may call this the turnover 
time of the ocean. The thermal, chemical, and biological properties of the deep 
ocean therefore constitute a potential source of long-term memory for the climate 
system on time scales up to a millennium. Some chemical properties of the ocean 
take longer than one turnover time to change significantly, so that the potential exists 
for ocean memory on time scales longer than the ocean turnover time. 

7.7 'Ikansport of Energy in the Ocean 

The general circulation of the ocean produces horizontal transport of energy from 
the tropics to the polar regions that is important for climate. It is not easy to measure 
this heat transport directly, however. It is difficult and expensive to obtain simultane- 
ous current and temperature measurements from the surface to the bottom of the 
ocean. Such measurements require a ship or a large buoy and a cable with thermis- 
tors and current meters that extends from the surface to the ocean bottom, which is a 
distance of -4 km on average. The spatial scales of the motions that are important for 
heat transport in the ocean are often small compared to the great expanse of an ocean 
basin, so that it is beyond our means to simultaneously measure current and temper- 
ature at enough spatial points and frequently enough in time to continuously monitor 
the product of velocity and temperature that produces most of the heat transport in 
the ocean. Attempts have been made to measure a series of profiles across a basin at 
a particular latitude, but these estimates must be assigned a rather large uncertainty.6 

An alternative to direct measurement of currents and temperatures is to infer the 
heat transport of the ocean from the energy balance of Earth or of the ocean.' The 
change in the energy content of a region on Earth (&EaJ3r), following (2.19), is 
the excess of the net incoming radiation at the top of the atmosphere (RTOA) over 
the energy exported from that region by transport in the ocean and atmosphere 
(V Go). 

-- aEao - RTOA - V Fa, 
at (7.15) 

5Sarmiento and Toggweiler (1984). 
bBryden and Hall (1980). 
'Vonder Haar and Oort (1973); Oort and Vonder Haar (1976). 
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We may assume that the divergence of the horizontal transport can be decomposed 
into contributions from the atmosphere (V 0 6) and the ocean (V I $ ) ,  and then re- 
arrange (7.15) to obtain an expression for the divergence of transport in the ocean. 

(7.16) 

To estimate the effect of ocean heat transport on the energy balance, we need to 
know the net radiation entering at the top of the atmosphere, the rate of local energy 
storage, and the rate at which the atmosphere is transporting energy out of the re- 
gion. The net radiative energy input at the top of the atmosphere may be estimated 
from measurements taken from satellites. Mapped analyses of winds, temperatures, 
geopotential energy, and humidity from balloon and satellite measurements are good 
enough to give reasonable estimates of energy transport in the atmosphere. Storage 
of energy in the climate system can be estimated from observations, but if we aver- 
age over an integral number of annual cycles, the energy storage is generally small 
and can be safely ignored. In this case we may use (7.15) and (7.16) to write 

RToA = V * F a o  = V * F ,  +V-F, (7.17) 

By integrating the net radiation over latitude, as described in Section 2.9, we may 
derive the required total meridional transport and subtract from it the atmospheric 
transport to obtain the oceanic transport. 

F, = Fa, - Fa (7.18) 

Estimates of the total annual mean meridional energy transport required to bal- 
ance the radiative forcing, atmospheric transport, and the oceanic transport are 
shown in Fig. 7.16. Such estimates imply that the maximum meridional energy 
transport by the oceans in the Northern Hemisphere is about the same magnitude as 
the atmospheric energy transport, but that it occurs at a lower latitude. The total re- 
quired energy transport is nearly 6 petawatts (PW) and peaks near 45"N. The atmo- 
spheric transport has a broad maximum in middle latitudes at -4 PW and the oceanic 
flux peaks near 20"N at -3.2 PW. The total required energy transport is reasonably 
well measured, but the atmospheric and oceanic fluxes have uncertainties as large as 
30% or -1 PW. These large uncertainties notwithstanding, it is still interesting that 
the estimated ocean transport is not as sharply peaked in the Southern Hemisphere, 
and reaches a maximum there of only -2 PW (1 PW = W). It is possible that the 
ocean transports are different because of the different land-sea geometry in the two 
hemispheres and the more developed western boundary currents in the Northern 
Hemisphere. 

The oceanic energy flux can also be estimated from the energy balance at the sur- 
face of the ocean. Following (4.1) the energy balance at the surface can be written 

- -  - 

dE 
f3t 

V-F, = R, -LE-SH-L (7.19) 
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Fig. 7.16 Estimates of the annual mean meridional energy transport required by the energy balance 
at the top of the atmosphere, estimated from observations in the atmosphere, and the oceanic transport ob- 
tained by subtracting the atmospheric energy transport from the total transport required by the annual en- 
ergy balance (7.16). Net transport inferred from Earth Radiation Budget Experiment data. [Atmospheric 
transport data from Peix6to and Oort (1984). Used with permission from the American Physical Society.] 

The divergence of energy transport in the ocean can be estimated from the ocean sur- 
face energy balance if the net radiative heating, the evaporative cooling, the sensible 
cooling, and the energy storage in the ocean can be estimated. All of these terms are 
discussed in Chapter 4, and maps of the inferred oceanic flux divergence appear in 
Fig. 4.18(d). Estimates of meridional energy transport in the ocean obtained from 
(7.19) are in general agreement with estimates derived from (7.16), in that they show 
a maximum transport by the oceans at about 20"N (Fig. 7.17). The magnitudes of the 
estimated transports are considerably less than those of the estimates derived from 
the residual in the planetary energy balance, however. The surface energy balance 
method can also provide estimates for individual regions and oceans. The estimates 
indicate that the Atlantic Ocean transports energy northward across the equator, 
while the Indian Ocean transports energy southward. 

7.8 Mechanisms of Transport in the Ocean 

The meridional transport of energy in the oceans is clearly important for climate, but 
because the transports are not measured directly it is uncertain what types of circula- 
tions contribute most to the transport. There are three generic types of circulations that 
are candidates: wind-driven currents, thermohaline circulations, and midocean eddies. 
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Fig. 7.17 Estimates of the annual mean northward energy transport in the global ocean, and the At- 
lantic, Pacific, and Indian Oceans derived from the surface energy balance of the oceans (7.18). [Adapted 
from Hsiung (1985). Reprinted with permission from the American Meteorological Society.] 

7.8.1 Wind-Driven Currents 

The warm western boundary currents such as the Gulf Stream and the Kuroshio and 
their associated mid-ocean drift currents seem to play an important role in merid- 
ional energy transport in the oceans. The swift, warm currents that flow poleward 
along the western boundaries of the Atlantic and Pacific Oceans are capable of 
carrying large amounts of heat poleward. The equatorward flow of relatively cold 
water in eastern boundary currents also contributes to the poleward energy flux. We 
can estimate the poleward heat flux associated with the Gulf Stream by consider- 
ing the product of the mass flux of water and the temperature difference between 
the Gulf Stream and the average near-surface temperature at the same latitude. The 
mass flow is the velocity of the current times its area and the water density. From 
Fig. 7.8(b) we estimate that the Gulf Stream is 60 km wide and 500 m deep and has 
an average current of 1 m s- l .  Assuming a density of lo3 kg md3, we can obtain an 
estimate of the mass flux in the Gulf Stream of 3.0 x 1O'O kg s-l. 

3 Density width depth speed = 10 kg m-3 60 km 500 m 1 m s-' 

= 3 x 10" kg s-l 

This estimate of 30 Sverdrups8 agrees with more detailed calculations of the flow 
through the Florida  strait^.^ If we assume that the Kuroshio has a similar mass flux, 
then the total poleward mass flux in Northern Hemisphere western boundary currents 
is 6 x 10" kg s- l .  To calculate the energy flux associated with this mass transport, 

"The Sverdrup ( = lo6 m3 s-') is the traditional oceanographic unit of water flow. 
gBryden and Hall (1980). 
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we need the heat capacity of water (428 1 J K-' kg-' ) and the temperature difference 
between the poleward-flowing boundary currents and the equatorward-flowing 
water at the same latitude. We do not know this temperature difference precisely, and 
it is very dependent on whether the equatorward flow is above or below the thermo- 
cline. It is interesting to consider how big this temperature difference must be in 
order for the western boundary currents to produce a meridional heat transport of 
comparable magnit6de to the maximum oceanic flux displayed in Fig. 7.16. To ob- 
tain an oceanic flux of 3.2 PW requires a temperature difference between the pole- 
ward-flowing and equatorward-flowing water of about 12°C. 

cw pw vW area, AT = 421 8 J K-l kg-' - 6  x 10" kg s-' 12.6 K 

= 3.2 petaWatts 

From Fig. 7.8(a) we estimate the average temperature of the Gulf Stream water to be 
about 22°C. This is considerably warmer than the average temperature of the ocean at 
these latitudes, which is somewhere near 5°C. If the equatorward return flow is primar- 
ily in the interior below the thermocline, then it would be very easy to produce the ob- 
served oceanic heat flux with the western boundary currents and an associated colder 
interior return flow. In any case, it is reasonable to suppose that wind-driven western 
boundary currents play an important role in meridional energy transport in the oceans. 

7.8.2 The Deep Thermohaline Circulation 

The mass flow of the deep thermohaline circulation is governed by the rate at which 
deep water can be formed at high latitudes. In the Northern Hemisphere deep water 
is formed only in the Atlantic at high latitudes, and the formation rate is quite slow, 
since it takes several centuries to replace the deep water in the Atlantic. It is esti- 
mated that the average rate of deep-water formation in the North Atlantic is 1.5-2 x 
1O'O kg s-' and in the Antarctic Ocean about 1 x 1 0 ' O  kg s-I. The deep thermo- 
haline circulation is critical for the climate of the far North Atlantic and for deep heat 
storage, and it may be an important contributor to the energy flow across 20"N. 

7.8.3 Mid-ocean Eddies 

The Gulf Stream and the Kuroshio spin off long-lived eddies via baroclinic and 
barotropic instabilities (Fig. 7.9). These are the oceanic analogs to the eddies that 
produce most of the atmospheric meridional energy transport in midlatitudes. The 
role of eddies for heat transport in the ocean is likely much less than in the atmos- 
phere, however, because of their smaller spatial scales compared with the scale of 
the oceans. Moreover, the oceanic eddies are best developed well poleward of the 
latitude of the maximum oceanic transport. The wind-driven and thermohaline cir- 
culations are likely to provide much more important contributions to the meridional 
heat flux in the subtropics. 
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Exercises 

1. Use the data in Figs. 7.1 and 7.2 to estimate how much the salinity of the sur- 
face water of the Arctic Ocean would need to increase before the surface den- 
sity would equal the potential density at 1000-m depth. How does this com- 
pare with the average salinity of the ocean? 

2. What depth of seawater would need to freeze in the Arctic Ocean to produce 
the increase in salinity of problem 1 in the top 100 m of water? Assume that all 
salt is rejected from sea ice and enters the 100-m layer. 

3. With the negative wind stress curl characteristic of today's climate, the wind- 
driven meridional flow (7.14) is an equatorward drift, which we can hypothe- 
size occurs mostly in the thermocline or above it. How would the net heat 
transport produced by this drift and its return flow be different if, rather than a 
warm western boundary jet, the return flow were a slow poleward drift near 
the bottom of the ocean? 

4. Discuss the ways in which the extension of the warm, saline Gulf Stream into 
the Norwegian and Labrador Seas assists in the formation of dense water that 
can sink to the depths of the Atlantic Ocean. 

5. Use Fig. 7.2 to estimate the initial and final density values of a kilogram of 
water that starts in the tropics with a temperature of 28°C and a salinity of 
35%0 and flows on the surface in the Gulf Stream to the Norwegian Sea, where 
it arrives with a temperature of -1°C. Assume the water conserves its salinity 
en route and loses heat by sensible heat transfer. 

6. As an alternative to problem 5, assume that the kilogram of water starts in the 
tropics, but is cooled by evaporation along its route rather than by sensible 
heat loss. Estimate the mass of water that is lost by evaporation en route, if the 
parcel arrives in the Norwegian Sea with a temperature of -1°C. Calculate the 
salinity on amval, assuming that no horizontal mixing or precipitation occurs, 
and the salinity is well mixed through the top 100 m of the ocean. What is the 
density on arrival? When you compare the final density with that obtained in 
problem 5,  is the effect of evaporation on the final density significant? Is it im- 
portant to know the Bowen ratio for the parcel along its route? 

7. Suppose that a wind stress is applied to the ocean, taking the following 
simple form. 

Derive an equation for the vertical velocity at the bottom of the Ekman layer 
assuming a constant Coriolis parameterf=f, = 2R sin 30". Derive an equation 
for the integrated meridional transport b, using (7.12) with thefand p appro- 
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priate for 30"N latitude. Determine a numeric value for the maximum wE and 
V, using the following constants: A = 2 dyn cm-2 = 0.2 N m-2, L = 1500 km, 
po = 1025 kg m-3. Plot z,, w,, and V, on the interval -L c y < L. Assuming 
that the ocean basin is 5000 km wide, calculate the water mass flux at 30"N as- 
sociated with the interior flow. Compare this number with the estimate for the 
Gulf Stream mass flux given in Section 7.8. 



Chapter 8 I History and Evolution of Earth’s Climate 

8.1 Past Is Prologue’ 

The seasons come and go in an orderly cycle, and plants, animals, and humans adapt 
to this regular rhythm. Though occasional anomalies and extreme weather events 
occur, it is natural to think of climate as a constant influence to which life has 
adapted. In the grossest sense, this view of climate is correct. Life has existed on 
Earth for at least 3.5 billion years, and the climate has been hospitable enough over 
that great span of time for life to continue. If we look in more detail at the climates 
of the past by sifting through the evidence recorded by nature, we find that climate is 
not so invariable and passive as it may seem. Past variations in climate are of great 
interest to the climatologist, since they provide clues to the inner workings of the cli- 
mate system that are difficult to infer in any other way. If past variations in climate 
can be understood thoroughly, then our chances of anticipating how climate will 
evolve in the future are greatly increased. 

The history of Earth’s climate is very complex, and most of this history was not 
experienced by humans, who have appeared only at the last instant of geologic 
time. Human ingenuity led to the definition and measurement of temperature, pres- 
sure, and other climatic variables only during the last several centuries. Climate 
variables that may be directly measured using modem instruments constitute what 
we may call the instrumental record. In addition to the instrumental record, we 
have historical data that stretch back farther in time, but are less quantitative. Such 
records include grape harvests in France, wheat harvests in ancient Egypt, and 
many bits of climate information contained in written accounts. A large amount of 
the latter type of information, going back several thousand years, is contained in 
the ancient Chinese literature. Most of what we know of the deeper history of 
Earth’s climate, before the invention of writing, has come from deducing climate 
variations from information left behind by various natural recording systems. 
These recording systems include physical, biological and chemical information 

‘“We all were sea-swallowed, though some cast again, 
And, by that destiny, to perform an act 
Whereof what’s past is prologue, what to come, 
In yours and my discharge.”-Antonio in William Shakespeare’s The Tempest, Act 2, Scene 1. 

204 
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contained in lake and ocean sediments, in terrestrial sediments, in ice sheets and in 
tree rings. Information of this type, which we may call paleoclimatic data, can be 
used to derive time series of climatic information for many thousands of years into 
the past. 

8.2 The Instrumental Record 

Much of the early development and use of the thermometer took place in Florence 
in the mid-seventeenth century; however, the usefulness of early measurements 
was limited by the lack of a standard scale and calibration. In 1742, Anders 
Celsius invented the Celsius temperature scale (called the centigrade scale until 
1948), but regular measurements of air temperature came into fashion consider- 
ably after its acceptance. The barometer was invented by Torricelli in 1644. It 
came more quickly into widespread use, because of greater ease of its calibration 
and the perceived relationship between pressure and weather changes, which gives 
it a predictive capability. For a while, owning and operating a barometer was a 
status symbol. 

Temperature records as long as 150-200 years are available for only a few loca- 
tions. Manley (1974) constructed a temperature record for central England going 
back to 1659. Other temperature time series include those for, Berlin, Germany be- 
ginning in 1700 de Bilt, Netherlands in 1706; Germantown, Pennsylvania in 1731; 
Milan, Italy in 1740; and Stockholm, Sweden in 1756. Sufficient measurements to 
define the hemispheric or global-mean surface air temperature are available for only 
about the last century. Some would debate whether the quality of the network of in- 
struments for observing temperature is adequate for climate purposes even today. 
Most of the variance of temperature is associated with seasonal and latitudinal vari- 
ations, or weather. Any climatic trends are a small signal among much larger magni- 
tude variations, particularly within the rather short period for which the instrumental 
record is available. 

Because of concern over human-induced climate change, considerable effort has 
been devoted to developing estimates of global-mean surface air temperature based 
on the instrumental record and evaluating temporal trends in those estimates over 
the past century. The instrumental temperature record shows generally increasing 
temperatures since the 188Os, with a warming of about 0.5"C culminating in about 
1940 (Fig. 8.1). After 1940, global-mean surface temperature appears to have de- 
clined about 0.2"C until 1975, when it began to increase again. The decade of 
the 1980s was the warmest in the instrumental record, up to that time. The interpre- 
tation of the apparent changes in the instrumental record of global-mean surface air 
temperature during the last century is a subject of some controversy. If one accepts 
that the instrumental record .is a good measure of real global climate variations, it is 
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still a difficult matter to assign causes to these variations, since so many possible 
causes can be enumerated and relatively few methods are available for distinguish- 
ing among them. 

A portion of the warming in the instrumental record can be ascribed to urban heat 
island effects, which are not indicative of a global climate warming. As cities sur- 
rounding the observing sites became more densely populated and built up, the local 
environment was warmed by waste heat and the conversion of the land surface from 
forest or grassland to asphalt roads and tall buildings. About 0.1"C of the warming in 
the instrumental record during the twentieth century can be attributed to urban heat 
island effects, leaving a substantial fraction of the approximately 0.5"C apparent 
warming over this period to be explained by other causes. Another trend of interest 
in the instrumental record is the significant decrease with time of the diurnal temper- 
ature range over North America.2 Much of this reduction in day-night temperature 
difference is associated with higher minimum nighttime temperatures. The reason 
for this trend in the diurnal temperature cycle over land is unclear, but it is consistent 
with increasing greenhouse gases [less IR (infrared) cooling of the surface at all 
times] and increasing haze (less daytime solar heating of the surface), which can 
each be associated with an increasingly industrialized world. The same temperature 
trends might be caused by an increase of cloudiness, however, which could be either 
natural or of human origin. 

2Karl er al. (1984). 
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8.3 The Historical Record 

The historical record consists of written or oral accounts of past events such as agri- 
cultural data (records of grape harvest dates in France, wheat yields in Egypt, cherry 
blossoming dates in Japan, etc.), weather diaries, diaries of a few intellectuals with 
an interest in weather (e.g., Aristotle, Tycho Brahe, and Johannes Kepler), ship logs, 
and ancient writings. Other more quantitative information might include river levels 
and flooding information. The flood levels for the Nile have been recorded for mil- 
lennia, with especially careful records since the foundation of Islam in 622 A.D. His- 
torical climate information is sometimes subjective, often sketchy, and limited to a 
few geographic areas. Often extreme events find their way into historical accounts, 
and these may not be representative of the climate of the time. 

Although evaluation of the climatic information in ancient art and literature re- 
quires great care and skill, much useful and well-supported information can be de- 
duced from historical accounts. Interesting examples include written and archeolog- 
ical evidence of cities that once flourished and then disappeared because of changes 
in the environment, including the climate. In some cases it is clear that these changes 
were in part natural and in part human-induced. An example is the city of Ephesus, 
an ancient Greek city in what is now Turkey. During the fourth century B.c., Ephesus 
was a major economic power and a center of learning, with an important port and 
a thriving local agriculture. An amphitheater in Ephesus had a seating capacity of 
24,000. Before the city developed, the surrounding hills were covered with oak trees. 
As the city grew, these hills were cleared and given over to pasture and to cultivation 
of wheat. At the same time the climate appears to have become more arid. The com- 
bination of changing land use and changing climate ultimately led to the demise of 
the city. Erosion led to the filling of the harbor with silt from the surrounding hills. 
By the ninth century the harbor was unusable, despite considerable dredging and 
several moves of the port. Ephesus was left out of the economic life of the Mediter- 
ranean and fell into ruin. 

Climatic information can also be contained in art. Rock paintings in the Sahara 
Desert dating from about 7000 years ago show pictures of the hippopotamus and 
grazing animals that can no longer exist there (Fig. 8.2). This suggests that the cen- 
tral and southern Sahara was much wetter during the warm epoch following the end 
of the last glaciation. Paleoclimatic evidence, such as hippopotamus bones dating 
from the same period and evidence of much higher lake levels, confirms the infer- 
ence derived from the paintings. 

8.4 Natural Recording Systems: The Paleoclimatic Record 

Another very important class of information on past climates exists, for which the 
recording does not require a human attendant, and from which information for 
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Fig. 8.2 Cave painting of a hippopotamus and baby taken from the Tassili-n-Ajer region of the 
Sahara Desert. Created in the Pastoral period, it may date from SO00 B.C. (Photo by Kazuyoshi Nornachi. 
0 Photo Researchers, Inc., New York.) 

thousands or millions of years into the past can be obtained. This information is cat- 
alogued in various types of “natural” recording systems. These give continuous time 
histories that go back a few million years and are especially good for the last 100,000 
years. The sources of paleoclimatic data are outlined in Table 8.1. 

The data with the most accurate time chronology come from analysis of annual 
tree rings (dendrochronology). The width and structure of the tree rings give some 
information on the climatic conditions when the tree ring was formed. By correlating 
tree-ring characteristics with contemporaneous instrumental data on temperature and 
precipitation, a transfer function can be developed to convert tree-ring characteris- 
tics into weather information. Once this transfer function is established and verified, 
tree-ring data can be used to estimate characteristics of the climate on an annual 
basis for thousands of years into the past, well before instrumental data became 
available. A reconstruction of precipitation in Iowa based on a 300-year-old tree cor- 
rectly shows the “dust bowl” period of the 1930s and the lesser drought of the 1950s 
(Fig. 8.3). It also shows four decades of dryness comparable to the 1930s that oc- 
curred prior to the beginning of the instrumental record. 



Table 8.1 
Characteristics of Some Paleoclimatic Data Sources 

~ 

Miminum Usual 
Potential Period sampling dating 

Variable Continuity of geographic open to study interval accuracy 
Proxy data source measured evidence coverage (year B.P.) (ye=) (year) Climatic inference 

Layered ice cores 

Tree rings 

Fossil pollen 

Mountain glaciers 
Ice sheets 

Oxygen isotope 
concentration, thick- 
ness (shon cores) 
Oxygen isotope con- 
centration (long cores) 
Ring-width anomaly. 
density, isotopic 
composition 
Pollen-type concen- 
tration (varved core) 
Pollen-type concen- 
tration (normal core) 
Terminal positions 
Terminal positions 

Ancient soils Soil type 

Closed-basin lakes Lake level 

Lake sediments 
Ocean sediments (com- 
mon deep-sea cores. 
2-5 cm/1000 years) 

(rarecores,>IOcm/ 
1000 years) 
(cores, 1 2  cm/ 
1000 years) 
Marine shorelines 

Varve thickness 
Ash and sand 
accumulation rates 

Fossil plankton 
composition 

Isotopic composition 
of planktonic fossils; 
benthic fossils: miner- 
alogic composition 
As above 

As above 

Coastal features. 
reef growth 

Continuous 

Continuous 

Continuous 

Continuous 

Continuous 

Episodic 
Episodic 

Episodic 

Episodic 

Continuous 
Continuous 

Continuous 

Continuous 

Continuous 

Continuous 

Episodic 

Antarctica. 
Greenland 

Antarctica. 
Greenland 
Midlatitude and 
high-latitude 
continents 
Midlatitude 
continents 
50" S to 70" N 

45" S to 70' N 
Midlatitude to 
high latitudes 
Lower and 
midlatitudes 
Midlatitudes 

Midlatitudes 
Global ocean 
(outside red 
clay areas) 
Global ocean 
(outside red 
clay areas) 
Global Ocean 
(above CaCOs 
compensation 
level) 
Along conti- 
nental margins 
Global ocean 

Stable coasts. 
oceanic islands 

10,000 

1,000 (common) 
8.000 (rare) 

12,000 

12,000 (common) 

40.000 
25.000 (common) 

200,000 (rare) 

l,000,000(rare) 
I .000.000 

50,000 

5,000 
200.000 

200.000 

200,000 

l o . m  

1,000.oo(k 

400.000 

1-10 fl-100 Temperature, accumulation 

Variable Variable 

1 *I 

Temperature 

Temperature. runoff, 
precipitation. soil moisture 

1-10 *I0 

200 45% 

- f5% 
- Variable 

200 45% 

1-100 3 5 %  
(variable) f l %  
1 55% 
5m 

Temperature, precipitation, 
soil moisture 
Temperature, precipitation, 
soil moisture 
Extent of mountain glaciers 
Area of ice sheets 

Temperature, precipitation, 
drainage 
Evaporation, runoff, 
precipitation, temperature 
Temperature, precipitation 
Wind direction 

5m 55% Sea-surface temperature. 
surface salinity, sea ice extent 

500+ i5% 

20 45% 

looot 55% 

- 55% 

Surface temperature. global 
ice volume; bottom temperature 
and bottom water flux: 
bottom water chemistry 
As above 

As above 

Sea level. ice volume 

~ ~~ 

(From National Research Council, 1975.) 
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Fig. 8.3 
Blasing (1981).] 

Time history of precipitation in Iowa derived from tree-ring analysis. [From Duvick and 

The paleoclimatic data source yielding the longest continuous record is the ocean 
sediment core. Ocean sediments are laid down over time, so that a core drilled into 
the sea bottom contains a time history of the environment at the time the layers in the 
core were formed. The time resolution attainable with sediment cores is determined 
by the sedimentation rate and the degree of stirring of the most recent sediment by 
bottom-dwelling animal life such as worms, a process called bioturbation. Ocean 
cores measure the history of the ocean ecology as laid down in the sediment. The 
sediment includes organic matter and the shells of tiny sea creatures (foraminifera, 
coccoliths, etc.). Each sea creature has a particular niche in the ecology of the ocean. 
The relative abundance of some species is related to sea surface temperature (SST), 
so that relative abundance can be used to estimate SST in the past. In addition, the 
relative abundance of oxygen isotopes in deep-sea sediment cores provides an indi- 
cation of the global mass of water tied up in terrestrial ice. Because lighter isotopes 
(l60) are more readily evaporated, they are more likely to be removed from the 
ocean and incorporated in ice sheets. Ice ages are therefore marked by a relatively 
rich mixture of heavy isotopes ( l80) in ocean waters. These higher l 80  ratios are 
imprinted in the shells of sea creatures and find their way into sediments that collect 
on the ocean bottom. The oxygen isotope abundance in ocean sediment can thus be 
used to estimate the global volume of ocean water that is tied up in continental ice 
sheets and mountain glaciers. 

Similar stratigraphic evidence can be collected in ice cores. Aerosols trapped 
in ice give evidence of past atmospheric dust loading and aerosol chemistry. Air 
bubbles in ice provide information on the gaseous composition of the atmosphere 
at the time the bubbles were formed. In the upper parts of ice sheets, annual layers 
can be identified. Deeper into the ice, and thus farther back in time, the ice be- 
comes compacted and stretched out as the ice flows away from the accumulation 
regions toward the regions where the ice sheet melts or breaks off into icebergs at 
a marine boundary. Thus the ability to resolve rapid changes decreases with age in 
the core. 
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8.5.1 Early Earth 

Earth is believed to have formed nearly 5 billion years ago by the accretion of solid 
materials and gases that formed the solar nebula. The modem atmospheres of Earth, 
Mars, and Venus have less abundance of noble gases (e.g., argon, neon) than is typi- 
cally present in stellar nebula, so it is assumed that any primordial atmosphere col- 
lected from the gases in the solar nebula was removed early in Solar System history. 
The primordial atmosphere could have been removed during the collisions of large 
planetesimals with Earth or been swept away by the more intense solar wind of the 
early sun. The modem atmosphere is thus a secondary one, which has resulted from 
the release of gases that were mechanically or chemically trapped inside the solid 
Earth during its formation and were released slowly over time. The process of re- 
leasing gases from the interior of a planet may be called outgassing, and it continues 
on Earth today, most obviously in the form of volcanic eruptions. The gases released 
are primarily water vapor, carbon dioxide, and nitrogen. 

We can hypothesize that immediately after the removal of their primordial atmo- 
spheres, the inner planets each consisted of an essentially bare ball of rock, although 
some gases may have continued to be collected from space during and after the sun’s 
T-Tauri phase. Assuming that the release of heat from within the planets was negli- 
gible, their surface temperatures would have equilibrated at the emission tempera- 
ture of a sphere with the albedo of bare rock and with a solar constant appropriate to 
the distance of the respective planet from the sun. Thus Venus, because of its greater 
proximity to the sun, started out at a higher temperature than Earth. Being farther 
from the sun, Mars would have started at a lower temperature than Earth. With time, 
the temperatures of the three planets would gradually increase, because of the green- 
house effect of the water vapor and carbon dioxide that would steadily build up in 
their atmospheres through outgassing. 

On Venus the surface temperature stayed well above the condensation point for 
water during its evolution, so that all of the water stayed in the atmosphere. Eventu- 
ally much of the hydrogen in the atmosphere escaped to space, and a thick atmos- 
phere of primarily carbon dioxide remains. This thick atmosphere gives a very high 
surface temperature of about 700 K. The process that led to these conditions on 
Venus is often termed the runaway greenhouse effect, but it is also possible that 
oceans did not form because Venus simply received less water during its formation. 

On Mars, it has been speculated that the temperature mostly stayed below the 
freezing point for water so that the greenhouse effect may never have significantly 
influenced the surface temperatures there. Because of its relatively low temperature, 
the partial pressure of water reaches the freezing point before substantial amounts of 
water vapor can accumulate in the atmosphere. The greenhouse effect on Mars may 
therefore never have really gotten established, and most of the outgassed water could 
have frozen on the surface. A considerable amount of frozen carbon dioxide may 
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also exist on Mars. An alternative to this view of Mars is suggested by some surface 
terrain with erosional features that appear to have been formed by a running fluid, 
presumably water, very early in Mars’ history. 

The distance of Earth from the sun is such that outgassed water vapor condensed 
into oceans and the surface temperature remained near the triple point of water, 
where liquid water, water vapor, and ice can exist simultaneously. The collection of 
outgassed water vapor in the oceans stabilized the climate and provided the environ- 
ment that is appropriate for the development of life as we know it. Once the conden- 
sation point was reached on Earth, any additional water vapor that was outgassed 
went into the oceans and the infrared opacity of the atmosphere stopped increasing. 
The carbon dioxide was dissolved into the ocean and eventually reached an equilib- 
rium with carbonate rocks. At this point the atmosphere was composed mostly of 
molecular nitrogen. Within about a billion years after the formation of Earth, life de- 
veloped, leading to green plant photosynthesis, which produces molecular oxygen in 
the atmosphere. With the development of an oxygen-rich atmosphere came the stra- 
tospheric ozone layer, which by protecting the surface from harmful ultraviolet-B 
radiation, allowed life to emerge from the water and occupy the land surface. 

Thus Earth stayed cool enough to avoid the runaway greenhouse effect that oc- 
curred on Venus, largely because of its favorable distance from the sun, which al- 
lowed the oceans to form. Life developed quickly in the conditions provided by 
early Earth, and temperatures favorable for the life forms we are most familiar with 
(0 < T < 42°C) have been maintained since. Theories for the life cycles of stars sug- 
gest that, early in Earth history, the solar constant would have been as much as 30% 
less than its current value. This suggests that some compensating changes in at- 
mospheric radiative properties may have occurred over time to keep the surface 
temperature in a favorable range for life to progress. 

8.5.2 The Last Billion Years 

The continents have probably been drifting as part of lithospheric plates for the last 
several billion years. Geologists have attempted to reconstruct the positions of the 
continents for the past 500 million years or so, but little is known about the positions 
of the continents before that. Little is known about climate back farther than about a 
billion years, except for fossil evidence that life existed then and that liquid wiiter 
was present on the surface (Fig. 8.4). 

The climate was cold enough for large ice sheets to form during at least three pe- 
riods over the last billion years. There is some evidence for ice sheets during the late 
Precambrian 600 million years ago, more extensive evidence for glaciation during 
the late Paleozoic 300 million years ago, and fairly detailed documentation for the 
late Cenozoic glaciation of the last several million years or so, which we are still ex- 
periencing. The late Paleozoic glaciations appear to have occurred in southern Africa, 
South America, and Australia, at a time when all these continents were bunched 
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Fig. 8.4 Diagram showing the major geologic ages. [From Crowley (1983).] 

together into a single, large, land mass in high southern latitudes (Fig. 8.5). The 
glaciated areas were attached to Antarctica and were not far from the South Pole. 
About 300 million years ago, the continents moved apart and began to drift slowly 
toward their present positions. 

The most studied of the nonglacial climates that occurred between these major 
glacial ages is the most recent one, the middle Cretaceous, spanning the period from 
about 120 to 90 million years ago. The continents were in a configuration very dif- 
ferent from that seen today. North America and Europe were close together, as were 
South America and Africa, so that the Atlantic Ocean did not yet exist. Africa had 
not yet joined Europe, India was a large island in the midlatitudes of the Southern 
Hemisphere, and a shallow tropical sea, called the Tethys Sea, extended from Cen- 
tral America to Indochina. Australia was in middle to high latitudes and still attached 
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Fig. 8.5 Position of the continents 310-300 million years ago. [From Bambach et al. (1981). 
Reprinted with permission from the Sigma Xi Scientific Research Society.] 

to Antarctica. Very little land ice existed during this period, so that the sea level was 
about 100 m higher than now. This greater mass of ocean water flooded about 20% 
of the continental areas that are now above water, including large portions of western 
Europe, northern Africa, and North America. 

Abundant fossil evidence exists to suggest that the middle Cretaceous was substan- 
tially warmer than the present. Plant habitats moved up to 15 degrees of latitude pole- 
ward of their current positions, as did the ranges of many animals. Sedimentary evi- 
dence also suggests that coal and other deposits indicating warm, moist climate formed 
during this period in lands that were then above the Arctic Circle, and dinosaurs ranged 
there also. Isotopic evidence taken from bottom-dwelling organisms suggests that the 
deep ocean temperature was between 15 and 20°C. Such warm temperatures in the 
deep ocean are inconsistent with the presence of much marine ice in high latitudes. 

Unusually large amounts of carbon in the form of coal and oil deposits were laid 
down during the Cretaceous. Many of the major oil deposits were formed during this 
period. This high rate of coal and oil formation indicates that the cycling of carbon 
was very different than it is now. A change in the cycling of carbon might logically 
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be associated with the apparently different oceanic circulation, deep ocean tempera- 
tures, and the great expanse of relatively warm, shallow seas. The warmth of this pe- 
riod might have been associated with enhanced levels of carbon dioxide in the at- 
mosphere, and climate models suggest that the altered continental positions 
combined with atmospheric C02 concentration 4 times higher than modem values 
come close to explaining the apparent warmth in polar latitudes during the Creta- 
C ~ O U S . ~  Direct paleoclimatic evidence of the atmospheric C02 abundance during the 
Cretaceous is inconclusive, though studies of ancient soils suggest that C02 was 
4-6 times higher during the Mesozoic than at p re~ent .~  Increased C02 levels may 
have been associated in part with increased volcanism during this period, for which 
considerable suggestive evidence also exists. 

The Cretaceous ended with a bang about 65 million years ago. About 75% of the 
total number of living species became extinct, some of them very abruptly. The dino- 
saurs were among several groups of species that disappeared entirely, and the ascent 
of mammals as the dominant group of large vertebrates followed and persists today. 
The so-called K-T boundary, marking the end of the Cretaceous (K) and the begin- 
ning of the Tertiary (T) periods, is identified in sedimentary records by a well- 
defined layer of clay deposits. This layer contains anomalously large amounts of 
iridium. The iridium content of Earth’s crust is lower than the amount in the stuff 
from which the solar system was formed, because much of Earth’s iridium was car- 
ried to the core with molten iron during Earth’s formative stages. Comets and mete- 
ors retain their cosmic abundence of iridium, and the clay layer with its high iridium 
content could have come from a comet or meteor with a diameter of about 10 km.5 
This iridium anomaly at the K-T boundary can be found over a large portion of the 
globe and is a rare event in Earth history. The evidence is strong that a large mete- 
orite or comet collided with Earth about 65 million years ago, and evidence of a 
likely impact site has been found near the Yucatan Peninsula. 

The impact of such a large bolide with Earth would be a spectacular event with 
very serious environmental consequences. The shock would heat the atmosphere in 
the vicinity of the impact, which would produce large amounts of nitrogen oxides. In 
the stratosphere nitrogen oxides would lead to a loss of ozone. The nitrogen oxides 
would likely leave the atmosphere as highly acidic rains. The impact of the projectile 
and its penetration of Earth’s crust would cast fine particles high into the atmosphere 
and even into low orbits, where they might persist for several weeks or months. This 
pall of dust could block out the sunlight needed by photosynthetic organisms and 
would lead to a cooling of the surface after the heat of the impact had dissipated. All 
of these effects-shock heating, fires, acid rain, ozone loss, dark and cold-would 
be stressful to many species and may have been the cause of the rapid species ex- 
tinctions at the end of the Cretaceous. 

3Barron and Washington (1985). 
4See, e.g., Cerling (1991). 
5Alvarez (1987). 
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8.5.3 The Last 50 Million Years 

Changes over the last 50 million years seem to be related mostly to the movement 
of the continents away from Antarctica. During this period, South America and 
Australia moved northward from the edge of Antarctica to their present positions 
as a result of sea floor spreading and movement of the continental plates. As the 
Drake Passage between South America and Antarctica was opened, the southern 
ocean circulation became circumpolar, and the temperature of the surface and 
deep waters gradually cooled by more than 10°C. Glaciers developed over this 
period on Antarctica, and an east Antarctic ice sheet formed about 14 million 
years ago. 

Pollen from ocean cores shows that cool temperate forests existed on the Antarc- 
tic continent until 20 million years ago. Ice volume over Antarctica increased to 
reach its present value about 5 million years ago, and the current Northern Hemi- 
sphere polar ice sheets first appeared about 3 million years ago. The overall trend in 
the last 50- 100 million years was for the climate to cool from the warm climate of 
the middle Cretaceous to our present Quaternary ice age. 

8.5.4 The Last 2 Million Years 

The last 1.8 million years constitute the Quaternary period, the most recent geo- 
logic age and the one during which Homo sapiens developed. This period is char- 
acterized by the presence of a large amount of land ice, which varied from the 
amount we have today to much larger amounts during periods of glacier advance. 
The advance and retreat of this land ice can be inferred from glacial deposits and 
from the ratios of oxygen isotopes in ocean sediment cores. The deviation of the 
ratio of the heavier isotope to the lighter isotope from a standard ratio is denoted by 
8180> which is normally given in parts per thousand. Figure 8.6 shows a time se- 
ries of 6I8O in ocean cores for the last 2.5 million years. The last 700,000 years 
were marked by wide swings that indicate a large shift in the amount of land ice 
present. These swings had a characteristic interval of about 100,000 years between 
succeeding periods of maximum glaciation. Glaciers advanced and retreated in 
both hemispheres simultaneously. Prior to about 700,000 years ago the swings 
were more frequent and less extreme. The dominant period of the glacial-inter- 
glacial swings in the early part of the record is about 41,000 years. The spectrum of 
6I8O variance for the record in Fig. 8.6 is shown in Fig. 8.7. Predominant contri- 
butions to the variability are made by variations with periods around 41, 100, and 
480 thousand years, with an additional accumulation of variance around 23 thousand 
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Fig. 8.6 History of 6l80 over the last 2.5 million years derived from several ice cores. [Plot made 
from data provided by M. E. Raymo and previously published in Raymo er al. (1990). Reprinted with per- 
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years. We will see later that some parameters of Earth’s orbit vary approximately 
with these periods. 

8.5.5 The Last 150,000 Years 

About 125,000 years ago the land ice on Earth reached a minimum amount, compa- 
rable to today’s interglacial conditions. In the intervening period the land ice gradu- 
ally increased, while undergoing some minor oscillations, until the ice volume 
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Fig. 8.7 Frequency spectrum of the variance of the record in Fig. 8.6 for the period from 2.5 million 
years ago to the present. Periods corresponding to peaks are indicated in thousands of years. [From 
Raymo er al. (1990). Reprinted with permission from Elsevier Scientific Publishers.] 
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reached a maximum about 20,000 years ago. The most recent and one of the more 
abrupt swings in global ice volume occurred in the last 20,000 years, between the 
last glacial maximum and the current interglacial period. The extent of ice cover at 
the last glacial maximum can be inferred from a variety of paleoclimatic evidence, 
including the physical evidence left behind by the huge ice sheets. A synthesis of 
this information indicates a giant ice sheet covering much of northern North Amer- 
ica, and another large ice sheet in northern Eurasia, which were 3-4 km thick 
(Fig. 8.8). The weight of these ice sheets was so great that the supporting crust was 
depressed by nearly a kilometer. The plastic deformation of the crust under these 
massive ice sheets may have been one reason for the rapid removal of ice at the end 
of major glacial maxima during the last 700,000 years. As the crust yields under the 
ice, the altitude of the ice is lowered, thus bringing the ice surface to higher ambient- 
air temperature. Also, glacial lakes may form in the depression made in the crust by 
the ice sheet, and seawater may flow into the depression and assist in the melting of 
glacier ice. The crust near the locations of the maximum thickness of the major ice 
sheets is still rebounding from the removal of the ice sheets. Because so much water 
was tied up in these large continental ice sheets, sea level was about 120 m lower 
20,000 years ago than at present. The 6"O records and modeling studies suggest 
that this was about the maximum amount of water fiat could be moved to continental 
ice sheets, given the continental positions and climate regime of the late Quaternary. 

The high-latitude oceans also experienced major changes during the last glacial 
maximum. The Gulf Stream turned more sharply eastward at about 45"N and warm 
currents did not extend northward into the Greenland and Norwegian Seas as at pre- 
sent. It is likely that during winter the sea ice extended equatorward of 50"N, so that 
a vast area of icecovered surface extended from about 45"N to the pole in the North- 
em Hemisphere, except in the Pacific Ocean and in those parts of Asia that were 
too dry to sustain substantial surface icecover. A simultaneous glacier advance 
was experienced in the Southern Hemisphere, where sea ice around Antarctica was 
greatly expanded, and mountain glaciers covered parts of Australia, Africa, and South 
America. During this time tropical continental regions appear to have been drier than 
at present, but snowlines on tropical mountains dropped about 1000 m. Midlatitude 
continental regions near the ice sheets were also drier for the most part, and wind- 
blown dust deposits in these areas indicate dry windy conditions at the equatorward 
margins of the great ice sheets. 

Careful analysis of ice cores from the Greenland and Antarctic ice sheets can re- 
veal much about changes in the climate system over the last major glacial-inter- 
glacial cycle. From air bubbles trapped in ice, the composition of the atmosphere as 
a function of depth in a core can be inferred. Figure 8.9 shows a 160,000-year record 
of atmospheric C02 concentration as determined from a 2200-m-deep ice core from 
Vostok, Antarctica (78"S, 107"E). The history of C02 concentration closely tracks 
the temperature. The last glacial maximum (about 20,000 years ago) was marked by 
C02 concentrations of about 190 ppmv, compared to the modem preindustrial level 
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Fig. 8.9 160,000-year time history of (a) deuterium anomaly (6D) of the Vostok, Antarctica ice core 
[From Lorius et al. (1985), 0 Macmillan Magazines Limited]; (b) smoothed air temperature inferred from 
the Vostok (6D) record [From Jouzel et al. (1987), 0 Macmillan Magazines Limited]; (c) marine 6l80 
record which is indicative of global ice volume [From Martinson er al. (19871; (d) CO? concentration 
from the air bubbles in the Vostok ice core with uncertainty limits indicated by the envelope of light lines 
[From Bamola et al. (1987). 0 Macmillan Magazines Limited]. 

of about 280 ppmv and the 1990 value of about 350 ppmv. Air bubbles trapped in ice 
have also shown that methane (CH4), another radiatively active gas, has also under- 
gone significant variations. During the last glaciation, methane concentrations were 
only 350 ppbv, compared to the preindustrial level of 650 ppbv and the 1990 value of 
about 1650 ppbv. According to measurements taken in ice samples, methane in the 
atmosphere remained near 650 ppbv for thousands of years before an obviously an- 
thropogenic increase started about 1800 A.D. These large changes of atmospheric 
carbon dioxide and methane between glacial and nonglacial times indicate major 
changes in the cycling of carbon between ocean, atmosphere, and land, which ac- 
companied the growth and decay of ice sheets. 
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Fig. 8.10 Temperature, non sea-salt sulfate, and non sea-salt calcium in the Vostok ice core. [From 
Legrand et nl. (1988), 0 Macmillan Magazines Limited.] 

Ice cores also contain information on past variations in the amount and chemical 
composition of aerosols deposited in high latitudes. Figure 8.10 shows time series of 
temperature, non-sea-salt sulfate (nss-sulfate), and non-sea-salt calcium in the Vos- 
tok ice core. The nss-sulfate and terrestrial calcium are much higher during glacial 
than interglacial ages. After correcting for the effects of changing accumulation 
rates, these changes indicate that nss-sulfate concentration in the atmosphere was 
20-40% higher during the glacial maxima. The increased atmospheric composition 
of sulfate is thought to be related to increased production of sulfur-bearing gases by 
life in the ocean, most probably dimethyl sulfide gas. Changes in nss-calcium are be- 
lieved to be related to atmospheric dust, principally in the form of calcium carbonate 
(CaC03). 

Variations in atmospheric carbon dioxide of the magnitude observed must be related 
to changes in the gross biological productivity of the Oceans through photosynthesis. 
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An increase in productivity during the ice age would reduce the partial pressure of 
CO;! in the water and thereby reduce the C02 content of the atmosphere, which is 
constrained by the ocean concentration on these time scales. If it is assumed that the 
nss-sulfate is produced biogenically through dimethyl sulfide (DMS) emissions by 
phytoplankton, then the sulfate increase is consistent with an increase of gross ocean 
productivity during the ice age, assuming that the rate at which organisms in the 
ocean produce DMS rises and falls with gross productivity. 

As discussed in Chapter 7, at the present time most of the deep water in the global 
ocean is formed in the north Atlantic Ocean. Because it is formed by cooling water 
that has spent some time near the surface where nutrients are efficiently consumed, 
north Atlantic deep water (NADW) is generally deficient in nutrients. In contrast, the 
source of deep water formed around Antarctica is water that has spent considerable 
time at intermediate depths collecting nutrients and then rises to the surface in the 
southern ocean. Antarctic deep water is therefore comparatively nutrient rich. Be- 
cause most deep water is currently formed from low-nutrient surface water in the 
north Atlantic and gradually gathers nutrients as it flows away from the formation re- 
gion, a substantial gradient in deep water nutrient content exists between the Atlantic 
and the Pacific oceans. 

Evidence from ocean sediment cores suggests that the contribution of the north 
Atlantic to deep-water formation was greatly diminished during the glacial maxi- 
mum of about 20,000 years ago. Associated with the low nutrient content of NADW 
are relatively high levels of 613C, a measure of the ratio of 13C to 12C, and low lev- 
els of the cadmium to calcium ratio, Cd/Ca. A time history of past levels of 613C 
and Cd/Ca in deep waters can be obtained from analysis of sediment cores. The 
shells of bottom-dwelling organisms contained in sediment cores retain a signature 
of the deep-ocean properties at the time the shells were formed. Records of 613C and 
Cd/Ca from ocean sediments indicate that the rate of deep-water formation in the 
north Atlantic Ocean was greatly reduced during the last glacial maximum, and nu- 
trients in the deep ocean were more uniformly mixed (Fig. 8. ll). 

The formation of deep water in the north Atlantic and the associated heat and 
water transports that were suppressed during the last glacial maximum began again 
about 14,000 years ago at a time when the 6l80 in ocean cores indicates that the 
land ice volume began to decrease rapidly. The proxy data indicate that deep-water 
formation in the north Atlantic ceased again for a period between about 13,000 and 
1 1,000 years ago. During the same interval fossil data indicate that the climate in Eu- 
rope returned nearly to glacial conditions after having warmed considerably during 
the period from 15,000 to 13,000 years ago. This return to cold conditions about 
12,000 years ago is documented in many ways. The cold event is known as the 
Younger Dryas, because pollen data indicate that forests that had recently developed 
in Europe during the aborted warming following the ice age were suddenly replaced 
again by arctic shrubs, herbs and grasses, including the herbaceous plant Dryas oc- 
topetella. This cold event was confined primarily to the lands bordering the North 
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Atlantic, and ended abruptly about 11,000 years ago. The event is also evident in 
time series of 6l80 in ice cores from Greenland (Fig. 8.11). 6l80 in ice cores is a 
proxy for the air temperature in the vicinity of the glacier. When the temperature 
near the ice sheet is low, it is more likely that the heavier isotope of oxygen would 
have condensed out before reaching the ice sheet, because of its lower saturation 
vapor pressure, so lower 6l80 in glacial ice is associated with colder temperatures. 
Greenland ice cores indicate a local cooling of about 6°C during the Younger Dryas 
cold event. 

It has been hypothesized that the brief shutdown of the deep thermohaline circu- 
lation of the North Atlantic during the Younger Dryas event was associated with the 
melting of the North American Laurentide ice sheet. The ice sheet melted most 
rapidly from its southern flank at first and the majority of this melted water flowed 
down the Mississippi River draining into the Gulf of Mexico. Several great melt- 
water lakes formed in the depression of Earth’s surface left by the retreating ice 
sheet, and one of these occurred in what is now southern Manitoba. This paleo-lake 
has been named Lake Agassiz after the geologist, Louis Agassiz, who in 1837 was 
an early and ardent proponent of the idea that Earth had undergone an ice age. As the 
ice sheet retreated farther north, a channel was opened that allowed the meltwater 
lake to drain eastward down the St. Lawrence River to the North Atlantic Ocean.’ 
This diversion is dated at about 12,000 years ago from land evidence and by 6I8O 
records in sediment cores from the Gulf of Mexico, which went from isotopically 
light to heavy as the low 6l80 meltwater was suddenly diverted away. The supply of 
freshwater to the north Atlantic via the St. Lawrence reduced the salinity of the sur- 
face ocean waters. Since high salinities are critical to attaining the densities required 
to form deep water, the supply of freshwater was sufficient to cut off the thermo- 
haline circulation of the north Atlantic. With the thermohaline circulation went its 
associated heat transport, resulting in large local cooling of the climate. The thermo- 
haline circulation restarted about 11,000 years ago when the meltwater was again di- 
rected down the Mississippi, and has continued to operate as the climate warmed to 
today’s interglacial conditions. 

8.5.6 The Last 10,000 Years 

The global climate warmed following the last glacial maximum. Melting of the great 
ice sheets took about 7000 years from about 14,000 to about 7000 years ago, with 
considerable variation in the dates of final melting for different ice sheets. The early 
Holocene from about 10,000-5500 years ago was a time when Northern Hemi- 
sphere summer climates were warmer than today’s. This period was also character- 
ized by remarkable changes in the hydrology of the monsoonal climates of Africa 
and Asia. Evidence from closed-basin lakes indicates that the period from about 
9000-6000 years ago was the wettest in northern Africa in the last 25,000 years. It 

’Broecker etal. (1988); Broecker and Denton (1990). 
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was during this interval that the hippopotamus, the crocodile, and a variety of 
hooved animals occupied regions in the Sahara and in Saudi Arabia that are now 
some of the most arid on Earth. Sediment cores from the Arabian Sea indicate that 
monsoonal winds were stronger during the early Holocene than at present, and sedi- 
ments from the Indus and Ganges Rivers indicate that precipitation over India was 
greater then than now. All of this evidence is suggestive of stronger summer mon- 
soons during the early Holocene, which has been related to changes in Earth’s orbital 
parameters, as will be discussed in Chapter 11. 

Minor advances of mountain glaciers culminated about 5300,2800, and 150-600 
years ago. The last of these falls within the Little Ice Age, circa 1250-1850 A.D. 
(Fig. 8.12). Between these cold periods there were relatively warm periods, the best 
known being around 900- 1200 A.D. and during the present century. During the for- 
mer period, the Norsemen populated Iceland, Greenland, and North America. The 
Norse Greenland colonies were abandoned at the onset of the Little Ice Age. Fields 
in coastal Greenland that had grown crops became perennially frozen. This seem- 
ingly drastic change, compared to what has occurred elsewhere, is related to the fact 
that climate changes appear to have larger amplitudes at high latitudes. 

8.6 Uses of Paleoclimatic Data 

Paleoclimatic data are very useful in developing a scientific understanding of cli- 
mate change that will be essential to anticipating the nature of future climate changes 
associated with human activities and natural processes. The description of past cli- 
mates derived from paleoclimatic data is useful for three reasons: it gives us per- 
spective on the range of climate changes that are possible and likely, it provides 
clues about how the climate system works, and it provides a data set for testing the- 
ories and models of how climate changes. 

Paleoclimatic data give us a perspective on what constitutes a “significant” global 
climate change. During a full-glacial episode like the one 20,000 years ago, the 
global-mean surface temperature was about 5°C colder than now. Therefore, 1°C 
in global-mean surface temperature represents about 20% of the temperature change 
between glacial and interglacial conditions. The current climate is very near the 
warmest that has been observed in the last million years, so we do not have very 
good analog information about what constitutes a really warm world climate. The 
warm period about 9000-6000 years ago was nearly the warmest in the last million 
years and was probably not as much as 1°C warmer than today. To get climates that 
were substantially warmer than today one must return to the early Pliocene, about 
5 million years ago, or to the Cretaceous period, about 65 million years ago, when 
continental positions and the configuration of the world ocean were very different 
from today. The dominant time scales for natural climate changes during the current 
geologic epoch, the Holocene, seem to be in the tens of thousands to hundreds of 
thousands of years. Although climate changes on a variety of time scales, the largest 



1960 

1940 

' 1920 ' 1900 
1880 

d 

5 

@Last previous interglacial (Eemian) 
@Thermal maximum of 1940's @Present interglacial (Holocene) 
@Little ice age 
@Younger Dryas cold interval @Earlier Pleistocene interglacials 

Legend 

Air Temperature Mid-Latitude Air Temperature 
Cold Warm Cold Warm 

j3 
0" - 80"N 

A 
1 .2 .4 .6 

ATOC 

m "ml j E u r o p e  Eastern 

I -1.5"C ' 
900 

3 o L  

I -10°C ' 

15 
Zl 

e 
125 

150 
I 

-10°C ' 

Global Ice Volume 
OMax Min- 

b 
- 

0.1 - -& --G 
g0.2- -5 

$0.4 
00.5 - 
.P 0.6 - 
3 0.7 - 
0.8 - 
0.9 

- 
h 

v) 
C - 

I- 5 x 1016md 

(a) The Last 102 Years (b) The Last lo3 Years (c) The Last lO4Years (d) The Last 105 Years (e) The Last lo6 Years 

Fig. 8.12 General trends in global climate for a variety of time scales. (a) Changes in the 5-year average surface temperatures averaged from instrumental 
records over the region 0-80" [from Mitchell (1%3)]. 0) Winter severity index for eastern Europe during the last loo0 years [from Lamb (1969)l. 
(c) Midlatitude Northern Hemisphere air temperature trends during the last 15,000 years based on changes in tree lines [from LaMarche (1974), 0 by the AAAS], 
marginal fluctuations in alpine and continental glaciers [from Denton and Karlen (1973)], and shifts in vegetation patterns recorded in pollen spectra [from van der 
Hammen et al. (1971), 0 Yale University Press]. (d) Northern Hemisphere air temperature trends during the last 1OO,oo0 years based on midlatitude sea surface 
temperature and pollen records and on worldwide sea-level records. (e) Fluctuations in global ice volume during the last million years as recorded in changes in iso- 
topic composition of fossil plankton in deep-sea core V28-238 [from Shackleton and Opdyke (1973)l. 
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variations appear to occur on longer time scales. Nonetheless, the record also con- 
tains evidence of rapid changes of substantial magnitude on time scales of tens to 
hundreds of years, such as those associated with the Younger Dryas event and the 
Little Ice Age. 

Paleoclimatic data can provide clues about how the climate system works and 
how the observed variations were produced. The thick ice sheets over the continents 
during glacial maxima suggest that continental ice sheets may play an active role in 
climate change, through their albedo, topography, and effects on ocean circulation 
and biogeochemical cycles. Temperature changes during an ice age seem to be 
largest at high latitudes and rather small near the equator. Why is this and what does 
it tell us about the mechanisms of climate change? The tropical land regions appear 
to have been drier on average during glacial maxima than during warm periods. 
What are the reasons for these hydrological and vegetation changes and do they play 
an active role in climate variability? Air trapped in bubbles in glacier ice shows that 
the carbon dioxide content of the atmosphere was lower (-190 ppmv) during the last 
ice age than 200 years ago before the industrial revolution (-280 ppmv). This sug- 
gests that global ocean productivity was enhanced during the ice age. Does this in- 
formation indicate a role for biology in determining climate variability? 

Paleoclimatic data provide evidence for testing theories and models of global cli- 
mate change. Time series of global ice volume can be compared to time series of in- 
solation variations associated with cycles in Earth’s orbital parameters. Can we ex- 
plain the relationship between Earth’s orbital parameters and global ice volume? If 
we put inferred distributions of SST, surface ice, vegetation, and atmospheric com- 
position into our best climate models, do they produce a consistent climate in bal- 
ance with these conditions? How important are the changes in atmospheric composi- 
tion for explaining glacial-interglacial cycles of climate change? In Chapter 9 we 
examine the question of how sensitive the climate is to ice sheets and atmospheric 
composition, and in Chapter 11 we examine the role of orbital parameter variations 
and other natural climate forcings in determining climate variability. 

Exercises 

1. Discuss the difficulties with interpreting a curve like Fig. 8.1 or extrapolating 
it into the future. 

2 .  One of the earliest examples of primitive humans, Australopithecus, lived in 
Africa between about 4 and 1 million years ago. Hominids began using stone 
tools about 2 million years ago. Place Australopithecus and tool use in their 
proper place in Fig. 8.4. For what fraction of Earth history have horninids been 
around? 

3. How would the differences of atmospheric C 0 2  and CH, during the last glacial 
maximum and the present preindustrial era have contributed to the differences 
in the climates between then and now? 
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4. Using a current physical map of Earth and the description in Section 8.5.2 as a 
guide, draw a physical map of Earth for the middle Cretaceous era and label 
the Tethys Sea. 

5. Estimate the mass of the North American and Greenland ice sheets from the 
data presented in Fig. 8.8. 

6. Estimate the rate of freshwater mass production (kg s-') by the melting of 
the North American ice sheet, assuming that its melting took 500 years. How 
does this compare with the rate of deep-water formation in the North Atlantic, 
which is estimated to be 1.5-2 x 10'O kg s-'? 

7. Estimate by how much the freshwater flux calculated in problem 6 would de- 
crease the salinity of the surface waters of the far north Atlantic if the flow of 
the 35'720 salinity water from the south is 2 x 1Olo kg s-'? 

8. What fraction of the North American ice sheet at its maximum would need to 
melt in 100 years in order that the flow of freshwater over this period would 
decrease the salinity by 2%? How would such a burst of freshwater flux 
affect the formation of deep water? What would be the response of the 
climate in the north Atlantic region? How would the rate of melting respond 
to the climate changes? Can you imagine how the interactions between the 
melting rate, deep water formation, and climate variations might cause an 
oscillation during the decline of the ice sheet? 



Chapter 9 Climate Sensitivity and Feedback 
Mechanisms 

9.1 Fools’ Experiments’ 

Understanding and forecasting of climate change presents a great challenge to geo- 
scientists. The surface climate of Earth is determined by a complex set of interac- 
tions among the atmosphere, the ocean, and the land, and these interactions involve 
physical, chemical, and biological processes. Many of these interactions are only 
dimly understood, and important interactions and processes have probably yet to be 
discovered. Because it is apparent that humans have the capability to alter climate, it 
is necessary that we attempt to understand how the climate system works and make 
quantitative estimates of how our past, present, and future actions will change it. To 
make progress on a problem with the intimidating complexity of climate change, the 
proper response of a scientist is to begin by considering simpler questions and then 
add complexity as understanding is gained. The lessons drawn from these simple 
models must be taken seriously, but with the full realization that they may not be a 
faithful representation of nature. 

In the climate modeling problem, complexity is determined by the number and 
kind of processes or interactions among system components that are included. Once 
a starting point is chosen, one must decide in what order to bring additional pro- 
cesses or interactions into consideration, and with how much detail it is necessary to 
represent these processes. These decisions can be made on the basis of how impor- 
tant the processes are for the maintenance of climate, or on the basis of their im- 
portance for determining the magnitude of a climate change response to a climate 
forcing of a given measure. The relationship between the measure of forcing and the 
magnitude of the climate change response defines what we will call the climate sen- 
sitivity. A process that changes the sensitivity of the climate response is called a 
feedback mechanism. The strength of a feedback can also be quantified, and will be 
termed a positive feedback if the process increases the magnitude of the response, 
and negative if the feedback reduces the magnitude of the response. To construct a 
model of climate change, it is logical to order the feedback processes according to 
importance, and then include the most important feedbacks first. If positive and neg- 
ative feedbacks of similar strength are possible, then it is important to include both 

‘“I love fools’ experiments. I am always making them.”-Charles R. Darwin 
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simultaneously, or otherwise a very inaccurate estimate of the overall system sensi- 
tivity can be obtained. 

9.2 Objective Measures of Climate Sensitivity and Feedback 

The concept of sensitivity can be used to judge which climate processes should be 
considered first and which can be neglected until later. Sensitivity can also be used 
as an objective measure of the performance of a model. Quantitatively, sensitivity is 
the amount by which an objective measure of climate changes when one of the as- 
sumed independent variables controlling the climate is varied. For example, we 
might ask how much the global mean surface temperature, Ts, changes if we vary the 
solar constant, So; however, the global mean temperature is a function of more than 
the solar constant. Suppose it depends on a number of variables yj, which are all 
parametrically related to So, yj = y j ( S 0 ) .  Secondary variables would be water vapor, 
other greenhouse gases, cloudiness, ice cover, land vegetation, and many others. 
Then the chain rule yields, 

where partial and total derivatives are denoted by a and d, respectively, and N is the 
number of important subsidiary variables. The total change of surface temperature 
with respect to solar constant is the sum of many contributions each made up of the 
partial derivative of surface temperature with respect to a secondary variable that 
controls surface temperature, times the total change of that secondary variable with 
respect to the solar constant. As an example, if we increase the solar constant, the 
specific humidity of air will increase because of the dependence of saturation vapor 
pressure on temperature. The increase of atmospheric water vapor will in turn lead to 
an increase in surface temperature, because of the greenhouse effect of the added 
water vapor. 

We may simplify the concept of climate sensitivity somewhat by supposing that 
some climate forcing, dQ, with units of W m-* is applied to the climate system, and 
ask how it is related to a measure of climate change such as the change in global- 
mean surface temperature, Sr,. We define the ratio of the climate response to the cli- 
mate forcing as one measure of climate sensitivity. 

As an example, we can consider the global-mean energy balance at the top of the 
atmosphere. 
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If we imagine that some forcing dQ of the energy balance is applied, so that the 
climate is driven to some new equilibrium state with a new global-mean surface tem- 
perature, then we can use the chain rule to write 

from which, using (9.3) we obtain 

In this simple model, the climate sensitivity is controlled by two basic feedback 
processes. One feedback is measured by the dependence of the emitted terrestrial ra- 
diation flux on surface temperature, and the other is measured by the dependence of 
the albedo on surface temperature. If the sensitivity parameter AR is known, then we 
can estimate the global-mean surface temperature change A T  expected from a given 
climate forcing AQ. 

9.3 Basic Radiative Feedback Processes 

9.3.1 Stefan-Boltzmann Feedback 

We may use the simple global-mean model of Chapter 2 to evaluate the strength of 
the negative feedback associated with the temperature dependence of thermal emis- 
sion. This may be the most important negative feedback controlling the surface tem- 
perature of Earth. The emission temperature of a planet is defined by the balance de- 
scribed by (9.3) with the outgoing terrestrial energy emission determined by the 

temperature for the moment and assume that the surface temperature and the emis- 
sion temperature are linearly related, then the sensitivity parameter for this model, 
which cools like a blackbody, is given by 

Stefan-Boltzmann law, F t (-) = oT:. If we ignore the dependence of albedo on 

The estimate of sensitivity obtained here indicates that about a quarter of a degree 
change in temperature will result from a one Watt per square meter forcing of the en- 
ergy balance. A 1 W m-' forcing of the energy balance can be produced by about 
a 5.7 W mP2 change in the solar constant, if the albedo is 0.3. If only the Stefan- 
Boltzmann feedback is considered, it will take about a 22 W m-' or 1.6% change in 
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solar constant to produce a 1°C change in Earth’s surface temperature. With such a 
stable climate it would be difficult to produce the climate changes observed in the 
past, so we conclude that some strong positive feedback processes must operate. 

From radiative transfer model calculations, we can estimate that if we double the 
carbon dioxide concentration from 300 to 600 ppmv, and leave the temperature and 
humidity distributions as they are, then the outgoing longwave radiation would de- 
crease by about 4 W m-2, which would result in an increase of the net radiation at 
the top of the atmosphere by the same amount. This is equivalent to a solar constant 
increase of 1.67%, assuming a fixed albedo of 0.3. We can use (9.7) in (9.6) to esti- 
mate that about a 1°C global-mean surface temperature increase would result from 
such a climate forcing. 

9.3.2 Water Vapor Feedback 

One of the most powerful positive feedbacks is associated with the temperature de- 
pendence of the saturation vapor pressure of water. As the temperature increases, the 
amount of water vapor in saturated air increases. Since water vapor is the principal 
greenhouse gas, increasing water vapor content will increase the greenhouse effect 
of the atmosphere and raise the surface temperature even further. The dependence of 
atmospheric water vapor on temperature thus constitutes a positive feedback. 

Because much of Earth’s surface is wet, the humidity of air near the surface tends 
to remain close to the saturation vapor pressure of air in contact with liquid water. 
The temperature dependence of the saturation vapor pressure can be obtained from 
the Clausius-Clapeyron relationship, 

(9.8) 

where e, is the saturation vapor pressure above a liquid surface, L is the latent heat of 
vaporization, T is the temperature, av is the specific volume of the vapor phase, and 
a1 is the specific volume of the liquid phase. From (9.8) we can show that the change 
in saturation specific humidity divided by the actual value of specific humidity is re- 
lated to the change in temperature divided by the actual temperature. 

(9.9) 

For terrestrial conditions (L/R,T) = 20, so that a 1% change in temperature, which is 
about 3”C, is associated with about a 20% change in saturation specific humidity. 

It is observed that the relative humidity of the atmosphere, which is the ratio of 
the actual to the saturation humidity, tends to remain constant, even when the air 
temperature goes through large seasonal variations in middle to high latitudes. This 
is not too surprising, since we know that the relative humidity cannot exceed 100% 
and vapor is extracted very efficiently from the ocean when the relative humidity of 
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SURFACE TEMPERATURE (OK),  T, 
Fig. 9.1 Graph of outgoing terrestrial emission at the top of the atmosphere as a function of surface 

temperature calculated from a radiative-convective equilibrium model in which the relative humidity is 
kept fixed so that the specific humidity increases with temperature. For comparison, Stefan-Boltzmann 
emission curves are shown for temperatures equal to the surface temperature T*, minus fixed amounts 
from 10 to 50'C. The dashed line is for clear skies and the solid line is for average cloudiness. [Adapted 
from Manabe and Wetherald (1967). Reprinted with permission from the American Meteorological 
Society.] 

air is low. As an estimate of the effect of water vapor feedback on climate sensitivity, 
we may utilize a one-dimensional radiative-convective equilibrium model (see Sec- 
tion 3.10) in which we assume that the relative humidity remains fixed at observed 
values while the temperature changes. In this case we find that the terrestrial radia- 
tion emitted from the planet increases much less rapidly with temperature than 
would be indicated by the Stefan-Boltzmann relationship. Moreover, the terrestrial 
emission increases linearly with surface temperature, rather than as the fourth power 
of temperature (Fig. 9.1). From radiative-convective equilibrium calculations with 
fixed relative humidity (FRH) we can obtain an estimate of the climate sensitivity 
parameter with only the Stefan-Boltzmann and relative humidity feedbacks included. 

-1 

~ 0 . 5  K(Wm-')-l (9.10) 
FRH 
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Comparing (9.10) with (9.7) we see that adding relative humidity feedback nearly 
doubles the estimated sensitivity of the climate. With these two feedbacks included, 
the response of surface temperature to a doubling of carbon dioxide concentration is 
about 2°C. 

9.4 Ice Albedo Feedback 

The physical effects of expanded surface icecover have often been offered as one 
possible explanation for how the very different conditions of the ice ages could have 
been maintained. One of the primary physical effects of icecover is the much higher 
albedo of ice and snow than all other surface coverings (Table 4.2). The annual vari- 
ation of surface albedo is controlled largely by snowcover (Fig. 9.2), although vege- 
tation cover can also influence the seasonal variation of albedo, and solar zenith 
angle is also an important influence on seasonal variations of surface albedo in high 
latitudes. The albedo of ocean surfaces at high latitudes is typically lo%, whereas 
a typical albedo for sea ice with a covering of snow at the same latitudes is 60% 
(Fig. 9.3). The surface albedo contrast between coniferous forest and an ice sheet 
is equally great. As the climate cools during the onset of an ice age, the ice would 
expand into regions previously covered by water or forest in latitudes where the 

- 
I \  
I I ANNUAL RANGE OF ALBEDO 
I l  

I I  
I I C-O Northern Hemisphere 

.--* Southern Hemisphere I !  

Fig. 9.2 Graph of the annual range of surface albedo in the Northern and Southern Hemispheres. 
The largest annual ranges occur in the latitude range of Antarctic sea ice in the Southern Hemisphere and 
sea ice and snowcover in the Northern Hemisphere. [From Kukla and Robinson (1980). Reprinted with 
permission from the American Meteorological Society.] 
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Fig. 9.3 Aerial photograph of sea ice in the Arctic, showing the relationship of albedo to ice thick- 
ness and snowcover. A large lead has refrozen with a thin layer of ice that has reopened and fingered. Fin- 
gering occurs when thin layers of ice are pushed together and slide over the top of each other. The darkest 
areas are open water. Image is about 15 km across. [Photo: U.S. Navy (NAVOCEANO), 1972.1 

insolation is substantial, particularly in summer (Fig. 9.4). The increased surface ice- 
cover would raise the surface albedo and reduce the amount of solar energy absorbed 
by the planet. This reduction of solar energy absorption would cause further cooling 
and thus further ice expansion that might lead ultimately to an ice age. The associa- 
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Fig. 9.4 Extent of permanent ice sheets (shaded), seasonal snowcover (dotted line), and pack ice 
(perennial sea ice, dash-dot line) at present and estimated for the last glacial maximum. [From Robinson, 
unpublished, as published in Kukla (1979).] 

tion of surface glaciation with colder temperatures can constitute a very powerful 
positive feedback, since it modulates the direct energy input from the sun. 

The albedo feedback effect was incorporated in simple climate models by 
Budyko (1969) and Sellers (1969). Both of their models produced very sensitive cli- 
mates, such that it was surprisingly easy to produce an ice age, or even an icecovered 
Earth, with a relatively modest climate forcing. Their simple models for the ice caps 
assumed that everything about the climate could be characterized by the surface tem- 
perature, and that the only independent variable was latitude. The determination of 
the surface temperature was based on the conservation of energy for the system, so 
that these models are termed energy-balance climate models. The steady-state en- 
ergy balance has three terms: the absorbed solar energy, the emitted terrestrial en- 
ergy, and the divergence of the horizontal energy transport by the atmosphere and 
oceans. All of these terms are allowed to depend on latitude, since the growth of 
polar ice caps and their effect on global climate is the central question that these 
models are designed to address. 



9.4 Ice Albedo Feedback 237 

It is convenient to express the three terms in the energy balance as functions of 
the sine of latitude, x = sin 4, and the surface temperature T,, 

(9.11) 
Q A B ~  is the absorbed solar radiation, F, t is the outgoing longwave radiation, and 
Wao is the removal of energy by horizontal energy transport, which would usually 
be expressed as the divergence of the meridional energy transport by the atmosphere 
and ocean. The observed climatological zonal average values of these terms are 
shown in Fig. 2.12. The absorbed solar radiation is written as the product of the solar 
constant, S O ,  a function that describes the distribution of insolation with latitude, 
s(x), and the absorptivity for solar radiation, up(x,T,) = 1 - a,(x,T,), which is one 
minus the planetary albedo, ap. 

(9.12) 

The distribution of annual mean insolation is shown in Fig. 2.7. The distribution 
function s(x) is defined by dividing the annual-mean insolation at each latitude by 
the global-average insolation. Its global area average is unity. 

1 
1 j s ( x ) d x  = 1 (9.13) 
2 

The annual-mean insolation distribution function for current conditions can be 

-1 

approximated fairly accurately as 

s ( x ) =  1.0-0.477P2(~) (9.14) 

where 

1 
P2(x)  = -(3x2 2 - I )  (9.15) 

is the Legendre polynomial of second order in x. 
The emitted terrestrial flux is specified as a linear function of surface temperature. 

F , ( x , T s ) = A + B T s  t (9.16) 

The coefficients A and B can be obtained from Fig. 9.1, or from other theoretical or 
empirical estimates. 

The transport term can be specified in two different ways that facilitate an easy 
solution. Budyko assumed a linear form for the transport term, such that at every lat- 
itude the transport relaxes the temperature back toward its global-mean value. 

(9.17) 



238 9 Climate Sensitivity and Feedback Mechanisms 

where 
1 - 1  T, = - I T ,  dx 

2 
(9.18) 

-1 

is the global-mean temperature. 

transport. 
Sellers (1969) and North (1975) used a diffusive approximation to meridional 

d a s  
H Z  AEao)Se,,ers = V K ,  VT, = -( 1 - x 2 )  K 

dx 
(9.19) 

The linear relaxation coefficient, and diffusivity, KH, are chosen to make the 
model simulation as close to the observed climate as possible by producing the ob- 
served meridional energy transport when the temperature gradient is approximately 
as observed. 

Albedo feedback is introduced by assuming that ice forms when the temperature 
falls below a critical value and that this is associated with an albedo increase. It is 
observed that the annual mean temperature at which surface icecover persists 
throughout the year is about -10°C currently. We therefore assume that an abrupt 
transition in the albedo takes place at this temperature. 

a p  = { aice-free 7 
T, > -10°C 

a i c e  7 T, < -10°C 
(9.20) 

Typical values chosen for planetary albedos with and without surface icecover are 
0.62 and 0.3, respectively. 

If we substitute (9.12), (9.16), and (9.17) into (9.1 l), we obtain the equation con- 
sidered by Budyko. 

A + BT, + y(T,  - fy) = - SO s ( x )  a , (x ,x ; )  
4 

(9.21) 

Here we have used the fact that because of (9.20), the absorptivity is only a function 
of sine of latitude x and the position of the iceline, x i ,  the point where the tempera- 
ture equals -10°C. We define a new variable I, which is the ratio of the terrestrial 
emission to the global-average insolation. 

(9.22) 

Substituting this definition into (9.21) yields a simple equation for I .  

I + 6  (I-  T ) = s ( x )  a p ( x , x i )  (9.23) 

It is interesting that the linear parameters describing the efficiency of meridional 
energy transport and longwave radiative cooling occur only in the ratio 6= (r/B).  If 
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6 is large, then meridional transport is relatively efficient compared to longwave 
cooling, and equator-to-pole gradients in I will be small. 

The global area average of (9.23) is 

I 

i = L j  2 ~ ( x )  a p ( x , x i )  dx 

which indicates that the global average value of the terrestrial emission divided by 
the insolation is equal to the global average of the product of the absorptivity and the 
distribution function for insolation. Thus if the absorptivity is high where the insola- 
tion is also high, the global-mean value I" will also be high. Since I is linearly related 
to T, ,  the global-mean temperature also increases with the average product of insola- 
tion and absorptivity. Because the annual mean insolation is least at the poles and 
greatest at the equator, the albedo increase associated with icecover will have a 
greater effect on global-mean temperature as the icecover extends farther toward the 
equator. 

It is interesting to solve for the latitude of the ice boundary as a function of solar 
constant for particular albedo specifications and values of 6. The solution is ob- 
tained by specifying the position of the iceline and then solving for I at the iceline 
latitude using (9.23). Because the albedo specification is discontinuous at the ice- 
line and no diffusion is present in the model, I and T, are discontinuous and the so- 
lution for xi as a function of So is not unique. A unique solution can be obtained by 
adding a small diffusive transport and taking the limit of vanishing diffusion coef- 
ficient. This procedure suggests using the average of the albedo on both sides of 
the ice edge when solving for I at the ice edge.2 The general structure of such so- 
lutions is shown in Fig. 9.5. Because of the strong nonlinearity introduced by the 
albedo specification, the model may have between one and three solutions for a 
particular value of the solar constant. For sufficiently large solar constants, an ice- 
free planet is a stable solution to the model. For sufficiently small solar constants, 
an icecovered planet is a stable solution. For an intermediate range of solar con- 
stants both of these stable solutions are possible. The diagram has been scaled such 
that for a normalized solar constant of 1.0 the boundary of the polar ice cap is at 
72"N, which is approximately the current position of the ice edge. If the solar con- 
stant is raised or lowered from this value the ice cap will recede or expand. The 
rate at which the ice cap expands or contracts as the solar constant is changed is a 
measure of the sensitivity of the climate. This rate is equivalent to the slope of the 
solution curve in Fig. 9.5. As the solar constant is decreased and the ice cap ex- 
pands, the model becomes more sensitive until the line is vertical at some critical 
latitude. The latitude where the slope becomes infinite is labeled the global stability 

(9.24) 
-1 

2Held and Suarez (1974). 
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Fig. 9.5 Diagram showing the latitude of the boundary of the polar ice cap as a function of solar con- 
stant in the solution of the energy-balance climate model. The solar constant has been normalized such 
that the boundary of the ice cap occurs at 72" for a normalized solar constant of unity. The solution shown 
is for 6= 1.9, with an ice-free albedo of 0.3 and an ice albedo of 0.62. 

point in Fig. 9.5. If the solar constant is reduced below this value the ice abruptly 
expands to cover the entire planet in a kind of runaway ice albedo feedback. In this 
model, ice caps that extend equatorward of the global stability point are unstable 
and grow to cover the planet. 

The parameters chosen by Budyko (1969) and Sellers (1969) make the ice cap 
very sensitive to small changes in solar constant. For example, Budyko calculated 
that a reduction in solar constant of 1.6% would lead to an icecovered Earth. This re- 
sult is attractive in that it indicates that a relatively small change in climate forcing 
could produce the glacial-interglacial transitions that have occurred during Earth 
history. On the other hand, the global stability point is reached when the ice cap has 
expanded to about 45 degrees latitude. The inference from this simple model is thus 
that during glacial maxima, when the average latitude of perennial icecover was near 
midlatitudes, the planet is very close to making an irreversible transition to an ice- 
covered condition. It is very difficult to see how Earth could have avoided this tran- 
sition during its history, if ice albedo feedback is as strong as indicated by Budyko's 
calculation and no additional feedbacks are present. Energy balance climate models 
are extremely simple, of course, and neglect many important processes, but it is still 
interesting to see how their sensitivity depends on the parameters needed for their 
solution. 

We may first examine how the sensitivity of the model depends on the parameter 
6, which measures the ratio of the meridional transport coefficient to the longwave 
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Fig. 9.6 Energy-balance climate model solution curves as in Fig. 9.5 for five values of the parame- 
ter 6, the ratio of the meridional transport coefficient to the longwave cooling coefficient. For larger Gthe 
meridional temperature gradient is weaker and small changes in global-mean temperature are associated 
with larger displacements of the ice edge. Larger values of Gthus result in an ice cap whose area is more 
sensitive to solar constant. 

radiative cooling coefficient. Figure 9.6 shows a set of solution curves for selected 
values of 6. For larger values of 6 the boundary of a small polar ice cap is more sen- 
sitive to solar constant changes. This is related to the fact that large values of 6pro- 
duce weak meridional temperature gradients, so that a small change in global-mean 
temperature is translated into a large displacement of the iceline and thereby a large 
change in absorbed solar radiation. Budyko used a value of B = 1.45 W m-2 K-', 
whereas more recent estimates would place the most appropriate value closer to 
2.2 W m-2 K-'. The resulting value of 6in Budyko's calculation was 2.6. This high 
value of 6 contributed to the great sensitivity of his model. 

The planetary albedo contrast associated with surface icecover is also a critical 
parameter controlling the sensitivity of energy balance climate models. The increase 
of planetary albedo with latitude is an observed fact, but only a portion of this merid- 
ional increase of planetary albedo is associated with surface ice. Significant contri- 
butions are also made by the increase of cloud cover with latitude and the increase of 
the albedo with solar zenith angle, which also increases with latitude (Fig. 2.8). As a 
result the ice-free albedo increases with latitude, so that in the latitudes where ice is 
likely to form, the contrast of planetary albedo between ice-free and icecovered con- 
ditions is not as great as one might expect. Much of the surface albedo increase 
is screened by clouds, which are very good reflectors of solar radiation, particularly 
at high solar zenith angles. One may take this into account in the energy balance 
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Fig. 9.7 Energy balance climate model solution curves as in Fig. 9.5 for five values of the parameter 
a2, which measures the amount by which the ice-free planetary absorptivity decreases toward the poles. 
Larger negative values of a2 weaken ice albedo feedback in high latitudes, since the albedo is then already 
fairly high even in the absence of icecover (6 = 1.9). 

climate model by assuming that the ice-free absorptivity for solar radiation decreases 
with latitude. 

Figure 9.7 shows solutions of the energy balance climate model for 6= 1.9, bo = 
0.38, and uO = 0.7. The values of a2 range from zero to -0.32, with the latter value 
chosen to make the ice-free and the icecovered planetary albedos equal at the pole. 
Budyko used a2 = 0.0, whereas a realistic value of a2 is about -0.175.3 With a real- 
istic meridional decrease of ice-free planetary absorptivity for solar radiation, the 
energy-balance climate model indicates a much more stable climate. The sensitivity 
of the current iceline position to small changes in solar constant is reduced when the 
ice-free albedo increases with latitude, and a much larger reduction in solar constant 
is required to produce a transition to an icecovered planet. With the more realistic 
ice-free albedo specification, the transition to an icecovered Earth does not occur until 
the ice edge has reached a lower latitude. The energy balance climate model seems 
incapable of producing a climate that is relatively sensitive for modest changes of 
ice cap size that characterize the observed glacial-interglacial transitions, and yet 
is also very resistant to an irreversible transition to an icecovered Earth. A realistic 

3Hartmann and Short (1979). 
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appraisal of ice albedo feedback is that, while it is an important feedback process, it 
is not strong enough by itself to explain the ease with which the climate system ap- 
pears to change from glacial to interglacial conditions. 

9.5 Dynamical Feedbacks and Meridional Energy Transport 

In the energy-balance climate models, the efficiency of meridional energy transport 
and the resulting meridional temperature gradient play an important role. It is inter- 
esting to consider how meridional energy transport in the atmosphere and ocean 
might respond to a developing ice sheet or to some other forcing of the meridional 
temperature gradient. If we limit ourselves to midlatitudes, the biggest contribution 
to meridional energy transport comes from eddies in the atmosphere (Chapter 6). 
The dependence of the eddy fluxes of heat on the mean temperature gradients can be 
estimated from simple dimensional arguments. We first suppose, as was done by 
Sellers (1969) and North (1975), that the meridional energy transport depends on the 
meridional gradient of potential temperature, 0. 

(9.26) 

where square brackets indicate a zonal average and y is the northward displacement 
in a local Cartesian coordinate system. The transport coefficient K H  must have the 
units of m2 s-', so we can think of K H  as the product of a characteristic wind speed 
V and distance L,. 

K H  u V * L ,  (9.27) 

The eddy heat fluxes are produced by disturbances that result from baroclinic in- 
stability of the zonal-average state of the atmosphere, so we use the theory for baro- 
clinic instability to select the characteristic wind speed and length scales. The length 
scale is chosen to be the Rossby radius of deformation, which is approximately the 
scale of disturbances that grow most rapidly in response to the baroclinic instability 
of the zonal-mean flow.4 

N 4 
L e = L R = f  

(9.28) 

where d, is the depth scale for the disturbance,fis the Coriolis parameter, and N is 
the buoyancy frequency, which is related to the vertical gradient of the potential 
temperature. 

4See, e.g., Holton (1992). 

(9.29) 
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The appropriate wind speed scale is the difference in zonal-mean wind speed ex- 
perienced by the eddy across its vertical extent, de. 

(9.30) 

The vertical shear of the zonal-mean wind is related to the meridional gradient of 
potential temperature by the thermal wind approximation, which is accurate away 
from the equator. 

(9.31) 

Combining (9.26) through (9.3 l),  we obtain an expression for the meridional flux 
of dry static energy by transient eddies as a function of the mean state variables. 

(9.32) 

The conservation of potential temperature can be used to scale the characteristic 
vertical velocity and characteristic vertical length scale to the horizontal velocity and 
length scales. 

(9.33) 

Using this scaling of the vertical velocity we can obtain an expression for the verti- 
cal heat flux analogous to (9.32). 

(9.34) 

According to these scaling arguments, the magnitude of the meridional eddy heat 
flux is proportional to the square of the meridional temperature gradient and to the 
square root of the static stability (9.32). The depth scale de is as yet unspecified. 
Strongly unstable disturbances occupy the entire troposphere, so that it is reasonable 
to use the scale height H as the depth scale. For more weakly unstable flows the 
depth scale itself is proportional to the meridional temperature gradient, so that the 
total heat flux is even more highly sensitive to the meridional temperature gradient.5 
Because of the quadratic or higher dependence of the eddy heat flux on the meridional 
temperature gradient, eddy fluxes act to suppress large deviations of the merid- 
ional temperature gradient, so that, to the extent that the meridional temperature gra- 
dient is controlled by eddy fluxes, we expect the meridional gradient of temperature 
to be rather insensitive to altered thermal driving of the equator-to-pole temperature 

5Held (1978). 



9.6 Longwave and Evaporation Feedbacks in the Surface Energy Balance 245 

difference. Altered meridional thermal drive will result in a large change in baro- 
clinic eddy activity and eddy heat transport, which will suppress the response of the 
temperature gradient to the altered forcing. The strong sensitivity of the eddy activ- 
ity and heat flux to meridional thermal driving has been verified by calculations with 
numerical models of the atmosphere. 

We expect that the oceanic heat flux is also sensitive to the meridional tempera- 
ture gradient, since we expect that both the thermal driving and the wind stress driv- 
ing of oceanic circulations would increase with the temperature gradient. We do not 
have any simple quantitative theory for how oceanic fluxes depend on the meridional 
temperature gradients that corresponds to the simple dimensional arguments given 
above. 

Dynamical models of the free atmosphere suggest that baroclinic eddies will act 
to maintain a nearly constant meridional temperature gradient by changing their 
meridional energy flux by a large amount when a small change in meridional tem- 
perature gradient is imposed. It is very interesting that paleoclimatic data show that 
the surface temperature has a very different behavior than expected from these dy- 
namical considerations. During ice ages the tropical surface temperatures changed 
only a few degrees from today’s values, while the polar temperatures cooled by 10°C 
or more. This “polar amplification” of climate change is an important feature that 
needs to be fully understood. It points to the importance of surface and boundary- 
layer processes in determining the surface temperature and its latitudinal gradient. 

9.6 Longwave and Evaporation Feedbacks in the Surface Energy Balance 

One interesting inference from analysis of ocean core data is that the average tropi- 
cal sea surface temperatures do not appear to have changed by more than 1-2°C be- 
tween glacial and interglacial conditions (Fig. 8.8). Why were the tropical SSTs so 
stable, when polar temperatures changed by tens of degrees? Is this related to ice 
albedo feedback, or are other processes equally important for producing the polar 
amplification? The sensitivity of tropical SSTs can be approached by considering the 
surface energy balance. It is unclear how the oceanic energy flux divergence and the 
solar heating of the tropical oceans depend on mean tropical temperature, but we can 
make good quantitative estimates of the temperature dependence of the net long- 
wave heating of the surface and the evaporative cooling of the surface. 

The net longwave heating of the surface is equal to the downward longwave from 
the atmosphere minus the longwave emission from the surface. 

FA, = F J ( O )  - oT,4 (9.35) 

Here we have assumed that the surface absorbs and emits like a blackbody. 
We can calculate the dependence of net radiation on surface temperature under 

clear-sky conditions using a radiative transfer model with some assumptions. We as- 
sume that the temperature decreases linearly with height away from the surface with 
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Fig. 9.8 Net longwave energy flux at the surface as a function of surface temperature, calculated 
using a fixed lapse rate and relative humidity distribution. Curves are shown for the total terrestrial flux 
and the flux within the wavelength intervals indicated. [From Hartmann and Michelsen (1993). Reprinted 
with permission from the American Meteorological Society.] 

a lapse rate of 6.5 K km-’ until the height where the temperature reaches a minimum 
of 200 K, and that the atmosphere is isothermal with a temperature of 200 K above 
that level. We assume that the relative humidity is distributed linearly in pressure ac- 
cording to 

1 - 0.02 
RH = RHO (9.36) 

where RHO = 77% gives a reasonable approximation to the observed global-mean 
relative humidity.6 The net longwave flux at the ground computed with these specifi- 
cations of lapse rate and relative humidity and with current values of carbon dioxide 
and ozone content is shown in Fig. 9.8. The general character of this plot is not very 
sensitive to the details of how the relative humidity and temperature profiles are 
specified. For temperatures less than -280 K the net longwave loss from the surface 
increases with temperature as a result of the increase of surface blackbody emission 
with temperature. At warmer temperatures the net longwave loss from the surface 
decreases with increasing temperature because the downward longwave flux from 
the atmosphere increases more rapidly than the surface longwave emission. This is 
because the water vapor content of the atmosphere is increasing, and water vapor 
is a very efficient emitter of terrestrial radiation. For wavelengths in the range 8- 
12 pm, called the water vapor window, the net longwave loss increases up to about 
285 K, after which point it decreases rapidly with temperature. This is because of the 

“anabe and Wetherald (1967). 
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so-called continuum absorption by water vapor that becomes increasingly effective 
at high vapor pressure. The nature of this absorption is not fully understood, but it is 
well measured and might be associated with water vapor molecules sticking together 
at high vapor pressures, and thus forming a complex molecule that can efficiently ab- 
sorb and emit window radiation. This closes the water vapor window at high tem- 
peratures and makes the cloud-free atmosphere virtually opaque to thermal infrared 
radiation. According to these calculations, upward and downward longwave radia- 
tion at the surface would become almost equal for surface temperatures in excess of 
-320 K. The net surface longwave loss decreases most rapidly with temperature in 
the vicinity of 300 K, which is approximately the mean temperature of the tropical 
oceans. This constitutes a positive feedback in the surface energy budget that is most 
effective at tropical temperatures, since as the temperature increases the net long- 
wave cooling of the surface decreases. If no other feedback processes were operat- 
ing, the tropical SST might be quite sensitive and variable. 

The approximate energy balance of the tropical ocean surface is about 200 
W mP2 solar heating, balanced by 120 W m-2 evaporative cooling, 50 W mV2 net 
longwave loss, 10 W m-2 sensible cooling, and 20 W m-2 energy export by ocean 
currents. The evaporative cooling of tropical ocean waters is greater than the long- 
wave cooling and is also expected to be sensitive to surface temperature. We can es- 
timate the sensitivity of evaporative cooling to surface temperature if we are willing 
to make several critical assumptions. We begin with the aerodynamic formula for 
evaporative cooling approximated using (4.32) and (4.35). 

If we assume again that the RH distribution and the temperature profile remain 
constant as we increase the surface temperature, then the evaporative cooling de- 
pends primarily on the temperature dependence of the saturation specific humidity 
at the surface. We can also assume that the characteristic wind speed and the ex- 
change coefficient are independent of the surface temperature. Making these as- 
sumptions and neglecting the weaker linear and quadratic temperature dependen- 
cies compared to the exponential temperature dependence of saturation humidity, 
one can show from (9.37) and (4.35) that the logarithmic derivative of evaporative 
cooling with respect to surface temperature is only weakly dependent on tempera- 
ture itself. 

(9.38) 

This is a result of the exponential dependence of saturation humidity. The deriva- 
tives of exponential functions are themselves exponential functions. The numerical 
estimate in (9.38) is obtained for T, = 300 K, which is a typical tropical oceanic sur- 
face temperature. If we multiply (9.38) by a typical evaporative cooling value of 
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LE = 120 W m-2, then we obtain an estimate of the sensitivity that is independent of 
specific choices of the parameters in the aerodynamic formula (9.37). 

(9.39) 

For fixed relative humidity the rate at which evaporative cooling increases with 
temperature is large compared to the rate at which the longwave cooling of the sur- 
face decreases. Figure 9.8 can be used to calculate the dependence of net longwave 
cooling on temperature for cloud-free conditions. The maximum rate of change of 
net longwave heating of the ground occurs at about T, = 305 K and has a numeric 
value of 

(9.40) 

The magnitude of the rate of increase of evaporative cooling with temperature is 
more than double the rate of decrease of the longwave cooling of the surface. The 
ocean surface gradually loses its ability to cool by longwave radiative emission as 
the temperature increases above 300 K, but the evaporative cooling increases more 
rapidly with temperature than the longwave cooling declines with temperature. The 
sensitivity parameter for tropical sea surface conditions (TSS) obtained by including 
only these two feedbacks is rather small. 

If surface longwave heating and evaporation vary with temperature as these sim- 
ple estimates suggest, tropical SST will be relatively stable. This stability, which is 
rooted in the rapid change of saturation vapor pressure at tropical surface tempera- 
tures, may explain why tropical SST has changed relatively little in the past. It may 
also contribute to the apparent polar amplification of surface temperature changes by 
providing a tropical damping of temperature changes. 

Evaporative cooling of the tropical ocean surface is very sensitive to the thermody- 
namic properties of the atmospheric boundary layer, which are determined through a 
complex interaction among boundary-layer turbulence, mesoscale convection, and 
large-scale flow. One may illustrate the potential importance of relative humidity vari- 
ations by differentiating (9.37) with respect to relative humidity for fixed temperature. 

(9.42) 

For tropical conditions, the effect on the evaporation rate of a 1 K increase in tem- 
perature at fixed relative humidity is approximately equal and opposite to the effect 
of a 1% increase in relative humidity at fixed temperature. The processes that control 
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relative humidity in the tropical boundary layer are extremely important to the sensi- 
tivity of climate. 

9.7 Cloud Feedback 

According to the numbers presented in Table 3.3, clouds double the albedo of Earth 
from 15 to 30% and reduce the longwave emission by about 30 W m-2. Because of 
the partial cancellation of these two effects, the effect of clouds on the global net ra- 
diative energy flux into the planet is a reduction of about 20 W mP2. The effect of an 
individual cloud on the local energy balance depends sensitively on its height and 
optical thickness, the insolation, and the characteristics of the underlying surface. 
For example, a low cloud over the ocean will reduce the net radiation substantially, 
because it will increase the albedo without much affecting the longwave flux at the 
top of the atmosphere. On the other hand, a high, thin cloud can greatly change the 
longwave fluxes without much affecting the solar absorption, and will therefore in- 
crease the net radiation and lead to surface warming. 

If the amount or type of cloud is sensitive to the state of the climate, then it is pos- 
sible that clouds provide a very strong feedback to the climate system. Since the 
fractional area coverage of cloud, A,, is about 50%, and the net effect of this cloud 
on the energy balance is about -20 W m-2, we can make the crude estimate that 

(9.43) 

Thus, a 10% change in cloudiness has the same magnitude of effect on the energy 
balance as a doubling of carbon dioxide concentration. Increasing the cloudiness by 
10% would offset the effect of C02 doubling. Decreasing the cloudiness by 10% 
would double the effect of C02 doubling. If the cloud type changed in such a way as 
to decrease the shortwave cloud forcing by 5% and increase the longwave cloud 
forcing by 5%, this would also have the same effect as doubling the C02 concentra- 
tion. This could be achieved by decreasing the area coverage and raising the mean 
cloud top height. Therefore, both the cloud amount and the distribution of cloud 
types are extremely important for climate. 

Unfortunately, our understanding of how global cloud amount and type are deter- 
mined is currently insufficient, and estimates of the magnitude and sign of cloud 
feedback are basically unknown. Cloud feedback is one of the major uncertainties in 
climate sensitivity studies. 

9.8 Biogeochemical Feedbacks 

The climate of Earth has been shaped by life, and it is certain that biology plays a role in 
the sensitivity of climate. There are many ways that plants and animals can influence 
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climate sensitivity. Perhaps the strongest and most direct means by which organisms 
affect climate is through their control of the composition of the atmosphere. The con- 
centration of carbon dioxide in the atmosphere is determined by a complex set of 
processes, but a key process is the uptake of carbon dioxide by plants in the surface 
ocean and on land. It is estimated that up to half of the global cooling during the last 
glacial maximum was contributed by the reduction in atmospheric carbon dioxide con- 
centration. This reduction in atmospheric carbon dioxide must have been produced by 
an alteration in the biology and chemistry of the oceans, since on these time scales at- 
mospheric carbon dioxide is controlled by the partial pressure of COz in surface waters. 

The primary source of condensation nuclei for cloud droplets over the oceans is 
the production of sulfurous gases such as dimethyl sulfide by tiny organisms in the 
surface waters. In the atmosphere these sulfur-bearing gases are converted into sul- 
furic acid particles, which form the nuclei around which cloud droplets form by con- 
densation of water vapor.’ If more of these particles are present, more cloud droplets 
will form. Because the droplets also tend to be smaller when more condensation nu- 
clei are available, the cloud droplets tend to remain in the atmosphere longer before 
coagulating and falling out as rain. Also, if the cloud water is spread over more 
droplets, the albedo of the cloud will be higher. We expect that larger production of 
sulfur gases that are the precursors of cloud condensation nuclei will lead to higher 
oceanic cloud albedos and thereby to a cooling of Earth. If the rate at which the or- 
ganisms release sulfur gases is dependent on temperature, we have the elements of a 
feedback mechanism. The magnitude of this possible feedback mechanism has not 
been quantified, and the sign of the feedback is also unknown. 

Some have argued that it is useful to think of Earth as a single complex entity in- 
volving the biosphere, atmosphere, ocean, and land, which can be called Gaia, the 
Greek word for “Mother Earth.”* It is further hypothesized that the totality of these 
elements constitutes a feedback system, which acts to optimize the conditions for 
life to exist here. Active control to maintain relatively constant conditions is de- 
scribed by the term homeostasis. 

Watson and Lovelock ( 1983) have offered Daisyworld, a simple heuristic model 
for how life might maintain a very stable climate. They imagine a cloudless planet 
with an atmosphere that is completely transparent to radiation. The only plants are 
two species of daisies: one dark (say, black) the other light (say, white) in color. One 
species reflects less solar radiation than bare ground: the other reflects more. The 
daisy population is governed by a differential equation for each species. 

?%=A, ( P X - X )  
dt (9.44) 

dA, = A, ( P X  - x) 
dt 

(9.45) 

’Charlson cr a/ .  (1987). 
XLovelock (1979). 
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where: A,,,, A,, and A, are the fractional areas covered by white daisies, black 
daisies, and bare ground, respectively; p i s  the growth rate of daisies per unit of time 
and area; x is the death rate per unit time and area; and x is the fractional area of fer- 
tile ground uncolonized by either species. 

The growth rate is assumed to be a parabolic function of the local temperature T ,  
which has a maximum value of one at 22.5"C and goes to zero at 5 and 4OOC. 

(9.46) 2 
pi = 1.0 - 0.003265(295.5 K - T,) 

The planet is assumed to be in global energy balance, such that 

OTe 4 =-(l-a,,) so 
4 

(9.47) 

The planetary albedo ap is the area-weighted average of the albedos of bare 

ap = A, aR + A, a, + Ah ah (9.48) 
It is necessary to decide how the local temperatures Tare to be determined. One ex- 

treme is to have all local temperatures equal to the emission temperature T,. This corre- 
sponds to perfectly efficient horizontal transport of heat. The other extreme is for each 
surface type to be at its own radiative equilibrium temperature. This would correspond 
to no transport of heat between regions with different surface coverings, so that the 
local temperature is that necessary to balance the local absorption of solar radiation. 

ground, white daisies, and black daisies. 

q 4 =-(l-aJ so 
4 0  

(9.49) 

Combining (9.49) with (9.47) yields an expression that satisfies both the local and 
global energy balance. 

4 a,, -ai + T, 4 0  1 
We can generalize (9.50) by writing 

4 1 Ti 4 =q(a,-ai +Te 

(9.50) 

(9.51) 

where 0 < q < (S0/40) represents the allowable range between the two extremes in 
which horizontal transport is perfectly efficient, q = 0, and horizontal transport is 
zero q = (S0/40). 

Steady-state solutions for Daisyworld can be obtained for specific values of the pa- 
rameters, and some of these are shown in Fig. 9.9. Because of the strong feedbacks 
within the system, the global-mean emission temperature is remarkably stable over a 
wide range of solar constants within which daisies can exist. These stable regions are 
bounded by values of solar constant where daisies appear or disappear almost discon- 
tinuously and temperature takes a corresponding jump. The stable region exists be- 
cause changes in temperature cause changes in daisy population that produce a strong 
negative feedback on the temperature. For example, as the insolation increases, white 
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Fig. 9.9 Steady-state responses of Daisyworld. Areas of daisies and emission temperature are plot- 
ted as functions of normalized solar constant. The solutions were obtained with a solar constant of SO = 
1368 W m-*, a bare ground albedo of ag = 0.5, a daisy death rate of y= 0.3, and a heat exchange parame- 
ter of 7 = 2.0 x lo9 K4 = 0. 12(S0/4cT). (a) For a population of 'neutral' daisies with ai = 0.5; (b) for a pop- 
ulation of black daisies with a, = 0.25; (c) for a population of white daisies with %, = 0.25 (note that this 
shows the evolution for both increasing and decreasing solar constant and that the system exhibits hys- 
teresis); (d) for a population of both black and white daisies. [Adapted from Watson and Lovelock (1983). 
Reprinted with permission from Munksgaard International Publishers Ltd.] 

daisies are favored because they are cooler than the emission temperature. The in- 
crease in white daisy population increases the planetary albedo, which reduces the re- 
sponse of the emission temperature to the solar constant increase. 

Daisyworld is certainly not a reasonable representation of Earth, but it serves to 
illustrate how biology, simply by doing what is natural for it, can influence the global 
climate and its stability. Biological mechanisms do operate on Earth that could play 
the role of the daisies on Daisyworld, although it is likely that their effect would be 
more subtle and muted. For example, the role of biology in controlling C02 might 
act like the white daisies, since, once photosynthetic life developed, C02 was drawn 
out of the atmosphere. Models suggest that the development of land plants led to a 
reduction in atmospheric C02 in the Paleozoic that helped to offset warming associ- 
ated with increasing solar con~tant .~ In the Daisyworld model biological processes 

'Bemer (1993). 
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are hypothesized to be strongly stabilizing, but C02 changes on glacial-interglacial 
time scales during the Quaternary have done just the opposite by contributing sig- 
nificantly to the sensitivity of climate. Clouds might be the earthly counterpart of the 
white daisies, with their biological connection coming through the production of 
cloud condensation nuclei by life in the sea. If the release of DMS is proportional to 
the temperature, then the DMS-cloud albedo connection could constitute a strong 
negative feedback. The sign and magnitude of the climate feedback associated with 
biological production of cloud condensation nuclei are both uncertain; however, 
since ocean biology is the primary source of cloud condensation nuclei over the ocean, 
it seems likely that the cloud contribution to albedo would be less without life. 

Exercises 

1. Derive (9.5) from (9.3). 
2. Derive (9.9) from (9.8). 
3. Assume that transient eddies are the primary heat transport mechanism deter- 

mining vertical and horizontal potential temperature gradients in midlatitudes, 
and that the eddy transports respond to the mean gradients as indicated by 
(9.32) and (9.34). If the radiative forcing of the meridional gradient produces a 
larger equator-to-pole heating contrast, how w,ill the vertical gradient of poten- 
tial temperature (static stability) in midlatitudes respond? Will the change in 
static stability be relatively large or small compared to the change in merid- 
ional temperature gradient? Assume that potential temperature is relaxed lin- 
early toward a radiative equilibrium value and that the relaxation rate of verti- 
cal and horizontal gradients is the same, 

4. Use the Budyko energy-balance climate model (9.23) to solve for the solar 
constant as a function of iceline latitude. Use (9.14) and the parameters B = 
1.45 W m-2 K-', a. = 0.68, 6, = 0.38, and a2 = 0.0. Plot the curves for two 
values of y; y= 3.8 W m-2 K-' and y= 2.8 W m-2 K-'. 

5 .  According to the energy-balance climate models with ice albedo feedback, 
how does the sensitivity of climate relate to the meridional temperature gradi- 
ent in equilibrium? As the meridional temperature gradient increases, does the 
climate become more or less sensitive, assuming an ice cap is present? 

6. Discuss how the sensitivity of climate might be different if Earth's surface 
were 70% land and 30% ocean. 

7. How do you think the behavior of the Daisyworld model might be different if 
the planet's sphericity were taken into account? Would it be more or less stable? 

8. Program a time-dependent version of Daisyworld for the computer, but add an 
equation for the population of rabbits whose birth rate is proportional to the 
area covered by daisies. How does the approach to a steady state depend on the 
initial conditions and the parameters of the model? Add foxes. 



Chapter 10 1 Global Climate Models 

10.1 Mathematical Modeling 

We can better understand and predict climate and its variations by incorporating the 
principles of physics, chemistry, and biology into a mathematical model of climate. A 
climate model can range in complexity from the simple energy-balance models de- 
scribed in Chapter 2, whose solution can be worked out on the back of a small enve- 
lope, to very complex models that require the biggest and fastest computers and the 
most sophisticated numerical techniques. This chapter will discuss the most complex 
global climate models, since these are the models that can produce the most realistic 
simulations of climate and are the tool on which we place our hope of predicting future 
climates in sufficient detail to be useful for planning purposes. For brevity we will 
refer to this type of model as a “GCM,” which we can take to be an acronym for gen- 
eral-circulation model. I A hierarchy of progressively less complicated climate mod- 
els exists. These less detailed models are useful also, but we will not discuss them here. 

10.2 Historical Development of Climate Models 

The modern GCM has its roots in the computer models that were first developed to 
predict weather patterns a few days in advance. L. F. RichardsonZ was the first to pro- 
mote the idea that future weather could be predicted by numerically integrating the 
equations of fluid motion using the present weather as the initial condition. He at- 
tempted a hand calculation of a weather forecast while serving as an ambulance driver 
in France during World War I. The forecast was spectacularly inaccurate, because his 
initial conditions contained a large spurious wind convergence. The first successful 
numerical forecasts used a set of equations that are greatly simplified compared to 
Richardson’s and for which the solution is less sensitive to the initial conditions. 

‘The term generul circulurion model refers to models that explicitly calculate the evolution of flow pat- 
terns and thereby replicate from first principles the complete statistical description of the large-scale mo- 
tions of the atmosphere or ocean. Since in the field of climate modeling GCM now denotes the most elabo- 
rate type of climate model for which the circulation is only one of many key components, it seems 
appropriate to modify the source of the acronym to be global climate model. On the other hand, people often 
speak of atmospheric GCMs and oceanic GCMs, in which cases the original meaning may be more correct. 

*Richardson (1922). This is the same man who formulated the Richardson number discussed in 
Chapter 4. 
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Numerical weather prediction was proposed as one potential use for the electronic 
computer developed by John von Neumann in the late 1940s. The first successful nu- 
merical weather forecast with an electronic computer was conducted at the Institute for 
Advanced Study in Princeton, New Jersey by a group led by Jule Charne~.~ This model 
had only a single atmospheric layer and described the region over the continental 
United States. It included only the fluid dynamical evolution of an initial velocity dis- 
tribution and none of the physical forcings that drive the climate. The first numerical 
experiment that included radiation and dissipation was conducted using a simple model 
with only two levels in the verticaL4 Later more detailed simulations of the atmospheric 
general circulation included a more accurate formulation of the equations of motion, 
more spatial resolution in the horizontal and vertical, and more realistic specifications 
of the physical processes that drive the atmospheric circulation, such as radiation, latent 
heat release, and frictional di~sipation.~ With these and succeeding models it has be- 
come possible to simulate the general circulation of the atmosphere with reasonable fi- 
delity. The quality of the simulations obtained with atmospheric models has benefited 
greatly from intensive experimentation associated with providing practical weather 
forecasts, beginning with the first routine numerical weather forecasts that were con- 
ducted by the U.S. Joint Numerical Weather Prediction Unit beginning in 1955. Asso- 
ciated with the practical effort to provide weather forecasts is a substantial effort to col- 
lect routine weather observations at the surface and at upper levels of the atmosphere. 
These observations are capable of describing the atmospheric state in sufficient detail 
to justify newly initialized forecasts about every 6 hours, which are able to provide 
some useful information about the weather up to a week in the future. 

Numerical models of oceanic-general circulation have been developed by applying 
the same basic techniques used for atmospheric models. Development of oceanic gen- 
eral-circulation models has lagged behind atmospheric models both because the ob- 
servational base is less in the ocean and because the computational problems are 
greater for oceanic simulations. No longstanding effort has been undertaken to ob- 
serve and predict the state of the global ocean on an operational basis, so oceanogra- 
phers have not had a base in numerical weather forecasting on which to build an 
oceanic climate modeling enterprise until very recently. An observed climatology of 
the ocean that is sufficiently detailed and accurate for climate purposes is as yet un- 
available, particularly for the deep ocean. The spatial scale of the significant motion 
systems is small compared to the width of an ocean basin, and observations of cur- 
rents, temperature, and salinity at depths below the surface must be acquired from 
ships and are expensive. Therefore the number of observations taken in a year is typi- 
cally less than is necessary to define the state of the ocean. Moreover, the speed of 
many important ocean currents is small and therefore difficult to observe with great 
precision. Also, a very long integration time is necessary for an oceanic model to 

Thamey eta[.  (1950). 
4Phillips (1956). 
'Smagorinsky (1963); Manabe e t a / .  (1965). 
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achieve a stable climatology. While the atmosphere will spin up to climatology from 
rest in a few weeks or months, the deep circulation in the oceans requires centuries to 
spin up from rest or to respond to changed forcings. This long integration time and the 
high spatial resolution required for realistic simulations of ocean circulation mean that 
numerical experimentation with ocean models can require substantial and sophisti- 
cated computer resources. On the other hand, the number and complexity of the phys- 
ical processes required for ocean simulation are much less than in the atmosphere. 

Early simulations of the atmosphere were obtained by fixing the sea surface temper- 
ature. Similarly, ocean general-circulation models assumed fixed wind stress, air tem- 
perature, air humidity, precipitation, and radiative forcing. Together these determined 
the flux of momentum, heat, and freshwater at the surface, which are the key driving 
forces of the ocean circulation. In a fully general model of the climate the exchanges of 
heat, moisture, and momentum between the ocean and the atmosphere must be inter- 
nally determined so that the state of the coupled climate system can evolve in a consis- 
tent manner. Initial experiments with fully coupled atmosphere4cean models often 
produced climates that were very different from reality, even though each component 
produced a reasonable climatology when run independently with realistic fixed bound- 
ary conditions. The greater freedom of fully coupled atmosphere-ocean climate mod- 
els to determine their own climate has revealed many deficiencies in atmospheric and 
oceanic general circulation models, and these deficiencies are being addressed through 
current research efforts. Improved climate simulation and prediction will also require 
land surface processes to be treated with greater accuracy and detail. 

The component parts of a global climate model are shown schematically in 
Fig. 10.1. All of the components and the processes represented within them are criti- 
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cal to the understanding and simulation of climate. Not explicitly shown are the bio- 
geochemical feedbacks, which determine the atmospheric composition and the na- 
ture of the land vegetation. These processes have not been included in most climate 
model simulations completed to date, and we will not discuss them here. 

10.3 The Atmospheric Component 

The atmospheric component of a global climate model is basically the same as a 
model constructed for the purpose of weather forecasting. Improvements of numer- 
ical weather prediction systems have been fostered by efforts to predict weather 
more than a week in advance. For these longer predictions the similarity of the 
model’s “climatology” with reality has become very important. The errors in the 
climatology of the model make a large contribution to the errors in these medium- 
range forecasts. Efforts to make longer weather forecasts and to accurately simu- 
late climate are thus synergetic and together are leading to improvements in atmo- 
spheric models. 

The basic framework of a numerical model of the atmosphere or ocean is a spatial 
gridwork on which the equations of physics are represented. Sometimes so-called 
spectral methods are used wherein the fields of velocity, temperature, and pressure 
are represented with continuous functions in order to efficiently solve the equations 
of motion. These methods allow very accurate calculation of the derivatives needed 
for following the flow of heat and momentum, but the fields must be interpolated to 
grid points in order to calculate radiative heating and the effects of sub-grid-scale 
processes such as convection. The globe is thus always divided into geographic re- 
gions, whose sides often correspond to lines of latitude and longitude. The size and 
number of the grid boxes are limited by the amount of computer power available and 
the time period over which the model must be integrated. Numerical weather predic- 
tion models are required to simulate at most a few months of weather at a time, and 
current models are run with about 1-degree latitude-longitude resolution. This 
means that the weather is specified by the values of the meteorological variables at 
about 6 x lo4 geographic locations. Since climate models may be required to simu- 
late decades or centuries, the horizontal resolution is often about 5 degrees (Fig. 10.2), 
so that only about 3 x lo3 geographic locations are represented. Since the time step 
must also be decreased when the grid points are moved closer together, high spatial 
resolution simulations require large amounts of computer time. Coarse 5-degree- 
resolution atmospheric models can be integrated with a time step of one hour using 
the spectral method and semiimplicit time differencing6 Such models require sev- 
eral hours of computer time to simulate one year of atmospheric weather using cur- 
rent supercomputer technology, and doubling the resolution to 2.5 degrees increases 
the computation time by a factor of eight or more. 

hWashington and Parkinson (1986). 
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Fig. 10.2 Illustration of 5-degree latitude-longitude resolution typical of some current climate mod- 
els intended for long-term integrations. Orthographic projection over North America. 

Vertical resolution is also important to the quality of an atmospheric simulation. 
Climate models currently have typically about 10 levels, while weather prediction 
models have 20 or more levels. The levels are not equally spaced in height or pres- 
sure, but tend to be most closely spaced near the lower boundary and near the tropo- 
pause, where rapid changes take place and greater resolution is needed (Fig. 10.3). 
The total number of latitude, longitude, and height grid points represented in an at- 
mospheric model may thus range from about lo4 to lo6. 

10.3.1 The Conservation Equations 

The basic dynamical framework of a GCM includes the solution of the equations de- 
scribing the conservation of momentum, mass, and energy for a fluid. In addition, a 
water conservation equation for air is needed to predict the amount of water vapor in 
the atmosphere. Water vapor is critical for the formation of clouds and rain, and is 
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Fig. 10.3 Example of the vertical grid spacing in sigma coordinates, and the corresponding aver- 
age altitudes of the levels in a nine-level atmospheric general circulation model employed by Manabe 
et al. (1970). 

one of the most important variables in the calculation of radiative heating. Numeri- 
cal models of the atmosphere use the equations of motion in a simplified form called 
the primitive equations. Use is made of the fact that the atmosphere is thin in com- 
parison to its horizontal extent in order to approximate the vertical momentum bal- 
ance with the hydrostatic balance, Earth is assumed to be spherical and some other 
small terms in the momentum equations are neglected. Because the hydrostatic bal- 
ance is assumed, the vertical coordinate can be height or pressure. Since it facilitates 
the inclusion of topography and makes it easier to construct a numerical solution that 
conserves mass, the sigma coordinate, which is pressure normalized by surface 
pressure, is often used as the vertical coordinate in atmospheric primitive equation 
models. 

P o=- 
Ps 

(10.1) 

Here p is pressure and ps is surface pressure. The primitive equations in sigma coor- 
dinates can be expressed in vector notation as follows. 
Momentum conservation: 

-+ DV f k 'x  V + V @ + R T  Vlnp, =pv 
Dt 

(10.2) 
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Energy conservation: 

Water vapor conservation: 

Mass conservation: 

DT R T w  
- pT Dt c p  P P  
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-- Dps ps  (- v-v+- - ;) = o  
Dt 

Hydrostatic balance: 

acf, RT 
a0 - 

(10.3) 

(10.4) 

(10.5) 

(10.6) 

In these equations D/Dt represents the time derivative following the motion of the 
fluid, which in sigma coordinates is written 

a 
Dt & ao 

- +f.V+(j- (10.7) 

where 3 is the horizontal vector wind with eastward component u and northward 
component u, 6 is the sigma component of velocity,fis the Coriolis parameter, k' is 
the vertical unit vector, P is the two-dimensional gradient operator on a surface of 
constant sigma, cf, is the geopotential field (height times gravity), R and cp are re- 
spectively the gas constant and specific heat of dry air, and P, denotes the rate of 
change of some variable x as a result of the parameterized processes. 

The sources and sinks of momentum and heat are associated with phenomena 
that occur at scales that are much smaller than the grid resolution and so cannot be 
explicitly simulated. These are often called sub-grid-scale phenomena, and their ef- 
fects must be specified from knowledge of the state of the atmosphere at the grid 
scale. This process of including the effect of unresolved phenomena according to 
the large-scale conditions is called p~rameterization.~ Key parameterizations in 
atmospheric models include radiation, the effects of unresolved turbulence and 
gravity waves, and the effects of convection on the heat, moisture, and momentum 
budgets. The behavior of the climate model is critically dependent on these pa- 
rameterized processes. 

'The word parameterization is used because one or more adjustable constants or parameters must be 
introduced to relate sub-grid-scale processes to large-scale conditions. 
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10.3.2 Radiation Parameterization 

Radiative heating from the sun and infrared cooling to space provide the basic 
drive of the climate system (Chapters 2 and 3). Radiative transfer models that are 
incorporated in current climate models do not consider each individual absorp- 
tion line but rather treat groups of lines or band systems in a statistical or empir- 
ical manner. They consider the atmosphere and the embedded clouds to be hori- 
zontally homogeneous within a grid box. Despite these simplifications, it is 
generally believed that the transmission of radiation, at least under clear sky con- 
ditions, is accurately treated in climate models. While there are some discrepan- 
cies between various parameterization schemes, the basic physical processes and 
the methods necessary to treat them are reasonably well understood. The largest 
uncertainties in radiative flux calculations are associated with clouds and the 
manner in which the amount and nature of the clouds in the model are deter- 
mined. Early general circulation models typically specified cloud radiative 
properties as externally determined quantities that were often zonally invariant 
with a fixed seasonal variation. More recent climate models include some 
form of crude cloud prediction, and models are being developed in which cloud 
amounts and optical properties are predicted and allowed to interact with the 
other elements of the climate system. These newer models attempt to treat cloud 
microphysics in some parameterized way and carry cloud water and ice as pre- 
dicted variables. The predicted cloud water and ice provide a means of connect- 
ing the water budget, radiation calculation, and heat budget in a manner that is 
consistent between the parameterized processes and the large-scale conservation 
equations. 

10.3.3 Convection and Cloud Parameterization 

Clouds affect radiative transfer, and the convective motions associated with clouds 
produce important fluxes of mass, momentum, heat, and moisture. The spatial 
scales at which cloud properties are determined are generally much smaller than 
the grid size at which the atmosphere is represented in a climate model, yet the ver- 
tical fluxes of heat and moisture associated with sub-grid-scale convection are 
often greater than those of the large-scale flow. The timing and intensity of precip- 
itation in the tropics and over land areas during summer are controlled as much by 
unresolved mesoscale phenomena as by the large-scale flow. The atmospheric state 
averaged over the area of a typical climate model grid box may be stable to moist 
convection even when intense convection is occumng somewhere in the grid box. 
Cloud and convection parameterization seek to address the mismatch between the 
spatial resolution of climate models and the spatial scale of convective motions and 
clouds. 
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At least three important effects in a climate model are associated with the forma- 
tion of clouds: (1) the condensation of water vapor and the associated release of la- 
tent heat and rain; (2) vertical transports of heat, moisture, and momentum by the 
motions associated with the cloud; and (3) the interaction of the cloud particles with 
radiation. A cloud parameterization in a climate model should treat each of these 
effects consistently, but this has not been the case with every climate model. For ex- 
ample, vertical transports by cloud-scale motions are often not parameterized sepa- 
rately, but are instead subsumed into a general parameterization for all types of sub- 
grid-scale mixing. Coupling between the location and intensity of moist convection 
and the local cloud radiative properties is a relatively recent development in climate 
modeling, since many early models simply specified invariant cloud radiative prop- 
erties. The release of latent heat during intense convection drives the Hadley circula- 
tion and other important components of the general circulation, so that the coupling 
of deep convection to the large-scale flow is critical to a proper simulation of climate. 

Most climate models include at least two types of clouds: convective clouds and 
large-scale supersaturation clouds. Large-scale supersaturation clouds occur when 
the relative humidity in a grid box at some model level exceeds a critical value. This 
can be implemented by assuming that condensation occurs in the grid box when the 
relative humidity reaches some threshold like 80%.* Another alternative is to assume 
that sub-grid-scale temperature variability occurs within the grid box and that the 
fraction of the grid box where the temperature variability causes the relative humid- 
ity to reach 100% is cloud c ~ v e r e d . ~  

Convective clouds are associated with the buoyant ascent of saturated air parcels 
in a conditionally unstable environment. The simplest convective parameterization 
is moist adiabatic adjustment.I0 If the lapse rate exceeds the moist adiabatic lapse 
rate (Appendix C), the moisture and heat are readjusted in a vertical layer such that 
the air in the layer is saturated, the lapse rate equals the moist adiabatic lapse rate, 
and energy is conserved. Excess moisture is assumed to rain out, but momentum is 
not transported. In this parameterization the entire grid box is assumed to behave 
like a convective element, while in reality convection occurs at much smaller spatial 
scales. The Kuo ( 1974) parameterization considers the effect of large-scale conver- 
gence in supplying moisture for cumulus convection. This connection between 
large-scale moisture convergence and cumulus convection is supported by observa- 
tions, but the assumption that the convection heats by mixing cloud air and environ- 
mental air seems unjustified, since the heating appears to be produced primarily by 
subsidence between the cloud elements. The Arakawa-Schubert (1974) parameteri- 
zation includes a more comprehensive treatment of the interaction of a cumulus en- 
semble with the large-scale environment. The parameterization includes a model for 
how a population of cumulus clouds interacts with its environment through entrain- 

8Manabe er 01. (1965). 
9Hansen et al. (1984). 
'OManabe er al. (1965). 
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ment of environmental air during ascent, detrainment of air and moisture near the 
cloud top, and the generation of subsidence in the near environment. A quasiequilib- 
rium state is hypothesized and clouds are dispatched at a rate sufficient to keep the 
atmosphere near equilibrium in the face of large-scale destabilization. Recent modi- 
fications of the Arakawa-Schubert approach have added the effect of downdrafts to 
the formulation. 

10.3.4 Planetary Boundary-Layer Parameterization 

In the atmospheric boundary layer, rapidly fluctuating phenomena with vertical and 
horizontal space scales much smaller than the grid spacing of climate models de- 
termine the fluxes of heat, momentum, and moisture between the surface and the 
atmosphere. These phenomena include turbulence, gravity waves, and rolls or other 
coherent structures that cannot be resolved by climate models and must therefore 
be parameterized. The simplest and most often used parameterizations are the bulk 
aerodynamic formulas and similarity theories briefly described in Section 4.4. 
These formulas allow the boundary layer to be treated as a single layer through 
which the fluxes can be calculated using the mean variables resolved by the model. 
They can be made dependent on vertical stability and surface roughness. These 
models may be elaborated by adding a prediction equation for the boundary-layer 
depth. 

If the model has sufficient resolution to have several levels within the boundary 
layer, then eddy diffusion formulations may be used in which the vertical eddy 
fluxes are assumed to be proportional to the vertical derivative of the mean for the 
model grid box. 

(10.8) 

The simplest approach is to make the flux coefficient, K T ,  a constant, but more real- 
istic parameterizations include height and stability dependencies. 

Higher-order closure schemes include prognostic equations for the turbulent ki- 
netic energy in the boundary layer and more complex equations than (10.8) for the 
vertical eddy fluxes.If These models require more than a few computational levels in 
the planetary boundary layer (PBL) and carry a heavy computational burden. In ad- 
dition, it can be argued that they do not describe the essential physics of the coherent 
structures that appear to produce much of the vertical flux in the boundary layer and 
control the response of this flux to mean conditions.i2 In many cases the boundary 
layer contains clouds, and in such cases moist processes are critical to the behavior 
of the boundary layer. Some planetary boundary-layer parameterizations incorporate 

"Mellor and Yamada (1974). 
"Brown (1991). 



264 10 Global Climate Models 

a separate parameterization for boundary-layer clouds. l 3  Oceanic stratocumulus 
and tradewind cumulus clouds are important examples where the interaction of 
the boundary layer with low clouds is essential. In regions of deep convection the 
boundary-layer properties and the cloud fluxes interact very strongly, so that the 
PBL parameterization and the convection parameterization must be compatible. 
The PBL parameterization must also be compatible with the land surface parame- 
terizations that may incorporate the effect of plant canopies on the fluxes of momen- 
tum, heat, and moisture between the surface and the atmosphere. 

10.4 The Land Component 

The land component of a climate model must contain the surface heat balance equa- 
tion described in Chapter 4 [equation (4.1)] and a surface moisture equation that is 
at least as sophisticated as the bucket model described in Section 5.6.1, and includes 
a model for snowcover. Land topography can readily be incorporated in a sigma- 
coordinate model, but the fidelity with which Earth’s surface topography can be in- 
cluded is limited by the resolution of the model. Many important mountain ranges 
are much narrower than the grid spacing of a GCM, so that very smooth representa- 
tions of topography must be used. 

Experiments with GCMs that include these basic prescriptions for the land sur- 
face indicate a substantial climate response to the soil moisture and to the surface 
albedo. Low soil moisture generally results in a warmer surface and less local evap- 
oration and rainfall. These changes are consistent with the observation that much of 
the precipitation in such areas as the central United States during summer and the 
Amazon Basin during the rainy season is reevaporated rainfall rather than water 
vapor that has been advected into the region. The changes in the surface fluxes of 
latent and sensible heat affect the thermal forcing of atmospheric flow and may 
thereby cause weather and climate anomalies at remote locations. 

In land areas the storage of precipitation in the soil and the subsequent release of 
this moisture to the air are strongly dependent on the soil type and the vegetative 
cover. In addition, the absorption of solar radiation and the emission of longwave ra- 
diation are sensitive to the geometry and physical state of the vegetative cover. Tur- 
bulent transports of heat and moisture between the atmosphere and the soil are also 
affected by the physical structure of the plant canopy, particularly for forested areas. 
Parameterizations of surface processes that include all of these effects have been de- 
veloped in recent years and are being incorporated in climate m0de1s.I~ These para- 
meterizations treat the vegetative cover as a variable resistance that moderates the 
flow of moisture from the soil to the atmosphere. 

13Suarez ef al. (1983). 
I4Sellers ef a/ .  (1986); Dickinson (1983). 
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10.5 The Ocean Component 

The oceanic component of a global climate model is also built on a framework of 
the equations of motion describing the general circulation of the ocean, although 
most climate simulation experiments have been conducted with a general-circulation 
model of the atmosphere coupled with a much simpler ocean model in which cur- 
rents are not computed. Ocean general-circulation models differ from atmospheric 
models in that the fluid is water, rather than air, and the geometry of the ocean basins 
is more complex. The fundamental driving mechanisms for the ocean circulation in- 
clude wind stress at the upper surface, radiative and sensible heat fluxes through the 
surface, and density variations caused by changes in salinity. Salinity changes are in- 
duced at the surface by precipitation, evaporation, runoff, salt rejection during sea 
ice formation, and the addition of freshwater during sea ice melting. These salinity 
variations are carried to the interior of the ocean by fluid motions, which are forced 
in part by the density variations associated with salinity and heat content. 

The spatial resolution with which the oceanic circulation can be resolved is 
again limited by the computing time required to complete a simulation. A smoothed 
representation of the bathymetry of an ocean model used in a coupled climate 
model is shown in Fig. 10.4. This model has 12 vertical levels and 4.5" latitude x 
3.75" longitude resolution. When you consider that critically important features like 
the Gulf Stream and Kuroshio currents are less than a degree in width, the horizon- 
tal resolution currently used in the ocean component of climate models is very 
crude. Actual turbulent diffusion in the ocean is believed to be very small and yet, 

90N 

60 

30 

EQ 

30 

60 

90s 
120E 180 120w 60W 0 60E 120E 

Fig. 10.4 Smoothed bathymetry of the global Ocean as represented in the coupled Ocean-atmosphere 
model of Manabe et al. (1990). Depths are given in kilometers. (Reprinted with permission from the 
American Meteorological Society.) 
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for numerical reasons, large turbulent diffusion coefficients must be used in the con- 
servation equations for momentum, heat, and salt. As a consequence, ocean models 
currently used in coupled climate models produce only weak and diffuse western 
boundary currents, and cannot resolve the eddies that develop on these currents. 

Global ocean models with spatial resolution as fine as half a degree of latitude 
and longitude have been used to simulate the Ocean circulation in response to fixed at- 
mospheric forcing, but have not been operated in a coupled mode with an atmospheric 
model. These high-resolution simulations are better able to simulate many key aspects 
of the Oceanic circulation such as the western boundary currents, the Antarctic cir- 
cumpolar current, and the narrow equatorial currents of the Pacific Ocean.I5 It is esti- 
mated that global ocean simulations with a resolution of about one-eighth of a degree 
will be required to properly simulate the eddies that develop on the Gulf Stream. Climate 
simulations with such fine spatial resolution are beyond the capabilities of current com- 
puters, but it is unclear whether such detail is necessary for an adequate simulation of 
climate. 

10.5.1 Sea Ice Models 

Sea ice plays a critical role in climate by increasing the albedo of the ocean surface, 
inhibiting the exchanges of heat, moisture, and momentum between atmosphere and 
ocean, and altering the local salinity during sea ice freezing and melting (Fig. 10.5). 
Thermodynamic processes lead to freezing, and melting of seawater and dynamic 
processes, such as driving by winds and currents, cause mechanical deformation and 
transport of sea ice. In most climate models at least a thermodynamic model of sea 
ice is employed. Transport of sea ice by winds and currents is treated with varying 
degrees of complexity, ranging from mixed-layer ocean models with no ice transport 
at all, to more complete models that calculate the movement of ice in response to 
both winds and currents. 

The simplest model predicts the thickness of a layer of sea ice based on thermo- 
dynamic considerations. When the temperature of the upper layer of the ocean 
reaches the freezing point of seawater (-2°C) and the surface energy fluxes continue 
to remove heat from the water, then surface ice is assumed to form. Heat transport 
through this layer of ice is assumed to be described by a flux-gradient relationship. 

(10.9) 

A layer of snow may be present on top of the sea ice through which heat is also 
conducted. The thermal conductivity for ice, kI = 2 W m-l K-', is much larger than 
the thermal conductivity of snow, k, = 0.3 W m-l K-', so that a layer of snow 
greatly increases the thermal insulation provided by the sea ice. Snowcover also in- 

I5Semtner and Chervin (1992). 
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Fig. 10.5 Aerial photograph of sea ice in the Beaufort Sea. Note the refrozen lead at the upper left, 
the pressure ridges, and the barchans (bumps that are caused by windblown snow accumulation). (Photo: 
NASA, March 1972.) 

creases the albedo. If all heat fluxes, including solar heating, are assumed to be ap- 
plied at the surface rather than distributed over some depth, then in steady state the 
flux through the snow and ice would be equal at every depth. Constant flux implies a 
linear temperature profile, so that the heat flux becomes proportional to the tempera- 
ture difference across the ice layer. Under these steady conditions the temperature 
profile within the layer of snow and ice would be as shown in Fig. 10.6. The fluxes 
across the ice and snow layers can then be written in terms of the temperature differ- 
ence across the layers. 

(10.10) 
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Fig. 10.6 Schematic diagram of a simple sea ice model with a layer of snow over a layer of ice and 
the fluxes of heat through the layers. The temperature profiles in the two layers are linear if penetration of 
solar radiation is ignored and a steady state is assumed. Symbols are as defined in the text. 

where T,  is the surface temperature, TB is the temperature at the base of the sea ice 
layer, ?;: is the temperature at the interface between ice and snow, and hI and hs are 
the depth of the ice and snow layers, respectively. The interface temperature can be 
eliminated by applying the requirement that in a steady state the heat flux must be 
the same through the snow layer and the ice layer. The flux through the sea ice can 
then be expressed in terms of the temperature difference across the snow-ice layer 
and the depth of each layer. 

(10.11) 

Here ysys~ is the combined thermal conductance of the snow-ice layer. For a 
thick layer ys1 -- 1 W m-2 K-l ,  and for a thin layer ysI = 20 W m-* K-l. The sur- 
face temperature can be determined from the requirement that the net heat flux at 
the surface be zero, which is consistent with our previous assumption of no heat 
storage in the ice. The net heat flux includes the conductive flux through the ice, 
and the latent, sensible, and net radiative heating of the surface. The depth of the 
snow layer is determined by the balance of snowfall, sublimation-evaporation, and 
melting. If no snow is present, then the ice layer may be reduced in thickness by 
melting and sublimation at the top. Growth of the ice layer occurs at the bottom, 
where it is assumed to thicken at a rate such that the heat of fusion will just balance 
the net heat flux at the bottom of the ice layer and thus keep the lower edge of the 
ice at the freezing point. Similarly, if the equilibrium surface temperature would 
exceed the freezing point, ice is assumed to melt at a rate sufficient to keep the 
temperature at the freezing point until all of the ice is melted. 
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Sea ice grows rapidly when it is thin and more slowly as thickness increases; 
when subjected to similar thermal forcing, ice a few centimeters thick grows nearly 
a hundred times faster than ice that is 2 or 3 m thick. The reason for this is because 
of the insulating effect of the ice itself. Consider a sheet of sea ice that is growing as 
a result of an imposed temperature difference between the ice surface and the sea- 
water. The thickness of the sea ice increases at a rate necessary to balance the heat 
flux through the ice with the latent heat of fusion needed for freezing seawater at the 
base of the ice. 

(10.12) 

Here pI is the density of ice, Lf is the latent heat of fusion for seawater, and F, 
is the rate at which heat is supplied to the sea ice by ocean fluxes. It is notable 
that for fixed surface temperature, the growth rate of the ice thickness is inversely 
proportional to the thickness itself. Integrating (10.12) over time assuming F, = 0, 
we find that the ice thickness is proportional to the square root of the integral over 
time of the temperature difference. 

' I  f (TB -T,)dt h[*( t ) -hI ( t o ) = -  2 
PILf to 

(10.13) 

Very simple models of sea ice like the one described above are used in many cur- 
rent climate models. Important thermodynamic processes, such as the heat capacity 
of the sea ice and the brine incorporated in the ice, are ignored in this model and 
these processes may have important effects on the amount and seasonality of sea ice 
and its response to climate forcing.I6 Horizontal transport of sea ice is also important 
in many situations and plays a significant role in heat and salt transport in the high- 
latitude oceans. In the Arctic Ocean the mean ice thickness is about 3-4 m, while in 
the Antarctic the average thickness is 1-2 m. The thinner Antarctic sea ice may be 
related to a greater supply of heat to the sea ice by ocean fluxes in the Antarctic. 
Also, more mechanical deformation of the ice in the closed basin of the Arctic Ocean 
may contribute to the greater average thickness there compared to the Antarctic sea 
ice, which is less constrained by shorelines and simply spreads equatorward until it 
melts (Fig. 10.7). Where sea ice is driven together by winds and current, pressure 
ridges can be formed where the ice thickness exceeds 10 m. As part of the same 
process small openings in the ice (leads) or larger areas of open water (polynyas) can 
be produced. In these regions of open water, enhanced heat loss and ice formation 
occur in the season of ice growth, and more absorption of solar radiation occurs in 
the melting season. These processes are not explicitly treated in most current climate 
models, but are clearly important. 

'"aykut and Untersteiner (1971); Semtner (1976, 1984). 
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Fig. 10.7 Sea ice concentration observed by satellite microwave imaging in the Arctic and Antarctic 
for 4 months during 1988. Shaded areas indicate sea ice concentration in excess of 15%. See scale. (Fig- 
ure courtesy of J. Comiso, NASA Goddard Space Flight Center.) 

10.6 Validation of Climate Model Simulations 

The simulations obtained with current climate models are in reasonable accord 
with observations of the present climate for a variety of key dynamic and thermo- 
dynamic climate variables. This agreement is highly encouraging, but it does not 
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by itself mean that climate models are capable of accurately predicting the re- 
sponse of climate to a natural or human-induced perturbation. The reason for skep- 
ticism is that a large number of adjustable constants are introduced in the parame- 
terizations for sub-grid-scale phenomena and processes and these parameters often 
cannot be determined on the basis of fundamental principles, but rather are set to 
values that give the most realistic-looking simulation of the current climate. Real 
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confidence in the predictive capability of climate models can be gained by testing 
their simulations in great detail, so that the number of observational constraints is 
not too small compared to the number of independently specified parameters. It is 
also critically important to test their response to prescribed forcings for which the 
response is known. Examples of prescribed forcings are the annual and diurnal cy- 
cles of solar heating, the response to an event such as a major volcanic eruption, 
the response of the atmosphere to an observed SST anomaly, or the response of the 
climate model to the boundary conditions of an ice age (see Chapter 11). In this 
section some examples of how well existing climate models can simulate the cur- 
rent climate will be presented. 

The general circulation of the atmosphere, including winds, heat, and moisture 
transport, must be simulated accurately if climate models are to be useful for under- 
standing and predicting climate changes. The transient eddies of midlatitudes that 
produce much of the heat and moisture transport there are large enough in spatial 
scale that their structure and evolution can be explicitly simulated in current climate 
models. While some critical processes involving sub-grid-scale waves and turbu- 
lence must still be parameterized, a reasonably good simulation of the atmospheric 
general circulation can be achieved, as characterized for example by the zonal mean 
flow (Fig. 10.8). 
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Fig. 10.8 Zonal cross sections of zonal-mean wind simulated in a GCM (top) and observed (bottom) 
during the solstitial seasons of December-February (left) and June-August (right). [From McFarlane 
et nl. (1992). Reprinted with permission from the American Meteorological Society.] 
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Fig. 10.9 Maps of (a) computed and (b) observed February monthly mean air temperatures (K). 
[Top computed distribution from Manabe and Stouffer (1980); bottom observed distribution from 
Crutcher and Meserve (1970) and Taljaard et al. (1969) as printed in Manabe and Stouffer (1980). 
0 American Geophysical Union.] 

A key climatic variable is the surface air temperature, and at least the broad outlines 
of the geographic and seasonal variation of air temperature can be simulated in current 
climate models. An example of the surface air temperature simulation from a model 
with a mixed-layer ocean and a horizontal grid spacing of about 600 km is shown in 
Fig. 10.9. One apparent shortcoming of this simulation is the failure to produce an 
east-to-west temperature gradient in the equatorial Pacific Ocean. This is because the 
ocean model used does not transport heat, so that the upwelling of cold water in the 
eastern Pacific is not included in the simulation. Another obvious difference between 
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the simulation and the observations is the air temperature over topographic features 
such as the Tibetan Plateau and the Greenland ice sheet. Because the orography must 
be greatly smoothed, the model mountains do not reach the same heights as the actual 
mountains, and so do not get as cold. The response of the surface air temperature to the 
seasonal cycle of insolation is also relatively well simulated, as can be seen by com- 
paring the observed and computed differences between August and February (Fig. 
10.10). The distribution and magnitude of the seasonal differences of surface air tem- 

0 6OE 120 180 120 6OW 0 
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Fig. 10.10 Maps of (a) computed and (b) observed temperature difference (K) between August and 
February. The contour interval is 2 K when the absolute value of the temperature difference is less than 
10 K and is 10 K when it is more than 10 K. [Top computed distribution from Manabe and Stouffer 
(1980); bottom observed distribution from Crutcher and Meserve (1970) and Taljaard et a/.  (1969) as 
printed in Manabe and Stouffer (1980). 0 American Geophysical Union.] 
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perature are reasonably well matched. The smaller seasonal differences in tempera- 
ture over the ocean are of course a result of the larger heat capacity of the ocean, which 
is accounted for in the model by its mixed-layer ocean. 

Precipitation is also a critically important climate variable, and it is one that is dif- 
ficult to simulate accurately. Comparisons between observed and computed precipi- 
tation patterns for two seasons are shown in Figs, 10.11 and 10.12. The climate 
model simulates the position and strength of the major precipitation centers and their 
seasonal movement relatively well. The strength and narrowness of the Intertropical 
Convergence Zone are underestimated, especially in the eastern Pacific Ocean where 
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Fig. 10.11 Map of mean precipitation rate (a) computed and (b) observed for December-February 
(DJF). Heavy stippling indicates areas where the precipitation is >0.5 cm day-', and light stippling indi- 
cates where it is <O. I cm day-'. Both maps are smoothed. [Observations from Jaeger (1976) as printed in 
Delworth and Manabe (1 988). Reprinted with permission from the American Meteorological Society.] 
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Same as Fig. 10.11 except for June through July (JJA). [Observations from Jaeger (1976) 
as printed in Delworth and Manabe (1988). Reprinted with permission from the American Meteorological 
Society.] 

Fig. 10.12 

the SST pattern is not very realistic in simulations with a mixed-layer ocean, as is the 
case illustrated in Figs. 10.10-10.12. 

When a more complete ocean model that calculates currents and heat transport is 
used in place of the simpler mixed-layer ocean, a more realistic simulation of SST 
can be achieved. The improvement is limited in models currently in use because of 
the relatively coarse horizontal grid resolution. Figure 10.13 shows a simulation 
from a coupled climate model including an ocean with a horizontal grid spacing of 
4.5" longitude x 3.75' latitude and 12 vertical levels. The SST is still too zonally 
uniform and the gradients are too weak compared to the observations. 
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Fig. 10.13 (a) Simulated and (b) observed annual mean sea surface temperature (SST) in "C. [From 
Manabe er al. (1990); bottom panel data from Levitus (1982). Reprinted with permission from the Amer- 
ican Meteorological Society.] 

10.7 Sensitivity Estimates from Climate Models with Mixed-Layer Oceans 

Global climate models can be used to estimate how various processes interact to de- 
termine the sensitivity of climate. The first class of models for which extensive 
GCM sensitivity experiments have been conducted is the type of model that was 
prevalent in the 1980s. These models have the following basic characteristics. 

Atmosphere model. Approximately 500-km horizontal resolution and 7-12 
vertical levels are used. A complete parameterized treatment of radiative 
transfer is included, which incorporates the effects of clouds. Convection is 
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parameterized, but radiative effects of clouds are sometimes fixed and some- 
times predicted. Atmospheric water vapor and precipitation are predicted. 
Ocean model. A mixed-layer ocean with a specified depth of 50-100 m is 
coupled to the atmosphere model, which allows the wetness, heat capacity, and 
low albedo of the upper ocean to be included, but currents and horizontal en- 
ergy transport are not predicted. The depth of the mixed layer may be varied 
with latitude so as to produce the observed annual variation of temperature. 
Sometimes fixed poleward heat transports are specified. Sea ice is predicted 
with a simple thermodynamic model. 
Land model. A single- or multiple-layer model of land hydrology is used to 
calculate soil moisture, which responds to precipitation and the land energy 
balance (see Section 5.5). Snow-free land albedos are specified, but snowcover 
and its albedo effect are predicted from surface temperature and precipitation 
rate. No explicit simulation of the active role of vegetation on the hydrologic 
cycle or surface energy budget is included. 

A thorough sensitivity analysis of such a model has been described by Hansen 
et al. (1984). Their model predicted cloud radiative properties and included a fixed 
oceanic heat transport. The spatial resolution of the model was 8" latitude x 10" lon- 
gitude. They compared three 35-year integrations of their model. One was their best 
simulation of current climate conditions; one had the solar constant increased by 2%; 
and one had the atmospheric carbon dioxide doubled from 3 15 ppm to 630 ppm. The 
magnitude and nature of the surface and tropospheric climate changes produced by 
the 2% solar constant increase and the doubled CO, were very similar, so that it is 
necessary to show results from only one of the experiments. The surface air temper- 
ature increases were greatest in the polar latitudes during winter [Fig. 10.14(a)]. An 
important cause of this polar amplification appears to be sea ice. When the climate 
warms, the sea ice melts back farther in summer. The lowered albedo allows much 
more heat to be absorbed in summer, but this heat does not result in a large increase 
in surface temperature since it is spread over the large heat capacity of the mixed 
layer. During the winter this stored heat is returned to the atmosphere and results in 
a large wintertime ~ a r m i n g . ' ~  Strong polar temperature inversion during winter and 
the reduction of the strength of this inversion in a warmed climate also contribute to 
the polar amplification. 

The temperature increase in the upper tropical troposphere is much larger than the 
increase at the surface, so that the average lapse rate of the atmosphere decreases 
[Fig. 10.14(b)]. The additional solar heating at the surface is largely used to evapo- 
rate water rather than increase the surface temperature, and the increased supply of 
water vapor enhances deep convection, which heats the upper troposphere and sup- 
ports the reduction in lapse rate in the tropics.lR 

The relative contributions of various radiative feedback mechanisms to pro- 

"Manabe and Stouffer (1980). 
IRSee Fig. C.1 and the related discussion in Appendix C. 
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Fig. 10.14 (a) Latitude versus season contour plot of the zonally averaged surface air temperature 
difference and (b) pressure-latitude contour plot of zonally averaged air temperature difference resulting 
from a 2% increase of the solar constant. [From Hansen et a/ .  (1984). 0 American Geophysical Union.] 

ducing the observed global-mean warming can be evaluated with the help of a one- 
dimensional radiative-convective model (Chapter 3). The changes in surface albedo, 
water vapor amount, water vapor distribution, lapse rate, cloud cover, and cloud 
height are globally averaged from the three-dimensional model simulation and then 
inserted individually into a one-dimensional model to compute their effect on surface 
temperature. The results of these calculations are shown graphically in Fig. 10.15. 
The direct effect of increasing the solar constant by 2% is about 1.3"C, compared to 
a total warming of 4OC, so that most of the surface warming appears to be con- 
tributed by the feedback processes. Among these the most important is the increased 
water vapor and its changed vertical distribution. The water vapor resides at a higher 
altitude on average and would therefore emit at a lower temperature. This effect is 
more than offset by the decreased lapse rate, which makes the infrared opacity of this 
water vapor less effective in reducing the escaping longwave radiation. The surface 
albedo decrease associated with decreased surface ice, the decreased cloud amount, 
and the increased cloud altitude each contribute about 0.5"C of warming. 
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Fig. 10.15 Estimated contributions by the direct forcing of a 2% increase of solar constant and vari- 
ous feedback mechanisms to the surface temperature increase in a climate model. [From Hansen et al. 
(1984). 0 American Geophysical Union.] 

The strong positive water vapor feedback is consistent with the fixed relative hu- 
midity assumption often made in simple climate sensitivity arguments and seems to 
be supported by observations. l 9  Among these feedbacks the positive cloud feedback 
is the most controversial. The cloud radiative feedback in climate models varies 
greatly from model to model, even for climate models in which cloud optical prop- 
erties are fixed.*O Cloud albedo is specified in many models, but is potentially sensi- 
tive to the mean climate and could be the basis for a strong feedback. For example, a 
modest sensitivity of cloud optical depth to mean surface temperature could provide 
a strong feedback. 

10.8 Coupled Atmosphere-Ocean Processes 
and the Thermohaline Circulation 

Fully coupled climate models simulate the atmosphere and the ocean jointly, includ- 
ing the exchanges of momentum, heat, and water between them. An example of the 
mean meridional mass circulation in a coupled model is shown in Fig. 10.16. The 
Hadley, Ferrel, and polar cells of the atmospheric circulation are shown, along with 
a representation of the deep thermohaline circulation of the ocean. A large poleward 
cell exists in the Northern Hemisphere ocean with sinking to intermediate depths at 
about 60'N. Most of this circulation occurs in the Atlantic. Shallow circulations 
occur near the equator. Upwelling occurs in midlatitudes of the Southern Hemi- 

I9Raval and Ramanathan (1989). 
20Cess et 01. (1990). 
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LATITUDE 
Fig. 10.16 Zonally integrated mass transport of the atmosphere and Ocean for an equilibrium climate 

with an active thermohaline circulation. Units are megatons s-' (lo9 kg s-I). [From Manabe et nl. (1990). 
Reprinted with permission from the American Meteorological Society.] 

sphere at about 50"S, and some deep water is formed in Antarctic waters poleward 
of 60"s. A deep circulation cell is simulated, which is centered near the equator and 
at a depth of about 3500 meters. 

The deep thermohaline circulation of the Atlantic Ocean and its interaction with 
the atmosphere seem to provide a mechanism for variability within the climate sys- 
tem. Numerical experiments suggest that the coupled ocean-atmosphere climate 
system may possess at least two stable equilibria: one with a thermohaline circula- 
tion in the North Atlantic as in today's climate, and one in which the thermohaline 
circulation is weak or absent.2' This model result is consistent with paleoclimatic 
data discussed in Chapter 8, which suggest that the thermohaline circulation in the 
north Atlantic may have slowed down or ceased to operate for a time about 11,000 
years ago and during the last glacial maximum. 

To demonstrate that two different equilibrium states are possible: a single model 

*'Manabe and Stouffer (1988). 
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Fig. 10.17 Model-simulated meridional mass streamfunction in the north Atlantic Ocean for 
(a) equilibrium with a strong thennohaline circulation, (b) equilibrium without one. Units are megatons s-'. 
[From Manabe and Stouffer (1988). Reprinted with permission from the American Meteorological 
Society.] 

with identical external forcing conditions is integrated from two different initial con- 
ditions. One initial condition with saline water in the north Atlantic leads to an equi- 
librium state with a thennohaline circulation, and an initial condition with relatively 
fresh water in the north Atlantic does not. The meridional mass streamfunctions for 
the two equilibria are shown in Fig. 10.17. In one case poleward motion near the sur- 
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Fig. 10.18 Difference in (a) SST (K), (b) surface salinity (%), and (c) surface water density 
(kg m-3) between a model equilibrium with a thermohaline circulation and without one. [Panel (a) from 
the unpublished version of Manabe and Stouffer, 1988; panels (b) and (c) from published version of Ma- 
nabe and Stouffer (1988). Reprinted with permission from the American Meteorological Society.] 

face and sinking at high latitudes are evident, but in the other case the meridional cir- 
culation in the ocean is weak. The differences between the two equilibrium states 
as seen in SST, surface salinity, and surface density are shown in Fig. 10.18. Tem- 
perature and salinity are both increased in the high-latitude north Atlantic when the 
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thermohaline circulation is present, but because density is more sensitive to salinity 
at these low temperatures, the density change is dominated by the effect of the 
greater salinity. This greater density sustains the sinking at high latitudes that feeds 
the thennohaline circulation. 

In middle and high latitudes of the Atlantic Ocean precipitation exceeds evapora- 
tion, so that the atmosphere provides a net source of freshwater that would tend to 
decrease the salinity and thus the density of the surface waters. When the thermo- 
haline circulation of the north Atlantic Ocean is active, saline water is brought from 
the south and advected into the Norwegian Sea, where it cools and sinks before its 
salinity is seriously diluted. When the near-surface poleward flow associated with 
the thermohaline circulation slows down, the source of salty water is reduced and the 
surface salinity decreases because the excess of precipitation over evaporation con- 
tinues to freshen the surface water. It is thus easy to hypothesize that a strong ther- 
mohaline circulation will tend to sustain itself by bringing saline water to the polar 
regions where it can form the basis of very dense water that will then sink to the depths 
of the ocean. On the other hand, if the poleward flow of saline water is never initi- 
ated, then it will be difficult to form water that is dense enough to sink to substantial 
depths, and the thermohaline circulation may not operate. Whether the thermohaline 
circulation is operating or not has a substantial effect on the climate in the north At- 
lantic region, because of the heat transported by the poleward current and the result- 
ing difference in SST between the two equilibrium states. 

Exercises 

1. Suppose that the air temperature above the Arctic Ocean is -30°C and the 
water temperature is -2°C. Solve for the sensible heat flux to the atmosphere if 
the bulk aerodynamic formula for heat flux (4.26) applies with surface pres- 
sure lo5 Pa, CDH = and U,  = 5 m s-'. Assume a steady state with no 
heat storage and ignore radiative and latent heat fluxes. Consider three cases: 
(a) no sea ice, (b) 1 m of sea ice, and (c) 3 m of sea ice. Solve for the tempera- 
ture of the surface in those cases with sea ice. Use (10.10) with k, = 2 W m-'K-' 
to solve for the flux through the ice. 

2. Repeat problem 1 for the case of 1 m of sea ice with 10 cm of snow on top. 
Use k, = 0.3 W m-* K-*. 

3. Calculate the surface temperature and sea ice thickness in equilibrium under 
the following conditions: polar darkness, air temperature -4O"C, surface pres- 
sure lo5 Pa, CDH = U ,  = 5 m s-l, and k[ = 2 W m-I K-I. The downward 
longwave flux is 100 W m-2, and the surface has unit longwave emissivity. 
Consider cases where the ocean supplies heat to the base of the ice at the rate 
of (a) 10 W m-* and (b) 20 W m-2. Hint: Use the energy balance at the surface 
and at the base of the ice and linearize the Stefan-Boltzmann emission about 
the air temperature. Ignore latent cooling. 
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4. What would be the equilibrium sea ice thickness for the two cases of problem 
3 if the sea ice were covered by 20 cm of snow with k, = 0.3 W m-I K-I ? 

5. Use Fig. 10.16 to estimate the magnitude of the zonally averaged meridional 
wind in the lowest 200 mb of the atmosphere at 15"N and of the zonally aver- 
aged northward current in the upper km of the ocean at 45"N. 

6. Using Fig. 7.2, estimate the individual contributions to the density change 
shown in the lower panel of Fig. 10.18 from the SST change and the salinity 
change at 60"N in the mid-Atlantic Ocean shown in the upper panels. Use the 
mean SST shown in the lower panel of Fig. 10.13. 

7. Explain how the effect of lapse-rate changes on emitted longwave radiation 
might be offset by humidity changes if the relative humidity remains constant. 



Chapter 11 

11.1 Natural Forcing of Climate Change 

Natural Climate Change 

The geologic record indicates that dramatic changes in climate have occurred in the 
past. These changes occurred in the absence of humans, for the most part, and we 
can call them natural climate changes. Understanding these natural climate changes 
is a challenging and important problem that will help us to understand and predict 
future natural and human-induced climate changes. 

In this chapter we will evaluate several mechanisms whereby past climate 
changes might have been forced to occur. The distinction between a forcing mecha- 
nism and a feedback mechanism is somewhat arbitrary, and depends on what you 
include as part of the climate system and what is considered external to it. We will 
regard the atmosphere, the ocean, and the land surface as internal to the climate sys- 
tem, and we will consider Earth’s interior and everything extraterrestrial as being ex- 
ternal to the climate system. Therefore solar constant variations, variations in Earth’s 
orbit about the sun, and volcanic eruptions are all considered external forcing mecha- 
nisms. Another reason for making this distinction is that the solar constant, Earth’s 
orbital parameters, and probably volcanic eruptions are not influenced by the cli- 
mate, so interaction is one-way. Continental drift should also be considered an exter- 
nal forcing to climate, since continental movements are driven by convection in 
Earth’s mantle, which is presumably not sensitive to the modest variations of Earth’s 
skin temperature that are of interest to the climatologist. During the Holocene period 
when we have the most information about climate, the continental positions have 
been very nearly fixed, so that discussion of the effect of continental position on cli- 
mate will not be expanded beyond what was presented in Chapter 8. 

11.2 Solar Luminosity Variations 

The total energy output of the sun is a central determinant of Earth’s climate. A very 
direct way of forcing climate change would be to vary the luminosity of the sun. 
Theories of stellar evolution suggest that the luminosity of the sun has increased 
steadily by about 30% since the formation of the solar system. This increase is asso- 
ciated with the conversion of hydrogen to helium, leading to concomitant increases 

286 
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of solar density, solar core temperature, rate of fusion, and energy production. If the 
luminosity of the sun were suddenly decreased by 30%, Earth would quickly be- 
come substantially cooler. Geologic evidence of sedimentary rocks 3.8 billion years 
old suggests that liquid water was present on Earth at this time. Other evidence 
seems to suggest that Earth was actually warmer early in its history, since no evi- 
dence for glaciation exists prior to 2.7 billion years ago. This combination of a less 
luminous early sun and warm surface climate of the early Earth can be called the 
faint young sun problem.’ The most likely resolution of this paradox seems to be that 
the greenhouse effect was much stronger early in Earth’s history, perhaps associated 
with elevated levels of carbon dioxide or some other biogeochemically controlled 
trace gas. Analysis of ancient soils suggests that 440 million years ago atmospheric 
C02 concentration may have been -16 times greater than its current value.* Carbon 
cycle models suggest that increasing solar constant and the development of land 
plants may have accelerated the rate of C02 uptake by weathering and caused the 
apparent decline of atmospheric C02 during the mid-Paleozoic (400-320 million 
years ago).3 This C02 decline may have set the stage for the late Paleozoic glacia- 
tion. Beyond the theoretical inference that the luminosity of the sun has increased 
over its history, we know little about variations in solar luminosity on climatic time 
scales. Although the sun is a very dynamic entity, it is widely assumed to be a very 
steady source of energy. 

Most of the energy received from the sun originates in the photosphere, which has 
an emission temperature of about 6000 K. The dominant features seen in the photo- 
sphere are dark spots called sunspots, which can be seen in both visible light and in 
the sun’s total broadband emission. The center of a typical sunspot has an emission 
temperature about 1700 K colder than the average for the photosphere, so that the 
energy emission is only about 25% of average. The darkness of sunspots is produced 
by a disruption of the normal outward energy flow by the strong magnetic field dis- 
turbances that are associated with sunspots. Sunspots are transient features and range 
in scale from those a few hundred kilometers in diameter and lasting a day or two, to 
some that are tens of thousands of kilometers wide and last several months. On aver- 
age sunspots persist for a week or two. The area of the visible disk of the sun that is 
covered by sunspots ranges from zero to about 0.1%. Dark sunspots are accompa- 
nied by bright regions called faculae that cover a much larger fraction of the area of 
the solar disk than the sunspots with which they appear to be associated. Faculae are 
about 1000 K hotter than the average photosphere and emit about 15% more energy. 

Because sunspots are so easily observed: a long record of sunspot occurrence 

‘Kasting and Grinspoon (1991). 
zYapp and Poths (1992). 
’Berner (1993). 
4Sunspots are visible with the naked eye through a hazy sky at sunset, and regular reports of sunspots 

can be found in the Chinese literature beginning in the fourth century. Galileo observed sunspots with his 
small telescope in 1609. He and his contemporaries also discovered faculae and named them with the 
Latin word for “torches.” 
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Fig. 11.1 Annual mean sunspot numbers from 1700 to 1991. 

exists and an irregular cycle in sunspot abundance with a period of about 11 years 
has been documented. The number of sunspots varies from none to several hundred. 
The magnetic polarity of sunspot pairs alternates between sunspot maxima, so that a 
complete cycle of solar activity has a period of about 22 years. Reliable records of 
the annual mean sunspot number are available from about 1848, when the Wolf5 
sunspot number index was defined (Fig. 1 I .  1). Variations in the magnitude of the 
solar cycle are evident, with a significant reduction in sunspot activity at the begin- 
ning of the nineteenth century.6 A collection of scattered and somewhat less reliable 

5Johann Rudolf Wolf (1816- 1893) defined the sunspot number as the number of sunspots on the vis- 
ible hemisphere of the sun plus 10 times the number of sunspot groups. Later, when better techniques of 
observation became available, it was shown that his index is approximately proportional to total sunspot 
area. The minimum size of the sunspots counted was limited by optical distortion by the atmosphere. 

bThese variations are associated with an 80-90 year cycle in sunspot activity (Gleissberg, 1944). 
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Fig. 11.2 Total solar irradiance measurements from 1978 to 1989 taken from Nimbus-7, Earth Radi- 
ation Budget Experiment (ERBS), and Solar Maximum Mission (SMM) satellites. The bars indicate the 
estimated absolute accuracy of the measurements. The units are W m-’. [From Lee eta[.  (1991).] 

data indicates that sunspots were virtually absent during the period 1645-1715, 
which is called the Maunder minimum.’ It is intriguing that this corresponds roughly 
with the period of the Little Ice Age in Europe. 

Solar flares and eruptive prominences are spectacular features of the sun’s corona 
and cause significant increases in ultraviolet, X-ray, and gamma-ray radiation. The 
variation of high-energy radiation and particles associated with solar flares has a sig- 
nificant influence on the upper atmosphere. The effect of flares and prominences on 
the total energy output of the sun is negligible, however, and their influence on the 
surface climate is presumed to be small. 

Very precise measurements of the solar irradiance can be made from Earth- 
orbiting satellites, and measurements from several space platforms extending over 
one solar cycle have been taken. These measurements indicate an average solar ir- 
radiance of about 1367 W m-2 at the mean Earth-sun distance. They indicate a 
small, less than -0.1% or 1.5 W m-2, increase in solar output from sunspot mini- 
mum (-1985) to sunspot maximum (-1980 and -1990) (Fig. 11.2). The precision 
of solar irradiance measurements is generally greater than their absolute accuracy, 
so that different estimates of the magnitude of the variation over a solar cycle 

’Eddy (1976). 
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agree better than the estimates of the mean solar irradiance. It is interesting that 
the largest solar irradiance occurs at sunspot maximum, when the greatest number 
of dark spots appears on the photosphere. Indices of faculae area such as Lyman- 
a flux have been used to suggest that the facular brightening dominates the dark- 
ening by sunspots and causes the solar constant to increase at the maximum of 
solar activity. 

The statistical relationship between faculae and sunspot number can be used in 
conjunction with the observed solar irradiance variations over the last solar cycle to 
estimate the variation of the solar luminosity over the last century. Estimates of 
sunspot dimming, facular brightening, and solar constant over the period 
1874-1988 are shown in Fig. 11.3. According to these estimates the sunspot dim- 
ming and facular brightening are highly correlated and strongly compensate each 
other, but the facular effect is slightly larger, especially in recent decades. Accord- 
ing to this analysis the maximum solar constant observed at the peak of solar ac- 
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Fig. 11.3 Reconstruction of (a) sunspot dimming (plotted as a positive quantity), (b) facular bright- 
ening, and (c) solar irradiance. All are given in W m-2 and have been smoothed with a 12-month running 
mean. [From Foukal and Lean (1990). 0 by the AAAS.] 
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tivity in 1980 was caused by an anomalously large ratio of facular brightening to 
sunspot dimming. 

The variations of solar irradiance associated with the 1 1-year sunspot cycle are 
of great interest, but have only a very small influence on climate. A change in solar 
irradiance of 1 W m-2 translates into about a 0.175 W m-2 climate forcing, which, 
using a climate sensitivity of AR = 0.5 K/(W mP2), yields an equilibrium climate 
response of <O.l"C. Moreover, the 11-year cycle has a time scale significantly 
shorter than the relaxation time scale of climate, which is determined by the large 
heat capacity of the oceanic mixed layer, so that the magnitude of the transient 
response is much less than the response of a steadily applied forcing of the same 
magnitude, and would be too small to be observed. It is consistent with this analy- 
sis that no evidence of a significant 11-year cycle in surface climate has been 
discovered.8 

In summary, what we have been able to directly observe of total solar irradiance 
suggests that luminosity variability will have a negligible effect on climate varia- 
tions. We have precise observations from only a little over a decade, however, and it 
is possible that solar variability is an important factor on time scales of the 80-year 
Gleissberg cycle and 10nger.~ To study other mechanisms of climate change, one can 
adopt the hypothesis that the luminosity of the sun is effectively constant and at- 
tempt to understand past variations on that basis. 

11.3 Natural Aerosols and Climate 

An aerosol is a suspension of liquid or solid matter in air. According to this defini- 
tion, clouds are composed of water aerosols, but we will generally use the word 
aerosol to denote all noncloud aerosols. Since most aerosols contain some water, 
and cloud droplets generally form from growth by condensation on a tiny aerosol 
particle, the distinction between cloud and noncloud aerosol may seem arbitrary. A 
distinction is made in that cloud aerosols are at equilibrium in air with relative hu- 
midities in excess of loo%, whereas noncloud aerosols can be in equilibrium at rel- 
atively low humidities. Aerosols range in size from only slightly larger than indi- 
vidual air molecules to radii of several tens of micrometers. Aerosols larger than 
about 20 pm are removed quickly by gravitational settling to the surface. The 
smallest aerosols dominate the number of aerosols in the atmosphere, but their 
mass and surface area are so small that they have little direct effect on climate. The 
surface area of aerosols is important both for their role as cloud condensation nu- 
clei (CCN) and also for their direct effect on radiation. The largest contribution to 
the total surface area of atmospheric aerosols comes from aerosols with radii in the 

RBut see, e.g., Kelly and Wigley (1992); Schlesinger and Ramankutty (1992). 
'Baliunas and Jastrow (1990) and Lean et al. (1992). 
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Particle Diameter (pm) 

Fig. 11.4 Normalized plots of the number, surface area, and volume distributions for a tropospheric 
aerosol. [From Charlson (1988). Reprinted with permission from Wiley and Sons, Inc.] 

range of -0.1 - 1 pm (Fig 1 1.4). These are the aerosols that are most important for 
climate. Aerosol number concentrations typically range from lo3 in clean air 
over the oceans, to lo5 or lo6 cm-3 in polluted urban air. 

Aerosols are produced by a large number of processes and can have varied chem- 
ical compositions. Aerosols can be injected directly into the atmosphere or be 
formed by the condensation or chemical transformation of vapors. Except for a small 
contribution from meteoritic debris, the sources of aerosols are at the surface. Direct 
emissions of aerosols come from the bursting of bubbles on the ocean surface, which 
produces small droplets that evaporate to leave a sea-salt aerosol. Other direct 
sources of aerosols include the elevation by wind of mineral dust from dry land sur- 
faces, injection of ash and rock by volcanoes, soot from forest fires, meteoritic de- 
bris, and biological emissions such as spores and pollen. The largest contributions 
by mass to direct production of aerosols come from sea-salt and windblown dust 
(Table 11. l), but a large fraction of the mass of particles produced in these ways is 
contained in a relatively small number of large particles. Because they represent a 
comparatively small fraction of the total number of aerosol particles, sea-salt and 
mineral aerosols are of less importance for climate than their large mass would 
suggest. 

Aerosols formed by gas-to-particle conversion consist mainly of sulfates, nitrates, 
and hydrocarbons, with sulfates making the largest contribution. Recent estimates 
indicate that industrial production of sulfur gases, mostly through SO2 release dur- 
ing fossil fuel combustion, is larger than the natural sources of sulfur gases, although 
estimates of natural sulfur emissions are very uncertain (Table 11.2). The climatic ef- 
fect of sulfate aerosols produced by fossil fuel burning appears to be significant, as 
will be discussed in Chapter 12. 

Over the unpolluted oceans, the majority of aerosol particles are produced by 
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Table 11.1 
Sources ofAerosols by Mass (Tg yr-I) 

Peterson and Junge ( 197 1) SMIC (1971) 

Source type All sizes r < 2.5 pm 

Direct emissions 
Sea salt 
Mineral sources 
Volcanoes 
Forest fires 
Meteorite debris 
Biological material 
Subtotal 

Gas-to-particle conversion 
Sulfate 
Nitrate 
Hydrocarbons 
Subtotal 

Total natural 

Direct emissions 
Transportation 
Stationary sources 
Industrial processes 
Solid-waste disposal 
Miscellaneous 
Agricultural bumings 
Subtotal 

Gas-to-particle conversion 
Sulfate 
Nitrate 
Hydrocarbons 
Subtotal 

Total anthropogenic 

Sum total 

Natural sources 

1000 
500 
25 
35 
10 

1540 
- 

244" 
75 
75 

394 

1964 

Anthropogenic sources 

2.2 
43.4 
56.4 
2.4 

28.8 

133.2 

- 

220 
40 
15 

275 

408 

2372 

500 
250 
25 
5 
- 
- 

780 

220 
60 
75 

355 

1135 

1.8 
9.6 

12.4 
0.4 
5.4 

29.6 
- 

200 
35 
15 

250 

280 

1415 

300 
100-500 
25-150 
3-150 
- 
- 

428- 1100 

130-200 
140-200 
75-200 

345- 1100 

773-2200 

10-90 

130-200 
30-35 
15-90 

175-325 

185-415 

958-2615 

[From Wameck (19EE).] 
"Now regarded as high. 

conversion of sulfur-bearing gases generated by ocean biology. Sea-salt aerosols 
probably account for more mass than biogenic aerosols in the marine boundary 
layer, but sea-salt aerosols are generally large, and account for only about 10% of the 
aerosols by number. A large fraction of the CCN over the oceans is thus biogenic 
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Table 11.2 
Global Emission of Sulfur Gases 

Northern Southern Global 
Source Global Hemisphere Hemisphere (Andreae, 1990) 

~ 

Fuel combustion and 17.6 69.8 1.8 80f10 

Biomass burning 2.3 1.3 1 .o >2.5 

Marine biosphere 11.9 5.3 6.6 35-51 

industrial activities 

Volcanoes 9.6 7.6 2.0 9.6- 13 

Terrestrial biosphere 0.9 0.5 0.3 4.8-13 
Total 102.2 84.5 17.1 128-148 

Units in Tg S year-'. [From Spiro et al. (1992). 0 American Geophysical Union and Andreae (1990). 
reprinted with permission from Elsevier Publishers.] 

sulfur aerosols. The primary medium for carrying sulfur from the ocean to the at- 
mosphere is dimethyl sulfide gas (DMS; CH3SCH3). DMS accounts for about 90% 
of the reduced volatile sulfur in seawater and is present in concentrations that are in 
excess of equilibrium with air, so that a DMS flux from the ocean to the atmosphere 
occurs. DMS flux is estimated by using measurements of DMS concentration in the 
ocean mixed layer and the air, together with a flux formulation not unlike the aero- 
dynamic formulas for heat and moisture flux discussed in Section 4.5. In the atmo- 
sphere DMS is oxidized photochemically to form sulfate (SO$-) in aerosol form. 

DMS is produced in ocean surface waters by certain species of phytoplankton, 
particularly algae. DMS is formed by the enzymatic cleavage of dimethylsufonium 
propionate (DMSP), which produces equal parts of DMS and acrylic acid. DMSP 
has an osmoregulatory function in marine algae. The release of DMS from DMSP in 
algae occurs continuously, but the rate increases when the alga is under stress and as 
it ages. Algae also excrete DMSP directly to seawater, where it is cleaved to produce 
DMS. The biological functions of DMS and DMSP emission by phytoplankton and 
their relative contributions to the concentration of DMS in ocean waters are un- 
known at this time. By regulating the release of DMS, and hence the production of 
oceanic CCN, phytoplankton could influence the cloud albedo over the oceans and 
hence regulate to some extent the climate. When more CCN are present the cloud 
water tends to reside in more, smaller droplets than when CCN are less abundant. As 
illustrated in Fig. 3.14, if the mean particle radius decreases and all else remains the 
same. the cloud albedo increases. 

11.4 Volcanic Eruptions and Stratospheric Aerosols 

Volcanoes play an important role in climate by cycling atmospheric elements such as 
carbon and sulfur between the lithosphere and the atmosphere. Violent eruptions can 
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inject dust and source gases for aerosols into the stratosphere, where they remain for 
many months and can have a significant influence on climate. Much has been 
learned about the effects of volcanic eruptions in the last several decades because the 
major eruptions of El Chichh in Mexico (1982, 17.3'N) and Pinatubo in the Philip- 
pine Islands (1991, 15.1'N) were observed with modem satellite and in situ tech- 
niques. These eruptions were spectacular manifestations of explosive outgassing 
from Earth's interior and caused major changes in the optical properties of the 
stratosphere. These two eruptions resulted in peak global-average stratospheric 
aerosol optical depths of 0.07 and 0.15, respectively. The time history of aerosol op- 
tical depth can be measured accurately from satellites and shows these two eruptions 
very clearly (Fig. 1 1 S). 

Although ash and fine rock particles can be injected high in the stratosphere by a 
violent eruption, most of these aerosols are too large to remain long in the atmo- 
sphere. Particles that are small enough to not precipitate serve as condensation nuclei 
for sulfuric acid or water vapor. Most stratospheric aerosols consist of a mixture of 
75% sulfuric acid (H2S04) and 25% water. A nonvolcanic background aerosol level 
is maintained in the stratosphere through an upward flux of sulfur-bearing gases 
from the troposphere. For example, carbonyl sulfide (COS) is produced in soils and 
has a lifetime of several years in the troposphere. It is mixed upward into the strato- 
sphere where it encounters ultraviolet radiation or atomic oxygen and is oxidized to 
form sulfur dioxide (SO2). Sulfur dioxide is then further oxidized to sulfuric acid. 
Since the vapor pressure of sulfuric acid is generally above saturation in the lower 

lo-' October 1978 - June 1992 
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Fig. 11.5 Polar stratospheric optical depth versus time derived from SAM I1 and SAGE solar ex- 
tinction measurements. Superimposed on the normal seasonal variations are major injections of aerosols 
associated with the El Chichdn and Mt. Pinatubo eruptions. [From McCormick, et al. (1993).] 
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stratosphere, it condenses to form aerosols and is ultimately removed when the 
aerosols become large enough to precipitate or when the air in which they reside re- 
turns to the troposphere. Sulfuric acid is very hygroscopic and collects water to add 
to the mass of the aerosol. The enhancement of stratospheric aerosols after a vol- 
canic eruption is caused by the direct injection of large amounts of SOz gas. The op- 
tical depth of the aerosol cloud peaks about 6 months after the eruption because of 
the time required to convert the SO2 gas to sulfuric acid aerosols of the proper size 
to interact efficiently with solar and longwave radiation. 

Stratospheric aerosols interact with both solar and terrestrial radiation and may 
both scatter and absorb radiation. Extinction is defined as the sum of scattering and ab- 
sorption of the direct beam of radiation, so we may write the extinction cross section 
per unit mass (Section 3.6) as the sum of the scattering and absorption cross sections. 

(11.1) 

The extinction coefficient is the ratio of the extinction cross section to the geo- 
metric cross section (shadow area) of an aerosol, and can similarly be written in 
terms of its scattering and absorption components. 

(11.2) Qext = Qsca + Qabs 

The extinction coefficient for sulfuric acid aerosols is near 1 for solar radiation 
and decreases to less than 0.5 for terrestrial radiation [Fig. 11.6(a)]. The larger par- 
ticles that characterize a volcanic aerosol cloud in the early phases after an eruption 
have a larger extinction coefficient and thus interact more efficiently with radiation, 
especially at longer wavelengths. 

The single scattering albedo is defined as the ratio of the scattering coefficient to 
the extinction coefficient, and measures the ratio of extinction by scattering to total 
extinction during a single interaction of a photon beam with a particle. 

(11.3) a=- Qsca 

Qext  

The single scattering albedo for sulfuric acid aerosols is nearly one for solar radia- 
tion, but decreases abruptly near 3 pm, so that very little absorption of solar radiation 
takes place, but a large fraction of the extinction of terrestrial radiation is absorption 
[Fig. 11.6(b)]. 

The probability that a scattered photon will depart in a particular direction rela- 
tive to the direction of the incident beam of photons is given by the phase function, 
p,  which is normalized in the following way. 

- j F d d ~ = l  1 
4 a  

477 

(11.4) 

where do is the increment of solid angle (Section 3.3). The phase function can 
be characterized by the single scatter asymmetry factor cos @which is defined 

- 
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Fig. 11.6 Single scattering (left) and multiple scattering (right) by 75% sulfuric acid aerosols for 
two size distributions characterizing the early stages 1.5 months after the eruption of El Chichdn 1982 
(reff - 1.4 pm, May) and the later stages when the effective particle radius was smaller (r,ff -0.5 pm, 
October). Multiple scattering calculations are given for a plane-parallel atmosphere with visible (h  = 
0.55 pm) optical depth 7= 0.1 and 1.0. Single scattering parameters are explained in the text. [From Lacis 
et al. (1992), 0 American Geophysical Union.] 

as follows, 

(11.5) 

where 8 is the angle between the direction of the incident beam and the scattered 
beam. The single scatter asymmetry factor varies between 1.0, which indicates for- 
ward scattering in the same direction as the incident beam, and -1 .O, which indicates 
backscattering toward the direction of the source of the incident beam. Isotropic scat- 
tering, where scattering is equally probable in all directions, gives an asymmetry fac- 
tor of zero. Stratospheric aerosols are strongly forward scattering for solar radiation 
and become increasingly isotropic scatterers for longer wavelengths [Fig. 11.6(c)]. 

As a result of the radiative properties of stratospheric sulfuric acid aerosols, the 
modest optical depths associated with recent large volcanic eruptions (z - 0.1) give 
rise to a modest reflection of solar radiation and a modest absorption of terrestrial ra- 
diation [Figs. 11.6(d-f)]. Because of their relatively efficient absorption of infrared 
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Fig. 11.7 (a) Decrease of incoming solar and outgoing infrared fluxes at the tropopause caused by 
adding a stratospheric aerosol layer (20-25 km) with visible optical depth ?= 0.1 in a one-dimensional 
radiative-convective model with fixed surface temperature. Plotted as a function of effective radius, reff, 
with an effective variance of particle radius v e ~  = 0.2. (b) Change of net radiation at the tropopause for 
three values of effective variance of particle radius. [From Lacis et al. (1992), 0 American Geophysical 
Union.] 

radiation, volcanic aerosols generally heat the layer in which they occur (20-25 km). 
Their effect on the tropospheric climate is more complex, as they both reflect solar 
radiation and provide a small greenhouse effect. The balance of these two opposing 
effects is sensitive to the size of the aerosol particles. Smaller particles have a sub- 
stantial influence on solar radiation, but not on infrared radiation, so that a reduction 
of net radiation of 3-4 W m-2 results for particles smaller than -1 pm (Fig. 11.7). 
The greenhouse effect increases approximately linearly with particle radius, while 
the solar reflection becomes independent of particle radius when the radius is larger 
than the effective wavelength, so that a net warming results for particles larger 
than about 2 pm. This result is relatively insensitive to particle size dispersion 
[Fig. 11.7(b)]. A 1-pm spherical sulfuric acid particle at 20 km falls about 2 km per 
month, so that larger particles than this are relatively rare. Therefore, except for the 
brief period immediately after the eruption, when relatively large dust and ash par- 
ticles may be abundant, we expect that volcanic aerosol clouds in the stratosphere 
will cause a significant reduction in net energy input to the climate system, with 
a large eruption like Mt. Pinatubo producing a 0.15 optical depth cloud and a 
-4 W mV2 climate forcing during its peak (Fig. 1 1.8).I0 

Because the aerosol cloud enhancement resulting from a single eruption is 
flushed out of the stratosphere in a year or two, and the thermal capacity of the 
ocean mixed layer gives it a thermal-response time scale of decades, the response 
of the climate system to a single volcanic eruption is rather modest, unless it is an 
exceptionally large eruption with a high sulfur content. A sequence of major vol- 
canic eruptions each spaced about a year apart could cause a significant climate 
signal, however. The extent to which aerosol clouds from volcanic eruptions have 

loHansen et al. (1992). 
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Fig. 11.8 Ash and vapor cloud associated with the Mt. Pinatubo eruption on June 15, 1991. 

influenced the climate of the past is largely unknown, but remains a subject of con- 
siderable interest. 

The effect of a volcanic eruption on climate depends on the amount of long-lasting 
stratospheric aerosol produced, which depends both on the explosiveness of the 
eruption and the abundance of sulfur in the gases released. Evidence suggests that 
large eruptions in the past have had a significant effect on short-term climate anom- 
alies (Table 11.3). One of the largest eruptions we know of was the 1815 eruption of 
Mt. Tambora on Sumbawa Island, Indonesia. Approximately 150 km2 of ash and 
pumice was spread over a large area and the eruptive plume was estimated to have 
reached 50-km altitude. Within a few months the volcanic cloud had spread around 
the world and its optical effects were observed in Europe. The sun and stars were 
dimmed noticeably by the stratospheric aerosol cloud for nearly 2 years after the 
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Table 11.3 
Estimates of Stratospheric Aerosols and Climatic Effects of Some Volcanic Eruptionsn 

Stratospheric Northern Northern 

Volcano Latitude Date (Mtf 7D AT ("C) 
aerosols Hemisphere Hemisphere 

Explosive eruptions 
St. Helens 

El Chich6n 
Pinatubo 
Krakatau 
Tambora 
Rabaul? 
Toba 

Agung 
46'N 

8" s 
17'N 
15"N 
6" S 
8" S 
4O s 
3'N 

May 1980 
March-May 1963 

June 1991 
August 1883 
April 1815 
March 536 

- 75,000 years 

March-April 1982 

0.3 
10 
20 
30 
50 

200 
300 

lOoO? 

co.01 
c0.05 

0.15 
0.25 
0.55 
I .3 
2.5 

1 O? 

CO. 1 
0.3 

<0.4 
- 0.5 

0.3 
0.5 

Large? 
Large? 

Effusive eruptions 
Laki 640N June 1783 to -0  Locally high' 1 .O? 

February 1784 
Roza 47'N - 14 million years 6OOO? 80?d Large? 

[From Rampino er al. (1988); reprinted with permission from the Annual Review of Eurrh and Plune- 

aRampino and Self (1984). Optical depths (7,) are visual, direct beam. 
bSouthem Hemisphere 7D = 0.2. 
"Aerosols were mostly tropospheric. 
dIf the aerosols were dispersed globally, the average Northern Hemisphere optical depth would have 

fury Sciences, Vol. 16,O 1988 by Annual Reviews, Inc. Mt. Pinatubo data added by the author.] 

been about 40. 

eruption. The following year (1816) was known as the year "without a summer," 
since it was much colder than normal both in Europe and North America. Unusual 
spring and summer frosts and a 6-in. snowfall in the second week of June caused 
crop failures in New England. It is unlikely that these climate anomalies can be com- 
pletely attributed to the Tambora eruption, since the entire decade (1 810- 1820) was 
somewhat colder than normal. 

11.5 The Orbital Parameter Theory of Ice Ages 

1 1.5.1 Historical Introduction 

The idea that Earth has experienced ice ages was first suggested in Europe in the 
eighteenth century. Continental ice sheets were offered as an explanation for the ap- 
pearance of large boulders far from their source of origin and the presence of deep 
grooves on exposed bedrock. At the time many people believed that the erratic boul- 
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ders were transported by a great flood, and the idea of great ice sheets was slow to 
be accepted. Credit for convincing the scientific community that the European Alps 
were once covered by a great ice sheet is usually given to the Swiss-born geologist 
Louis Agassiz, who argued the case forcefully and published a monograph on the 
subject in 1840, at about which time the argument was beginning to turn in his favor. 

Among the first explanations for glacial ages was an astronomical theory by 
the French mathematician Joseph Alphonse Adhtmar published in 1842. Adhtmar 
clearly stated the hypothesis that the primary cause of the ice age succession was 
secular variation in Earth’s orbit. His theory was based on the precession of the equi- 
noxes, which in 1754 d’Alembert had shown completes a cycle every 22,000 years. 
Adhtmar based his ice age timing on the number of days of daylight per year. Be- 
cause Earth travels faster when it is closer to the sun (perihelion) than when it is far 
away (aphelion), and Southern Hemisphere summer currently occurs near perihe- 
lion, the Southern Hemisphere receives fewer hours of daylight than the Northern 
Hemisphere. He concluded that ice ages alternated between the hemispheres every 
11,000 years, and that the Southern Hemisphere is currently in an ice age. Adhtmar 
apparently did not understand that energy input and not hours of daylight is the crit- 
ical consideration, and that annual-mean insolation in each hemisphere is indepen- 
dent of the precession cycle. 

In 1864 the Scotsman James Croll extended the work of AdhCmar to include the 
modulation by eccentricity variations of the effect of precession of the equinoxes. 
Eccentricity variations had been established by the work of LeVemer in 1843, who 
also showed that the annual insolation is only weakly affected by eccentricity varia- 
tions. Croll deduced that if eccentricity variations were to have an effect on ice ages, 
it must arise from the larger variations in seasonal insolation that accompany eccen- 
tricity changes. He adopted the idea that colder winters lead to growing glaciers. His 
theory predicts that an ice age will occur in one hemisphere or the other whenever 
two conditions occur simultaneously: a markedly eccentric orbit and a winter sol- 
stice near aphelion. According to his theory the last ice age occurred 80,000 years 
ago. He also hypothesized that ice ages would be more likely when the tilt of Earth’s 
axis of rotation was less, because at these times the polar regions would receive less 
insolation. The timing of the obliquity variations was not known, however, so he could 
not incorporate this factor in his theory for past glaciations. In developing his theory 
Croll introduced the idea of ice albedo feedback in order to amplify the effect of the 
small insolation changes associated with changes in Earth’s orbital parameters. He 
also included a feedback mechanism involving the tradewinds, ocean currents, and 
the geometry of the Atlantic Ocean that would amplify cooling in one hemisphere by 
diverting oceanic heat fluxes to the other hemisphere. Croll’s theory met with a great 
deal of interest and approval, since by this time it was accepted that not one but 
many ice ages had occurred in the past, and the astronomical theory predicts cyclic 
ice ages associated with the cycles in Earth’s orbital parameters. Although geologic 
dating techniques were very primitive at that time, what evidence could be gathered 
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suggested that the last glaciation was much more recent than 80,000 years ago as 
Croll predicted. In addition, evidence came in from the Southern Hemisphere sug- 
gesting that glacial ages there occurred simultaneously with those in the Northern 
Hemisphere, which is inconsistent with the predictions of AdhCmar and Croll that 
glacial ages would alternate between the hemispheres. By the end of the nineteenth 
century Croll's theory had been largely dismissed. 

The orbital parameter theory of climate change was next taken up by the Serbian 
applied mathematician Milutin Milankovitch. Milankovitch began his work in 191 1 
with the benefit of Pilgrim's determination of all of the orbital parameters necessary 
to compute insolation as a function of time and latitude. His work on the orbital pa- 
rameter theory extended over 30 years and was interrupted by three wars. In 1920 his 
work attracted the attention of the German climatologist Wladimir Koppen, who en- 
couraged Milankovitch and engaged in a correspondence with him about the physi- 
cal basis of climate. Milankovitch had developed the mathematical tools for calcu- 
lating the insolation at any point and time as a function of the orbital parameters, but 
he was unsure at what latitude and season the ice sheets would be most sensitive to 
the insolation. Koppen indicated that a reduction of the summertime insolation in the 
Arctic would be the critical factor in producing growth of ice sheets. He reasoned 
that the temperatures were always cold enough for snow to form in the winter, but 
that a reduction in the summertime melting of glaciers would allow the ice sheets to 
expand. This was a critical departure from the work of Adhkmar and Croll, who had 
focused on the coldness of winter as the critical parameter. With this advice Milan- 
kovitch set about to calculate the summertime insolation at 55", 60" and 65"N for the 
last 650,000 years. After 100 days of calculation he sent his insolation curves to 
Koppen, who replied that they matched fairly well with what was known about the 
timing of the last several glacial epochs. The astronomical climate theory of Milan- 
kovitch was accepted to varying degrees until the 1950s when radiocarbon dating 
showed that the ages of many important glacial drift features on the land surface did 
not correspond to the times predicted by the radiation curves. 

By the mid 1960s the early paleoclimatic evidence that had been used to support 
the Milankovitch theory had been dismissed and the theory itself was increasingly 
questioned. New evidence began to emerge that supported the theory, however. 
The sources of new information included new dating techniques that extended the 
40,000-year time reach of radiocarbon dating. Coral terraces that could be associated 
with rising sea level were dated at 122,000, 103,000, and 80,000 years ago and these 
dates corresponded to times when Milankovitch had calculated higher than normal 
summertime insolation in midlatitudes. 

The discovery of a reversal of Earth's magnetic field whose date could be fixed at 
700,000 years ago was used to set the relationship between depth and time for ocean 
sediment cores by assuming a constant sedimentation rate. The oxygen 180/'60 ratio 
in these cores was found to be a good measure of the global ice volume. The continu- 
ous nature of the global ice volume record contained in ocean sediment cores allowed 
the use of time series analysis techniques. Using these techniques it was shown that 
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the oxygen isotope record in ocean cores contains periodicities that correspond to 
variations in Earth’s orbital parameters at periods of 100,000, 41,000, 23,000, and 
19,000 years. It is somewhat puzzling that the record of the last 700,000 years is dom- 
inated by a 100,000-year periodicity, since the direct forcing of seasonal insolation by 
eccentricity variations at this long time scale is much less than the forcing associated 
with the obliquity and longitude of perihelion variations at 41,000 and about 20,000 
years, respectively. Prior to 700,000 years ago, the available global ice volume records 
constructed from ocean cores appear to be dominated by the higher frequencies as the 
Milankovitch hypothesis would suggest (Fig. 8.6). The reason for the apparent ampli- 
fication of the 100,000-year periodicity in the more recent era remains a mystery. 

1 1 S . 2  The Orbital Parameters and Their Influence 

Early in the seventeenth century, Johannes Kepler discovered his first law, that the 
orbits of the planets are ellipses with the sun at one focus (Fig. 11.9). The degree to 
which the orbit departs from a circle is measured by the eccentricity of the ellipse. 
The point where the planet is closest to the sun is called perihelion, and the point on 
the orbit most distant from the sun is called aphelion. If the Earth-sun distance is dp 

Vernal 

Autumnal 
Equinox 

Fig. 11.9 Schematic diagram of Earth’s elliptical orbit about the sun showing the critical parameters 
of eccentricity (e), obliquity (@), and longitude of perihelion (A) defined relative to the vernal equinox. 
The size of the orbit is defined by the greatest distance between the ellipse and its center point, which is 
called the semimajor axis length, ao. The Earth-sun distance at any time td), the angle between the posi- 
tion of Earth and perihelion that we call the true anomaly (v) ,  and the angle between the position of Earth 
and the vernal equinox (w) are also shown. 
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at perihelion and d, at aphelion, then the eccentricity is defined as the ratio of the dif- 
ference to the sum of these two distances. 

(11.6) 

The maximum distance from the center of the ellipse to the orbit, ao, occurs at peri- 
helion and aphelion and is called the semimajor axis. From geometric considerations 
it can be shown that the minimum distance from the center of the ellipse to the orbit 
is given by a0 d-. The Earth-sun distance d as a function of the true anomaly 
v is given by 

ao(1-e2) 
d(v) = 

l + e  cos v 
(11.7) 

The variation of the Earth-sun distance as Earth moves along its orbit contributes to 
the annual cycle of insolation and is one of the key factors in the orbital parameter 
theory. 

Of even greater importance for the annual cycle of climate is the obliquity. The 
obliquity is the angle between the axis of Earth's rotation and the normal to the plane of 
Earth's orbit about the sun. The magnitude of the seasonal variation of insolation in high 
latitudes and the annual-mean insolation in high latitudes both increase with increasing 
obliquity. This can be seen most easily by considering a perfectly circular orbit with 
zero eccentricity. The daily insolation at any latitude and season, Q, can then be written 

where So is the solar constant at the mean Earth-sun distance, dandS(@,x,t) is the 
distribution function for a circular orbit and a particular obliquity @, sine of latitude 
x, and time of year t .  This distribution function is normalized such that its area aver- 
age is 1. 

The distribution function for a circular orbit with an obliquity of 23.5" is shown in 
Fig. 1 l.lO(a). Except for the effect of eccentricity, this is just the normalized form of 
Fig. 2.6. The sensitivity of this distribution to the obliquity can be illustrated by plot- 
ting the difference between S for @ = 24.5" and @ = 22.5" [Fig. ll.lO(b)]. Increasing 
the obliquity increases the summertime insolation in high latitudes and decreases the 
wintertime insolation in midlatitudes. The magnitude of the change of insolation 
during summer caused by an increase of obliquity from the minimum to the maxi- 
mum experienced by Earth is about 40 W m-2, or about 10% of that for the average 
obliquity. The annual average insolation at the pole is also sensitive to the obliquity. 
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Fig. 11.10 (a) Insolation distribution function Z(@,,r,f) plotted as a function of latitude and season 
for an obliquity of @ = 23.5'. (b) Sensitivity of the insolation distribution function to obliquity, 
A@(dS/d@)a = 23.5, evaluated for A@ = 2'. 

If the obliquity is zero, the annual-mean insolation at the pole is zero. For a circular 
orbit the annual-mean value of$ at the pole varies as 4 sin @ / a l l  

The longitude of perihelion is defined as the angle A, between the line from Earth 
to the sun at vernal equinox and the line from the sun to perihelion. It defines the 

L L Held ( 1982). 
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direction of Earth’s orbital tilt relative to the orientation of the orbit, and thereby de- 
termines the season at which Earth passes through perihelion. 

We are now ready to write the insolation in terms of the solar-flux density at some 
mean distance d, S0/4, and a distribution function, s, that depends on the eccentric- 
ity ( e ) ,  obliquity (@), longitude of perihelion (A), sine of latitude (x), and position in 
the orbit defined in terms of the true anomaly (v).  This distribution function can be 
written as the product of the distribution function s” which contains the obliquity de- 
pendence, and the inverse square dependence on Earth-sun distance, d. 

(11.10) 

To make use of (1 1.10) we must relate the time to the true anomaly v. From Kep- 
ler’s second law we know that the Earth-sun vector sweeps out equal area in equal 
time, and that the velocity of Earth in its orbit is greater at perihelion than aphelion. 
From the conservation of angular momentum it follows that 

(11.1 1) 

where Me is the constant angular momentum per unit of Earth mass. If we define the 
unit of time, r‘, such that the period of the orbit 

corresponds to 2 n  units of time, then (1 1.11) becomes 

( 1 1.12) 

( 1 1.13) 

We may now average the insolation over an annual cycle by integrating over t’. 

z2 dt’ dv  2n 
- 1 I - ? ( @ , x , v ) y d t ’ =  so z2 j -~(@,x,v)-- SO 

277 

(11.14) 4 d(v)2  dv 

= (1 -e2)-1/2 $S(@,x,v) dv 

4 v )  0 
4 

277 
2n 0 

4 
0 

From ( 1 1.14) we deduce that the annual-mean insolation at any point is indepen- 
dent of the longitude of perihelion. The annual-mean insolation at every latitude is 
proportional to (1 - e2)-’l2, which for small eccentricity is approximately (1 + 
0.5e2). This dependence of annual insolation on eccentricity is very weak, since in 
going from a circular orbit to the most eccentric orbit Earth experiences ( e  - 0.06) 
causes a change of annual insolation of only -0.18%. 
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The variations of annual-mean insolation associated with eccentricity changes are 
too small to produce a significant effect, if our estimates of climate sensitivity are ap- 
proximately correct. It is for this reason that Milankovitch sought an explanation for 
the ice ages in the changes of the seasonal and latitudinal distribution that are caused 
by variations in the orbital parameters. Summertime insolation in high latitudes will 
be larger when the obliquity is larger, and summertime insolation in the Northern 
Hemisphere will be greater when the northern summer solstice occurs at perihelion. 
The effect of longitude of perihelion variations on insolation increases with the ec- 
centricity of the orbit. To see this quantitatively, we can insert (1 1.7) into (1 1. lo), 
and use Fig. 11.9 to deduce that v = w - A, so that we can write an expression for the 
insolation that shows its dependence on eccentricity and longitude of perihelion. 

At northern summer solstice w =  d 2 ,  so that ( 1  1.15) becomes 

(1 + e sin A)2 So -i(@,X,V) SO = -i(@,x,v)(l+ 2e sin A) (1 1.16) 
4 (1 - e 2 r  4 

where the approximation holds for small values of e. The critical parameter that de- 
scribes the influence of eccentricity and longitude of perihelion on northern summer 
insolation is e sin A, which we will call the precession parameter. 

A summary of the effects of the orbital parameters on insolation reveals their im- 
portance for the seasonal and latitudinal distribution of insolation. 

1. The annual-mean insolation varies only as a result of eccentricity in proportion 
to (1 - e2)-' I2, which, for the observed eccentricities e c 0.06, produces 
changes that seem too small to be important. 

2. Obliquity controls the annual-mean equator-to-pole gradient of insolation and, 
together with the eccentricity and longitude of perihelion, the amplitude of the 
seasonal variation of insolation at a point. Obliquity variations within the ob- 
served range of 22.0"-24.5" can produce -10% variations in summer insola- 
tion in high latitudes. 

3. The precessional parameter e sin A controls the modulation in seasonal insola- 
tion due to eccentricity e and longitude of perihelion A variations. The com- 
bined effects of eccentricity and longitude of perihelion can result in -15% 
changes in high-latitude summer insolation. 

4. The combined effects of the three orbital parameters can cause variations in 
seasonal insolation as large as -30% in high latitudes. 

The time histories of Earth's orbital parameters can be constructed very accu- 
rately from celestial mechanics calculations assuming that Earth and other planets 
orbit the sun without perturbations from any large bodies passing through the solar 
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Eccentricitv of Earth's orbit as a function of time from 800,000 years before present to 
50,000 years into the future. [Calculated using the series expansions of Berger (19701 

system. The time variation of the eccentricity of Earth's orbit is shown in Fig. 11.1 1 
for the period from 800,000 years ago to 50,000 years into the future. The dominant 
periodicities of about 100,000 and 400,000 years can be clearly seen. The present ec- 
centricity of about 0.015 is relatively small compared to maximum values of about 
0.055 attained about 200,000 and 600,000 years ago. 

The obliquity and the precession parameter, e sin A, are shown in Fig. 11.12 for 
the period from 150,000 years ago to 50,000 years in the future. The obliquity has a 
dominant periodicity of about 40,000 years and is currently near the middle of its 
range between about 22.5" and 24.5". The longitude of perihelion cycle has a period 
around 20,000 years, but its effect on the precession parameter is modulated by the 
longer period variation of eccentricity. The precession effect will be small for the 
next 50,000 years because of the small eccentricity during this period. According to 
the Milankovitch theory, a relatively ice-free period will occur as a result of large 
Northern Hemisphere summertime insolation, which occurs when the obliquity is large 
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Fig. 11.12 Obliquity (a) and precession (e sin A) parameters, as functions of time from 150,000 
years before present to 50,000 years into the future. Units of obliquity are in degrees. 



11.5 The Orbital Parameter Theory of Ice Ages 309 

and the precession parameter is positive and large. This combination of events oc- 
curred about 10,000 years ago at a time when the climate was slightly warmer than 
today. About 23,000 years ago, when the ice sheets were growing rapidly toward the 
last glacial maximum, the precession parameter was large and negative and the obliq- 
uity was near its minimum value. Both the precession parameter and the obliquity 
were thus favorable for ice growth, according to the Milankovitch theory. 

The combined effect of the orbital parameters can be seen by computing the inso- 
lation as a function of latitude for various times in the past and future. The temporal 
variation of daily averaged insolation at the solstices is shown in Fig. 11.13. Anom- 
alies from the time average over the period from 150,000 years ago to 20,000 years 
in the future are shown. The upper panel shows the insolation variations at Northern 
Hemisphere summer solstice, which have amplitudes as large as 60 W m-2 near 
the pole. Large positive anomalies at 125,000 years ago and 10,000 years ago 
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Fig. 11.13 Distribution of departure of daily average insolation at (a) northern summer and (b) north- 
em winter solstices from average values for the period from 150,000 years ago until 20,000 years in the 
future. Contours are given in w m". 
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correspond fairly well with the times of the last two interglacial periods. The last 
glacial maximum about 20,000 years ago was preceded by a relative minimum in 
northern summertime insolation. 

11 S . 3  Testing the Milankovitch Theory 

Because we know Earth's orbital parameters for several million years into the past 
and future, and because we can deduce global ice volume for the past two million 
years or so from ocean cores, the Milankovitch theory is a testable hypothesis. It 
should be apparent from the discussion of the previous sections that the orbital pa- 
rameter mechanism for producing secular changes in climate must depend heavily 
on the physics of the annual cycle of climate, and perhaps particularly in high lati- 
tudes during summer where insolation variations are large. The mechanism usually 
envisioned has to do with spring, summer, and fall snowmelt and the effect of inso- 
lation on that process. The idea is that if the insolation during summer is lower than 
normal, then the snowmelt will be slower. Some regions that would otherwise be 
snow-free by fall will remain snowcovered and the perennial icecover will expand. 
Because of the near symmetry of the perihelion cycle, when summer insolation is 
less than normal winter insolation will be greater than normal. This means that when 
insolation changes act to make the summer temperatures colder than average, they 
also make the winter temperatures warmer than average. Because warmer air can 
contain more moisture, and wintertime temperatures in high latitudes are normally 
well below freezing, warmer wintertime temperatures may allow greater snow accu- 
mulation during the cold season. The combination of increased winter accumulation, 
decreased summer ablation of ice, and ice albedo feedback can produce ice volume 
growth. When summer insolation is enhanced, all the arguments are reversed so that 
reduced ice volume and warming would result. 

The preceding arguments all sound plausible, but are very difficult to model 
quantitatively in a convincing manner, particularly for the time scales required for 
ice sheet growth. Rather than jump directly into physical modeling, one may first 
consider an empirical approach.'* Suppose we assume that the variations of global 
ice volume over the past 500,000 years are due entirely to the orbital parameter vari- 
ations. We can then develop a simple empirical model with a few adjustable parame- 
ters to see how well we can fit the data and whether the relationship between the 
variables in the fit is consistent with the Milankovitch theory. 

Assume that the equilibrium response of the global ice volume to orbital varia- 
tions is of the form 

( 1 1.17) 

I2lmbrie and Imbrie (1980) 
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Here lo is the ice volume at zero eccentricity and some standard value of the obliq- 
uity (Do. The parameters bQ and be set the magnitude of the equilibrium response to 
obliquity variations and the perihelion cycle, cpo determines the phase of the peri- 
helion cycle at which the ice is minimum, and o(@) and o(e) are the standard devi- 
ations of obliquity and eccentricity over the past 500,000 years. Any linear response 
of ice volume to the orbital parameters would take a form such as (1 1.17). 

Next assume that the ice volume relaxes toward its equilibrium value with a time 
scale that depends on whether the ice volume is increasing or decreasing 

where 

(1 1.18) 

( 1 1.19) 

Thus z, is the accumulation time scale and zw is the ablation time scale. The global 
ice volume record suggests an asymmetry between slow growth and rapid decay, and 
this is allowed for by using separate time scales for growth and decay of ice sheets. 

A good fit to the ice volume record is obtained with z, = 42,000 years, z, = 
10,600 years, b~ > 0, be/bQ = 2, and cpo = 125". These optimal parameters, if taken 
at face value, imply that if the ice volume had time to adjust, the smallest ice volume 
would occur for large obliquity and for perihelion between northern summer solstice 
and autumnal equinox (cpo = 90" would indicate minimum equilibrium ice volume 
when perihelion occurs at summer solstice), and with the obliquity and perihelion 
cycles being of comparable importance. These empirical determinations are in gen- 
eral accord with the original hypothesis of Milankovitch. 

The empirical fit between the orbital parameter forcing and the global ice volume 
record indicates that the time scale for ice accumulation is 42,000 years. It is inter- 
esting to consider what processes in the climate system could account for this long 
time scale. Several candidates suggest themselves. 

1. The deep-ocean circulation. As discussed in Chapter 7, the time scale for the 
deep ocean may be thousands of years because of its large heat capacity and slow 
overturning time. A liberal upper limit on the time scale would be a few thousand 
years, however, which is too short to explain the 10,000-year time scales required. 

2. Glacial and ice sheet dynamics. The current precipitation in Green Bay, Wis- 
consin is about one inch of water for each of the months of December, January, and 
February. If we assume that all of the winter precipitation (3 in.) survives the sum- 
mer melt season, it would take 39,000 years to grow a 3-km thick ice sheet. Glaciers 
and ice sheets also move around slowly and spread under their own weight, which 
would probably add to the time required. 

3. Isostatic adjustment. The continents sink slowly under glacial loading and 
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bounce back slowly when ice sheets melt and the water flows into the ocean. The 
time scale for the response of the bedrock ranges from 5,000 to 20,000 years, de- 
pending on the size of the ice sheet and the character of the rock. The sinking of the 
continents under the ice sheets may allow the oceans to intrude over what would 
otherwise be continent and contribute to the rapid decay of the ice sheet via calving 
of icebergs from the ice sheet and heat and ice transport by the ocean currents. This 
has been offered as one mechanism to explain the more rapid decay than growth of 
the ice sheets. This asymmetry may also be because the precipitation rate limits the 
growth rate but no similar constraint applies to the melting rate. 

4. Geochemistry. The carbon dioxide content of the atmosphere varies signifi- 
cantly between glacial and interglacial conditions, and the radiative effect of reduced 
atmospheric C02 contributes significantly to the cooling during an ice age. It can be 
argued that the C02 change must be the result of a change in ocean chemistry, since 
the COz changes persisted for thousands of years and on this time scale the atmos- 
pheric C02 concentration is slave to the ocean. The ocean contains 60 times more 
carbon than the atmosphere. Ocean geochemistry and the budgets of certain key nu- 
trients have time scales that are quite long and could contribute to the low-frequency 
response of the climate system. 

11.6 Modeling of Ice Age Climates 

Global climate models (GCMs) can be used to understand how past glacial climates 
were maintained and estimate the relative importance of the known feedback mech- 
anisms. Paleoclimatic data can be used to estimate the extent and thickness of ice 
sheets, land vegetation, sea surface temperature, and atmospheric composition as a 
function of time since the last glacial maximum, approximately 18,000 years ago. 
Each of these factors can be specified individually in a climate model to determine 
its effect on the simulated climate, or they can be predicted independently to gauge 
the ability of the GCM to faithfully simulate the observed relationships among them. 
The orbital parameters can also be varied to determine how they affect the climate 
simulation. Currently, climate models of the most realistic type cannot be integrated 
for a long enough period to simulate ice sheet growth or changes in vegetation pat- 
terns, so these parameters have been specified in most simulations conducted to date. 
The quality of the simulation and the effect of these changes on ice age climate are 
best judged by comparing the simulated SST and air temperatures with estimates 
from paleoclimatic data. 

1 1.6.1 Simulation of the Last Glacial Maximum 

Broccoli and Manabe (1987) conducted a series of experiments with a GCM that 
shed light on the importance of the ice sheets, land albedo changes, and atmospheric 



11.6 Modeling of Ice Age Climates 313 

Table 11.4 
Description of the Four Simulations Conducted by Broccoli and Manabe (1987) to 

Investigate Role of Ice-Age Boundary Conditions on the Climate of a GCM with a Mixed-Layer Ocean 

Experiment El E2 E3 E4 

Land-sea distribution P a  Gb G G 
Continental ice distribution P G G G 
Atmospheric COz concentration (ppm) 300 300 300 200 
Snow-free land albedo distribution P P G G 
Length of analysis period (years) 15 8 6 8 

[O Springer-Verlag.] 
O P  = present conditions. 
' G  = conditions estimated for last glacial maximum. 

C02 changes in forcing the temperature changes that existed 18,000 years ago. The 
orbital parameters at that time were not substantially different from today's, and so 
cannot contribute much to the calculation of instantaneous differences between ice 
age and current conditions. The model used in these experiments was a GCM with a 
50-m-deep mixed-layer ocean, which allows the prediction of SST, but does not in- 
clude the effect of ocean circulation. The model includes the seasonal cycle, but a 
fixed cloudiness distribution is specified that varies only with latitude. Snow cover 
and sea ice are predicted. 

The sequence of experiments conducted is described by Table 11.4. The first 
experiment is a control experiment (El) in which all conditions are for the present 
climate with a CO, concentration of 300 ppm. The next experiment (E2) changes 
the continental ice sheets and the sea level to those of the last glacial age, leaving 
everything else as in the control experiment. The third experiment (E3) adds the 
change in the snow-free surface albedo that would correspond to the land conditions 
estimated for the last glacial age. These snow-free albedo changes are associated 
with changes in the vegetation and soil inferred from pollen and soil studies. Finally 
experiment E4 incorporates all of the above ice age conditions plus a decrease of the 
atmospheric C02 concentration to its ice age value of 200 ppm. 

The direct effect of these changes on the radiation balance of the planet can be es- 
timated by changing each of them individually, keeping everything else fixed as in 
the control experiment for the current climate, and using the radiation model in the 
GCM to calculate the resulting changes in the radiative energy flux at the top of the 
atmosphere. The results show that the global radiative forcings are each on the order 
of 1 W m-2, with the largest contribution from the COz decrease and the smallest as- 
sociated with the albedo of snow-free land areas (Table 11.5). The direct radiative ef- 
fect of continental ice sheets is interesting because it is confined almost entirely to 
the Northern Hemisphere. 

The response of the climate model to these radiative forcings can be evaluated by 
comparing the SST changes in the model with those inferred from paleoclimatic data 
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Table 11.5 
Direct Forcing of Radiative Energy Balance at Top of Atmosphere as a Result of 

Including Boundary Conditions and C02 Changes Estimated for Last Glacial Maximum 

Control 
experiment Perturbation 

AR 
Global N. Hem. S. Hem. 

El LGM distribution of continental ice -0.88 -1.71 -0.06 

E2 LGM distribution of land albedo -0.67 -0.77 -0.58 
E3 Atmospheric C02 reduced to 200 ppm -1.28 -1.24 -1.31 

Values are in W m-2 (N. Hem., S. Hem. =Northern, Southern Hemispheres). [Adapted from Broccoli 
and Manabe (1987). 0 Springer-Verlag.] 

by the Climate Mapping and Analysis Projecti3 (Table 11.6). The global mean SST 
change of -1.9"C in the model compares favorably with the paleoclimatic estimate 
of -1.6"C. The similarity of the observed and simulated temperature changes sug- 
gests that the model sensitivity is not grossly in error. The continental ice sheets and 
the C02 decrease each conmbute a little less than 1°C to the ice age cooling, and the 
land albedo changes make a smaller contribution. The temperature change associ- 
ated with the ice sheets is confined almost entirely to the Northern Hemisphere. In 
this model the thermal communication between the hemispheres is very inefficient. 
Although it is possible that the thermal communication between the hemispheres 
would be more efficient in a model that included heat transport by ocean currents, it 
is tempting to conclude that the mechanism that makes ice ages simultaneous in the 
two hemispheres is associated with the C02 concentration and is therefore biogeo- 
chemical. 

The latitudinal distribution of the changes in SST resulting from each additional 
ice age forcing shows the characteristic polar amplification of temperature change 
that characterizes Earth's climate (Fig. 11.14). The introduction of all of the ice age 
forcings produces a temperature change with a latitudinal structure that is similar in 
many respects to the paleoclimatic estimate. Two serious discrepancies are evident 
in the zonal averages. One is in the subtropical regions where the simulation cools 
more than the data indicate, and the other is in the region poleward of 60'N where 
the simulation cools less than the data suggest. The geographic distribution of the 
differences between current and ice age SST from the model simulation and the 
CLIMAP reconstruction is shown in Fig. 11.15. The model correctly predicts that 
the largest SST changes occur in the North Atlantic. The ocean area poleward of 
60°N, where the large polar discrepancies occur, is a very small but important area of 
the Norwegian and Greenland Seas. The discrepancy in this region occurs because 
ocean currents are not included in the model, and the absence of ocean currents may 
also account for the discrepancies in the vicinity of the Kuroshio Current. Heat trans- 

ITLIMAP Project Members (1981). 
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Table 11.6 
Differences in Area-Averaged Annual Mean SST between 

Pairs of Experiments Conducted by Broccoli and Manabe (1987) in "C 

Global N. Hem. S. Hem. 

E2-El (Ice sheet) -0.8 -1.6 -0.2 
E4-E3 (C02) -1.0 -0.7 -1.1 
E3-EZ (Albedo) -0.2 -0.3 -0.2 
E4-E 1 (Combined) -1.9 -2.6 -1.5 

CLIMAP -1.6 -1.9 -1.3 

Only those grid points that represent oceans in all experiments are used in computing the differences. 
Differences between CLIMAP ice age estimates of SST and current values are shown for comparison. 
[O Springer-Verlag.] 

port by ocean currents is critical to the sea ice distribution in the Norwegian Sea, and 
because these transports are absent in the model the sea ice extends too far south in 
the control simulation for the current climate. Below the ice the SST is at its mini- 
mum value of about -2°C and so cannot decrease further when the ice age forcings 
are applied. 

The discrepancies between the model simulation and the CLIMAP reconstruction 
of SST changes in the subtropics are much more troublesome. The CLIMAP recon- 
struction indicates a warming in the subtropical Pacific Ocean of both hemispheres 
where the model indicates substantial cooling of more than 2°C. It is unclear where 
the resolution of this discrepancy lies. Geologic evidence indicates that the snowline 
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Fig. 11.14 SST changes ("C) induced by various ice age forcing mechanisms in the model of Broc- 
coli and Manabe (1987) (various curves) compared with the SST inferred from ocean cores (dots). 
E2-E1, effect of ice sheets; E3-E2, effect of land albedo; E4-E3, effect of CO, concentration; E4-E1, 
difference between complete ice age simulation and simulation of current climate. [O Springer-Verlag.] 
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Fig. 11.15 SST differences ('C) between present and 18.000 years ago during the last glacial maxi- 
mum derived (a) a climate model simulation (Manabe and Broccoli, 1985; @American Geophysical 
Union) and (b) from paleoclimatic estimates (CLIMAP, I98 I ;  permission granted from the Geological 
Society of America). The model simulation is the variable cloud simulation that is slightly more sensitive 
than the fixed cloud simulation presented in Fig. 1 I. 14. Values less than -2°C are shaded; values less than 
-8°C are heavily shaded. 

on tropical mountains, including those on the Hawaiian Islands, was about a kilome- 
ter lower during the ice age than at present.I4 It is difficult to reconcile this with the 
CLIMAP indications of warmer SST, which are based on assemblages of planktonic 
organisms reconstructed from ocean sediment cores. 

11.6.2 Effects of Orbital Parameter Variations on Land Hydrology 

According to the Milankovitch theory the rapid disappearance of the great continen- 
tal ice sheets at the end of the last ice age was triggered by much greater insolation at 
high northern latitudes during summer. Northern summer insolation peaked about 
10,000 years ago as a result of increased obliquity and because Northern Hemi- 
sphere summer occurred near perihelion. By 10,000 years ago, however, most of the 

I4See, e.g.. Rind and Peteet (1985). 
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continental ice had already melted and the increased summertime insolation in the 
Northern Hemisphere had other important effects. Climate model simulations suggest 
that the moist period in the Sahara that occurred at about this time (see Section 8.5) 
was triggered by orbital parameter changes. The period around 10,000 years ago is 
characterized by insolation anomalies with a strong northward gradient from the 
equator to the North Pole in both seasons (Fig. 11.13). In the northern summer sea- 
son this would tend to move the thermal equator northward. Recall from Fig. 6.25 
and the discussion in Section 6.5.4 that the surface low-pressure belt and low-level 
wind convergence move northward and southward more or less following the sun 
over Africa. The strong solar heating of the surface during the summer seasons 
drives the low-level wind convergence deep into the Sahara during summer. About 
10,000 years ago the increased summertime insolation must have intensified this 
summertime heat low over the Sahara to the extent that sufficient rising motion was 
generated to induce a prolonged summer rainy season that would extend to the cen- 
ter of the current Sahara Desert.15 The moistening and greening of the surface would 
have amplified the effect of the insolation increase, since a moist vegetated surface 
would have a much lower albedo and would absorb a larger fraction of this insolation. 

Paleoclimatic data and model simulations also suggest that increased summer- 
time insolation in the Northern Hemisphere increases the intensity of the summer- 
time monsoon over Asia. Greater summertime insolation results in increased heating 
of the land areas, increased low-level flow from ocean to land, and increased precip- 
itation over land.16 

Overall, there is much evidence to suggest that orbital parameter changes have a 
profound effect on climate. It is equally apparent that many other forcing mecha- 
nisms and the internal dynamics of the climate system also have a significant influ- 
ence on climate variations. In the near future, it is likely that human actions will be 
the primary driver for climate change. This is the subject of the next chapter. 

Exercises 

1. Show that if the planetary albedo is 0.3, a change in solar constant of 1 W m-2 
results in a global-mean climate forcing of 0.175 W m-2. 

2. The current magnitude of the greenhouse effect is measured by the difference 
between the emission from the surface and the emission from the top of the 
atmosphere, G = 0c4 -0q4 = 150 W m-2. What would be the required mag- 
nitude of the greenhouse effect to maintain the surface temperature at 288 K if 
the solar constant were reduced by 30%? By what distance would the effective 
emission level of the atmosphere need to rise if the lapse rate is approximately 
6 K h - I ?  

3. Calculate the percent change in annual mean insolation at a planet if the 

I5Kutzbach and Street-Perrott (1985); COHMAP Members (1988). 
Vrell and Kutzbach (1987). 
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eccentricity is changed from zero to 0.2. How does this compare with the 
change in insolation at summer solstice if summer solstice occurs at perihelion? 

4. Calculate the difference of insolation at 60"N at the summer solstice for condi- 
tions with perihelion at northern winter solstice and an obliquity of 22.5" and 
conditions with perihelion at northern summer solstice and an obliquity of 
24.5". Assume a solar constant of 1367 W m-2 at the mean Earth-sun distance 
and an eccentricity of 0.04. What are the relative contributions of precession 
and obliquity variations to this difference? Hint: Use (1  1.16) and Fig. 1 1.10. 

5. What do the paleoclimatic data and their use in modeling studies such as that 
described in Section 11.6 imply about the energy balance albedo feedback 
models of the ice caps described in Section 9.4? 

6. Discuss what adjustments to the Milankovitch theory described in Section 1 1.5 
might be required by the results of the numerical experiments discussed in 
Section 1 1.6. 



Chapter 12 

12.1 The Wings of Daedalus' 

Anthropogenic Climate Change 

The greenhouse effect that warms the surface of Earth above its emission tempera- 
ture results because a few minor constituents absorb thermal infrared radiation very 
efficiently. As a result of human activities, the atmospheric concentrations of some 
of these natural greenhouse gases are increasing, and entirely new man-made green- 
house gases have been introduced into the atmosphere. The increase in the atmo- 
spheric greenhouse effect will warm the surface of Earth. When the effects of feed- 
back processes internal to the climate system are taken into account, it becomes clear 
that human activities are leading to a global climate change that may produce a mean 
surface temperature on Earth as warm as any for more than a million years. It is one 
of the great challenges of global climatology to predict future climate changes with 
adequate detail and sufficiently far in advance to allow humanity to adjust its behav- 
ior in time to avert the worst consequences of such a global climate change. 

This challenge consists of several interlocking parts. We must first understand 
and predict the human-induced changes to the environment that are most important 
for climate, which may include atmospheric gaseous composition, aerosol amount 
and type, and the condition of the land surface. Then we must predict the climate 
change that will result from these changed climate parameters. These two steps 
are not independent, since climate change itself may feed back on the surface con- 
ditions and atmospheric composition through physical, chemical, and biological 
processes. 

12.2 Humans and the Greenhouse Effect 

Long-lived greenhouse gases that appear to be increasing as a direct result of human 
activities include carbon dioxide (C02), methane (CH& nitrous oxide (N20), and 

'In Greek mythology Daedalus was an Athenian inventor, architect, and engineer. He was imprisoned 
with his son Icarus in a labyrinth, but managed to escape by constructing wings from feathers and wax. 
Icarus was young and imprudent and flew too close to the sun, where his wings melted and he fell into the 
sea. Daedalus flew on to safety. 



320 12 Anthropogenic Climate Change 

Table 12.1 
Characteristics of Some Key Greenhouse Gases That Are Influenced by Human Activitiesu 

Parameter COZ CH4 CFC-11 CFC-12 NZO 

Preindustrial atmospheric 280 ppmv’ 0.8 ppmv 0 0 288 ppbv’ 

Current atmospheric 353 ppmv 1.72 ppmv 280 pptv’ 484 pptv 3 10 ppbv 

Current rate of annual 1.8 ppmv 0.015 ppmv 9.5 pptv 17 pptv 0.8 ppbv 

concentration (1750- 1800) 

concentration (1990)‘ 

atmospheric accumulation (0.5%) (0.9%) (4%) (4%) (0.25%) 
Atmospheric lifetimed (years) (50-200) 10 65 130 1 50 

[From Watson et al. (1990). Reprinted with permission from Cambridge University Press.] 
Dozone has not been included in the table because of a lack of precise data. 
’ppmv = parts per million by volume; ppbv = parts per billion by volume; pptv = parts per trillion by 

volume. 
“The current (1990) concentrations have been estimated from an extrapolation of measurements re- 

ported for earlier years, assuming that the recent trends remained approximately constant. 
dFor each gas in the table (except CO,), the “lifetime” is defined here as the ratio of the atmospheric 

content to the total rate of removal. This time scale also characterizes the rate of adjustment of the atmo- 
spheric concentrations if the emission rates are changed abruptly. Carbon dioxide is a special case since it 
has no real sinks, but is merely circulated between various reservoirs (atmosphere, ocean, biota). The 
“lifetime” of C02 given in the table is a rough indication of the time it would take for the C 0 2  concentra- 
tion to adjust to changes in the emissions. 

halocarbons. Most of these gases have very long lifetimes in the atmosphere so that 
the amounts we release into the atmosphere today will remain in the atmosphere for 
up to two centuries, depending on the gas in question (Table 12.1). Most of these 
gases are naturally occurring, but most of the halocarbons are industrially created 
and have no sources in nature. Although water vapor is the most important green- 
house gas, we exclude it from this discussion because its atmospheric abundance is 
not under direct human control, but responds freely to the prevailing climate condi- 
tions and helps to determine them. We consider the changes in long-lived trace 
species to provide a forcing to the climate system, and we regard the changes in 
water vapor abundance that result to be a feedback process. Nonetheless, we must 
keep in mind that any temperature change associated with human activity will be 
composed of a large contribution associated with water vapor feedback and other 
feedbacks internal to the climate system. The net effect of all of these feedbacks is 
not known with great precision. 

The contributions to the climate forcing from greenhouse gas changes during the 
1980s are shown in Fig. 12.1. Carbon dioxide contributed more than half of the 
anomalous climate forcing, and chlorofluorocarbons (CFCs) contributed about one- 
quarter of the total for this period. Because of agreements to control CFC emissions 
to preserve the ozone layer, it is likely that the fraction contributed by CO, will in- 
crease in the future as the rate of CFC increase slows down. Carbon dioxide thus will 
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Fig. 12.1 Pie chart showing the contribution from each of the humaminduced greenhouse gas 

changes to the change in radiative forcing from 1980 to 1990. The contribution from ozone is uncertain 
and has been ignored in this graph. [From IPCC Working Group I (1990). Reprinted with permission from 
Cambridge University Press.] 

make the most important single contribution to greenhouse gas forcing of climate 
change, although the contributions from a number of other minor constituents add up 
to a substantial climate forcing. 

12.2.1 Carbon Dioxide 

Carbon dioxide is a naturally occurring atmospheric constituent that is cycled be- 
tween reservoirs in the ocean, the atmosphere, and the land (Fig. 12.2). About 5 Gt C 
year-' (gigatons of carbon per year) are currently released into the atmosphere from 
fossil fuel combustion, and roughly another 2 Gt C year-' are released by deforesta- 
tion. Some of this excess carbon is taken up by the ocean, but the atmospheric con- 
tent is currently increasing by about 3 Gt C year-' or about 0.5% year-'. There are 
rapid exchanges of carbon between the atmosphere and the ocean, so that the partic- 
ular C02 molecules in the atmosphere are changed in about 4 years. We may call this 
the turnover time. The time required for atmospheric CO, to achieve a new equilib- 
rium in response to a perturbation such as fossil fuel burning is much longer, how- 
ever, because of the slow rate at which carbon is exchanged between the surface wa- 
ters and deep ocean. It requires 50-200 years for the atmospheric C02 concentration 
to achieve a new steady state. It is known that the 25% increase in atmospheric C02 
during the industrial era is associated primarily with fossil fuel burning. Carbon 
dioxide estimates from ice cores indicate that the preindustrial atmosphere main- 
tained a relatively constant C02 of about 280 ppmv for centuries. The recent rapid 
increase in atmospheric C02 concentration parallels very closely the known increase 
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Fig. 12.2 Schematic diagram showing the global carbon reservoirs and fluxes for the present-day 
climate system. Fluxes are gross annual exchanges. Underlined numbers indicate net annual CO2 accu- 
mulation because of human activities. Units are gigatons of carbon (Gt C; 1 Gt = 10l2 kg) for reservoir 
sizes and Gt C year-' for fluxes. [From Watson et al. (1990). Reprinted with permission from Cambridge 
University Press.] 

in fossil fuel combustion (Fig. 12.3). The fossil fuel origin of the recent C02 in- 
crease is further confirmed by changes in the isotopic abundance of 13C and 14C. 
Since fossil carbon has no 14C isotope, the decrease of about 2% in atmospheric 14C 
from 1800 to 1950 is consistent with a fossil carbon source.z 

Future rates of C02 increase in the atmosphere are uncertain because the rates of 
release and the rates at which CO, will be taken up by the ocean and land biota are 
not known with great precision. It is estimated that during the period 1850-1986 195 
f 20 Gt C were released by fossil fuel burning and 117 f 35 Gt C by deforestation 
and changes in land use, for a total airborne carbon production of 312 5 40 Gt C.3 
About 41 f 6% of this carbon has remained in the atmosphere. About 48 f 8% of the 
total carbon release during the decade from 1980 to 1989 has remained in the atmo- 
sphere, but not all of the released carbon can be accounted for, as is illustrated in 

2Stuiver and Quay (1981). 
Swatson et al. (1990). 
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Fig. 12.3 (a) Global annual emissions of C 0 2  from fossil fuel combustion and cement manufac- 
turing expressed in Gt C year-' (Rotty and Marland, 1986; Marland, 1989). The average rate of increase 
in emissions between 1860 and 1910 and between 1950 and 1970 is about 4% per year. Note the loga- 
rithmic scale. (b) Atmospheric C 0 2  concentration for the past 250 years as indicated by measurements 
in air trapped in ice from Siple Station, Antarctica [squares, Neftel et ol. (1985); Friedli et al. (1986). 
0 Macmillan Magazines Limited] and by direct atmospheric measurements at Mauna Loa, Hawaii [Tri- 
angies, Keeling er af. (1989), 0 American Geophysical Union]. [From Watson er al. (1990). Reprinted 
with permission from Cambridge University Press.] 

Table 12.2. The 1.6 Gt C year-' imbalance in the carbon budget during the 1980s is 
relatively large and difficult to reconcile, although it is not much bigger than the uncer- 
tainty in the estimates. Emissions from fossil fuel combustion and the accumulation 
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Table 12.2 
Estimated Human-Induced Perturbation to 

Global Carbon Budget for 1980-1989 Decade 

Sources and sinks of carbon GtCIyr 
~ 

Emissions from fossil fuels into the atmosphere 
Emissions from deforestation and land use 

5.4 f 0.5 
1.6 f 1.0 
3.4 f 0.2 
2.0 f 0.8 

Net imbalance 1.6 f 1.4 

Accumulation in the atmosphere 
Uptake by the Ocean 

[From Watson et al. (1990). Reprinted with permission from 
Cambridge University Press.] 

in the atmosphere are known with relative precision. The uptake by the ocean and 
the storage and release of carbon from land biota are both uncertain. Carbon uptake 
by the ocean is estimated from differences in the partial pressure of C02 in the air 
and water combined with exchange coefficients that depend on the wind speed and 
the temperature. Both the observations of C02 partial pressure in the ocean and the 
exchange coefficients are somewhat uncertain. Studies using GCMs to estimate the 
distribution of atmospheric C02 from the distributions of sources and sinks suggest 
that a large sink of C02 in the Northern Hemisphere may be missing from these es- 
timates. It has been hypothesized that the uptake of excess carbon by land biota in 
northern latitudes may be larger than expected and could account for the discrepan- 
cies in the carbon b ~ d g e t . ~  

12.2.2 Halocarbons 

Halogens such as chlorine, bromine, and iodine have a wide variety of industrial ap- 
plications, and in compounds with carbon they produce a number of useful gases 
(Table 12.3). Although present in the atmosphere in very small amounts, industrially 
produced gases such as CFC-11 (CC1,F) and CFC-12 (CC12F,) have a substantial 
influence on the greenhouse effect of Earth. The reason for the strong greenhouse 
effect of these gases is that they have strong absorption lines in the 8-12-pm region 
of the longwave spectrum where the surface emission is large. In this wavelength in- 
terval, naturally occumng gases do not absorb strongly, so the natural atmosphere is 
relatively transparent. These gases and other halocarbons are manufactured for use 
as the working fluid in refrigeration units, as foaming agents, as solvents, and in 
many other applications. Fully halogenated compounds are extremely unreactive 
and have very long lifetimes in the atmosphere. They are photodissociated by ultra- 
violet radiation in the stratosphere, where the chlorine and bromine thus released 

4Tans et ul. (1990). 
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Table 12.3 
Concentrations and Trends of Selected Halocarbons 

Annual rate of increase 
Mixing ratio Lifetime 

Halocarbon (pptv) PPtV % (years) 

CC13F 
CCIzFz 
CCIF3 
C2C13F3 
c2c12F4 
C2ClFs 
CCI, 
CHClFz 
CH3C1 
CH3CC13 

CBrCIF2 
CBrF, 
CHqBr 

(CFC-11) 
(CFC-12) 
(CFC- 13) 
(CFC- 1 13) 
(CFC-114) 
(CFC- 1 15) 

(HCFC-22) 

(Halon 1211) 
(Halon 1301) 

280 
484 

5 
60 
15 
5 

146 
122 
600 
158 

1 .I 
2.0 

10-15 

9.5 
16.5 

4-5 

2.0 
I 

6.0 

0.2 
0.3 

4 
4 

10 

1.5 
I 

4 

12 
15 

65 
130 
400 
90 

200 
400 

50 
15 
1.5 
7 

25 
110 

1.5 

[From Watson er al. (1990). Reprinted with permission from Cambridge University Press.] 

participate in the catalytic destruction of ozone. Alternatives to fully halogenated 
compounds that can serve the same functions are being sought by replacing one of 
the halogens with a hydrogen atom and so making the molecules more reactive, giv- 
ing them shorter lifetimes in the atmosphere, and producing less free chlorine and 
bromine when they dissociate. 

12.2.3 Methane 

Methane (CH4) is produced in a wide variety of anaerobic environments, including 
natural wetlands, rice paddies, and the guts of animals (Table 12.4). It is also re- 
leased during gas drilling and coal mining. The primary removal mechanism is oxi- 
dation by hydroxyl (OH) in the atmosphere. Methane oxidation by OH is the domi- 
nant source of water vapor in the stratosphere. Water in the stratosphere can be an 
important greenhouse gas, and both water vapor and ice can influence the photo- 
chemistry of ozone. The atmospheric concentration of methane has more than dou- 
bled since the preindustrial era, but its rate of increase has slowed in recent years. 
The reasons for the reduced rate of increase are not known. 

12.2.4 Nitrous Oxide 

Nitrous oxide ( N 2 0 )  is produced by biological sources in soils and water and has an 
atmospheric lifetime of about 150 years. Its primary sinks are in the stratosphere, 
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Table 12.4 
Estimated Global Sources and Sinks of Methane for Current Conditions 

Sources 
Natural 

Wetlands 
Termites 
Ocean 
Freshwater 
CH, hydrate 

Anthropogenic 
Coal mining, natural gas and petroleum industry 
Rice paddies 
Enteric fermentation 
Animal wastes 
Domestic sewage treatment 
Landfills 
Biomass burning 

Sinks 
Atmospheric (tropospheric + stratospheric) removal 
Removal by soils 
Atmospheric increase 

Mean 

115 
20 
10 
5 
5 

100 
60 
80 
25 
25 
30 
40 

470 
30 
32 

Range 

( 100-200) 
(10-50) 
(5-20) 

(0-5) 
( 1  -25) 

(70-120) 
(20- 150) 

(20-30) 
? 

(20-70) 
(20-80) 

(65- 100) 

(420-520) 
(15-45) 
(28-37) 

Units are Tg CH, year-'. [From Watson et al. (1992). Reprinted with permis- 
sion from Cambridge University Press.] 

where it is removed by photolysis and by reaction with electronically excited oxygen 
atoms. Evidence from ice cores indicates that N 2 0  concentration remained constant 
at about 285 ppbv for most of the past 2000 years and then began to increase at a rate 
of 0.2-0.3% year-' and reached a value of about 310 ppbv by 1990. Anthropogenic 
sources include the use of artificial fertilizers in cultivated soils, biomass burning, 
and a number of industrial activities. 

12.2.5 Ozone 

Ozone (03) is increasing in the troposphere and decreasing in the stratosphere. The 
tropospheric increase is related to industrial and automobile pollution that leads to 
the photochemical production of ozone near the ground. The climatic effect of the 
near-surface ozone is not great, but it is an environmental hazard because of its 
health effects on humans and plants. Ozone in the troposphere and lower strato- 
sphere is an effective greenhouse gas, primarily because of the position of the 9.6- 
ym absorption band in the middle of the water vapor window. Recent evidence 
suggests that ozone concentrations in the lower stratosphere have declined during 
the past several decades, probably as a result of photochemical destruction of ozone 
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by chlorine introduced into the atmosphere as CFCs. This ozone decline constitutes 
a reduction in the greenhouse effect that is estimated to have an amplitude that is 
comparable, for example, to the increase in the greenhouse effect directly con- 
tributed by the CFCs.5 The reduction of ozone in the stratosphere also allows more 
solar energy to reach the troposphere, which partially offsets the effect of the de- 
creased ozone greenhouse effect. 

12.3 Anthropogenic Aerosols and Atmospheric Sulfur 

Tropospheric aerosols have direct and indirect effects on the radiation balance. 
Aerosols directly influence solar and longwave radiative transmission. They also 
serve as cloud condensation nuclei (CCN), and the abundance of CCN influences 
the number, size, and atmospheric lifetime of cloud droplets or particles. Cloud 
abundance and radiative properties have a substantial influence on the net radiation 
balance of Earth. As discussed in Section 11.3, a substantial fraction of tropo- 
spheric aerosols is produced by conversion of SO2 gas to sulfate aerosol, and more 
than half of the total sulfate aerosol production is anthropogenic and mostly related 
to fossil fuel combustion. Anthropogenic SO2 emissions have increased from 
< 3 Tg S year-' in 1860 to about -80 in 1983.6 These sulfur emissions have come 
mostly from the Northern Hemisphere and have led to a serious problem with acid 
rain. Northern Hemisphere emissions of sulfur have begun to decline during the 
last decade. 

It is generally only a few days between the release of an aerosol precursor gas 
such as S 0 2 ,  its subsequent conversion to sulfate aerosol, and final precipitation in 
solution within a raindrop. Therefore, the aerosol burden of the troposphere is 
based on emissions from at most the previous 2 weeks, and if human production of 
aerosols were to cease, the aerosol burden of the atmosphere would return to its 
natural level within a similar period. Because of this short lifetime, the aerosol 
loading of the troposphere is highly variable, and tends to be highest near the 
sources of aerosols or their precursor gases. This is illustrated in Fig. 12.4, which 
shows a three-dimensional physical-chemical model simulation of the annual-mean 
sulfate concentration in the lower troposphere. The highest concentrations occur 
over the eastern portions of North America, Europe, and Asia, where they exceed 
the natural background by more than a factor of 10 and are therefore mostly 
anthropogenic. Since these aerosols are near the surface they will have a modest 
effect on longwave emission, but they may have a substantial effect on solar absorp- 
tion when they overlie a dark surface in a relatively cloud-free and well-illuminated 
region. 

*Ramaswamy et al. (1992). 
hRyaboshapko (1983). 
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Fig. 12.4 Model simulation of the annual mean sulfate (SOi-) concentration at 900 mb. Contours 
are shown at 25.50, 100,250,500, IOOO, and 2500 pptv. Concentrations over eastern North America and 
eastern Europe exceed natural (nonanthropogenic) levels by a factor of >lo. [From Langner and Rodhe 
(1991). Reprinted with permission from Kluwer Academic Publishers.] 

The direct effect of these anthropogenic aerosols on the reflection of solar ra- 
diation has been estimated and is shown in Fig. 12.5. They can cause a reflection 
of as much as 4 W m-2 in some regions, and when averaged over the globe pro- 
vide an average climate forcing of about -1 W m-2, with an uncertainty of a factor 

I I I I I I 

180" w 1200 60" 0" 60" 1200 180" E 

Fig. 12.5 Calculated increase of reflected solar flux caused by tropospheric sulfate aerosols derived 
from anthropogenic sources. Contour interval 1 W m-2. [From Charlson e ta / .  (1991). Reprinted with per- 
mission from Munksgaard International Publishers Ltd.] 
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Fig. 12.6 GOES 1-km visible image of stratocumulus clouds over the Pacific Ocean on July 1, 1987 
at 1615 UTC (Universal Time Coordinate). The scale of the image is approximately 5' square. The conti- 
nental outline in the upper right is the Olympic Peninsula of Washington, and the one in the lower right is 
Cape Blanco on the Oregon coast. The linear features in the center of the image are. ship tracks, enhance- 
ments of otherwise thin stratocumulus clouds caused by sulfur gas and particulate emissions of passing 
ships. The gray scale on the right indicates the visible albedo. (Image courtesy of Robert Pincus.) 

of -2.' This estimate includes only the direct radiative effect of the aerosols and does 
not include possible indirect effects that these aerosols might have on cloud albe- 
dos.* The enhanced cloud albedos would add to the direct aerosol cooling. The direct 
effect alone is only slightly less than the forcing currently provided by anthro- 
pogenic C 0 2  (+1.5 W m-') and about equal to the effect of all the other greenhouse 
gas forcings (+1 W m-2). If these estimates are correct, then a substantial fraction of 
the current anthropogenic greenhouse enhancement is being hidden by the cooling 
associated with anthropogenic sulfate aerosols (Fig. 12.6). This cancellation cannot 
continue, however, because of the very different atmospheric lifetimes of sulfur and 

'Kiehl and Briegleb (1993). 
*Coakley er al. (1987); Twomey et al. (1984). 
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greenhouse gases. Eventually the rate of increase of fossil fuel burning must slacken, 
at which point the sulfate aerosol concentration will level off, but the atmospheric 
COz will continue to increase. Also, the aerosol cooling has a very characteristic 
geographic distribution, while the greenhouse warming is more geographically uni- 
form, so that direct forcing of regional variations of climate change might be very 
important. 

12.4 Changing Surface Conditions 

Deforestation in midlatitudes and the tropics, expansion and contraction of deserts, 
and urbanization of the landscape can have significant effects on the local surface 
conditions and local climate. One of the most direct effects is that caused by surface 
albedo changes, which have a strong influence on the energy balance. When the rela- 
tively small fraction of land area on Earth and the effect of cloud cover in screening 
surface albedo changes are taken into account, however, land surface albedo changes 
directly caused by humans seem to have a very small effect on the global average en- 
ergy balance, probably less than 0.1 W m-2.9 

Although land albedo changes may not be of first-order importance for global cli- 
mate, most people live on continents and the regional climate and ecological 
changes associated with deforestation and urbanization can be quite important for 
human populations. It is estimated, for example, that complete removal of the Ama- 
zon rain forest would have a substantial influence on local surface temperature and 
hydrology.1° About half of the rainfall over the Amazon basin is derived from evapo- 
transpiration from the forest. Removing the forest will change the ratio of runoff to 
evapotranspiration, and the hydrological balance of the region may be seriously al- 
tered. The raised surface albedo also lessens the solar heating that ultimately drives 
upward motion and low-level moisture convergence. Although model simulations of 
complex interactions between vegetation and climate are at an early stage of devel- 
opment, some simulations suggest that removing the Amazon rain forest would re- 
sult in a reduction of both moisture convergence and evapotranspiration, so that 
runoff would decrease significantly." 

12.5 Equilibrium Climate Changes 

A standard experiment with a global climate model is to calculate the equilibrium 
climate for present and for doubled atmospheric carbon dioxide concentrations and 
study the differences between the two climate states. In such studies the transient na- 

YHenderson-Sellers and Gornitz (1984). 
iODickinson and Henderson-Sellers (1988). 
"Shukla et al. (1990); Nobre et al. (1991). 
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ture of the carbon dioxide increase and the climate response are ignored and only the 
state of the climate system when it is in balance with a particular concentration of 
C02 is considered. The response of the equilibrium climate to doubled C02 is much 
easier to compute than the transient response and gives useful information about the 
nature of the transient climate response to be expected. Doubled CO, is used as a 
surrogate for an equivalent climate forcing that may consist of contributions from 
many greenhouse gases. In an equilibrium calculation it is not necessary to choose a 
particular scenario for greenhouse gas release, and the thermal capacity of the deep 
ocean can be ignored. Most equilibrium calculations for GCMs are conducted using 
a mixed-layer ocean model. 

12.5.1 One-Dimensional Model Results 

A simple estimation of the response to changed greenhouse gases or other radiative 
forcings can be obtained from one-dimensional radiative-convective equilibrium 
models (Section 3.10). These models can be integrated very efficiently on the com- 
puter since only the globally averaged vertical structure is considered, so that a sim- 
ple and quick assessment of the influence of radiative changes can be obtained. The 
results of such calculations for changed C02 concentration are shown in Fig. 12.7. 
These calculations were performed for average cloudiness and fixed relative humid- 
ity. A surface temperature increase of 2.4"C was calculated in response to a change 
from 300 to 600 ppmv atmospheric CO2. It is interesting to note that while the surface 
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Fig. 12.7 Temperature profiles calculated with a one-dimensional radiative-convective equilibrium 
model for CO, at 150,300, and 600 ppmv. [Data from Manabe and Wetherald (1967). Reprinted with per- 
mission from the American Meteorological Society.] 
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I€0q4 + €0 G a t  
Fig. 12.8 Diagram showing the energy fluxes for a thin layer of stratospheric air in which ozone ab- 

sorbs an amount of solar radiation So3, and that absorbs and emits terrestrial radiation with an emissivity 
of & << 1.0. 

temperature increases with C 0 2  concentration because of its enhancement of the 
total greenhouse effect, the stratospheric temperatures actually decline with increas- 
ing C02. The reasons for this can be easily understood by remembering that the ap- 
proximate stratospheric energy balance is between heating through absorption of 
solar radiation by ozone and cooling by emission from C02 (Fig. 3.18). 

We can illustrate the dependence of stratospheric temperature on its longwave 
emissivity through a very simple model (Fig. 12.8). Suppose that we consider a thin 
layer of the stratosphere with a longwave emissivity that is much less than 1 (E<< 1 .O). 
This layer will absorb a fraction of the outgoing longwave radiation, and it will emit 
up and down according to its assumed emissivity. In addition, it will receive some 
amount of solar heating through the absorption by ozone So3. The absorption by this 
layer of solar and outgoing longwave radiation (oT2) must be balanced by its long- 
wave emission. 

(12.1) 

Solving for the temperature of the stratospheric layer shows the relationship of the 
stratospheric temperature to the emissivity of the layer. 

(12.2) 

Since C 0 2  is the principal longwave absorber in the middle and upper strato- 
sphere, and from (3.29) E -. pco2 kco2 dz, we know that the emissivity would in- 
crease when the COs concentration is doubled. If we assume that the ozone amount 
and the planetary albedo remain unchanged when the COz concentration is in- 
creased, then the absorbed solar radiation and the outgoing longwave radiation will 
be the same for a doubled C 0 2  climate in equilibrium. Therefore nothing within the 
radical in (12.2) will change except the emissivity of the stratospheric layer, and the 
stratospheric temperature will decline with increasing C02. 
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12.5.2 Three-Dimensional Model Results 

Equilibrium climate changes in response to doubled C02 have been calculated with 
more than 20 different GCMs. All of the models produce a surface temperature in- 
crease, but the amount of increase varies from about 2 to 5"C.12 This large range is 
attributable to uncertainties in the feedback processes, and at this time it appears that 
cloud feedbacks produce the most uncertainty.13 The seasonal and latitudinal varia- 
tions of the zonal-mean warming in all of the models are very much like that shown 
in Fig. 10.14(a). The largest warming occurs in high latitudes in winter, mostly as a 
result of changes in the extent and thickness of sea ice. Summertime surface temper- 
ature changes in the areas with sea ice are much less than the global average because 
it is difficult to get the summertime SST values much above freezing. Tropical sur- 
face temperature changes are also somewhat less than the global average warming. 
Surface warming in the tropics is reduced because of the efficiency with which evap- 
oration can remove excess heat (see Section 9.6). 

The vertical and meridional distributions of zonal-mean air temperature changes 
in response to doubled C02 in calculations by two different GCM modeling groups 
are shown in Fig. 12.9. Both simulations show surface warming, stratospheric cool- 
ing, and strong surface warming in high latitudes of the winter hemisphere. The differ- 
ences in the magnitude of the polar warming can be attributed to different amounts of 
sea ice in the simulation of the current climate in the two models. Greater amounts 
of sea ice in the simulation for current C02 concentration generally result in larger 
polar warming when the C02 is increased, since more sea ice in lower latitudes pro- 
vides more scope for ice albedo feedback. The warming of the tropical upper tropos- 
phere is greater than the global-average surface warming and much more than the 
tropical surface warming. The greater evaporation that cools the tropical ocean sur- 
face results in more and deeper convection that warms and moistens the upper tro- 
posphere. The greater warming in the upper tropical troposphere than at the surface 
is fundamentally related to the moist adiabatic ascent of convective air parcels, 
whose lapse rate is decreased as the temperature is warmed (see Appendix C). The 
simulation by Wetherald and Manabe (1986) in the upper panel of Fig. 12.9 uses 
convective adjustment and produces a less pronounced upper-tropospheric warming 
than the simulation by Hansen et al. (1984). The differences in convection scheme 
may explain why the amount of tropical upper-tropospheric warming is different in 
the two simulations. 

Many models also show a C02-induced summertime warming over the conti- 
nents that is larger than the global-mean temperature increase. This enhanced conti- 
nental warming is related to changes in the hydrologic cycle, which result in sum- 
mertime drying of continental interiors in these simulations. Because of the warmer 

I2Mitchell et al. (1990); Schlesinger and Mitchell (1987). 
T e s s  et al. (1990). 
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Fig. 12.9 Contour plot of the zonally averaged change in air temperature during DJF resulting from 
a CO, doubling in two models that each give a global-average surface temperature increase of 4’C. Cool- 
ing and warming greater than 4°C are shaded. [Top panel, Wetherald and Manabe (1986). reprinted with 
permission from Kluwer Academic Publishers; bottom panel, Hansen ef al. (1984), 0 American Geo- 
physical Union, as printed in Schlesinger and Mitchell (1987). 0 American Geophysical Union.] 

surface air temperatures and consequent increase in saturation humidity, both the 
global-mean precipitation and evaporation are increased. The effect of this intensifi- 
cation of the hydrologic cycle on soil moisture depends on the location and season. 
In middle and high latitudes the increased precipitation during winter is not compen- 
sated by a similar increase in evaporation, so that the soil moisture generally in- 
creases in warming simulations. Because the water capacity of soil is basically fixed 
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(Section 5.6.2), the enhanced wintertime precipitation cannot easily be stored and re- 
sults in enhanced runoff. In the simulations for the current climate, the soil moisture 
in the interiors of continents is generally greatest in the springtime after the snow 
melts and before the warm temperatures and high insolation of summer dry out the 
land. Although the maximum rates of precipitation often occur in the summer, the 
potential evaporation rate increases more than the precipitation and the soil gradu- 
ally dries out over the course of a summer in many regions. In simulations of dou- 
bled C 0 2  climates, the snowmelt and the commencement of the summer drying 
begin sooner and the evaporative capacity is greater. Because in these models the 
soil moisture is near its maximum capacity after the spring snowmelt even for the 
present climate, in a doubled C 0 2  experiment the earlier snowmelt and earlier com- 
mencement of the drying season lead to reduced soil moisture during the summer 
months (Fig. 12.10). The reduced soil moisture leads to higher surface temperatures 
and less cloudiness, and both of these conditions encourage further drying of the sur- 
face.I4 Because of its critical dependence on the modeling of surface processes and 
their interaction with local climate, the prediction of summertime drying of midlati- 
tude continental areas in a doubled C02 world is considered uncertain. In some sim- 
ulations where the soil moisture is not near its maximum value during springtime in 
the 1 x C02 simulation, the springtime soil moisture in the 2 x C02 simulation is in- 
creased and the summertime drying is not significant.I5 

Most equilibrium doubled C02 simulations predict decreases in sea ice extent or 
thickness and these changes have a substantial influence on the high-latitude climate. 
In general, the sea ice models employed are the simple thermodynamic type (Sec- 
tion 10.5.1) and do not include changes in ocean circulation, ice dynamics, or salin- 
ity effects. The amount by which the sea ice is reduced varies from almost complete 
removal in summer to more modest changes. 

A variety of changes in the circulation of the atmosphere have been noted in the 
doubled C 0 2  equilibrium calculations. Associated with the reduced equator-to-pole 
temperature gradient are changes in the meridional pressure gradients and a slight 
weakening of the midlatitude storm tracks. On the other hand, the increased green- 
house gases lead to an increased radiative heating of the surface and increased radia- 
tive cooling of the atmosphere, and the increased surface temperature allows the sur- 
face air to retain more latent heat. All of these factors suggest an increase in the 
intensity of penetrative convection and possibly also in the intensity and frequency 
of tropical storms. It is likely that there would be regional shifts in weather patterns 
and stationary planetary waves in all seasons to accompany a global climate warm- 
ing, but accurate prediction of regional climate changes seems to be beyond the ca- 
pability of current climate models, since the predictions of regional climate shifts are 
not consistent between models. 

14Wetherald and Manabe (1988); Delworth and Manabe (1988). 
ISMeehl and Washington (1988); Mitchell and Warrilow (1987). 
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Fig. 12.10 Maps of change in soil moisture content during JJA resulting from doubled CO;! in three 
GCMs. (a) Canadian Climate Center model; (b) NOAA GFDL model; (c) UK Meteorological Office 
model. Contour intervals are 0, f l ,  f2 ,  and f5 cm. Negative values are shaded. [From Mitchell ef a / .  
(1990). Reprinted with permission from Cambridge University Press.] 
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12.6 Time-Dependent Climate Changes 

The changes in climate that result from human activities occur gradually in response to 
steadily increasing climate forcing by greenhouse gas increases, aerosol production, and 
land surface modification. The transient response of the climate system to the anthro- 
pogenic shift in climate forcing may be very different from the equilibrium response, 
and an equilibrium may never be achieved since it is unlikely that the anthropogenic 
forcing of climate will remain constant for the many centuries required for a steady state 
to be established. Moreover, the immediate need is to understand the history of climate 
that we are likely to experience over the next hundred years or so given a particular cli- 
mate-forcing scenario. The response of the climate system to changed thermal forcing 
will be delayed by the large heat capacity of the ocean. In addition, the ocean currents 
and their slow response to this thermal forcing may yield geographic variations in the 
temperature change that are different from those of an equilibrium calculation. The 
ocean model is thus critical to the prediction of the transient response to climate forcing. 

Transient climate simulations have been attempted with GCMs including both 
mixed-layer ocean models and ocean models with predicted currents and heat trans- 
ports. The response of the mixed-layer ocean models can be understood using very 
simple conceptual models. In these models the ocean is represented by a wet surface 
with the heat capacity of the mixed layer of the ocean. Oceanic heat transports are 
not explicitly calculated and do not change with the climate. We may represent the 
global-mean transient temperature response T ' to an imposed climate forcing, Q .  
with a first-order differential equation. 

R - l  T' + Q (12.3) c-=-L 

The time tendency term on the left represents the storage of energy in the ocean, 
c is the heat capacity of the ocean, and d R  is the climate sensitivity parameter defined 
in (9.2). The solution to (12.3) for the case in which the temperature perturbation is 
initially zero is easily obtained. 

a' 
dt 

(1 2.4) 

The response time, ZR = c &, is proportional to the product of the heat capacity of 
the system times the sensitivity parameter. This makes it difficult to estimate the equi- 
librium climate change from the initial history of an induced warming, since both the 
sensitivity and the effective heat capacity are uncertain. Both the magnitude of the 
equilibrium response and the time required to achieve it are proportional to A,. 

If the perturbation temperature is forced by an instantaneous switch-on of steady 
forcing 

0 ,  t I O  

Q = {Qo9 t > O  
(12.5) 
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where Qo is a constant, the solution (12.4) becomes 

T' = ilR e0 (1 - e - ' " R }  (12.6) 

so that the equilibrium temperature perturbation T '  = ARQo is approached exponen- 
tially with an e-folding time scale of z,. 

For an exponential increase of C02 the change of climate forcing is approxi- 
mately linear with time, because the radiative forcing scales approximately as the 
logarithm of C02 concentration. If we apply a forcing that increases linearly in time 

and insert it into the solution (12.4) for (12.3), we obtain 

(1 2.7) 

(1  2.8) 

The exponential term within the brackets represents an initial transient, which for t 
>> ZR is small compared to the other two terms, whence the solution becomes ap- 
proximately 

T' = il, Q, { t -  z,} (12.9) 
The forcing at any time is Q,t to which the equilibrium response would be kRQ, t .  From 
(12.9) we infer that the transient response to linearly increasing forcing is just the equi- 
librium response, delayed by the response time z,. Choosing the thermal capacity to be 
that of 75 m of water [c = 3.15 x lo8 J K-' m-2 from (431 and choosing the sensitivity 
parameter to be such that doubling C02 leads to an equilibrium response of 4°C [AR = 
1 .O K (W m-2)-1], yields a response time of zR = 10 years. The response of this simple 
model to linearly increasing forcing is very similar to the global-mean response of a 
GCM with a mixed-layer ocean. The transient response is very much like the equilib- 
rium response, except delayed by about 10 years.I6 The temperature responds sooner over 
the continental interiors where the effect of the ocean's heat capacity is less directly felt. 

In GCM simulations with dynamically active oceans, the timing and spatial struc- 
ture of the response are more complex. When ocean currents are included in the simu- 
lation the warming is much reduced around Antarctica and over the north Atlantic. Fig- 
ure 12.1 1 shows the response of the surface air temperature to a 1 % per year transient 
increase of C02 averaged over years 60- 80, the equilibrium temperature response for 
doubled C02, and the ratio of the two temperature changes. A 20-year average cen- 
tered on the 70th year of the transient simulation is chosen for comparison with the 
equilibrium calculation because a 1 % per year increase of CO, will double its initial 
value in the 70th year. Larger temperature increases over the land areas and in north 
polar regions are observed in both the transient and equilibrium calculations. The tran- 
sient temperature increase around Antarctica is less than 20% of the equilibrium re- 
sponse, while the tropical increases are about 80% of the equilibrium value. In the north 

IhHansen era / .  (1988). 
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Atlantic Ocean region the transient response is only about 40% of the equilibrium re- 
sponse. According to our simple model for a mixed-layer ocean (12.9), if the response 
time is 10 years, the transient response to a linearly increasing forcing should be about 
86% of the equilibrium response at year 70. The fact that much less than this response 
is observed in most regions except the tropics indicates a very important role for ocean 
currents in determining both the magnitude and the structure of the transient response. 

The warming around Antarctica is suppressed because of the continuous upwelling 
of deep water around 60"s (Fig. 7.15). This upwelling is driven by the surface diver- 
gence forced by the strong zonal wind stress in the southern midlatitudes and is simu- 
lated by the coarse resolution ocean models used in climate change experiments (Fig. 
10.16). The continuous replenishment of fixed temperature water from below makes it 
difficult for the changes in radiative energy fluxes to change the temperature at the sur- 
face, since the surface water is replaced by water from below before the surface fluxes 
can warm it up. Some initial experiments suggest that the upwelling of deep water 
around Antarctica is slightly enhanced in a doubled C02 climate." This is because the 
surface temperature gradient in midlatitudes is enhanced by the tropical warming, 
which tends to increase the zonal winds and the driving of the surface divergence. The 
suppression of warming around Antarctica by this mechanism can be maintained for a 
very long time, since the time required to heat up the deep water is many centuries. Be- 
cause of the suppression of SST increases around Antarctica, the sea ice there is not re- 
duced, and so this feedback process does not contribute to the warming during the ini- 
tial transient phase in these models with ocean currents. 

In the north Atlantic the reason for the suppressed warming is more complicated. 
It appears that the modeled deep-water formation in the far north Atlantic Ocean is 
weakened, perhaps because enhanced precipitation freshens the surface waters and 
thereby decreases their density, making deep-water formation less efficient. The re- 
sulting decreased northward heat flux in the ocean offsets the radiative warming 
there. It is as yet unclear whether either of these ocean current effects on warming 
will operate in nature as they have been simulated in climate models. Natural inter- 
decadal variability of the coupled ocean-atmosphere circulation seems to be sub- 
stantial, so that at least the initial response to changed climate forcing could be over- 
whelmed by natural fluctuations, especially for limited geographic regions. 

12.7 Comparison with Observed Temperature Trends 

Simulations of climate change in response to enhanced greenhouse gas forcing sug- 
gest that the largest changes in surface temperature would be observed in high north- 
ern latitudes during winter and in the tropical upper troposphere during all seasons. 
Unfortunately, these are also regions with large natural variability, so that the unam- 
biguous detection of a greenhouse gas warming signature is difficult. Moreover, the 
climate change in response to any forcing or internal mechanism will also have polar 

"Bryan et al. (1988); Stouffer er al. (1989); Washington and Meehl (1989); Manabe et al. (1991). 
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Fig. 12.12 Observed variations in annual-mean temperature for various latitude bands. The observa- 
tions used are air temperature over the land areas and SST data for the oceans. The smoothed curves are 
provided to show decadal and longer trends more clearly. [From Wigley and Bamett (1990). Reprinted 
with permission from Cambridge University Press.] 

and upper-tropospheric amplification, since this structure is caused by the feedback 
mechanisms and not by the forcing itself. The combination of stratospheric cooling 
and surface warming is characteristic of greenhouse gas forcing, and analysis of data 
suggests that such a signature is present in recent temperature trends.18 The observa- 
tion of decreased diurnal temperature range associated with nighttime warming is 
also consistent with an enhanced greenhouse effect.19 

Observations also suggest that the warming of the past century has been larger in 
high northern latitudes than in the tropics, and larger in winter than in summer, as 
predicted by climate models (Figs. 12.12 and 12.13). The temperature measurements 

'*See, e.g., Angel1 (1988). 
19Karl er al. (1984). 
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Year 

Fig. 12.13 Observed variations in winter temperature for various latitude bands. Otherwise, as in 
Fig. 12.12. Note the expanded temperature scale in the top panel. [From Wigley and Barnett (1990). 
Reprinted with permission from Cambridge University Press.] 

around Antarctica are not abundant enough to determine whether the warming is 
suppressed there as simulations of transient climate change suggest. 

12.8 Sea-Level Changes 

Estimates from tide gauges suggest that the global sea level has risen by about 10 cm 
over the past century and continues to rise at a rate of 1-2 mm per year (Fig. 12.14). 
The estimates of sea-level rise are uncertain because of the quality of the tide gauge 
network and the necessity to correct for changes in continental elevation associated 
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Fig. 12.14 Global-mean sea-level departures over the last century. The baseline is obtained by set- 
ting the average over the period 195 1 - 1970 to zero. The dashed line represents the annual mean and the 
solid line the 5-year running mean. [From Barnett (1988).] 

with geologic processes, particularly continuing rebound of the continents after the 
last ice age. This rise in sea level parallels the rise in temperature over this period 
(Fig. 8. l), and a causal relationship has been suggested between sea level rise and in- 
creasing temperatures. 

The major contributors to sea-level rise over the last century are thermal ex- 
pansion of the ocean (-4 * 2 cm), melting of mountain glaciers and small ice caps 
(-4 f 3 cm), melting of the Greenland Ice Sheet (-2.5 f 1.5 cm), and possibly also 
changes in the Antarctic Ice Sheet (0 * 5 cm).20 The Greenland Ice Sheet seems to be 
shrinking, but the Antarctic Ice Sheet may actually expand in a warmed climate, 
since the warmer upper air temperatures will carry more moisture over the top of the 
ice sheet where it can precipitate as snow and add to the mass of the ice sheet. 

If a substantial human-induced surface warming occurs, we may expect that there 
will be an accompanying rise in sea level. In the most extreme instance, the west 
Antarctic Ice Sheet may become unstuck from its submarine footing and slide into 
the southern ocean,2' but this event is considered unlikely. Most estimates predict 
a sea-level rise of about 50 * 30 cm over the next century.22 Over the next 50 years 
the sea-level rise would come from thermal expansion and glacier melting in about 
the same proportion as the sea-level rise of the past century. 

2'1Estimates from Warrick and Oerlemans (1990). 
"Mercer (1978). 
22Warrick and Oerlemans (1990). 
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12.9 Outlook for the Future 

It is very clear that human activities have altered the atmosphere and that if we con- 
tinue to release C02 and other greenhouse gases we can produce a significant change 
in the global climate. The magnitude and timing of this global climate change are both 
uncertain and depend on economic and social decisions that society has yet to make. 
Currently about 6 Gt C are released into the atmosphere annually from fossil fuel 
burning. Fossil fuel burning is closely tied to energy production, which is projected to 
increase by between 2 and 3% per year, which is comparable to the 2.2% per year in- 
crease over the past century. Economically recoverable fossil fuel reserves are uncer- 
tain, but estimated to be about 7500 Gt, most of which is coal.*’ These fossil fuel re- 
serves are sufficient to sustain today’s growth of energy consumption for many years 
into the future, but using coal to maintain future growth in energy consumption would 
probably lead to a doubling of atmospheric C02 by the middle of the twenty-first cen- 
tury. Doubling of CO,, when combined with the probable increases in other green- 
house gases, would produce a major change in Earth’s climate. 

If we continue to alter the atmosphere in the future at an accelerating rate and the 
climate is as sensitive as some models suggest, then within a century we could pro- 
duce a climate on Earth that would be warmer than any in more than a million years. 
Moreover, the rate of temperature increase would be very large by natural standards 
and would make it difficult for plants, animals, and humans to adapt. Because of 
the long lifetime of greenhouse gases in the atmosphere, delays in the response of the 
climate system, and natural variability, by the time a large climate change in re- 
sponse to greenhouse gases could be demonstrated from observations, we would be 
committed to that climate change for a long time into the future. For this reason 
long-term planning for global climate change will require accurate predictions of fu- 
ture climates that can withstand an extremely critical evaluation. A great deal of 
work by Earth scientists is needed to narrow the uncertainty in climate predictions 
such that they will become a broadly accepted basis for economic and environmen- 
tal policy decisions. This is the challenge we face. 

Exercises 

1. Suppose that a volcanic eruption gives rise to a stratospheric aerosol cloud that 
changes the instantaneous Earth energy balance by 4 W m-2. The cloud persists 
unchanged for 2 years. If the heat capacity of the climate system on this time scale 
is equivalent to a layer of water 50 m deep and the sensitivity of the climate is char- 
acterized by a sensitivity parameter AR = 1 K (W m-2)-1, what is the surface tem- 
perature anomaly produced by the aerosol cloud at the end of the 2-year period? 
What would the temperature response be if the aerosol cloud remained forever? 
What fraction of this long-term equilibrium response is achieved after 2 years? 

*‘see. e.g., Sundquist (1985). 
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2. Consider a situation as in problem 1, except assume that the forcing from the 
aerosol cloud begins at 4 W m-2 but then decreases exponentially with an e- 
folding time of 2 years. Forcing = 4 W m-2 exp(-t/2 years). What is the tem- 
perature response after 2 years? 

3. If the tropical SST is raised by 2°C from 299 to 301 K, and the lapse rate 
follows the moist adiabatic profile, estimate by how much the temperature at 
300 mb will increase. Use Fig. C. 1 of Appendix C. 

4. A 1-km-thick layer of the atmosphere at about 55-km altitude is heated by ab- 
sorption of solar radiation by ozone at a rate that would warm the layer by 
10°C day-'. In equilibrium this solar heating is balanced by longwave cooling. 
The air density in the layer is about 4 x lo4 kg mP3. The outgoing longwave 
radiation is about 240 W m-2, on which the stratosphere at this altitude is as- 
sumed to have very little effect. 

(a) What is the broadband longwave emissivity of this stratospheric layer if 
it has a radiative equilibrium temperature of 280 K? The emissivity is the ratio 
of the actual emission from the layer to that of a black body at the same tem- 
perature, E = (emission/oT4). Assume local thermodynamic equilibrium so 
that the longwave emissivity of the layer is equal to its absorptivity. 

(b) The emissivity of the layer depends primarily on the COz concen- 
tration, which was initially 300 ppmv. The C02 is doubled to 600 ppmv and 
the climate finds a new equilibrium. The albedo of the planet is assumed to 
remain constant during this climate change, so that the emission temperature 
of the planet is unchanged as a result of doubling C02. If the emissivity of 
the air increases approximately as the natural logarithm of the C02 concen- 
tration so that the new emissivity is 112% of the original one, what will be 
the new radiative equilibrium temperature of the stratosphere in the doubled 
C02 climate? 

5. Suppose we can assume that the climate system has an effective heat capacity 
equivalent to that of 100 m of ocean, but the climate sensitivity can be either 
it, = 0.5 or 1.0 K/(W m-2), and we don't know which. A climate forcing is 
applied that increases linearly with time as Q = Q, t, where Q, = 4 W m-* in 
50 years. If the measurement uncertainty for global mean temperature is 
O S T ,  how many years will it be before we could distinguish whether the cli- 
mate sensitivity is characterized by AR = 0.5 or 1.0 K/(W m-2)? That is, when 
would the temperature for the more sensitive climate exceed that of the less 
sensitive climate by OST? What are the temperature perturbations of the 
global climate for the two sensitivities when they differ by OST? If the cli- 
mate forcing is held constant at its value when the two responses become dis- 
tinguishable, what will be the equilibrium response for each sensitivity? Hint: 
Start by assuming that the time in question is significantly longer than the re- 
sponse time zR, so that the exponential transient in the solution (12.8) can be 
ignored. Determine a posteriori whether this assumption is justified. 
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Appendix A 

A. l  Solar Zenith Angle 

Calculation of Insolation under Current 
Conditions 

Consider a unit circle representing the Earth, as pictured in Fig. A. 1. We are inter- 
ested in calculating the solar zenith angle 0, and the solar azimuth angle 5 at point X 
on the surface of the sphere, located at latitude @. We draw a radial from the center of 
the sphere through point X to define the local zenith direction, Z. Another radial from 
the center of Earth to the sun crosses through the surface of the sphere at the subso- 
lar point, ss. The point ss occurs at a latitude of 6, which is equal to the declination 
angle. At point X we draw another line to the sun. Since the sun is many Earth radii 
from Earth, the lines drawn to the sun from the center of the Earth and point X are 
parallel. The arclength on the unit sphere between X and ss is equal to the desired 
solar zenith angle, 0,. We can now apply the law of cosines to the oblique spherical 
triangle defined by the points at the pole, P, the subsolar point, ss, and point, X ,  
where we want the solar zenith angle. For this triangle we know the arclength of two 
sides and one interior angle, and we wish to know the length of the third side. The 
law of cosines requires that 

cos0, = cos(90 - @)cos(90 - 6) + sin(90 - @)sin(90 - 6)cos h (A.l) 

or 

cos0, =sin4 sin6+cos@cos6cosh ('4.2) 
The solar azimuth angle 5, the angle between the subsolar point and due south (or 
equatorward) can be obtained from the law of sines for an oblique spherical triangle. 

sin(l80-5) sinh 
sin (90 - 6) sin 6, 

=- (A.3) 

or 

cos 6 sin h 
sin 0, 

sine = ('4.4) 
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NP 

Fig. A.1 Spherical geometry for solar zenith angle calculation. 

A.2 Declination Angle 

The annual variation of the declination angle for current conditions can be defined to 
a good approximation in terms of a truncated Fourier series in the time of year. If the 
time of year is expressed in radians according to the foflowing formula, where dn is 
the day number, which ranges from 0 on January 1 to 364 on December 3 1, then 

The declination angle is given to a good approximation by the Fourier series 

3 
ti= Concos(ned)+bnsin(n8d) 

n=O 

where the coefficients are as given in the following table. 

n 0, bll 

0 0.00691 8 
1 -0.3999 12 0.070257 
2 -0.006758 0.000907 
3 -0.002697 0.001480 
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Because of the eccentricity of Earth's orbit, the Earth-sun distance vanes according 
to the time of year. 

A Fourier series formula for the squared ratio of the mean Earth-sun distance to 
the actual distance has also been derived by Spencer (1 97 1). 

where the coefficients are given by 

0 1.000110 
1 0.03422 1 0.00 1280 
2 0.0007 19 0.000077 



Appendix B 

The temperature dependence of saturation pressure of water vapor over a water 
surface is governed by the Clausius-Clapeyron relationship. 

The Clausius-Clapeyron Relation 

In (B.l), e, is the saturation vapor pressure above a liquid surface, L is the la- 
tent heat of vaporization, T is the temperature, and a represents the specific volume 
of the vapor a ,  and liquid a, forms of water. The Clausius-Clapeyron relation 
can be manipulated to express the fractional change of saturation vapor pressure, 
and thereby the specific humidity at saturation, q*, to the fractional change of 
temperature. 

For terrestrial conditions, T - 260 K, and the factor r is approximately 20. This 
means that a 1% change in temperature of about 3 K will result in a 20% change in 

50 I 1 I I I 30 
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Fig. B.l Saturation vapor pressure and specific humidity as junctions of temperature at standard 
pressure. 
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the saturation vapor pressure. If the relative humidity (the ratio of the actual humid- 
ity to the saturation humidity) remains fixed, then the actual water vapor in the at- 
mosphere will increase by 20% for every 3 K temperature increase. This rapid loga- 
rithmic increase of saturation pressure with temperature can be seen more explicitly 
if we consider the approximate solution to (B.l) valid near standard pressure and 
temperature of 1013.25 mb and 273 K. 

e, G 6.11-exp {:(2:3 - :)} 
The units of pressure in (B.3) are millibars. The exponential dependence of the satu- 
ration vapor pressure on temperature expressed by (B.3) is shown in Fig. B.l. 



Appendix C 

The First Law of Thermodynamics states that energy is conserved (2.1), so that 
for a unit mass of gas, the applied heat dQ is equal to the sum of the change in inter- 
nal energy dU and the work done dw. If we assume that the external work done by 
air is only that associated with volume changes, dw = pda ,  and we use the definition 
of the specific heat at constant volume c, = (dU/dT), , we obtain a useful form of the 
First Law of Thermodynamics. 

(C.1) 

Here p is pressure, dT is the change in temperature, and d a i s  the change in specific 
volume, a. Using the Ideal Gas Law 

dQ = c, dT + p d a  

p a = R T  (C.2) 

we may write that 

The First Law of Thermodynamics, 
Lapse Rate and Potential Temperature 

p d a  = R dT - a dp 

Using (C.3), and 

R = c  -c, P 

(C.l) becomes 

dQ = cP dT -a dp 

or using (C.2) again, 

For an adiabatic process, dQ = 0, and (C.6) can be rearranged to read 
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so that for a parcel of gas that undergoes an adiabatic process 

T p - R f c p  = constant 

If we define 0 to be the temperature at some reference pressure PO,  which is usually 
taken to be 1000 mb, then the potential temperature 0 is the temperature a parcel of 
air would have if it were brought adiabatically to the reference pressure. 

C.l Static Stability and the Adiabatic Lapse Rate 

The potential temperature is useful because it remains constant as a parcel undergoes 
an adiabatic change of pressure. The vertical gradient of potential temperature deter- 
mines the dry static stability of the atmosphere. If the potential temperature increases 
with height, then parcels raised adiabatically from their initial height will always be 
colder and thus more dense than their environment and will sink back to their origi- 
nal pressure. If the potential temperature decreases with height, then parcels raised 
up will be warmer than their environment when they reach the lower pressure and 
will be accelerated upward by buoyancy. 

dO - > 0 stable 
dz 

dO - < 0 unstable 
dz 

(C.10) 

The rate at which temperature changes as a parcel moves up or down in the atmo- 
sphere without heating can be derived by using the hydrostatic equation 

a d p  = -gdz 

in (C.6), and setting dQ = 0. 

cp dT + g dz = 0 
or 

rd --= 

C.2 Moist Processes and Equivalent Potential Temperature 

(C. 11) 

(C.12) 

(C.13) 

When moisture is present in air and an air parcel is raised adiabatically, the parcel 
can become supersaturated such that the water vapor condenses and latent heat is 
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Fig. C.l Dry (dashed) and moist (solid) adiabats for surface temperatures of -10, 0, 10, 20, and 
30°C. 

released. One can incorporate the latent heat release as heating in the First Law of 
Thermodynamics by writing the heat release in terms of the change in saturation 
water vapor mixing ratio, dq*. The saturated adiabatic lapse rate can then be derived.' 

(C. 14) 

The saturated adiabatic lapse rate is generally less than the dry adiabatic lapse rate, 
and becomes smaller as the temperature rises. 

Another useful quantity is the equivalent potential temperature, which is the tem- 
perature that would be obtained by a moist air parcel if it were first raised moist adia- 
batically until all of its water condensed out, and then brought adiabatically back to 
a reference surface pressure. 

(C.15) 

If the equivalent potential temperature decreases with height, then the air parcel is 
only conditionally unstable. It is unstable only if it becomes saturated. If the equiva- 
lent potential temperature increases with height, then the parcel is absolutely stable. 

The important difference between dry adiabatic ascent and moist ascent can be il- 
lustrated by plotting the dry and moist adiabats for a few representative cases. The 
adiabats are the temperature profiles that would be experienced by parcels as they 
are raised upward from the surface. Examples of some dry and moist saturated adia- 
bats are plotted in Fig. C .  1. Because of the release of latent heat the temperatures 
of moist adiabats decrease less rapidly with height in the lower troposphere. This 

'See, e.g., Wallace and Hobbs (1977). 
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difference is particularly evident at high temperatures, where the saturated parcel 
starts out at the surface with much more latent energy, and therefore its temperature 
drops less rapidly with altitude. Because the curvature of the saturated adiabats in- 
creases with temperature, when the temperature of the saturated parcel at the surface 
is increased, its temperature when it arrives at any layer higher in the troposphere is 
increased by a larger amount than the surface temperature increase. For example, 
parcels started from the surface at 20 and 30°C have temperatures of -8.7 and +7.2"C 
when they reach 500 mb. The difference of 15.9"C at 500 mb is much greater than 
their initial difference of lOT, and reaches 24°C at 300 mb. This basic mechanism 
must explain why tropical middle troposphere temperatures increase more than the 
surface temperature in climate change simulations [e.g., Figs. 10.14(b) and 12.91. 



Appendix D 

To obtain the upward-directed, spectral flux density from the intensity we must 
integrate over all solid angles in the upper hemisphere as in (3.5). Since we assume 
that the intensity is independent of the azimuth angle, (3.5) becomes 

Derivation of Simple Radiative Flux 
Equations 

The intensity at the lower boundary, Iv(O,p), must be prescribed. Most natural sur- 
faces emit radiation isotropically with emissivity near one, so that it is reasonable to 
assume that the lower boundary emits like a blackbody. If we integrate (3.34) over 
the upper hemisphere and use (D.l), we obtain 

Here we have used the definition of the exponential integral of order n, 
m 

En {x} = 5 w-n e(wx) dw 
I 

and the fact that these integrals have the following property: 

n- dE - -En-, {x} 
du (D.4) 

Through similar steps we may obtain an equation for the downward-directed flux 
density at any level z. The main difference is a lack of a boundary flux term, since the 
downward flux of terrestrial radiation at the top of the atmosphere is zero. 

F:(w) = 'p 2nBV(T(z l ) )  dE3(.v(P)-~v} (D.5) 
E 3 { 7 v ( z ) }  
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The net flux of terrestrial radiation is given by the difference between the upward 
and downward flux: 

(D.4) t 1  F,(z)= Fv - Fv 

To obtain the energy flux needed for heating calculations, the net monochromatic 
flux density must be integrated over the terrestrial spectrum 

F ( z )  = 5,”’ F,(z) dv (D.7) 
1 

For realistic atmospheric conditions the integration of (D.2) and (D.5) over fre- 
quency is difficult because of the rapid variation of the extinction coefficient and 
thereby the optical depth with frequency. Accurate solutions can be obtained by nu- 
merically integrating the equations for monochromatic flux density over the entire 
band of terrestrial frequencies from 4 to 200 km, including the effect of each individ- 
ual absorption line. Alternatively, schemes can be devised to represent the transmis- 
sion over a range of frequencies in terms of “band models” with fewer parameters than 
the detailed absorption spectrum. I With band models that properly characterize the 
transmission integrated over a range of frequencies, the integrated terrestrial flux can 
be obtained with far fewer calculations than in a line-by-line integration. 

D.l Simplified Solutions 

To understand something of how radiative transfer in the atmosphere affects climate, 
we may assume that a flux transmission function can be defined. 

The transmission function will always be between zero, which indicates no trans- 
mission, and one, which indicates complete transmission. The exponential integrals 
decrease rapidly as their argument increases. In this case the argument is the optical 
depth between two layers. Numeric values for 2E3(?) and exp(-?) are given in Table 
D. 1. The simple exponential represents the transmission for a parallel beam along a 
vertical path, while the exponential integral represents the transmission of isotropi- 
cally incident radiation through a slab whose vertical optical depth is 7. Because the 
isotropic radiation takes all possible paths through the layer, and the vertical beam 
takes the shortest path, the vertical flux of isotropic radiation decreases more rapidly 
with optical depth than the parallel vertical beam. 

To calculate accurate fluxes, the frequency interval of integration in (D.7) can- 
not be too large. For purposes of illustration, however, we may assume that we can 

‘Goody and Yung (1989). 
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Table D.l 
Transmission as a Function of Vertical 

Optical Depth for a Parallel Beam along a Vertical 
Path, exp(-T), and for Diffuse 

Radiation Integrated over All Angles 

t exp(-t)  2 E 3 ( 0  

0.00 1 .00000 
0.0 1 0.99004 
0.05 0.95 122 
0.10 0.90483 
0.20 0.81873 
0.50 0.60653 
0.70 0.49658 
1 .00 0.36787 
1.50 0.223 13 
2.00 0.13533 
2.50 0.08208 
3.00 0.04978 
3.50 0.03019 

1 .00000 
0.98055 
0.90983 
0.83258 
0.70389 
0.44320 
0.33212 
0.21938 
0.11 347 
0.06026 
0.03259 
0.0 I786 
0.00989 

integrate over the entire terrestrial band, so that with (3.8) and (D.8) one might inte- 
grate (D.2) and (D.5) over all frequencies to obtain 

In deriving the above equations we have ignored the fact that both the transmis- 
sion properties of the atmosphere and the Planck function change with frequency, so 
that the integral of their product is not equal to the product of their integrals. To jus- 
tify ignoring the frequency dependence of transmission one could assume that the 
transmission functions properly represent a weighted mean of the transmission func- 
tion over the band of interest. 

[2/(v2 -.I)] j v 2  B v ( T )  E3(zv(z2)-7v(zl)}dv 
S ( Z l J 2 )  = "I (D. 11) 

[1/(v2 -q)] j y 2  BJT) dv 
"I 

Approximations like (D. 1 l), where the transmission is assumed to be an aver- 
age value independent of frequency, are called "gray absorption" approximations, 
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because the structure of the absorption spectrum is averaged out. This is not a good 
approximation for terrestrial climate, because transmission in weak lines and in line 
wings is so important. Nonetheless, it allows the transmission function to be taken 
outside the frequency integral, so that the Planck function integrates to the Stefan- 
Boltzmann law, and yields easily interpretable forms of the flux equations used in 
Chapter 3. 



Appendix E Symbol Definitions 

Many symbols are required to represent the quantities used in physical climatol- 
ogy. The letters of the alphabet are fewer than the number of variables, even if both 
the English and Greek alphabets are fully utilized. Modem climatology crosses the 
boundaries between subdisciplines within earth sciences, and the traditional symbol 
for a quantity in one discipline may be the same as the traditional symbol for some 
other quantity in another discipline. In developing the symbols used in this book, an 
attempt was made to balance simplicity and tradition, on one hand, against the clar- 
ity of having a unique symbol for every variable, on the other. Some symbols are 
used to represent more than one variable in order to maintain the traditional usage. It 
is hoped that the meaning will be obvious from the context. A table containing the 
symbols used, their meaning, and the equation, section, or figure where they first ap- 
pear is provided here to assist the student. 

English Symbols 

the mean radius of Earth = 6.37 x lo6 m 
a series of expansion coefficients with index n 
semimajor axis of Earth’s orbit 
planetary absorptivity = 1 - ap 
area Fig. 2.4 
total fractional area coverage by clouds 
fractional area coverage by black daisies (9.45) 
fractional area coverage by ground in which daisies 

fractional area coverage by white daisies (9.44) 
absorption of radiation at frequency v 
regression coefficients for eccentricity and obliquity 
a series of expansion coefficients with index n 
a coefficient relating OLR to surface temperature 
equilibrium Bowen ratio (4.34) 
Planck’s blackbody emission at frequency v and 

(2.21), (6.4) 
(A.6) 

Fig. 11.8, (1 1.7) 
(9.12) 

(9.43) 

can grow (9.48) 

(3.26) 
(1 1.17) 

(9.16), (9.21) 
(A.6) 

temperature T (3.7) 
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CDH 
cs 
'4C 

ER 
E, 
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Bowen ratio = SHILE (4.34) 
heat capacity per unit area 
speed of light = 3 x lo8 m s-' 
specific heat of air at constant pressure 
specific heat of air at constant volume 
specific heat of soil (4.8) 
specific heat of organic matter in soil 
specific heat of water (4.5) 
total effective heat capacity for the atmosphere per unit area 
total effective heat capacity for the ocean per unit area 
total effective heat capacity for the surface per unit area 
aerodynamic transfer coefficient for momentum, 

aerodynamic transfer coefficient for vapor 
aerodynamic transfer coefficient for heat 
volumetric heat capacity of soil (4.8) 
the isotope of carbon with atomic weight of 

approximately 14 Section 12.2 
distance of Earth from the sun 
total derivative prefix (3.3), (9.1) 
Earth-sun distance at aphelion 
a depth scale for baroclinic disturbances 
a series of expansion coefficients with index n 
Earth-sun distance at perihelion 
an increment of optical path length (3.12) 
a depth of water (4.5) 
surface condensation (dewfall plus frost) 
depth of ocean (7.13) 
December, January, and February 
thermal diffusivity (4.9) 
material derivative following motion 
eccentricity of an orbit 
saturation partial pressure of water vapor 
2.71828 raised to the powerx 
evapotranspiration (5.1) 
energy content of the atmosphere per unit area (6.1) 
energy content of the atmosphere-ocean climate system 
component of evaporation associated with dryness of air 
radiative energy emission from a blackbody 
component of evaporation associated with energy supply to the 

radiative energy emission (2.6) 
energy content of the surface 

(12.3) 
(3.1) 

(3.24), (C.l) 
(C.l) 

(4.8) 

(4.4) 
(4.5) 

(4.3) 

or drag coefficient (4.18) 
(4.27) 

(4.26) 

(2.4), (1  1.7) 

(1  1.6) 
(9.30) 

(AS) 
( 1  1.6) 

(5.1) 

(6.4), (10.2) 
(1 1.6) 

(9.8), (B. 1 )  
(1.6), (3.17), (7.4) 

(2.19) 
(5.13) 

(2.5) 

surface (5.10) 

(4.1) 
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i 
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JJA 
k 
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mass rate of sublimation of snow 
emission of radiation at frequency v 
Coriolis parameter = 2R sin4 
energy flux (3.12) 
upward longwave flux at altitude z 
downward longwave flux at altitude z 
F' ( 2 )  - F (z) net downward longwave flux at altitude z 
the horizontal flux of energy in the atmosphere 
horizontal energy flux in the atmosphere plus ocean 
horizontal energy flux below the surface in earth or ocean 
vertical flux of heat at the base of sea ice (10.9) 
the horizontal flux of energy in the ocean (7.15) 
a subscript indicating a process takes place with fixed relative 

the vertical flux of energy through soil or snow 
energy flux in some infinitesimal range of frequency centered 

meridional flux of energy in the atmosphere-ocean climate 

downward radiation flux at the top of the atmosphere 
acceleration of gravity, 9.81 m s-* 
storage of water at and below the surface 
storage of water in the atmosphere 
energy storage in the surface 
hour angle (2.15), (A.l) 
Planck's constant = 6.625 x J s (3.2) 
water equivalent depth of soil water capacity 
depth of sea ice (10.1 1) 
hour angle at sunset and sunrise (-ho) 
water equivalent depth of snow 
penetration depth of temperature perturbations in soil 
water equivalent depth of soil moisture below which plants transpire 

at less than the potential rate 
equivalent depth of soil moisture 
scale height = RT/g 
unit vector in eastward direction 
OLR scaled by global insolation 
global ice volume 
intensity of radiation at frequency v 
Intertropical Convergence Zone 
unit vector in northward direction 
June, July, and August 
Boltzmann's constant = 1.37 x J K-' (3.7) 

(5.15) 
(3.26) 

(7.1) 

(3.33), (4.11) 
(3.34), (4.11) 

t (9.35) 
(6.1), (7.15) 

(2.19), (7.14) 
(4.1) 

humidity (9.9) 
(4.6), (10.10) 

on v (3.3) 

system (2.21) 
(3.17) 

( I  -2) 

(5.3) 
(5.1) 

(4.1) 

(5.14) 

(2.16) 
(5.15) 

(4.10) 

(5.18) 
(5.14) 

(7.9) 
(9.22) 

(1 S),  (3.18) 

( 1 1.18) 
(3.3), (3.26) 

(7.9) 
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vertical unit vector (7.9), (10.2) 
absorption cross section 
extinction cross section (1 1.1) 
thermal conductivity for sea ice 
thermal conductivity for snow (10.9) 
scattering cross section ( 1  1.1) 
absorption cross section at frequency v 
a coefficient for horizontal heat transport 
thermal conductivity (4.6), (10.8) 
a horizontal mixing length scale for atmospheric 

latent heat of vaporization for water = 2.5 x lo6 J kg-' 
luminosity of the sun (2.2) 
leaf area index Section 5.4 
surface cooling by evaporation Fig. 2.3, (4.1) 
latent heat of fusion for water = 3.34 x lo5 J kg-' 
rate of latent heating of the atmosphere by precipitation 
Rossby radius of deformation (9.28) 
molecular weight of dry air 
molecular weight of water 
angular momentum (6.16) 
mass mixing ratio of absorber in air 
orbital angular momentum of Earth about the sun 
March, April, and May 
angular momentum associated with the relative zonal motion of the 

mass rate of snow melting per unit area 
angular momentum associated with Earth's rotation (6.16) 
the buoyancy frequency (9.28) 
the isotope of oxygen with atomic weight of approximately 18 

(3.12), (1 1.1) 

(10.9) 

(3.27) 
(9.19), (9.26) 

disturbances (9.27) 
(4.25) 

(10.12) 
(6.1) 

Appendix F 
Appendix F 

(3.19), (3.25) 
(1 1.1 1) 

atmosphere (6.16) 
(5.14) 

Section 8.5.4 

pressure (1.2) 
reference pressure, usually 1000 mb 
surface pressure (1.6), (3.19), (10.1) 
precipitation by rain and snow (5.1) 
potential evaporation rate (5.17) 
period of Earth's orbit about the sun (1 1.12) 
parameterized sources of moisture (10.4) 
parameterized sources of momentum (10.2) 
scattering phase function (1 1.4) 
mass rate of rainfall per unit area 
mass rate of snowfall per unit area 

outgoing longwave radiation = F t (m) Section 3.11 

(C.9) 

(5.14) 
(5.15) 

L 

LA1 
LE 

LP 

M U  

mw 
M 

LO 

Lf 

L R  

M U  

Me 

Mr  
MAM 

MS 
Mn 

' 8 0  
N 

OLR 
P 
Po 
Ps 
P 
PE 
PO 
P -4 

P 
5 
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R, 
RH 
Ri 
R, 
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sd 
SH 
SON 
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parameterized sources of heat (10.3) 
specific humidity-mass mixing ratio of water vapor in air 

saturation specific humidity (4.28) 
specific humidity at anemometer level 
specific humidity at the surface 
saturation specific humidity value at the surface 
heating or energy input (2.1) 
absorbed solar radiation (9.11) 
absorption coefficient (1 1.2) 
extinction coefficient (1 1.2) 
scattering coefficient ( 1 1.2) 
effective particle radius 
radius of a planet (2.7) 
radius of the photosphere of the sun 
gas constant for air (1.3) 
universal gas constant 
net radiative heating of the atmosphere per unit area 
relative humidity = q/q* (4.30) 
Richardson number (4.20) 
net radiative energy input at the surface 
net radiative energy input at the top of the atmosphere 

gas constant for water vapor = 461 J K-' kg-' 
distribution function for solar radiation (9.12), (1 1.10) 
distribution function for solar radiation for a circular orbit 
salinity Fig. 7.2,7.4 
solar constant at the mean Earth-sun distance (1367f3 W md2) 

solar flux density in W m-2 at some distance d from the sun 
sensible cooling of the surface 
September, October, and November 
heating from solar radiation absorption by ozone 
South Pacific Convergence Zone 
upward solar flux at altitude z 
downward solar flux at altitude z 
temperature (1.1) 
deviation of temperature from its zonal average 
an atmospheric temperature (2.1 l), (3.39) 
temperature at the bottom of a layer of sea ice 
temperature of air at anemometer level 
emission temperature (2.8), (3.47), (9.7) 
local emission temperature (9.46) 

Fig. 4.5 

(4.27) 
(4.27) 

(9.37) 

Fig. 1 1.6 

(2.2) 

(6.1) 

(4. l), (4.11) 
(2.19), 

(3.53), (7.14) 
(9.9), (B.2) 

(1 1.8) 

(2.7) 
(2.4) 

(4.1) 

(12.1) 

(4.11) 
(4.1 1) 

(6.13) 

(10.10) 
(4.26) 
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a reference temperature (4.20) 
surface temperature (2.12) 
effective temperature of the land or ocean surface for heat 

emission temperature of the photosphere of the sun 
temperature of the near-surface air 
temperature of the air at the altitude of cloud base 
temperature of the air at the altitude of cloud top 
time (2.19) 
initial time (10.13) 
internal energy (2.1) 
wind speed (4.16) 
eastward transport velocity in the oceanic Ekman layer 
a reference wind speed (4.18) 
eastward component of velocity relative to surface 
eastward component of current velocity in the oceanic Ekman 

eastward velocity of the surface associated with Earth's rotation 

eastward velocity air will have at any altitude 4, if it is zero at the 

friction velocity (4.15) 
the deviation of u from its zonal average 
northward component of velocity (6.4) 
the deviation of 2) from its zonal average 
northward component of current velocity in the oceanic Ekman 

a horizontal velocity scale (9.27) 
horizontal velocity vector (7.10) 
variance of effective particle radius 
northward transport velocity in the oceanic Ekman layer 
northward current velocity in the ocean interior 
vertical component of velocity 
vertical velocity at the base of the Ekman layer 
soil water mass per unit area 
surface snow mass per unit area 
a vertical velocity scale (9.33) 
work (2.1) 
eastward spatial coordinate and distance 
sine of latitude (9.11) 
a symbol for an arbitrary variable 
sine of latitude poleward of which perennial icecover 

storage (4.3) 
(2.2) 

(3.45) 
(3.54) 

(3.45) 

(7.6) 

(6.4) 

layer (7.4) 

(6.16) 

equator (6.16) 

(6.13) 

(6.6) 

layer (7.5) 

Fig. 11.7 
(7.6) 

(7.13) 

(7.9) 
(D.3), (4.22), (6.5) 

(5.14) 
(5.15) 

(6.12) 

exists (9.21) 

TO 
T, 

Uearth 

U* 

U* 

2)" 

u, 

u 

V 
ii 
veff 
VE 
4 
W 

WE 

ww 
WS 
W 
W 
X 
X 
X 

Xi 
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Y 

ZE 

ZO 

Zr 
ZS 

zc b 
Z C t  

Z 

northward spatial coordinate and distance 
vertical spatial coordinate and distance 
Ekman depth (7.5) 
roughness height (4.17) 
a reference height (4.19) 
elevation of the surface, often zero 
altitude of cloud base (3.45) 
altitude of cloud top (3.46) 

(7.7), (9.26) 
(1.1) 

(3.35) 

Greek Symbols 

specific volume (B.l), (C.2) 
albedo of black daisies (9.48) 
albedo of bare ground (9.48) 
planetary albedo (2.7) 
surface albedo (4.12) 
albedo of white daisies (9.48) 
birth rate of daisies (9.44) 
meridional derivative of the Coriolis parameter 
ratio of evapotranspiration to potential evaporation 
a heat exchange coefficient (9.17), (10.1 1) 
lapse rate (1.1) 
dry adiabatic lapse rate 
saturated adiabatic lapse rate 
partial differential symbol ( I .  1) 
y/B ratio of horizontal transport to longwave cooling 

inverse Ekman depth (7.4) 
solar declination angle 
normalized deviation of l 8 0 /  l60 fraction from normal 

a prefix to signify a difference 
a prefix to signify a divergence operator 
runoff or divergence of horizontal water flux at and below the 

divergence of horizontal water flux in the atmosphere 
divergence of horizontal heat flux in the atmosphere 
the divergence of the horizontal transport of energy by the atmo- 

divergence of the horizontal heat flux below the surface = Mo 

divergence of the horizontal heat flux in the ocean 

(7.11) 
(5.17) 

(C. 13) 
(C. 14) 

coefficients (9.23) 

(2.15), (A. 1) 

in %o Section 8.5.4 
(3.54) 

(2.19) 

surface (5.1) 
(5.3) 

(6.1) 

sphere and ocean (9.11) 

(4.1 ) 
(4.1) 



0 
0. 

EV 

6, 
6, 

0, 

0, 
0" 

A 
A 

A 
P 

& 

v 
8 

0 

K 

A R  

V 
V 
V 

5 
7r 

P 
Pa 
Pas 
PC 
PI 
PO 

P S  

Pt 
P W  

CT 
CT 

iT 
z 
z 
=I 
TO 

ZR 
7, 

zY 
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vector gradient operator (7.9), (10.2) 
divergence operator (10.2) 
emissivity (2.6) 
emissivity at frequency v (3.28) 
vertical component of absolute vorticity =f+ 6, 
vertical component of relative vorticity 
horizontal transport efficiency parameter 
a general zenith angle (3.4), (3.13) 
solar zenith angle (2.13, (A.l) 
potential temperature (4.20), (C.9) 
equivalent potential temperature (C. 15) 
virtual potential temperature Fig. 4.5 
von Karmann constant (4.17) 
longitude Earth coordinate 
wavelength of radiation (3.1) 
a gross sensitivity parameter for climate 
longitude of perihelion 

diffusivity (7.1) 
frequency of radiation (3.1) 
true anomaly angle of Earth's orbit 
azimuth angle between south and the position of the sun 
pi = 3.141592654 (2.2) 
density of air (1.2) 
density of absorber in air 
density of absorber in air at the surface 
density of organic matter in soil 
density of sea ice (10.12) 
mean density of seawater (7.3) 
density of soil material (4.8) 
potential density of seawater 
density of water (4.3, (5.14) 
pressure normalized by surface pressure, p / p s  
Stefan-Boltzmann constant, 5.67 x lo-' W m-2 K-4 
the standard deviation of x 
vertical velocity in the sigma coordinate 
optical depth (3.15) 
a time scale (4.10) 
a time scale for global ice volume 
surface stress (4.15) 
response time scale ( 12.4) 
eastward component of wind stress 
northward component of wind stress 

(7.10) 
(7.10) 

(9.5 1) 

(6.4), Fig. 6.3 

(9.2), (9.6) 
Fig. 1 1.8 

cos e (3.21) 

( 1 1.7) 
(A.3) 

(3.12) 
(3.18) 

(4.8) 

Fig. 7.1 

(10.1) 
(2.5) 

( 1 1.17) 
(10.7) 

( 1  1.8) 

(7.3) 
(7.3) 
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optical depth at a particular frequency v 
= LZ, +is, wind stress vector (7.9) 
an azimuth angle 
aphaseangle (11.17) 
latitude Earth coordinate 
geopotential height = gz (10.2) 
obliquity angle 
death rate of daisies (9.44) 
meridional mass stream function (6.9) 
zonal mass stream function (6.21) 
angle between Earth, the sun and Earth's position at vernal equinox 

rate of change of pressure following an air parcel 
solid angle (3.4), (1 1.4) 
single scattering albedo (1 1.3) 
the rotation rate of Earth = 7.292 x lo-' s-l 

(3.33) 

Fig. 3.1, (3.4) 

(2.15), Fig. 6.3 

(1 1.8), Fig. 1 1.8 

Fig. 11.8 
(6.5) 

(6.16) 

Miscellaneous Symbols 

broadband slab transmissivity between altitudes 

the average of x around a latitude circle, the zonal 

absolute value of x 
the global average of T 
the time average of x (6.8) 
vector cross product of x' and y' 
percent 
per thousand 
degrees Celsius temperature unit 
degrees east Earth coordinate 
degrees Fahrenheit temperature unit 
degrees north Earth coordinate 
degrees west Earth coordinate 

z and z' (3.33), (D.8) 

average of x (6.7) 

(9.18) 

(10.2) 



Appendix F Systeme Internationale (SI) Units 

In most fields of science the SI system of units is the accepted standard. The SI 
base units are consistent with the metric system of measurement and are given in 
Table F. 1. In addition to the base units, derived units are used in many applications. 
A selection of SI-derived units frequently used in physical climatology is given in 
Table F.2. 

Supplementary dimensionless units for angles and some derived units using these 
are given in Table F.3. Prefixes to indicate decimal multiples of units are given in 
Table F.4. Some non-SI units that are in common use or appear in older references 
are given in Table F.5 with their SI equivalents. 

Table El  
SI Base Units 

~ 

Quantity Name Symbol 

Length meter m 
Mass kilogram kg 
Time second S 

Electric current ampere A 
Thermodynamic temperature kelvin K 
Amount of substance mole mol 
Luminous intensity candela cd 
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Table F.2 
Examples of SI-Derived Units 

Symbol 

In terms of SI For special In terms of 
Quantity Name base units name other units 

- - Area square meter m2 
Volume cubic meter m3 
Speed, velocity meter per second m s-I 
Acceleration meter per second squared m s-2 - - 
Divergence per second S-I 

Vonicity per second S-I 

Wavenumber 1 per meter m-I 
Geopotential; dynamic meter squared per second m2 s-2 - - 

Density kilogram per cubic meter kg m-3 - - 

Specific volume cubic meter per kilogram m3 kg-' - - 

Luminance candela per square meter cd m-2 - - 

Force newton m kg sc2 N 

- - 
- - 

- - 
- - 
- - 

height squared 

- Frequency hertz S-I Hz 

Pressure pascal m-' kg s - ~  Pa N m-2 
Energy joule m2 kg s - ~  J N m  
Power watt m2 kg sr3 W J s-I 
Electric charge coulomb s A  C A s  
Electric potential volt m2 kg sr3 A-I V W A-I 

Electric resistance ohm mz kg F3 A-2 R V A-l 
Conductance s i e m e n s ,-2 kg-' s3 A2 S A V-I 

Magnetic flux density tesla kg s - ~  A-' T Wb m-2 
Inductance henry mz kg s - ~  A-' H Wb A-' 
Luminous flux lumen cd sr Im - 
Illuminance lux m-2 cd sr Ix 

Pa s Dynamic viscosity pascal second m-I kg s-' - 

Moment of force meter newton m2 kg s-* - N m  
Surface tension newton per meter kg s - ~  - N m-I 
Heat flux density watt per square meter kg s-' - w m-2 
Entropy joule per kelvin m2 kg s - ~  K-' - J K-' 
Gas constant, universal joule per kelvin m2 kg sc2 K-l - J K-' 
Specific heat capacity joule per kilogram kelvin m2 s-2 K-1 - J kg-l K-I 
Specific energy joule per kilogram m2 s-2 - J kg-' 
Thermal conductivity watt per meter kelvin m kg s - ~  K-' - W m-I K-' 
Energy density joule per cubic meter m-I kg - J m-3 

- 

Capacitance farad w2 kg-' s4 A2 F c v-' 

Magnetic flux weber m2 kg s - ~  A-I Wb v s  

- 
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Table F.3 
SI Supplementary Units and Derived Units Formed 

Using Supplemental Units 

Quantity Name Symbol 

Plane angle 
Solid angle 

radian 
steradian 

rad 
sr 

Angular velocity radian per second rad s-l 
Angular acceleration radian per second squared rad s - ~  
Radiant intensity watt per steradian w sr-' 
Radiance watt per square meter steradian W r d  sr-l 

Table F.4 
Prefixes for Decimal Multiples and Submultiples of SI Units 

Multiple Prefix Symbol Submultiple Prefix Symbol 

1018 
10" 
1012 
109 
1 06 
103 
102 
101 

exa 
peta 
tera 
gigs 

mega 
kilo 

hecto 
deka 

E 
P 
T 
G 
M 
k 
h 
da 

10-1 
1 0-2 
10-3 
1 0-6 
1 o - ~  
10-12 
10-15 
10-18 

deci 
centi 
milli 
micro 
nano 
pic0 

femto 
atto 
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Table F.5 
Non-SI Units Commonly Used in Current or Past Literature with Conversion Factors 

Name Symbol Value in SI Unit 

Time 

Distance 

Mass 

Area 

Volume 

Angle 

Force 
Energy 

Pressure 

minute 
hour 

nautical mile 
knot 

Angstrom 
mile (USA, statute) 

foot 
pound 

metric ton 
are 
acre 

hectare 
liter 
gal 

degree 
minute 
second 
dyne 

calorie 
British thermal unit 

erg 
bar 

day 

min 
h 
d 

n mi 
kt 
A 
mi 
ft 
lb 
t 
a 

acre 
ha 

1 
gal 

1 rnin=60s 
1 h = 6 0 m i n = 3 6 0 0 s  
1 d = 24 h = 86,400 s 

1 n mi = 1852 m 
1 kt = 1 n mi h-l = (1852/3600) m SKI 

1 A = 0 . l n r n = 1 0 - l ~ r n  
1 mi = 1609.3 m 
1 ft = 0.3048 m 
1 Ib = 0.4336 kg 

1 t = lo3 kg 
1 a =  1 dam2= 102m2 

1 acre = 4046.8 m2 
1 h a =  1 hm2= 104m2 
1 I =  1 dm3= 10-3m3 

1 gal = 3.785 x m3 
1" = (?~/ l80)  rad 

1' = (1/60)' = (w/10,800) rad 
1" = (1/60)' = (x/648,000) rad 

1 dyn = N 
1 cal=4.186 J 

1 Btu =1054.6 J 
1 erg = 10-7 J 

1 b = 0 . 1 M P a = 1 0 5 P a  
standard atmosphere atm 1 atm = 101,325 Pa 

Water flow Sverdrup s v  1 sv = lo6 m3 seawater s-I 
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Fundamental constants 
Universal gas constant (R  *) 
Boltzmann's constant (k)  
Stefan-Boltzmann constant (0) 
Planck's constant ( A )  
Speed of light (c*)  
Gravitational constant 

Sun 
Luminosity 
Mass 
Radius 

Earth 
Average radius (a )  
Equatorial radius 
Polar radius 
Standard gravity (g) 
Mass of Earth 
Mass of ocean 
Mass of atmosphere 
Mean angular rotation rate (a) 
Solar constant (So) 
Mean distance from sun ( d )  

Dry air 
Average molecular weight (ma) 
Gas constant ( R )  - R */mQ 
Density at 0°C and 101,325 Pa 
Specific heat at constant pressure (c,) 
Specific heat at constant volume (c,) 

Useful Numerical Values 

8.3143 J K-' mol-' 

5.67 x W mP2 K4 

2.998 x lo8 m s-' 
6.67 x lo-" Nt m2 kg-2 

1.38 x 10-~3 J K-1 

6.63 x 10-34 J s 

3.92 x W 
1.99 x 1030 kg 
6.96 x lo8 m 

6.37 x lo6 m 
6.378 x lo6 m 
6.357 x lo6 m 
9.80665 m s-* 
5.983 x kg 
1.4 x lo2' kg 
5.3 x 10l8 kg 
7.292 x rad s-' 
1367f2 W m-2 
1.496 x 10" m 

28.97 g mol-' 
287 J K-' kg-' 
1.293 kg m-3 
1004 J K-' kg-' 
7 17 J K-' kg-' 
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Water 
Molecular weight (m,) 
Gas constant for vapor (R, = R *lm,) 
Density of pure water at 0°C 
Density of ice at 0°C 
Specific heat of vapor at constant pressure 
Specific heat of vapor at constant volume 
Specific heat of liquid water at 0°C 
Specific heat of ice at 0°C 
Latent heat of vaporization at 0°C 
Latent heat of vaporization at 100°C 
Latent heat of fusion at 0°C 

18.016 g rno1-I 
461 J K-' kg-' 
1000 kg mw3 
917 kg m-3 
1952 J K-' kg-' 
1463 J K-' kg-I 
42 18 J K-' kg-' 
2106 J K-' kg-' 
2.5 x lo6 J kg-' 
2.25 x lo6 J kg-' 
3.34 x lo5 J kg-' 
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Chapter I 
3. Increases by -670 Pa 

Chapter 2 
2. 233K 
4. 255 K 
6. 42.8" summer, 8 1.3" winter at 47"N 
8. 303 K conducting, 361 K nonconducting 

Chapter 3 
1. 30km 
5.  The model convective adjustment flux is 159 W mP2 from surface to the lower 

layer, 172 W m-2 from lower layer to the upper layer; net surface longwave loss 
is 80.5 W mP2. 

7. 194K,21 km 

Answers to Selected Exercises 

Chapter 4 
1. 270 W mP2, 26 W m-2 
3. 5.4 W mP2 K-' longwave; 12 W m-2 K-' sensible flux. 
5.  50.6"C dry asphalt; 33°C wet asphalt for Be = 0.25. 

Chapter 5 
1. 69 years; 1925 years 
2. (a) 0.1 1 mm day-'; (b) 0.028 mm day-'; (c) 0.78 mm day-'; (d) 0.167 mm day-' 

Chapter 6 
4. -54 m s-l (easterly) 
6. w=-2x  1O4ms-l 

375 



376 Appendix H Answers to Selected Exercises 

Chapter 7 

1. Need S = 35%0 =: average 
2. -13 m of sea ice 
5. pI = 22.5 becomes pt = 28.2 

Chapter 8 
5. North America -1019 kg, Greenland -10" kg 
7. From 34 to 33% 

Chapter 9 
3. The static stability will increase more than the meridional gradient. 

Chapter 10 

-27.6"C, SH = 17 W m-2 
1. (a) T, = -2°C SH = 180 W m-2; (b) T, = -23.9"C, SH = 44 W m-2; (c)T, = 

3. (a) 9 m; (b) 4.5 m 
5. -3 m s-l in atmosphere, -3 x lop3 m s-l in ocean 

Chapter I !  
2. 222 W mp2, 3.7 km 
4. The difference is about 110 W m-2 or 23%, with a larger contribution from 

precession (-16%) than from obliquity (-7%). 

Chapter 12 
1. lac, 4"C, 25% 
4. (a) E = (b) 276 K. 
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absolute vorticity 

absorption 

absorption line 

aerosol 

albedo 

aphelion 

atmospheric 
boundary layer 

backscattering 

biogeochemical 

bioturbation 

blackbody 
radiation 

Bowen ratio 

bucket model 

climate 

The sum of the planetary vorticity, which is associated with 
the rotation of Earth, and relative vorticity, which is associ- 
ated with the fluid motion relative to the surface of Earth. 

The annihilation of a photon and an equivalent release of 
energy. 

A discrete frequency corresponding to an energy transition 
of a molecule. 

A suspension of liquid or solid matter in air. 

The fraction of incoming radiation that is reflected. 

The point on the orbit of Earth that is farthest from the sun. 

The lowest part of the troposphere where the wind, tempera- 
ture, and humidity are strongly influenced by the surface. 

Scattering toward the direction of the source of the incident 
beam. 

Having to do with the interaction between chemical and bio- 
logical processes on Earth. 

The stirring of sediment by animal life. 

The electromagnetic radiation emitted by an ideal black- 
body. No actual substance behaves like a true blackbody, 
although platinum black and other soots come close. Hypo- 
thetically, it is a body that absorbs all of the electromagnetic 
radiation that strikes it, neither reflecting nor transmitting 
any of the incident radiation. 

The ratio of sensible to latent heating of the surface. 

A simple model for the soil water budget in which the sur- 
face is represented by a field of buckets of specified depth. 

The synthesis of weather in a particular region. 
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climate sensitivity 

cloud condensa- 
tion nuclei 

conduction 

convection 

convective 
adjustment 

convective 
turbulence 

Coriolis 
parameter 

cryosphere 

declination angle 

dynamical 

eccentricity 

eddy 

Ekman layer 

Ekman spiral 

El Nifio 

The relationship between the measure of climate forcing and 
the magnitude of the climate change. 

Aerosol particles on which molecules of vapor may 
condense. 

Heat transport in which a medium is required to transfer 
heat by collisions between atoms and molecules. No mass is 
exchanged. 

Heat transfer in which mass is exchanged. A net movement 
of mass may occur, but more commonly parcels with dif- 
ferent energy amounts change places, so that energy is ex- 
changed without a net movement in mass. 

A method used to simulate the effect of unresolved convec- 
tive motions in a climate model. 

Generated when warm fluid parcels are accelerated upward 
by their buoyancy. 

(f= 2R sin @) A measurement of twice the local vertical 
component of the rotation rate of a spherical planet. 

Ice near the surface of Earth, including glaciers, snowcover, 
and sea ice. 

(See season.) The angle between the equator and the sub- 
solar point at noon. 

Having to do with the equations of motion or variables con- 
tained therein. 

The measure of how much the planetary orbit deviates from 
being perfectly circular. It controls the amount of variation 
of the solar flux density at the planet as it moves through its 
orbit during the planetary year. 

Deviations of flow from the time or zonal average. 

A layer of transition near the surface layer where Coriolis 
and frictional forces are both important in the momentum 
balance. 

An idealized mathematical description of the velocity distri- 
bution in the boundary layer of the atmosphere or ocean, 
within which rotation and friction jointly determine the ve- 
locity profile. 

A name given to the event when anomalously warm surface 
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El Nitio-Southern 
Oscillation 
(ENSO) 
phenomenon 

electronic 
excitation 

emission 

emission 
temperature 

energy balance 

energy budget 

energy8u.x 
density 

equilibrium time 

evaporation 

evapo- 

extinction 

transpiration 

faculae 

faint young sun 

feedback 

Ferrel cell 

problem 

mechanism 

waters appear near the west coast of equatorial South 
America. 

A joint reference made to the related oceanic and 
atmospheric variations that accompany warm and cold 
events in the equatorial Pacific. 

A process by which photons excite the electrons in the outer 
shells of an atom. 

The creation of a photon and a corresponding loss of energy 
by the emitting body. 

The temperature at which a blackbody will emit energy at a 
specified rate. 

A condition in which a system neither gains nor loses energy. 

The measure of energy entering and leaving a system such 
as Earth’s climate system. 

The energy delivered per unit time per unit area (W m-*). 

The time required for a system to establish a new steady 
state after the application of a stimulus or a change in exter- 
nal conditions. 

A change of state from liquid to vapor. 

The sum of evaporation and transpiration. 

The sum of scattering and absorption of a direct beam of 
radiation. 

Bright regions on the sun. 

The combination of a less luminous sun and a warm climate 
on Earth during the early history of the solar system. 

A process that changes the sensitivity of the climate 
response. 

Weaker meridional cells in midlatitudes that circulate in the 
direction opposite to that of the Hadley cell. Ferrel cells are 
thermodynamically indirect, as they transport energy from 
cold areas to warm areas. 
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field capacity 

forward- 
scattering 

free atmosphere 

Gaia 

GCM 

general 
circulation 

greenhouse effect 

Hadley cell 

halocarbon 

heat capacity 

hour angle 

hydrologic cycle 

hydrostatic 
balance 

infiltration 

instrumental 
record 

internal energy 

The maximum volume fraction of water that the soil can re- 
tain against gravity. 

Scattering in the same direction as the incident beam. 

The portion of the atmosphere above the planetary boundary 
layer in which the effect of surface friction on the air motion 
is weak. 

The concept of Earth as a single complex entity involving 
the biosphere, atmosphere, ocean, and land. 

- General circulation model; but sometimes means Global 
- climate model. 

The global system of atmospheric or oceanic motions. 

A condition in which the atmosphere warms the surface by 
being relatively transparent to solar radiation and absorbing 
and emitting terrestrial radiation very effectively. 

A meridional cell in which air rises near the equator, flows 
toward the pole at upper levels, and sinks in the subtropical 
latitudes. 

Compounds of carbon with halogens such as chlorine, 
bromine, and iodine. 

The amount of energy that is required to raise the tempera- 
ture by one degree. 

The longitude of the subsolar point relative to its position at 
noon. 

The movement of water among the reservoirs of ocean, at- 
mosphere, and land. 

A condition in which the gravity force that pulls atmo- 
spheric molecules toward the center of the planet is equal to 
the pressure-gradient force that pushes them out into space. 

The transfer of surface water to the soil. 

The past history of climate as directly measured using in- 
struments, such as the thermometer and barometer. 

Energy associated with the temperature of the atmosphere. 
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The axis, or a portion thereof, of the broad tradewind current 
of the tropics where the northerly and southerly tradewinds 
meet, either in narrow bands or in the broader convergence 
zones over Indonesia, South America, and Africa. 

Radiant energy flux density. 

Of equal or constant temperature, with respect to either 
space or time. 

Scattering that is equally probable in all directions. 

Intertropical 
Convergence 
Zone (ITCZ) 

irradiance 

isothermal 

isotropic 
scattering 

lovian planets 

K-T boundary 

Lambert- 
Bouguet-Beer 
law of extinction 

lapse rate 

leaf area index 
(MI ) 

line broadening 

lithosphere 

Little Ice Age 

longwave 

luminosity 

radiation 

Maunder 
minimum 

The planets of the solar system with physical characteristics 
similar to Jupiter, which include Jupiter, Saturn, Uranus, and 
Neptune. 

The time period marking the end of the Cretaceous and the 
beginning of the Tertiary epochs about 65 million years ago. 

Absorption is linear in the intensity of radiation and the 
absorber amount. 

Rate of decline of temperature with height in the atmo- 
sphere, defined by = -3Tl3z. 
The ratio of the area of the horizontal projection of the top 
sides of all the leaves in the canopy to the surface area. 

An increase in the range of frequencies that can be absorbed 
or emitted during a particular molecular energy transition. 
The broadening mechanisms are natural, pressure (colli- 
sion), and Doppler broadening. 

The outer, solid portion of Earth, also known as Earth’s 
crust. 

A period of expansion of mountain glaciers from about 1350 
to 1800 in the Alps, Norway, Iceland, Alaska, and probably 
elsewhere. 

Thermal radiation emitted by Earth which has wavelengths 
between about 4 and 200 p,m. 

The rate at which energy is released from the sun by 
radiation. 

The period between 1645- 1715 when sunspots were very 
few in number. 
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meridional 

meridional wind 

mesosphere 

monsoon 

nuclear fusion 

numerical 
integration 

numerical model 

numerical 
simulation 

obliquity 

oceanic mixed 
layer 

outgassing 

paleoclimatic 
record 

parameterization 

photodissociation 

photoionization 

photolysis 

North-south, along a line of longitude. 

The wind, or wind component, along the local north-south 
meridian, usually defined positive towards the north. 

The atmospheric layer extending from the top of the strato- 
sphere to the upper temperature minimum (the mesopause). 

A name for a wind system that changes in speed and direc- 
tion with season. 

The process whereby lighter elements combine to form 
heavier ones, releasing energy in the process. 

The process of solving the equations of a numerical model 
on a computer. 

A model expressed in mathematical formulas and solved ap- 
proximately on a computer. 

The sequence of states of the climate system as represented 
by a computer model, or the statistics of such a sequence. 

The angle between the axis of rotation of a planet and the 
normal to the plane of its orbit. 

The top 20-200 m of water in contact with the atmosphere 
in which water properties are almost independent of depth 
because of rapid turbulent mixing. 

The process of releasing gases from the interior of a planet. 

Climate variables that are indirectly measured using physi- 
cal, biological, and chemical information contained on land, 
in lake and ocean sediments, and in ice sheets. 

A process by which the effects of sub-grid-scale phenomena 
are specified from the knowledge of the variables at the grid 
scale of a climate model. 

A process by which an energetic photon breaks the bond that 
holds together the atoms of a molecule. 

A process by which a photon removes electrons from the 
outer shells surrounding the nucleus, producing ionized 
atoms and free electrons. 

Chemical decomposition due to the interaction of a photon 
with a molecule. 
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The region of the sun from which most of its energy emis- 
sion is released to space. 

An expression for the variation of monochromatic radiation 
emissive power of a blackbody as a function of wavelength 
and temperature. 

The fraction of incoming solar energy reflected back to 
space. 

The volumetric fraction of the soil that can be occupied by 
air or water. 

The density that sea water with a particular salinity and tem- 
perature would have at zero water pressure, or the density at 
surface air pressure. 

Energy associated with the gravitational potential of air 
some distance above the surface. 

The rate of evaporation that would occur if the surface 
was wet. 

(e sin A) The critical parameter that describes the influence 
of eccentricity and longitude of perihelion on northern sum- 
mer insolation. 

Any or all forms of water particles, whether liquid or solid, 
that fall from the atmosphere and reach the surface. 

A simplified form of the equations of motion used by most 
global climate models. 

Energy transport in which no medium is required and no 
mass is exchanged. Pure radiant energy moves at the speed 
of light. 

Change of the radiative energy flux caused by the presence 
of liquid water and ice in the atmosphere. 

The dimensionless ratio of the actual water vapor mixing 
ratio of the air to the saturation mixing ratio. 

A scaling parameter measuring the ratio of buoyancy to 
inertial forces in a fluid. 

The energy associated with rotation (e.g., of a molecule). 

Number of grams of dissolved salts in a kilogram of sea 
water. 

photosphere 

Planck’s law of 
blackbody 
radiation 

planetary albedo 

porosity of soil 

potential density 

potential energy 

potential 
evaporation 

precession 
parameter 

precipitation 

primitive 
equations 

radiation 

radiative cloud 
forcing 

relative humidity 

Richardson 
number 

rotational energy 

salinity 
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scattering 

season 

shadow area 

shortwave 
radiation 

sigma coordinate 

sink 

soil water zone 

solar constant 

solar zenith angle 

source 

South Pacific 
convergence 
zone (SPCZ)  

specifrc humidity 

SST 

stationary eddy 
fluxes 

stationary plane- 
tary waves 

storm track 

An interaction between an object and radiation in which the 
radiation changes direction without a change in energy. 

Expressed in terms of the declination angle of the sun, 
which is the latitude of the point on the surface of the Earth 
directly under the sun at noon. 

The area that a body sweeps out of a beam of parallel energy 
flux. (See Figs. 2.1 and 2.4.) 

Solar radiation which has wavelengths between about 
0.2 and 4 pm. 

o= (plp,) .  A vertical coordinate that is equal to pressure 
normalized by surface pressure. 

A point, line, or area where energy or mass is removed from 
a system. 

The region that extends downward to the depth penetrated 
by the roots of the vegetation. 

The energy flux density of the solar emission at a particular 
distance. Also known as total solar irradiance. 

The angle between the local normal to Earth’s surface and 
a line between a point on Earth’s surface and the sun. It de- 
pends on latitude, season, and time of day. 

A point, Line, or area where mass or energy is added to a sys- 
tem, either instantaneously or continuously. 

The band of convection rooted near Indonesia and extending 
southeastward over the South Pacific Ocean that is most 
prominent in southern summer. 

The dimensionless ratio of the mass of water vapor to the 
total mass of dry air, often given in units of grams of water 
vapor per kilogram of dry air. 

- Sea surface temperature. 

Fluxes of heat, mass, or momentum associated with station- 
ary waves. 

East-west variations of the time-average state of the 
atmosphere. 

The path followed by a center of low atmospheric pressure. 
Also the axis along which such midlatitude systems fre- 
quently travel. 
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The atmospheric layer above the tropopause and below the 
mesosphere where the temperature generally increases with 
height. 

Phenomena that occur at scales smaller than the grid resolu- 
tion of a climate model. 

The direct conversion of snow and ice to water vapor, with- 
out an intermediate liquid phase. 

The point on Earth’s surface that falls on a line between the 
center of Earth and the center of the sun. 

Dark spots seen on the sun’s photosphere. 

The fraction of the downward solar flux density that is re- 
flected by the surface. 

The energy flux per unit area passing through the surface 
boundary of the atmosphere, measured in watts per square 
meter, and apportioned between radiative, sensible, and la- 
tent fluxes, storage in the surface, and horizontal energy 
transport below the surface. 

The thin layer of air adjacent to Earth’s surface, where sur- 
face friction dominates the momentum balance and vertical 
fluxes are almost independent of height above the surface. 

The intensified solar wind associated with a young star. 

A region of negative lapse rate where the temperature in- 
creases with altitude. 

The planets of the solar system whose physical characteris- 
tics most resemble Earth, which include Mercury, Venus, 
Mars, and Earth. 

A layer of thermally stratified water about 1 km deep between 
the warmer surface layer of the ocean and the colder, deeper 
layer, both of which are of almost uniform temperature. 

The atmospheric layer extending from the top of the meso- 
sphere to outer limits of the atmosphere in which tempera- 
ture increases with height. 

Fluxes associated with rapidly developing weather distur- 
bances, especially in midlatitudes. 

The energy associated with the movement of molecules or 
atoms through space (kinetic energy, temperature). 

stratosphere 

sub-grid-scale 
phenomena 

sublimation 

subsolar point 

sunspots 

surface albedo 

surface energy 
budget 

surface layer 

T-Tauri solar wind 

temperature 
inversion 

terrestrial planets 

thermocline 

thermosphere 

transient eddy 
fluxes 

translational 
energy 
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transmission 

transpiration 

tropopause 

troposphere 

true anomaly 

turnover time 

upwelling, 
downwelling 

vibrational 
energy 

vorticity 

Walker 
circulation 

Wien’s law of 
displacement 

Younger Dryas 

zonal 

zonal wind 

An interaction between an object and radiation in which the 
radiation passes the object without absorption or reflection. 

The release of moisture through the surface of leaves or 
other parts of plants. 

The altitude where the positive temperature lapse rate of the 
troposphere changes to the weak or negative lapse rate of the 
stratosphere. 

The atmospheric layer from Earth’s surface to the 
tropopause; that is, the lowest 10-20 km of the atmosphere 
where the temperature generally decreases with altitude. 

(v) The angle formed at the center of the sun between Earth 
and perihelion. 

The time required for the fluxes through a reservoir to com- 
pletely replace the content of the reservoir. 

Upward or downward mean vertical motion in the ocean. 

The energy associated with rapid variations of the inter- 
atomic distances within molecules. 

The curl of the velocity vector and a measure of the local ro- 
tation of a fluid. 

The largest circulation cell oriented along the equator with 
rising in the Indonesian region and sinking to the east and 
west. 

The frequency of maximum emission is proportional to 
temperature. 

A cold event returning Europe to nearly glacial conditions 
about 11,000 years ago. 

East-west, along a line of latitude. 

The wind, or wind component, along the local parallel of 
latitude, usually defined positive toward the east. 
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Absorption, 48 
band, 46.49 
coefficient, 53,54-55 
cross section (see Absorption, coefficient) 
rate, 54-55 
selective, 44-52 

wings, 52 
Abhorption line, 49-52.53.57 

Absorptivity, 65,68,91,237,238,239,241-242 
Acid rain, 2 15, 327 
Adiabatic lapse rate, 353-354 
Aerosol(s), 67,92,210.221,291-300.319 

anthropogenic, 327-330.337 
optical depth (see Optical depth) 
stratospheric, 294-300 

Albedo, 24-25.30 
cloud, 64-65,71-75,79,249-250,253,329 
deserts, 34, 162, 167 
feedback, 231,236, 238 
land, 330 
ocean, 87-88, 105,234 
planetary, 25.33.66.73-74,237,238, 

plants, 88-90. 129, 250 
spectral, 90 
surface.67-68.87-91, 105, 109, 113, 117,234 

241-243,251-252.332 

Angular momentum, 147, 150-154.306 
Anthropogenic climate change, 3 19-345 
Anticyclones, 142 
Anticyclonic rotation, 192 
Aphelion, 301.303-304.306 
Aridity, 160, 161, 167 
Asteroid impact, 215 
Atmosphere, 4 

coupled with ocean, 256,265-266, 276, 278, 

heat capacity of, 83-84 
isothermal, 9 
model, 277-278 

280-284 

time of water in. 115- 117 

circulation (see General circulation) 
composition, 8-9,40,67,92, 171, 172,250, 

energy, 146, 148 
gases, selective absorption by, 44-52 
humidity (see Humidity) 
mass, 8, 10 
moisture convergence, 150 
motions, 136-150 
temperature, 2-7, 9 
transport, 198 

Atmosphere 

292,319 

Azimuth angle, 42,57, 347-349 

Baroclinic instability, 243,245 
Barometer, 205 
Biogeochemical feedback, 249-253,257 
Bioturbation, 210 
Blackbody, 231,245-246 

Planck’s law, 43-44.45 
radiation, 23-25,44,57,59,60,61,68 

Boundary layer, 81, 102, 105 
atmospheric, 92-99 
neutral, 96-97 
sensible and latent heat fluxes, 99-103 
stratified, 98-99 
turbulence, 248 

Bowen ratio, 101-103, 105, 125-126 
Brine, 196,269 
Broadening, absorption lines, 49-52 
Bucket model, 127-128,131,264 
Bulk aerodynamic formulas, 100-101, 125-126, 

Buoyancy, 98, 177- 178,243,262 
128, 129,263 

Capillary action, 120, 130 
Carbon 

cycle, 214-215,220,287,322-324 
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Carbon (continued) 

Carbon dioxide 
isotopes, 223,322 

and atmospheric heating, 43,49,52,67,70-71 
doubling, 232,249,278,287,319-324.330- 

andearlyEarth,211-212,287 
and ice ages, 219-223.227.312-314 
in seawater, 171, 193 
vibrational modes, 46-48 

Cavity radiation (see Blackbody radiation) 
Celsius temperature scale, 205 
Cenozoic, 2 12 
Chlorofluorocarbons, 196,320-321 
Circulation (see also General circulation) 

336 

eddy, 142-145 
Hadley, 262 
meridional, 138- 150 
ocean, 118-120, 171-203.214-215,216,227, 

zonal-mean, 140- 142 
Clausius-Clapeyron relationship, 232, 350-35 1 
Climate(s), 1-2, 10, 169 

245,311 

desert, 158-162 
forcing, 229.230-232,236,240,243,269. 

280,320,328,331,337-339 
history and evolution, 204-228 
large-scale circulation and, 155- 168 
and ocean, 6 
sensitivity, 229-253, 337-338 
trends, 226 
tropical wet and dry, 164- 168 

Climate change 
anthropogenic, 319-345 
comparison with observed temperature trends, 

equilibrium, 330-336 
natural, 286-318 
time-dependent, 337-340 

Climate models, 254-285 
atmosphere, 277-278 
atmospheric component, 257-264 
circulation, 254, 261 
feedback (see Feedback) 
fully coupled, 256,265-266.276. 278, 280- 

global, 312-316.324.330-338 
historical development, 254-257 
ice age, 312-317 
land, 264,278 
with mixed-layer oceans, 277-280 

340-342 

284 

ocean, 265-269.278 
one-dimensional, 40, 70, 233, 278-279, 

radiative-convective equilibrium, 70-72 
sea ice, 266-271 
three-dimensional, 333-336 
validation, 270-276 

absorptivity, 65.68 
albedo (see Albedo, cloud) 
boundary layer, 95 
climatology, 77 
condensation nuclei, 171,250,253, 291, 293- 

294,327 
convective adjustment, 69-70,333 
cover, 76-77 
cumulonimbus, 22, 121 
and energy budget, 75-79 
feedback, 249 
large-scale supersaturation, 262 
mesoscale, 138- 139 
in models, 263-264.277-280 
parameterization, 261 -263 
and radiation, 60-61.63-66, 72-73 
radiative forcing, 72-79 
stratiform, 121, 162, 187 
stratocumulus, 64, 95, 329 

331-332 

Cloud(s), 68, 8748.89 ,  117, 139, 171, 241, 253 

Cloudiness, 2.72-75, 87, 113,206 
Collision broadening (see Pressure, broadening) 
Condensation, 2, 117, 121, 137-138,211-212, 

Conductivity, 21, 84-87.266 
Conservation equations, 258-260 
Continental drift, 214, 286 
Convection, 21, 177, 188,257,260,261-263, 

262,291-292 

264.277-278.335 
mesoscale, 248 

Convective adjustment, 69-70.333 
Convergence, 147, 150, 155, 158, 162, 164-167, 

Convergence Zone, (see Intertropical Conver- 
262 

gence Zone; South Pacific Convergence 
Zone) 

Coral, 302 
Coriolis parameter, 189- 190.243, 260 
Coupled atmosphere-ocean processes, 256,265- 

266,276,278,280-284 
Cretaceous, 213-215,216,225 
Cryosphere, 14- 15 
Current(s), 181-183, 184 

eastern boundary, 179, 185-187, 188,200 



Index 40 1 
western boundary, 181-184,188.190-193, 

wind-driven, 185,200-201 
Cyclone(s), 155 

extratropical, 138- 145 
tropical, 118 
waves, 144 

195-196, 198.200-201 

Daisyworld, 250-253 
Declination angle, 29-30,348-349 
Deep water, North Atlantic, 223 
Deep water formation, 174, 195-197 
Deforestation, 321,330 
Dendrochronology, 208,210 
Density, 174-176, 178-187.189, 196,265,269, 

283-284 
potential, 173-174,178. 197 
seawater, 174, 193 

Desert climates, 158- 162 
Dew, 117, 121-122 
Diffusivity, 238 
Dimethyl sulfide (DMS), 221-223,250,253,294 
Dipole moment, 46-47 
Diurnal variation 

global warming, 206 
insolation, 21.92 
surface energy budget, 106-109 
temperature, 28,83,85-86.95-96 
wind, 98-99 

horizontal, 137 
of horizontal transport, 198- 199 

Divergence 

Doppler broadening, 50-5 1 
Downwelling, 176, 195- 197 
Drag 

coefficient, 97 
surface, 96-97,99 

Dust bowl period, 208 

Early Earth, 211-212 
Eastern boundary currents, 179, 185-188,200 
Eastward component of velocity, 138-140 
Eccentricity, 19-21,301,303-310,311 
Eddy, 100,146-147,151,153-155, 177, 

243-245,263 
circulations, 142- 145 
flux, 94,144,145,153 
mid-ocean, 201 
transport, 148-150 

Ekman layer, 188-190, 191 
Ekman spiral, 189 

Electromagnetic radiation, 41 
Electronic excitation, 49 
El Niiio, 187-188 
Emissivity, 24, 57.62-63, 65-66, 91-92, 332 
Energy 

atmospheric, 146, 148 
geopotential, 198 
internal, 146- 147 
kinetic, 101.146-147,177-178 
latent, 146-147 
moist static, 147, 149 
molecular, 45-52 
potential, 146-149 
rotational, 45,46 
storage, 82-92, 137, 198 
translational, 45-46 (see also Kinetic 
energy; Temperature) 
transport in the ocean, 171,197-201 
vibrational, 45,46-48.50 

Energy budget, 18-39.105-112. 146, 148,237, 
251,330 

of the atmosphere, 136-138 
climate models, 236-243 
diurnal variation of, 106- 109 
of Earth and ocean, 197- 198 
evaporation feedbacks, 245-249 
global mean, 230-232 
global radiative flux, 27-28 
longwave feedbacks, 245-249 
role of clouds in, 75-79 
seasonal variation of land areas, 109- 11 1 
surface, 81-83 
at the top of the atmosphere, 32-34 
variation with latitude, 103-106 

Energy flux, 26,28,62,332 
density, 19,23,24,26,28 
meridional, 146- 150 
poleward (see Poleward flux) 

meridional, 138-150, 198-199,243-245 
Energy transport 

ENSO, 187-188 
Entrainment, 94,262-263 
Equations of motion, 254,257,259,265 
Equivalent potential temperature, 353-355 
Evaporation, 115-120.122-130 

and atmospheric circulation, 155- 158 
cooling of surface, 82,102-113,245-249. 

estimation of, 124- 127 
from land, 264-330 
modeling, 127-130 

333-335 
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Evaporation (continued) 
fromocean, 171, 176-178,333 
and ocean salinity, 193- 195,265,284 
potential, 126-127, 128, 131-134, 162 
from a wet surface, 122-123, 125-126 

Evapotranspiration, 108- 109, 117, 120, 122- 127, 

Extinction coefficient. 296 
Extinction of species, 215 
Extratropical cyclones, 138- 145 

128, 130, 131, 134,330 

Faculae, 287,290 
Faint young sun problem, 287 
Feedback, 319,333,340-341 

albedo, 236,238 
biogeochemical, 249-253.257 
clouds, 249 
dynamical, 243-245 
evaporation, 245-249 
ice-albedo, 234-243,245,301,310,333 
longwave, 245-249 
mechanisms, 229-253.278-279 
negative, 229.23 1,25 1, 253 
positive, 229,232,235-236,247,280 
radiative processes. 231 -234 
water vapor, 232-234,280,320 

Fenel cells, 142,280 
Field capacity, 120-121, 130 
First Law of Thermodynamics, 21,352-355 
Fixed relative humidity (see Humidity, fixed 

relative) 
Flux density, 87-92 
Fog, 95, 122, 162 
Fossil evidence, 212, 214,223 
Fossil fuel burning, 321 -324, 327, 330,334 
Free atmosphere, 94-96 
Freshwater, 175, 176, 178, 195,256,265,282, 

Frictional dissipation, 255 
Friction velocity, 96-97.98 
Frost, 117 

284 

Gaia, 250 
Gaseous composition, 210,219,221. 227 
Gases, 193-195 
General circulation, 136, 254 

atmosphere, 136-170,272,335 
models of atmosphere, 254-264 
models of ocean, 255-257.265-269 
ocean, 180- 197 

Geochemistry, 3 12 
Geologic ages, 213 
Glacial lakes, 219, 224 
Glaciers, 210,212,216,219-224,225,301-302. 

311 
simulation of last maximum, 312-316 

Gleissberg cycle, 291 
Global climate model, 312-316,324, 330-338 
Glossary, 377-386 
Gravity waves, 260.263 
Greenhouse effect, 26-27.28,45,59-60,75,91, 

Greenhouse gases, 1 I ,  206,230,232, 320-321, 
117,211-212,287,298,319-327 

329-330,331-332,335,337.340-341, 
344 

276 
Grid boxes, 257-258.260.261 -262,263,273, 

Gulf Stream (see Western boundary currents) 
Gyres, 181, 188, 192 

Hadley 
cell, 142, 147, 152-154, 160,280 
circulation, 262 

Halocarbons, 324-325 
Haze, 206 
Heat 

budgets (see Energy budget) 
capacity, 83-87, 11 1 
flux, 98. 113 
latent (see Latent heat) 
specific, 83-85, 100-101 

Heat island, urban, 206 
Historical record, 207 
Holocene, 224-225,286 
Homeostasis, 250 
Horizontal 

component of velocity. 139 
divergence, 137 
energy transport, 236,251 
flux, 82 
wind, 260 

Hour angle, 29-32 
Humidity,2, 11.92.94.99. 124, 126-127, 128, 

fixed relative. 233, 248-249.280, 331-332, 

relative, 102- 103, 126,232-234.246-247. 

specific, 101-103, 151,230,232,247,350- 

198,232,256,291,333-334 

350 

262 

35 1 



Index 403 
in model, 264, 278 
surface, 15-17 
surface processes, 128-130 
topography, 15 - 16 
use, 17 

Lapse rate, 3,61,69-70,74,95,333,352-355 
Large-scale 

circulation patterns and climate, 155- 168 
flow, 248,262 
supersaturation clouds, 262 

cooling, 102-103, 105, 109-113 
energy, 146- 147 

Latent 

Latent heat, 137. 147, 148-149.155. 158, 163, 
164,232,262,264 

flux, 82,95-96,97,99-103, 112, 148 
of fusion, 128,269 
release, 255,354 
of vaporization, 100-101.126, 138, 147,232 

Leads in sea ice, 269 
Leaf 

area index, 124,129 
temperature, 129 

Line broadening, 49-52 
Little Ice Age, 225,227,289 
Logarithmic velocity profile, 97 
Longwave 

feedback, 245-249 
flux density, 87-92 
heating, 246 
net heating of surface, 91-92 
outgoing (see Outgoing longwave radiation) 
radiation (see Terrestrial radiation) 

variations, 286-291 
Luminosity, 18.23 

Lyman-a flux, 290 
Lysimeter, 124 

Mars, 211-212 
Mass-mixing ratio, 147 
Material derivative, 139 
Mathematical modeling, 254 
Maunder minimum, 289 
Meanders, 183, 185 
Melting, 127-128 
Meridional circulation, 138- 150 
Meridional energy flux, vertically averaged, 

Meridional energy transport, 138-150,198-199. 
146-150 

243 -245 

Humcanes, 119 
Hydrologic balance, 9-10,117-120, 131-133, 

Hydrologiccycle, 81, 113, 115-135, 150, 171, 
259-260 

333,335 

Ice, 212,214.217-219.261 
albedo feedback, 234-243,245,301,310,333 
caps, 236,239-243 
cores, 210,217,219-221,224 
global, 15 
orbital parameter theory of, 227,300-312 
sea, 234-236,265,266-271.278.333.335 
sheets, 89,205,210,212,216,219-220,224. 

Ice age, 210,216,223,227,234-236,245,272, 
236 

342-343 
climate modeling, 312-317 
Little, 225,227,289 

Iceline, 238-239 
Infrared radiative transfer equation, 55-61 
Insolation, 81, 105, 109, 113, 121, 125, 129, 131, 

134,136,140,147,155,157-158,162, 164, 
167, 179,234-235.237-239,249,251- 
252,274,301-303,304-310,316-317, 
347-349 

distribution of, 28-32 
diurnal variation of, 92,95,106-109 

Instrumental record, 204,205-206 
Internal energy, 146- 147 
Intertropical Convergence Zone, 79, 155, 162, 

Iridium layer, 215 
Isostatic adjustment, 3 11 -3 12 
Isotope 

164,275-276 

carbon, 223,322 
evidence, 210,214,216-217,223-224 
oxygen, 210,216-217,223-224.302-303 

Kinetic energy, 101, 146-147.177-178 (see also 

Kirchhoff's law, 57 
K-T boundary, 215 
Kuroshio Current (see Western boundary currents) 

Lakes, glacial, 219,224 
Lambert-Bouguet-Beer Law, 57,176 

Land 

Temperature; Translational energy) 

formulation of flux absorption, 52-55 

distribution, 16 



404 Index 

Meridional velocity, 139, 140-144, 153 
Meridional water flux in the atmosphere, 150 
Mesoscale convection, 248 
Mesosphere, 4 
Mesozoic, 215 
Methane, 220,319-320.325-326 
Mid-ocean drift currents, 200 
Milankovitch theory, 302-303.307-309. 

Mixed layer, 174, 176-180 

Mixing ratio of water vapor, 101 -103,354 
Model (see Climate model) 
Moist adiabatic adjustment, 262 
Moist processes, 353-355 
Moist static energy, 147, 149 
Molecular diffusion, 139, 176 
Molecular energy, 45-52 
Momentum 

310-312 

turbulence, 178 

angular (see Angular momentum) 
in boundary layer, 92-101, 129,263 
conservation equations, 258-260 
transfer toocean, 136, 178. 180-181,188-193, 

transport in atmosphere, 138,142-144, 
265,280 

261 -262 
Monsoon, 158 

climates. 164 

Natural broadening, 50 
Natural climate change, 286-318 
Natural recording systems, 204,207-210 
Negative feedback, 229,231,251,253 
Neutral boundary layer, 96-97 
Nitrous oxide, 319-320,325-326 
North Atlantic deep water, 223 
Northward component of velocity, 260 

Obliquity, 21,303-310 
Ocean, 115-120,292-294.312.337-340 

albedo, 87-88,105,234 
carbon uptake, 321-324 
circulation, 118-120, 171-203,214-215.216. 

coupled with atmosphere, 256,265-266.276. 

current rings, 183,185 
currents, 181-183, 184 
energy transport, 171, 197-201 
general-circulation models, 255 -257,265-269 
lateral transport of energy, 105 

227,245,311 

278,280-284 

mixed layer, 176- 180,277-280,291,298. 

models, 265-269.278 
sediment cores, 210,216,222,223,245. 

surface energy flux components, 1 1 1 - 1 13 
temperature, 6, 13 
thermal capacity of, 83-84 

313,331,337-338 

302-303,316 

Oldest water, 196 
One-dimensional model, 40,70,233,278-279 

Optical depth, 54-55,57-58,59,61,65,77, 

Orbital parameter 

results, 331 -332 

295-298.358 

effects on insolation, 19-21,303-310 
theory of ice ages, 227,300-312 
variations, effects on land hydrology, 316-317 

Outgassing, 211 
Outgoing longwave radiation, 34-35,37,59, 

72-74.77-79,158,162-163,231-233, 
236-237,279,332 

Oxygen, 171, 172, 193-195,212 

Ozone, 49,52,55,67,70-71,246,324-325, 
isotopes, 210,216-217.223-224,302-303 

326-327.332 
layer, 212,215,320 

Paleoclimatic data, 205,209,218,227,312 
Paleoclimatic record, 207-210 

early Earth, 211-212 
last 10,000 years, 224-225 
last 18,000 years, 218 
last 150,000 years, 217-224 
last two million years, 216-217 
last 50 million years, 216 
last billion years, 212-215 

Paleozoic, 212-213,252,287 
Parameterization, 260,271 

cloud, 261 -263 
planetary boundary-layer, 263-264 
radiation, 261 

Penman’s equation, 125- 127 
Perihelion, 21,301,303-304,305-307,310-311 
Permanent thermocline, 174,179, 180 
Photodissociation, 49 
Photoionization, 49 
Photon, 40.41 

Photosynthesis, 195, 212,221 
Planck’s constant, 41 
Planck’s function, 57 

Pho tosph~ ,  18,22-24,287,290 
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Radiation, 21 
blackbody (see Blackbody radiation) 
cavity (see Blackbody radiation) 
electromagnetic, 41 
longwave (see Terrestrial radiation) 
net, 103-113, 124-126, 197-199,245-248,249 
outgoing longwave (see Outgoing longwave 

solar (see Solar radiation) 
terrestrial (see Terrestrial radiation) 
thermal (see Thermal radiation) 

Radiative effect, cloudiness, 72-75 
Radiative equilibrium, heuristic model, 61 -63 
Radiative feedback processes, 231 -234 
Radiative flux equations, 356-359 
Radiative heating, 71.82, 87-92, 105, 108, 109, 

Radiative transfer, 40-80,58-61,261 
Radiative-convective equilibrium, 66-72 

radiation) 

137 

models, 70-72 
profile, 69-70.72 

Radiocarbon dating, 302 
Rainfall, 127, 158, 160, 162-163, 167, 178 
Reference height, 97, 101 - 103 
Reflectivity, 68 
Relative humidity (see Humidity, relative) 
Richardson number, 98, 101 
Rossby radius of deformation, 243 
Rotational energy, 45,46 
Roughness height, 97.98 
Runoff, 117-120, 124, 127, 130, 150, 164,330. 

334-335 
ratio, 119- 120 

Planck’s law of blackbody emission, 43-44.45 
Plane-parallel assumption, 53.63-64 
Planetary-scale waves, 138 
Planets, 19-20 
Plankton, 176, 177,223 
Plant(s), 120-121, 122, 126, 127, 129, 130 

albedo, 88-90 
canopy, 123-124, 129 

Pliocene, 225 
Polar 

amplification, 245,278, 314-315 
cells, 280 
regions, 121, 136, 138, 147 

Poleward flux, 34-39, 138, 142, 144-145, 147- 

Poleward transport, 171. 181-182, 184,200-201 
Pollen, 216,223 
Pollutants, 96 
Polynyas, 269 
Porosity, 85 
Positive feedback, 229,232,235-236,247,280 
Potential 

148, 152-154 

density, 173-174, 178, 197 
energy, 146- 149 
evaporation, 126-127, 128, 131-134, 162 
temperature. 93-95.98, 172- 173, 243-244, 

353-355 
Precambrian, 2 12 
Precession 

cycle, 301 
parameter, 307-309 

Precipitation 
annual variations, 131-134, 158-168, 188 
global annual, 115-116, 122 
and heat budget, 109-111, 137, 147-150 
heat transfer by, 83 
interception by plants, 129 
long-term changes of, 208,210,333-336 
modeling of, 261-264.275-276 
and ocean salinity, 176, 195- 196,256,284 
and surface water budget, 117- 123, 127,256 

Pressure, 9-10, 139, 141, 145, 147, 154, 155, 
158,259,324,350-351 

broadening, 50-52 
saturation vapor, 230,232,248 
sea-level, 155, 157. 159, 165-166 
velocity, 140, 142 
wave, 144 

Primitive equations, 259 

Quaternary, 252-253 

Salinity, 12-14, 118-120, 172-176, 177-178, 

Saturation 
193- 196.265-266.282-284 

mixing ratio, 101-103, 125-126 
vapor pressure, 230,232,248 

Scale height, 9 
Scattering, 45,296-297 

pure, 43 
Schwarzchild’s equation, 56-58 
Sea ice (see Ice, sea) 
Sea-level 

changes, 342-343 
pressure (see Pressure, sea-level) 

Seasons, 204 
Sea surface temperature, 167, 171, 184-188, 190, 

193,210,227,245,247-248,256,272, 
275-277,283-284,312,314-316,333,340 
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Seawater, 171, 177, 193, 196 
density, 174 
properties of, 172-176 

Sediment cores (see Ocean, sediment cores) 
Semimajor axis, 303,304 
Sensible cooling, 102-103, 105, 108-109, 110, 

111 
Sensible heat, 82,95,99-103, 105,107-111, 

113, 136-138, 147-148 
Sensible heat flux, 82.99-103. 107-111, 112 
Sensitivity (see Climate, sensitivity) 
Shadow area, 24-25 
Shortwave radiation (see Solar radiation) 
Sigma coordinate, 259-260.264 
Snow, 15,82,87,88, 117, 120-121, 122. 127- 

Soil, 83,84-87.90, 108, 120-121, 122, 124- 
128,234,236,266-268,278,335 

125,130,264,278,334-336 
albedo, 90-91 
heat storage in, 82, 83-87 
moisture, 126-134 
temperature, 84-87 

Solar constant, 23,24,230,231-232,237, 

Solar flares, 289 
Solar forcing, 163 
Solar irradiance, 289-290 
Solar luminosity variations, 286-291 
Solar radiation, 36-37,44,45,48-49.52-53, 

239-241,251-252,286-291 

61-65,67-68,72-74,79,87-91, 107, 113, 
117, 124,129, 171, 174, 176,235-237, 
241-242,245,247,250,251,264,269,278. 
296-298 

Solar system, 18,24 
Solar zenith angle, 29-32,234,241,347-348 
South Pacific Convergence Zone, 164 
Specific heat, 83-85, 100-101 
Specific humidity (see Humidity, specific) 
Spectral flux density, 42 
Spectral method, 257 
Static stability, 353 
Stationary planetary waves, 144-145 
Stefan -Boltzmann 

feedback, 231-232,233 
law, 23-24.43 

Stomata, 122, 129 
Storage of energy, 82-92, 137, 198 
Storage of heat 

in soil, 82,83-87 
at the surface, 83-87 
of water, 117, 120-121, 127 

Storm tracks, 155 
Stratosphere, 3-4 
Sub-grid-scale phenomena, 257,260,262, 271 
Sublimation, 122, 128 
Subsidence, 160, 163,187,262 
Sulfur compounds, 221-223,250,253,292-300, 

327-330 
Sun, 18-19 
Sunspot(s), 287,289 

Supersaturation, 121 
Surface, 15-17 

albedo, 67-68.87-91, 105,109, 113, 117,234 
density, 283 
drag, 96-97,99 
energy budget, 81 -83 
heat storage, 83-87 
layer, 83.93-94.96.97.98 
pressure, 259 
processes, 128-130 
runoff, 117-120, 124, 127, 130 
temperature, 6-7,91, 105, 107, 113 
water storage, 117, 120-121, 127 
wet, 101-103, 105, 108 

turbulent mixing, 176-178 

number, 288,290-291 

Surface layer, 188 

Sverdrup 
flow, 190-193 
unit of seawater flow, 200,372 

Symbol definitions, 360-368 

Temperature, 18 
atmospheric, 2-7,9 
diurnal variation in, 81,95, 106-109 
eddy flux of, 100.144-146 
equivalent potential, 353-355 
emission, 24-26 
global-mean, 237-239 
instrumental record, 206 
inversion, 4.95-96.98, 105, 107-108.278 
ocean, 6, 13, 172-180 
potential, 93-95,98, 172-173.243-244. 

profile in sea ice, 267-269 
radiative equilibrium, 61 -63,66-72 
response to climate forcing, 279.33 1-342 
seasonal cycle of, 5-7,83 
sea-surface, 163, 167, 171, 184-188, 190, 193, 

352-355 

210,227,245,247-248,256,272,275-277, 
283-284,312,314-316,333,340 

sensitivity, 230-234,245-248 
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soil, 84-87 
surface, 6-7, 83-84,91,96, 105, 107, 113, 

thermal equilibrium profile, 69-70,72 
trends, 206,340-342 

273-274 

Terrestrial radiation, 44-49,52,56,58-62,65, 
68.91-92.94-95. 106-107, 113,117, 124, 
231,233,238-239,246,279,296-297 

trapping by clouds, 60-61,65,72-73 
Terrestrial water balance, annual variation of, 

Thermal capacity of ocean, 83-84 
Thermal conductivity, 84-87 
Thermal equilibrium, 69-70 
Thermal radiation (see Terrestrial radiation) 
Thermocline, 12, 187-188, 193,201 

Thermohaline circulation, 193-197,201,280- 

Thermosphere, 4 
Three-dimensional model results, 333-336 
Thunderstorms, 118, 134, 138-139 
Tilt (see Obliquity) 
Tracers, 174, 195, 196 
Tradewinds, 105, 142,301 
Translational energy, 45-46 (see also Kinetic en- 

Transmission, 5 8 - 6 1 
perfect, 42-43 

Transpiration, 120, 122- 127 
Tree rings (see Dendrochronology) 
Tropical 

130-134 

permanent, 174, 179-180 

284 

ergy; Temperature) 

cyclones, 118 
sea-surface conditions, 248 
wet and dry climates, 162-168 

Tropopause, 4 
Troposphere, 4,28 
T-Tauri phase, 21 1 
kbulence,  93,94,96,99, 101, 105, 108, 123, 

129, 138-139,153,260,263,264,265-266, 
272 

Turbulent mixing, 174, 176, 178 

Turnover time, 197,321 
surface layer, 176- 178 

Ultraviolet radiation, 41 
Upwelling, 113,176, 186-190,273.280-281 
Urban heat island effects, 206 

Vapor flux, 122 
Velocity, 260,263 

component of horizontal, 139 
friction, 96-97,98 
meridional, 139, 140-144, 153 
pressure, 140, 142 
vertical, 100,124, 139-140, 190-191 

Velocity profile, logarithmic, 97 
Ventilation, 123- 124,129 
Venus, 211-212 
Vertical resolution, 258 
Vertical transport, 262 
Vertical velocity (see Velocity, vertical) 
Vibrational energy, 45.46-48,50 
Vibration-rotation bands, 46-48 
Volcanic eruptions, 215,286,292,294-300 
von Kannan constant, 97 
Vorticity, 190- 193 

Walker circulation, 163 
Wann anomalies, 187 
Water 

on Earth, 12 
storage, 117, 120-121, 127 
table, 120-121 
volumes, 116 

modeling the land surface, 127-130 
Water balance, 116-120, 130-134 

Water vapor, 11, 12, 27,43,46-48,49, 52,67, 
71,73,74, 101-103, 115-118,121-123, 
125.l50~171,211-212,230,250,258,260, 
278-279,325 

feedback, 232-234.280.320 
mixing ratio, 101-103,354 
window, 47,246-247 

Wavelength, 41 
Waves, 139, 144,272 

cyclone, 144 
gravity, 260,263 
planetary-scale, 138 
stationary planetary, 144- 145 

Weather prediction models, 255, 257-258 
Western boundary currents, 181 -184, 188, 

Wet climates, 162- 168 
Wien’s law of displacement, 43 
Wind, 36-137,141-142,166,176-177,178, 

190-193, 195-196, 198,200-201 

179, 198 
components, 138-140 
driven currents, 180-193,200-201 
horizontal, 260 
speed, 87,92,94-99,101, 125-128,140,141, 

144,151-157, 187.188-193,243-244.247 
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Wind (continued) Zenith angle, 42,53,57,64-65.68.87-89 
stress, 190-192,245, 256, 265, 266 
zonal-mean (see Zonal-mean wind) 

Zonal averages, 137, 140-143,237,243 
Zonal components of horizontal velocity, 139 
Zonal mean circulation, 140- 142 
Zonal mean wind, 140-141, 151-154, 163,260, 

Wolf sunspot number index (see Sunspot number) 

Younger Dryas, 223-224,227 272 
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